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Preface

Here I am sitting on the golden-silver sand of the beach, casuarinas trees
murmuring behind me, the reef rumbling to comfort me in the distance, a lagoon
turning from turquoise to orange as I look out at what promises to be a
magnificent sunset, asking myself how far I am seeing when I look out to sea. [...]
if I look down to my left, would I, if I went straight, get to the South Pole?

Collen, 2005, p. 71

Many mornings during the writing of this PhD, I went down to the beach and gazed
south towards the horizon over the rippling swell. Beyond sight, expands the South-
ern Ocean. The story of western discovery of the Southern Ocean begins on the 13th

July 1772, when Captain James Cook’s ships, Adventure and Resolution, sailed from
Portsmouth, England, on his second voyage to search for the fabled southern conti-
nent, Tierra Australis Incognito. Upon his return, he logged an abundance of fur seals
and whales, opening the doors for their exploitation further south (Hofman, 2017). In-
deed, the Weddell Sea, takes its name from the sealer, James Weddell, who reached the
southernmost latitude at the time in the 1820’s (pictured in the image below).

Figure 1: To James Weddell, Esqr R.N... the brig
Jane and cutter Beaufoy on 20th February 1823,
bearing up in 74◦15′ (Being the highest Southern
Latitude ever reached). Hand-coloured. National
Maritime Museum, Greenwich, London.

In the early 1900’s, Antarctica and the
Southern Ocean caught the imagination
of explorers, leading to a resurgence of
expeditions. In the midst of sea ice in
the eastern Weddell Sea is where the re-
cently discovered "Endurance" of Shack-
leton was engulfed, now sitting on the
seafloor, sailing through time. A memory
of a tale of courage, strength and hope.

The Southern Ocean is the only ocean
around which waters circulate unbounded
by landmasses. It is this feature that cre-
ates the conditions in which the South-
ern Ocean plays a central role in regu-
lating the global climate system. Some
30 million years ago the circum-Antartic
oceanic belt was formed as the Drake Pas-
sage widened, thermally isolating Antarc-
tica and chilling the global climate (Scher
and Martin, 2006). Without this deep interoceanic link, global climate would be
sharply different from what we have today. The Southern Ocean not only promotes
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exchange between ocean basins, but it is also the site of major deep-ocean overturning,
driven by the sinking of dense upper waters that are formed along the continental mar-
gins. Upon reaching great depths and moving northward, this dense water of Antarctic
origin cools and ventilates the abyssal layer of the world ocean, affecting oceanic CO2
storage. It hosts some of the strongest winds, and is known for the roaring forties and
furious fifties, making it daunting even for modern maritime traffic and science research
vessels. Scientific discovery is especially challenging within the harsh wind, wave and
sea ice conditions that dominate the Southern Ocean. Impressive pioneering ship-based
oceanographic surveys of the Weddell Sea were carried out since the 1950s; the first
through a collaboration between the US and Russia (Gordon, 2012), and since the early
2000s, the Good Hope line, running mostly along the Greenwich Meridian and through
the Weddell Sea to the Antarctic Continent, has been maintained by multiple national
efforts, including South Africa, France and the USA (Ansorge et al., 2005). It was on
one of these cruises in 2010 that I first experienced the thrill of scientific discovery
aboard the South African vessel, the RV SA Agulhas to the almost other-worldly South-
ern Ocean and Antarctica. It is so remote, that one might wonder why study this ocean
so far from human habitation. This was a question I contemplated at the time, given the
continuing and pressing structural and socioeconomic injustices in my home country,
South Africa, and the need for action in the light of the current climate crisis. Yet, it is
here that key climate regulatory processes occur (Moore et al., 2018) where 65% of the
world’s ocean last makes contact with the atmosphere (De Vries and Primeau, 2011).
It is here that the world’s oceans are replenished of nutrients, maintaining ecosystems
and a global fishery (Sarmiento et al., 2004). And so I began to see the link between
Africa and Antarctica, and learn of its untold perspectives (Lavery, 2019).

In the recent Inter-governmental Panel on Climate Change Special Report on the
Ocean and Cryosphere in a Changing Climate (Meredith et al., 2019), the main find-
ings are summarised :

"The polar regions are losing ice, and their oceans are changing rapidly. The con-
sequences of this polar transition extend to the whole planet, and are affecting people
in multiple ways"

Building understanding of the processes that occur in these sensitive regions can im-
prove predictions and inform decision-makers. Bringing focus to this unseen world can
further motivate rapid action to avert the climate crisis. The innovation of autonomous
underwater vehicles (e.g. gliders) has opened the door to low-carbon, sustained, high
spatio-temporal resolution observations of the ocean (Rudnick, 2016). Pertinently for
the remote regions such as the seasonally ice covered Southern Ocean, gliders enable
the novel observation of oceanographic processes that are undersampled in time and
space. It is with these platforms that I seek to investigate the role of sea ice on regu-
lating upper ocean properties and biological primary production, with the intention to
improve the current interpretation of ocean variability and predictions of future ocean
and climate conditions. It is my hope that in this way, the body of work presented in
this thesis makes a contribution not only to the advancement of science but also to the
greater good.
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The research for this dissertation was completed through a double degree agreement
between the University of Gothenburg (GU) with the Polar Gliders research group and
the University of Cape Town, through which I was affiliated with the Southern Ocean
Carbon and Climate Observatory, CSIR. Being part of both of these research groups
hosted many an interesting discussion and created an incredibly supportive environ-
ment in which to carry out my research. During my PhD I also undertook a research
exchange to the University of East Anglia through the Tyndyll Center for Climate Re-
search. A combination of courses and summer schools enriched my experience and
provided inspiration and knowledge that drove much of the analysis presented in this
thesis. I began my PhD by participating in the GU course "Observing the Ocean from
Macro to Micro scale". In many ways, the ideas in this course motivated my approach
to this thesis in considering the importance of interactions across scales in the ocean.
The foundations for my understanding of turbulence in the ocean were set in the WHOI
GFD summer series lectures on turbulence in a stratified ocean, which I attended as
a guest student, together with the Masters course, Introduction to Turbulence in the
Ocean and Atmosphere, offered at the University of Bergen. The Fluid Dynamics
for Sustainability and the Environment summer school hosted by Ecole Polytechnique
forged long lasting friendships and broadened my knowledge. The OceanHackWeek
virtual summer school, introduced me to collaborative coding and open-source code
for science. Finally, a Time Series Analysis course with Jonathan Lilly, beyond build-
ing my intuition for spectral analysis which I had been struggling with for a number
of years before, gave me new perspectives to data analysis and the undertaking of sci-
entific enquiry at large. The participation in the SCALE cruise during my PhD was
a fantastic training opportunity where I deployed autonomous platforms and countless
CTDs. This experience also helped to build my intuition for the region that this disser-
tation is based upon. SEAmester, the South African at sea learning and teaching cruise,
was a wonderful way to meet and forge deep relationships with other South African
students and scientists. In addition, I had the opportunity to participate in meetings that
also developed my whole person. These included Polar Gliders annual research retreats
at Börno, a Time to Think workshop and the Life Skills for Young Scientists (LiSYS)
meetings with Johnathan Lilly.
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Figure 2: A snow petrel fishing in between open-ocean and sea ice during the SCALE cruise, 2019.
Photo Credit: Derek Engelbrecht
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Abstract

The sea-ice impacted Southern Ocean, south of the Antarctic Circumpolar Current,
is one of the most important regions on earth for the cycling of carbon and distri-
bution of heat and freshwater around the globe. Here, along-isopycnal upwelling of
warm, carbon-rich circumpolar deep water coincides with the annual growth and melt
of Antarctic sea ice that represents one of the worlds largest surface water transfor-
mations. The air-sea-ice buoyancy exchanges and biological processes that change the
surface water properties therefore have global consequences, as they set the properties
of downwelling intermediate waters that enter the upper branch of the global thermo-
haline circulation. The region hosts some of the largest uncertainties in global climate
models. The reason for this stems from two sources. Firstly, the spatio-temporal resolu-
tion of global climate models is limited by computational constraints such that smaller
scale processes need to be parameterized. Secondly, the challenges associated with
making observations in or near sea ice and in the harsh and remote conditions of the
Southern Ocean means that the region is sparsely sampled, and as such, the parameter-
izations of the small scale and turbulent terms in global climate models are validated
based only on a few in situ samples. This thesis concerns the observation and inter-
pretation of (sub)meso- to micro scale turbulence and its implications in the sea ice
impacted Southern Ocean. I aimed to understand the 0.01-1 km scale physical and bio-
logical processes that drive changes in the properties of the upper ocean following sea
ice melt, using groundbreaking sustained high temporal and spatial resolution observa-
tions made by gliders. There are three main findings. Firstly, we find that sea ice melt
by introducing a lateral freshwater gradient enhances stirring of submesoscale flows
(0.1-10 km) and therefore lateral variability in the upper ocean, but simultaneously
constrains vertical fluxes between the ocean interior and surface by enhancing strati-
fication. Secondly, turbulent diapycnal mixing and double diffusive convection (0.1-1
m scales) drive the warming of the subsurface winter water, therefore mediating fluxes
between the ocean interior and surface. Finally, phytoplankton respond favourably to
larger volume sea ice that enhances winter mixing of nutrients from the deep reser-
voir and to upper ocean stratification in the summer. The preliminary evidence from
this study suggests that the resultant higher intensity phytoplankton bloom translates to
enhanced short term carbon export but not necessarily long term export. Overall, we
show, using observations, that the variability and transport of heat and freshwater flux
in the sea ice impacted Southern Ocean are sensitive to sea ice, with downstream im-
pacts on phytoplankton, the biological carbon pump and ultimately the upper cell of
the meridional overturning circulation.





Sammanfattning

Den säsongsbetonade havsisen i Södra oceanen är globalt viktig för distributionen av
värme, färskvatten, koldioxid och näringsämnen. Bidragande till detta är kombina-
tionen av två speciella fenomen: uppvällning av varmt, koldioxidrikt vatten, och ett
ythav som påverkas av stor tillväxt och smätning av havsis . De turbulenta processerna
som förmedlar utbyte och blandning av vattenegenskaper mellan det uppvällda djupvat-
tnet och det havsispåverkade ytskiktet bestämmer egenskaperna hos vattnet som kom-
mer in i den globala cirkulationen. Det finns dock stora osäkerheter om vilken roll
småskaliga turbulenta processer spelar i globala klimatmodeller på grund av modeller-
nas beräkningsbegränsningar, i kombination med sparsam provtagning i avlägsna och
svåra förhållanden som är karakteristiska för havsisregionen i Södra oceanen. Denna
avhandling handlar om att observera och förstå turbulens från centimeter- till kilome-
terskala. Det särskilda syftet är att förstå vad som händer i det övre havet efter att havsis
smälter, när det gäller blandning av vattenegenskaper och primärproduktion av alger.
Vi uppnår detta med hjälp av undervattensdrönare som kan samla in data i havet med
hög upplösning i både rum och tid under långa perioder. Det finns tre huvudsakliga
fynd: (1) Vi finner att smältningen av havsis ökar horisontella förändringar i kilometer-
skala i salthalt och temperatur. Havsissmältandet ökar dock också stabiliteten för det
blandade ytskiktet, vilket förhindrar vertikal transport av värme och färskvatten mel-
lan havets inre och ythav i de regioner där havsisen smälter. (2) Blandning av värme i
centimeterskala i vintervattnet under ytan driver den säsongsbetonade uppvärmningen
av detta lager, vilket förmedlar omvandlingen under ytan av det varma och salta djup-
vattnet. (3) Algtillväxten ökar i förhållande till mängden havsis som växer, främst på
grund av att havsisen växer under vintern och kan driva medbringandet av begränsande
näringsämnen och mineraler från djuphavsreservoaren till ythavet.





Outline

This thesis is based on four scientific papers referred to in the text by their roman nu-
merals as listed below. The thesis consists of an introductory part, a synopsis of the
observations, an introduction to each paper, and the conclusions followed by the scien-
tific papers.

The papers included in this thesis (chapter 9) are:

I: Swart, S., M. du Plessis, A.F. Thompson, L. Biddle, I. Giddy, T. Linders, M.
Mohrmann, S-A. Nicholson, 2020. Submesoscale Fronts in the Antarctic Marginal
Ice Zone and Their Response to Wind Forcing. Geophysical Research Letters, 47 (6),
e2019GL086649. https://doi.org/10.1029/2019GL086649

II: Giddy, I., S. Swart, M. du Plessis, A.F. Thompson, S-A Nicholson. (2021). Stirring
of Sea-Ice Meltwater Enhances Submesoscale Fronts in the Southern Ocean. Journal
of Geophysical Research: Oceans, 126(4), e2020JC016814

III: Giddy, I., I. Fer, S. Swart, S-A Nicholson. (manuscript, 2022). Vertical conver-
gence of turbulent and double diffusive heat flux drives warming and erosion of Antarc-
tic Winter Water in summer. in prep for submission to Journal of Physical Oceanogra-
phy

IV: Giddy, I., S-A Nicholson, B. Y. Queste, S. Thomalla, S. Swart. (in review, 2022).
Sea-ice impacts inter-annual variability in phytoplankton phenology and carbon export
in the Weddell Sea. Geophysical Research Letters

Paper I presents the first data collected as part of this thesis. In Paper I, I assisted with
the plotting of Figure 2, and computed the surface density spectra plotted in Figure 3b.
I also provided input on the uncertainty introduced to lateral gradient approximations
given errors in salinity due to uncorrected thermal inertia of the conductivity cell. In
Paper II, I formulated the research question, performed the data analysis and led the
writing and reviewing of the manuscript. I participated in the piloting of the glider that
collected the data for the analysis primarily through developing and maintaining a data
visualisation website (www.roammiz.com). In Paper III, I processed the data, formu-
lated the research question, performed the analysis and wrote the manuscript. In Paper
IV, I deployed one of the gliders used in the analysis (SG640) and participated in at-sea
fieldwork as part of the Southern oCean seAsonaL Experiment (SCALE). I formulated
the research questions, carried out the data analysis, and wrote the manuscript.

www.roammiz.com
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Chapter 1

Motivation

The Southern Ocean acts as a globally important buffer to climate change through
its capacity to absorb excess heat (∼75%, Frölicher et al., 2015) and carbon (∼50%
De Vries et al., 2017). However, both heat and carbon uptake estimates are model-
dependent and have substantial temporal and spatial biases when compared with ob-
servations (Sallée et al., 2013). Large discrepancies between global climate models
are particularly evident in the seasonally covered sea ice region of the Southern Ocean,
where regional and temporal variability of heat and carbon fluxes are poorly constrained
(Gruber et al., 2009; Roden et al., 2016). A major control of these fluxes is associated
with mixing in the surface ocean boundary layer and the depth of the mixed layer,
which modulates the exchange of ocean properties between the surface and ocean inte-
rior. If the processes that drive mixing and the depth of the mixed layer are not resolved
or are inadequately parameterized in global climate models, the modelled flux of ocean
properties will be incorrect.

Ocean circulation in models is based on the continuum equations of motion for
seawater (e.g. Navier-Stokes equations), however, due to computational limitations,
present ocean models discretize the continuum equations and parameterize unresolved
processes, such as submesoscale, O(0.1-10) km, flows (Fox-Kemper et al., 2019).
Moreover, a computer model does not indicate if processes are omitted, it simply re-
solves an incorrect answer. Therefore, experiments and observations are needed in
order to determine model biases and unrepresented processes. The bias in mixed layer
depth improves with model resolution, highlighting the contribution of ocean circu-
lation (advection and air-sea fluxes) to deep mixing (Small et al., 2021), and hinting
to an important role of submesoscale ageostrophic processes. The seasonally sea ice-
covered Southern Ocean is remote and inhospitable; a challenging location for obser-
vational oceanography. Because of this, observations are sparse (Lenton et al., 2013;
Swart et al., 2019). This means that there is little data to validate and improve ocean
models.

Given the rapidly changing atmospheric forcing and circulation in the Southern
Ocean (Figure 1.1), as outlined in the IPCC Special report (Meredith et al., 2019) on
the Ocean and Cryosphere, and the disproportionate role of the Southern Ocean on the
climate system, we can infer that even small inaccuracies in its representation in global
climate models can have potentially large implications.

This thesis contributes to the existing and growing body of literature by address-
ing the mechanisms that impact the transport and redistribution of heat, freshwater
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and carbon in the sea ice impacted Southern Ocean at scales of centimeters to kilome-
ters (micro- to (sub)mesoscales) using in situ observations by autonomous surface and
underwater vehicles. It marks the first time that upper ocean variability in the sea ice
impacted Southern Ocean has been observed at spatio-temporal resolutions that resolve
the evolution of physical and biological phenomena at the submesoscale and below.

UPPER-CELL
OVERTURNING

LOWER-CELL

OVERTURNING

ANTARCTIC

BOTTOM WATER

MODE /

INTERMEDIATE

WATERS CIRCUMPOLAR

DEEP WATER

Circumpolar winds
have strengthened 
since 1960s–1970s 
{Box 3.1; 3.A.1.3}

Antarctic  
Circumpolar 
Current
has shown 
minimal change in 
transport during 
instrumental 
record (==)

Southern Ocean 
eddy field
has intensified since 
the early 1990s (++)

Surface waters
in northern part of 
Southern Ocean 
have warmed 
since 1980s (+++)
{3.2.1.2; 5.2.2.2}

Surface waters
in southern part of 
Southern Ocean 
have freshened 
and cooled since 
1980s (---)
{3.2.1.2; 5.2.2.2}

Upper-ocean 
coverturning 
circulation 
has been 
characterised by 
decadal 
variability (~)

Antarctic bottom 
water has become 
less voluminous in 
Southern Ocean 
and globally since 
1980s (--)
{3.2.1.2; 5.2.2.2}

Figure 1.1: The major Southern Ocean changes assessed in the IPCC Special Report on the Ocean and
Cryosphere (Meredith et al., 2019). The circumpolar circulation together with the prevailing westerly
winds are highlighted. We draw attention to the major water masses and their link to the overturning
circulation. Recent (since the 1980s) surface ocean trends (cooling and freshening of the subpolar
ocean, warming in the northern Southern Ocean) are illustrated with the blue and red coloring around
Antarctica.



Chapter 2

Background

2.1 The importance of Antarctic sea ice

The subpolar region of the Southern Ocean, south of the Polar Front, influences the
global climate system over a broad range of space and timescales through the intersec-
tion of sea ice formation and melt with sites of deep-water formation and ventilation.
Annually, sea ice cover ranges from ∼19 million km2 in austral winter to ∼3-4 million
km2 in austral summer (Parkinson, 2019). Its distribution and extent is dynamic, with
high inter-annual and regional variability and is sensitive to a range of air-sea feedback
mechanisms (e.g. wind-driven sea ice drift, Atlantic warming; Eayrs et al., 2019; Hol-
land and Kwok, 2012; Li et al., 2014). The transformation of the upper ocean by sea
ice growth and melt plays a crucial role in modulating the radiative and thermodynamic
properties of the ocean surface, the exchanges of heat, gases and momentum between
the ocean and atmosphere, the meridional overturning circulation (Abernathey et al.,
2016), and ocean productivity (Arrigo et al., 2008) that supports vast phytoplankton
blooms, ecologically important krill, whales and seabirds (Massom and Stammerjohn,
2010).

Since the beginning of the satellite observation period in 1979, Antarctic sea ice ex-
hibited a slight increasing trend until 2016 when sea ice was first observed to decline.
The slight increase in sea ice extent has been linked with cold sea surface temperatures
(Comiso et al., 2017), with enhanced westerly winds driving northward sea ice trans-
port and cooling the sea surface (Haumann et al., 2020). The decline in sea ice since
2016 has been linked to a warmer upper ocean as a result of a shift in atmospheric
forcing driving enhanced upwelling of deeper warm water (Meehl et al., 2019). Thus,
Antarctic sea ice is sensitive to both atmospheric and oceanic variability that changes
the distribution of heat in the Southern Ocean.

A significant long-term decline in Antarctic sea ice remains to be observed, but
appears in climate models predicting a warmer climate with warmer ocean surface
temperatures (Roach et al., 2020). The decline of Antarctic sea ice will likely have
widespread ramifications, however, because of the multiple interacting processes across
different time and space scales, the climate response remains an area of uncertainty.
For example, recently the albedo effect of only three years of observed sea ice decline
in the Southern Ocean between 2016-2018 alone, reversed the global sea ice-albedo
climate feedback from a cooling trend to a warming trend (Riihelä et al., 2021). This
suggests that Antarctic sea ice decline will enhance global warming. In contrast, a
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decrease in sea ice cover may result in enhanced net primary productivity in the ocean
surface which could offset carbon in the atmosphere (Barnes, 2015; Henson et al.,
2022; Tagliabue et al., 2021), and mediate warming.

Atmospheric and intrinsic ocean variability influences the annual growth of sea ice
through its role in the variability of buoyancy, stratification (Pellichero et al., 2018;
Wilson et al., 2019) and lateral gradients (Biddle and Swart, 2020) in the upper ocean.
Sea ice is central to the modulation of upper ocean turbulence, the extent of surface
mixing (mixed layer depths), and the transport of water properties between the surface
and ocean-interior, thus setting up a tight feedback mechanism between the atmosphere,
ice and ocean.

2.2 Circulation in the subpolar Southern Ocean

In considering the role of sea ice in modulating fine-scale (centimeter to kilometer
scale) ocean dynamical and the linked biological processes, it is necessary to consider
the water masses and general circulation of the Southern Ocean south of the Antarctic
Polar Front (Figure 2.1), within which these processes occur.

BUOYANCY GAIN BUOYANCY GAIN
Seasonal 
Ice Zone

Seasonal 
Ice Zone

Polar Front Subantarctic FrontPolar Front Subantarctic Front

Figure 2.1: Meridional sections of (left) Temperature and (right) Salinity in the Southern Ocean, show-
ing the approximate position and properties of Antarctic winter water (WW), Upper Circumpolar Deep
Water (UCDW) and Antarctic Intermediate Water (AAIW), and Southern Ocean fronts. Surface layer
buoyancy gain through heat and freshwater flux into the ocean is indicated. Adapted from du Plessis
et al. (2022)

The subpolar Southern Ocean is one of the most important regions on earth for
the cycling of carbon and distribution of heat and freshwater around the globe (Aber-
nathey et al., 2016; Hoppema, 2004; MacGilchrist et al., 2019). It is a region where
dense waters return to the surface in nearly adiabatic pathways along tilted density sur-
faces. The persistent, strong band of westerly winds drives surface divergence that
results in upwelling polewards of the zonal surface-wind maximum and downwelling
equatorwards of the maximum. When warm, salty, CO2-rich Upper Circumpolar Deep
Water (UCDW) comes into contact with the surface waters and atmosphere exchange
of water properties occurs such that its buoyancy increases. Wind-driven Ekman trans-
port advects this water northward, which then subducts as Antarctic Intermediate Wa-
ter (AAIW), entering the upper limb of the meridional overturning circulation (MOC,
Marshall and Speer, 2012; Speer et al., 2000, Figure 2.1). The buoyancy gain required
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for the transformation of UCDW to AAIW is a topic of relatively recent discussion.
Initially, it was understood that the water mass transformation was dependent on the
location of upwelling relative to the time-mean air-sea ice buoyancy flux (Marshall
and Speer, 2012). It has also been argued that buoyancy gain in upwelled UCDW is
achieved through the propagation of the surface freshwater via vertical mixing at the
base of the mixed layer (Iudicone et al., 2008). Indeed, the buoyancy of the subpo-
lar Southern Ocean is largely determined by the seasonality of sea ice and its associ-
ated freshwater fluxes (Pellichero et al., 2017). The seasonal role of sea ice in water
mass transformation was suggested by Abernathey et al. (2016), where the relative
influence of atmospheric, sea ice, and glacial freshwater fluxes, heat fluxes, and upper-
ocean mixing in buoyancy transformation within the upper branch of the MOC were
assessed. Freshwater input from northwards advected sea ice emerged as a dominant
term, emphasising the sensitivity of water mass transformation to changes in winds and
wind-driven sea ice transport. These results were confirmed in a similar analysis using
observations (Pellichero et al., 2018).

The upwelling deep water is preconditioned for transformation by initially becom-
ing colder and fresher via subsurface diapycnal mixing driven by by gravitational in-
stabilities and convection during winter ocean heat loss (Tamsitt et al., 2018). Evans
et al. (2018a) corroborate this result in showing how the seasonal mixing of winter wa-
ter (saltier and denser in winter, fresher and warmer in summer) acts as a conduit for the
transformation of deep water to intermediate water. They propose cabbeling instabili-
ties (when two water masses mix to form a denser water mass), a process that is linked
with brine rejection by sea ice formation, as a primary mechanism driving the mix-
ing of UCDW with the overlying winter water. In addition to these vertical processes,
lateral variability in density from heterogeneous ice formation and melt creates the po-
tential for submesoscale instabilities and flows to grow, thereby efficiently transporting
water between the subsurface and surface resulting in the rapid restratification of the
upper ocean (Biddle and Swart, 2020; Manucharyan and Thompson, 2017; Thomas
et al., 2008). Thus, sea ice mediates the turbulent processes in the upper ocean that can
lead to the exchange of properties between the ocean interior-surface and atmosphere.
High resolution observations of temperature, salinity and turbulent dissipation are used
to progress our understanding of these sea ice mediated turbulent flows and their link
to water mass transformation in Papers II and III.

2.3 Turbulence in the seasonal ice zone

One of the most important places for ocean turbulence is the ocean surface bound-
ary layer. Because of the direct connection between the surface boundary layer and
the upwelled UCDW (Figure 2.1), mixing processes that occur in this layer, such as
advection, stirring, turbulent diffusion, and convection, mediate the exchange of heat,
freshwater and CO2 between the atmosphere and ocean interior. The ocean surface
boundary layer is characterized by a mixing layer that is formed through active turbu-
lent mixing either by winds or convection, and a mixed layer, representing the mixing
that has recently occurred where ocean properties are well mixed and relatively homo-
geneous with depth.

Looking at the Sentinel1 radar image of the surface ocean (Figure 2.2a), a field of
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Figure 2.2: (a) Sentinel1 synthetic aperture radar image from 13 November 2018 (1 month prior to
robotic deployments) suggesting ocean submesoscale features present at the sea ice margins of O(5-10
km). (b) Photo taken from the RV SA Agulhas II (15 December 2018; 61.07◦S, 0.05◦E) showing sea ice
conditions ∼100 km south of the study location. Image from Swart et al. (2020).

filaments of varying length-scales form patterns in the sea ice, reflecting the under-
lying fluid motions. This thesis focuses on turbulent processes from the submeso to
microscale that act to mediate the properties of the upper ocean following sea ice melt.
Before addressing each of these processes and their driving mechanisms, we broadly
introduce the scales of turbulent motion in the ocean.

Gradients in the ocean are stirred, strained and sharpened by a range of ocean flows
forced by fluxes of momentum, heat and freshwater at the ocean surface (from ocean
gyres, mesoscale and submesoscale eddies, internal waves) to small enough scales
where 3-dimensional turbulent dissipation and molecular diffusion act to mix ocean
properties. This cascade of ocean gradients represents the underlying processes in
which energy is transferred across lengthscales via a turbulence cascade until reach-
ing the lengthscale at which dissipation becomes dominant (Kolmogorov lengthscale,
Kolmogorov, 1941). In the ocean interior, the mesoscale motions with scales O(10)
km or more, are described by balanced sub-inertial quasi-geostrophic dynamics in
which there is an inverse cascade of energy (Charney, 1971; Kraichnan, 1967). At
the smallest scales (less than O(10) m), shear instabilities, convection and breaking
internal waves produce isotropic 3-dimensional turbulence that effectively and irre-
versibly mixes ocean property gradients in the ocean. Submesoscale flows with charac-
teristic scales of O(0.1-10) km occupy the intermediate space and timescales between
geostrophic mesoscale eddies and the fully 3-dimensional turbulence and are a key
intermediary in the cascade of kinetic energy from mesoscales towards microscales
(McWilliams, 2016). The irreversible mixing across isopycnals of water properties is
the result of dissipation at centimeter scales. It is this mixing that ultimately results in
the transfer of heat, salt, gases and nutrients between water masses. Thus, while it is
large scale processes that drive the transport of ocean properties and the rate of dissipa-
tion, through their mediation of ocean mixing, these small-scale processes are strongly
linked to large scale dynamics.
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2.3.1 Submesoscale macro-turbulence
Submesoscale ocean dynamics and instabilities are ubiquitous in the world’s oceans,
generally constrained but not limited to boundary layers (both the surface and bottom
boundary) (McWilliams, 2016). Submesoscale flows that grow in the ocean surface
boundary layer (property homogeneous mixed ocean layer that is in contact with the
atmosphere at the top and interior ocean below) can play a critical role in setting the
oceans surface boundary layer thickness and associated density stratification. Subme-
soscale instabilities contribute to lateral stirring and tracer dispersal. In the ocean, they
have horizontal scales of O(0.1 - 10 km) and timescales of hours to weeks (McWilliams,
2016; Thomas et al., 2008). At these scales, the flows are less constrained by Earth’s
rotation than mesoscale dynamics but more constrained than more 3-dimensional struc-
tures. Dynamically, submesoscale processes are characterised by order one Rossby and
Richardson numbers (Thomas et al., 2008). The Rossby number, arising from the rel-
ative scaling of the inertial and Coriolis terms in the equations of motion, is defined
as Ro = U/ f L, where U is the characteristic horizontal velocity scale, f is the local
Coriolis frequency and L is the characteristic horizontal length scale. The Richardson
number describes the ratio of stratification to vertical shear, Ri = N2/S2.
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Figure 2.3: Schematic of the flow induced by sub-
mesoscale Mixed Layer Eddies and Ekman Buoy-
ancy Flux when the winds are down-front. In this
case, frontal slumping is prevented by the opposing
ekman transport of heavy water (dark blue, saltier)
over light water (light blue, fresher) that enhances
turbulence at the front. Adapted for the Southern
Hemisphere sea-ice impacted ocean from Mahade-
van (2016).

Upper ocean turbulence in subme-
soscale fronts, eddies and filaments can
be associated with strong vertical veloc-
ities, transporting water (and its proper-
ties; heat, inorganic and organic carbon,
and nutrients) between the ocean inte-
rior and surface (Freilich and Mahade-
van, 2021; Lévy et al., 2018; Su et al.,
2018). Mixed Layer Eddies, a class of
submesoscale flows (Fox-Kemper et al.,
2008), arise from baroclinic mixed-layer
instabilities and, given sufficient poten-
tial energy (i.e. deep mixed layers and
strong lateral gradients), can rapidly re-
stratify the upper ocean (Boccaletti et al.,
2007; Mahadevan et al., 2012). Winds
that blow over submesoscale fronts ad-
vect density such that either water col-
umn stratification (via isopycnal slump-
ing) is enhanced or, conversely, turbu-
lent overturns at the front are energized
(through shear production of turbulence),
maintaining the frontal structure and de-
laying isopycnal slumping and restratification (e.g. D’Asaro et al., 2011; du Plessis
et al., 2019). Submesoscale flows further act to advect and redistribute ocean properties
including phytoplankton communities (Lévy et al., 2018), and sea ice (Manucharyan
and Thompson, 2017). The interaction of Mixed Layer Eddies with mechanical wind
forcing is illustrated in Figure 2.3. While lighter water will tend to slump over heavier
water, resulting in eddy overturning, winds that are oriented down-current will advect
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water to the left in the Southern Hemisphere, pushing heavier water over lighter water.
This introduces instabilities that maintain the front, and arrest restratification by Mixed
Layer Eddies.

At the edge of the sea ice extent and in the regions of active sea ice melt, het-
erogeneous ice melt and ice formation introduce lateral density gradients that provide
energy for submesoscale instabilities and mixed layer overturns (e.g. Manucharyan and
Thompson, 2017). While there is evidence of submesoscale features in the seasonal ice
zone year round (Biddle and Swart, 2020), their impact on upper ocean stratification
and water mass transport is an area of active research. The role of submesoscale flows
in the mixed layer of the ice-impacted Southern Ocean is addressed in Paper I and II.

2.3.2 Microscale turbulence
The action of turbulent eddies is to disperse particles by stirring which increases con-
centration gradients and homogenizes fluid properties through diffusion. These two
processes lead to efficient mixing at the molecular scale. Mixing across isopycnals (di-
apycnal mixing) results in the irreversible transfer of heat, freshwater and tracers, a key
process in the exchange of water properties and transformation of water masses. The
resulting turbulent-enhanced mixing (eddy diffusivity) can be approximated from the
rate of turbulent dissipation following the Osborn (1980) model. Under steady state
turbulence with no transport, the rate of dissipation of Turbulent Kinetic Energy (TKE)
is balanced by shear production and buoyancy flux:

ε︸︷︷︸
Viscous dissipation

= −u′w′dU
dz︸ ︷︷ ︸

shear production

− w′b′
′︸︷︷︸

buoyancy production

, (2.1)

where z is the depth, U is the mean velocity, and u′w′ is the Reynolds stress. While
shear production will always act to create TKE, buoyancy flux can be either stabilizing
or destabilizing. As such, processes that either enhance shear production or induce
stabilizing or destabilizing buoyancy fluxes can change the rate of dissipation of TKE
and therefore the rate of turbulent mixing and transfer of ocean properties.

In the sea ice impacted Southern Ocean these processes include: 1) deep winter mix-
ing driven by brine rejection (Evans et al., 2018a; McPhee and Morison, 2001; Wilson
et al., 2019) that induces convection and 2) wind and wave-driven shear production of
turbulence which is important year-round (Belcher et al., 2012) and plays a key role in
the exchange of nutrients and CO2 across the pycnocline (Nicholson et al., 2019, 2022).
Another source of turbulence by which water properties are exchanged is through dou-
ble diffusive convection (DDC). DDC occurs as a result of the different molecular dif-
fusivities of heat and salt. When cold, fresh water overlies salty, warm water, if a parcel
of water is displaced downwards, for example, it will quickly gain heat, and, when re-
turning through the water column with increased buoyancy, will overshoot its original
position. This process leads to oscillatory overturns that grow in amplitude and are ob-
served as layering in the ocean. Evidence of enhanced subsurface mixing that results
from DDC has been observed in the Ross Sea in winter (Bebieva and Speer, 2019) and
in the Weddell Sea (Muench et al., 1990; Shaw and Stanton, 2014), with a substan-
tial contribution to upwards heat flux observed at Maud Rise. Nevertheless, a global
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analysis of DDC suggests that the contribution of DDC to the global energy balance is
negligible (van der Boog et al., 2021). This analysis was, however, based on the pres-
ence of thermohaline staircases from course resolution data. In Paper III, we use high
resolution direct observations of dissipation to attribute the oceanic processes driving
vertical heat fluxes in the summertime, with particular focus on shear-production of
turbulence and double diffusive convection.

2.4 Primary production and carbon export in the seasonal
ice zone

Biological activity in the upper ocean takes up CO2 from the atmosphere and converts
it to carbon, making it available as food to support higher trophic levels and bacterial
communities. About 10% of this carbon is exported into the deep ocean, maintain-
ing a vertical gradient in dissolved CO2 and allowing for the ocean to continue to ab-
sorb natural and anthropogenic CO2 via the solubility pump (Sarmiento and Gruber,
2006). Without this process, it is estimated that CO2 levels in the atmosphere would
be two-fold higher (Maier-Reimer et al., 1996). The sea ice impacted Southern Ocean
supports a unique balance between ocean mixing (supply of nutrients) and stratification
(light availability), making it one of the most productive oceans regions (Ardyna et al.,
2017; Arrigo et al., 2008). Mixing draws up nutrients, while stratification maintains
phytoplankton in favourable light conditions. Primary production in this region sup-
ports a diverse food-web dominated by krill, marine birds, seals and whales (Massom
and Stammerjohn, 2010) and drives the biological carbon pump, through the downward
transport of particulate organic carbon from the surface ocean to the interior.

The interplay between limiting nutrients and trace minerals, light and predation reg-
ulates net primary production across the Southern Ocean (Arteaga et al., 2020; Tagli-
abue et al., 2014; Thomalla et al., 2011). The sea ice impacted phytoplankton blooms
have the strongest seasonal response to light in the Southern Ocean, through the sea-
sonal cycle of solar irradiance, sea ice cover (limiting light) and sea ice melt (enhancing
light available by increased stratification) (Ardyna et al., 2017).

The amount of carbon that is exported to the ocean interior is modulated by both bi-
ological and physical processes. Direct transport by the physical injection pump (Boyd
et al., 2019), which includes that of submesoscale vertical transport (e.g. Freilich and
Mahadevan, 2021; Omand et al., 2015; Siegelman et al., 2020) has been observed in
regions with high eddy kinetic energy. However, the biological gravitational pump is
thought to account for the vast majority of carbon export in the world’s oceans (Henson
et al., 2019; Martin et al., 1987). The efficiency of this export is regulated by the com-
plex interactions of multiple processes, including particle formation and rates of sink-
ing (aggregation, fragmentation, ballasting, senescence, grazing, viral lysis) and rem-
ineralization (microbial activity, chemical dissolution), themselves factors that largely
depend on rates of primary production and the community composition. It is in part
because of this complexity that there remains high uncertainty in future predictions of
carbon export throughout the world’s oceans (Henson et al., 2022). Because sea ice
impacts the stratification and mixing characteristics of the upper ocean, changes in sea
ice will have direct implications to the magnitude, duration and community composi-
tion of phytoplankton, which will in turn impact carbon flux to depth. Sinking organic
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Figure 2.4: Average distribution of Chlorophyll a in the Southern Ocean. The maximum winter sea ice
extent in marked with a red contour line. Image from Deppeler and Davidson (2017)

.
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carbon that is remineralized within the circulating Circumpolar Deep Water layer cur-
rently accounts for about half of the carbon sink in the Weddell Gyre (Hoppema, 2004;
MacGilchrist et al., 2019; Naveira Garabato et al., 2017), suggesting that changes in
the biological carbon pump here (and likely in other subpolar gyres) can have a dis-
proportionate impact on the global carbon cycle (i.e. the soft carbon component of the
carbon cycle is enhanced in this region).

While supporting large phytoplankton blooms during austral summer (Figure 2.4
Deppeler and Davidson, 2017), the sea-ice impacted Southern Ocean would be ex-
pected to be sensitive to the changing climate. CMIP6 models predict that both net
primary production and carbon export will increase in the Southern Ocean in a warmer
climate (Henson et al., 2022; Tagliabue et al., 2021). However, model agreement does
not equate to a valid prediction and in situ observational validation is important. A re-
cent float based study suggested that net primary production will decrease as a result of
either reduced nutrient and mineral availability due to increased stratification (Arteaga
et al., 2020). Another study suggests reduced light availability due to enhanced winds
may decrease net primary production in the ice-impacted Southern Ocean (Deppeler
and Davidson, 2017). In Pinkerton et al. (2021), depending on the primary production
model applied to satellite data, the observed trend in net primary production differed in
direction. How any of these changes translate mechanistically to carbon export remains
to be quantified as primary production is not necessarily linearly related to carbon ex-
port flux (Henson et al., 2019). How phytoplankton respond to the changes in the upper
ocean that result from variations in sea ice formation and melt, and how this translates
to short and long term carbon storage, is considered through an empirical analysis in
Paper IV.





Chapter 3

Objectives

The overarching aim of this thesis is to advance the understanding of upper ocean tur-
bulence in the sea ice impacted Southern Ocean using novel, high-resolution observa-
tions. The thesis is comprised of four scientific papers that address three distinct topics,
each with its own series of research questions. The first three papers focus on mixing
processes that modify the properties of water in the upper ocean. The fourth paper as-
sesses the impact of sea ice and associated mixing processes on primary production and
carbon export.

1. Submesoscale flows in the sea ice impacted Southern Ocean

• How does sea ice melt impact upper ocean stratification?

• Does sea ice melt enhance submesoscale instabilities?

• Do submesoscale mixed layer fronts vary seasonally?

Paper I presents the first direct observations of submesoscale lateral gradients
in the ice-impacted Southern Ocean using twinned surface and subsurface au-
tonomous platforms. Paper II uses three months of glider observations made
directly following sea ice melt, to quantify the length scales and strength of sub-
mesoscale fronts in the mixed layer and their seasonal progression.

2. Diapycnal mixing in the sea ice impacted Southern Ocean under stable buoyancy
forcing

• What are the characteristics of turbulent dissipation in the ice-impacted
Southern Ocean during summer?

• What are the drivers of surface and subsurface mixing in the ice-impacted
Southern Ocean?

• Do diapycnal fluxes of heat contribute substantially to the seasonal erosion
of the subsurface Antarctic winter water layer?

Paper III uses measurements of microstructure together with glider observations
of temperature and salinity that were made during austral summer to investigate
the dominant drivers, characterise turbulent dissipation and quantify the contri-
bution to diapycnal mixing to heat fluxes across the winter water layer.
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3. Primary Production and Carbon Export in the Weddell Sea

• To what extent does sea ice drive phytoplankton bloom amplitude and dura-
tion in the Weddell Sea?

• Can bloom amplitude predict carbon export?

Paper IV addresses these questions using a combination of satellite observations,
biogeochemical Argo floats and gliders observations. The Weddell Sea is a focus
region because primary production and carbon export are spatially heterogeneous,
warranting a case-study approach.



Chapter 4

Observations

4.1 Overview of the Field Campaigns
In situ oceanographic observations form the keystone datasets used in this thesis. Novel, high
resolution observations of the seasonal ice zone are collected through two projects: 1) The
Robotic Observations and Modeling of the Marginal Ice Zone (ROAM-MIZ) project (2018-
2022) and 2) the SOSCEx-STORM experiment (Figure 4.1a) that involve field campaigns set
at the northern reach of the Antarctic Marginal Ice Zone (defined broadly as the transition zone
from pack ice to open water) and south of the Antarctic Circumpolar Current. Measurements
were carried out between 2018-2020. This comprised of one Sailbuoy deployment (Paper I)
and three glider deployments: two Seagliders (Paper I, II, IV) and one Slocum (Paper III).
The Slocum was fitted with a turbulence instrument package MicroRider-1000LP (MR). The
distribution of each of the glider sampling patterns is shown in Figure 4.1b,c,d, with sampling
concentrated at 60◦S; 0◦E. The region that the gliders sampled was covered with sea ice during
the winter (Figure 4.1a); however the gliders were intentionally deployed directly following
the melt of sea ice (e.g. in 2018 SG643 was deployed 4 days after the local melt of sea ice),
which occurred towards the end of November and beginning of December, to capture the sea
ice driven modifications to the surface oceans and its evolution through summer (Figure 4.1e).
During the measurement period, the mean heat flux into the ocean was positive in the day-
time (stabilizing conditions), which gradually decreased towards the end of each deployment
during the onset of austral autumn. Table 4.1 summarises the respective autonomous platform
deployments. In addition to these observations a number of openly available datasets were
used (satellite observations, reanalysis and floats) and are detailed in the sections that follow.

Table 4.1: List of autonomous platforms used in the thesis, detailing respective deployment and retrieval
dates, sampling pattern and the paper that the data is used in. All deployments were centered at 0◦E;
60◦S.

name deployed retrieved days sampling pattern paper
Sailbuoy 15 Dec 2018 1 Mar 2019 90 mesoscale transects I
SG643 14 Dec 2018 26 Mar 2019 102 submesoscale bowtie II, IV
SG640 20 Oct 2019 18 Feb 2020 125 mesoscale transects IV
Slocum 16 Dec 2019 18 Feb 2020 64 submesoscale bowtie III
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Figure 4.1: Overview of the study region and glider sampling strategy. a) Map of the study region
showing the maximum (sea ice colormap) and minimum (dotted line) extents of sea ice and the extent of
sea ice at the time of glider deployment (dashed line) in the 2019-2020 annual cycle; the mean location
of the Antarctic Polar Front (blue contour) and the Subantarctic Front (grey contour); the ROAMMIZ
study site at 60◦S; 0◦E is marked with an X. The colormap is the average Sea Surface Salinity (SSS)
in December 2019 (ESA SSS Climate Change Initiative). Sampling distributions and location of b)
SG643, c) SG640 and d) the Slocum glider. e) Time series of sea ice concentration (grey line, Spreen
et al., 2008) and net heat flux (red line, ECMWF ERA5) at 60◦S; 0◦E, together with the latitudinal
transects completed by gliders SG643 (blue), Slocum (green) and SG640 (orange).
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4.2 Autonomous platforms

4.2.1 Sailbuoy
Sailbuoys are wind propelled with solar panels powering the scientific sensors and navigation
systems, allowing them to remain at sea for many months. From 15 December 2018 to 1
March 2019, the Sailbuoy maintained a north-south transect of ∼100 km during which time
surface sea water salinity and temperature were measured at 0.5 m depth. Simultaneously,
wind speed, wind gust and direction, barometric pressure and air temperature were measured
at 0.7 m above sea level. In this thesis (Paper I), we focus on the surface measurements of sea
water temperature and salinity, and the wind observations.

4.2.2 Gliders
Underwater gliders are a class of autonomous underwater vehicles (AUVs) that profile ver-
tically through the water column by changing their buoyancy and achieve horizontal motion
through lift provided by wings. In combination, this results in a characteristic "sawtooth"
profiling pattern illustrated in Figure 4.2c. The potential for instruments, such as gliders, in
spear-heading future oceanographic observations was imagined in a narrative piece by Henry
Stommel (Stommel, 1989), where he presents a future scenario of oceanographic observations
in which the world’s oceans are patrolled by gliders, collecting thousands of ocean profiles a
year and likened to the satellite coverage of the ocean surface. While this has not yet come
to be, gliders are used extensively in oceanographic research, extending the reach of research
vessels in space and time. Gliders can perform sustained, autonomous sampling of the upper
1 km of the ocean. The ability to direct the movement of the glider separates gliders from
profiling floats (such as Argo floats) and further allows for the design of unique observational
experiments. The high spatio-temporal resolution (2-4 hour; 0.3-4 km; 1 m in the vertical)
measurements by gliders build the basis observations for this thesis. Underwater gliders are
especially effective for making high resolution observations over longer time periods (weeks -
months) because they propel themselves using buoyancy changes and therefore have efficient
battery consumption. Their active navigation allows for profiling across currents and fronts in
contrast to profiling floats. They allow cross-front measurements to help resolve lateral gra-
dients, while also profiling with depth. In this work the gliders are either piloted to complete
"submesoscale bowties" (∼20 km ) or "mesoscale transects" (∼100 km) (Figure 4.1). The ad-
dition of mesoscale transects, allowed us to evaluate the larger scale ocean gradients within
which the submesoscale flows were active. The ’bowtie’ pattern is selected in order to build
statistically robust sampling of the fronts at the submesoscale. Given that the gliders do not
perfectly sample the front perpendicularly can result in a bias, which results in underestimating
the lateral gradients from which submesoscale parameterizations are approximated (Thomp-
son et al., 2016).

Seagliders

Two Seagliders (Figure 4.2a) were deployed in consecutive years, austral summer 2018-2019
and 2019-2020 from the RV SA Agulhas II. The gliders (SG643 and SG640) sampled temper-
ature, conductivity (salinity), dissolved oxygen, 470 and 700 nm optical backscatter, chloro-
phyll a fluorescence, and Photosynthetically Active Radiation (PAR; only SG643) nominally
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Figure 4.2: Schematics of the two gliders used in this thesis a) Seaglider with the CT sensor labelled
and b) Slocum glider with mounted microrider (Fer et al., 2014). c) Typical "sawtooth" glide profile
through the water (Orozco-Muñiz et al., 2020).
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at 0.2 Hz resulting in a vertical resolution of 0.2-1.5 m in the upper 400 m.
In Paper II, SG643 was linearly gridded to 1-km horizontal resolution and 1-m vertical

resolution, while in Paper IV, both SG643 and SG640 were gridded by profile in the horizontal
and binned to 1-m resolution in the vertical. The different choices in gridding pertain to the
different research questions that are addressed in each of these papers.

Slocum

A 1000-m-rated Teledyne Webb Research (TWR) Slocum electric glider, G2 (Figure 4.2b),
was deployed from the RV SA Agulhas II at 58◦S, 0◦E on the 17th December 2019. The glider
then transited directly south for 10 days, completing a mesoscale transect (∼224 km), until
it reached 60◦S on the 25th December (Figure 4.1). Thereafter, the glider completed a bow-
tie pattern of shorter submesoscale transects (∼20-60 km) until it was retrieved on the 18th

February 2020. The Slocum sampled temperature, conductivity (salinity), dissolved oxygen,
470 and 700 nm optical backscatter and chlorophyll a fluorescence. The sampling frequency
was 1 Hz, with an average flight speed of 0.3 m s−1, resulting in a vertical resolution of 0.2 m.
In addition, the glider was fitted with a neutrally buoyant, lowpower, self-contained turbulence
instrument package MicroRider-1000LP (MR), manufactured by Rockland Scientific Interna-
tional. It was equipped with two orthogonal airfoil velocity shear probes (SPM-38), a pressure
transducer, a two-axis vibration sensor (a pair of piezo-accelerometers), and a high-accuracy
dual-axis inclinometer, from which turbulent dissipation was derived (detailed in Paper III).
The sampling frequency is 512 Hz on all turbulence channels (vibration, shear) and 64 Hz
for the other channels (pitch, roll, and pressure). The Slocum glider data were processed and
corrected for thermal inertia using the software kindly provided by Dr. Gerd Krahmann (GE-
OMAR, Germany). The software included a hydrodynamic model from which the angle of
attack and flow rate past the sensor are computed.

All glider data was further prepared for analysis using GliderTools (Gregor et al., 2019).

4.3 Thermal Lag Correction of Salinity

Salinity derived from temperature and conductivity is prone to dynamic errors that are a re-
sult of profiling in a dynamic environment characterised by spatial temperature and salinity
gradients. While dynamic errors in conductivity and temperature are usually small relative
to natural variations, they can compound into large relative errors in derived salinity. This is
because, in many regions of the ocean salinity does not vary as much as conductivity and tem-
perature. Dynamic errors can, for example, create false density instability in profiles and false
variations in mixed layer depths. This is particularly important in beta oceans (like the sub-
polar Southern Ocean), where density is set by salinity variations. While there are algorithms
that correct for thermal inertia, it is not always possible to correct for all the error (see resid-
ual error in Figure 4.3 below). In Papers I and II I use density to compute lateral gradients
and estimate the activity of submesoscale flows. In these cases, errors due to thermal inertia
can propagate to the estimates of lateral density gradients. In Paper II, Figure 3, we propose a
method to approximate the error by comparing dive-climb and climb-dive plots and then take
the root mean square error of the difference from zero.
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Figure 4.3: Example of uncorrected (blue) and corrected (orange) Conservative Temperature (CT),
Absolute Salinity (AS) and Potential Density (ρ) between consecutive dives and climbs (Paper II). The
time-averaged mixed layer depth and one standard deviation are shown in the dashed black and grey
lines respectively.

4.4 Microstructure

Direct measurements of microstructure shear variance are used to derive the viscous dissipa-
tion rate of turbulent kinetic energy per unit mass, ε (W kg−1). Velocity variance is measured
with shear probes that are orthogonal to each other to measure the transverse and vertical
components of the along-path shear. Dissipation is then derived from the shear microstruc-
ture following Fer et al. (2014) using an adaption of the Rockland Scientific ODAS v4.4.04
software. After taking the fast fourier transform (FFT) of the shear (segmented into 30 sec-
ond intervals, a time scale based on the length of the platform, 1.8 m) and converting it to a
wavenumber spectrum using Taylor’s frozen field hypothesis, the dissipation rate for each FFT
segment is calculated, assuming isotropic turbulence, by integrating the wavenumber spectrum
as:

ε j =
15
2

ν(
∂u j

∂x
)2 ≈ 15

2
ν

∫ ku

kl

Ψ(k)dk, (4.1)

where ∂u j
∂x is the turbulent scale shear component measured along the glider’s along-path coor-

dinate x, j identifies the shear probe number oriented orthogonal to measure the transverse and
vertical components of the along-path shear, ν is the kinematic viscosity of seawater, which
is a function of the local water temperature, and the overbar denotes averaging. The shear
wavenumber spectrum is integrated between kl , set by the window length and ku, the mini-
mum in a curve fit to the shear spectrum, that is unaffected by noise. The empirical model
for the turbulence spectrum determined by Nasmyth (1970) is used to correct for unresolved
variance. A number of quality control steps are applied (detailed in Appendix A.1 of Pa-
per III), finally taking the average of the quality controlled dissipation estimates from both
shear probes. An example of the mean shear wavenumber spectra for dissipation values of
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1 × 10−8 W kg−1 measured by each orthogonal shear probe is given in Figure 4.4.

Figure 4.4: Example mean shear spectra measured by each probe for a mean dissipation rate of
1 × 10−8 W kg−1. The corresponding Nasmyth spectrum is overlain with the dotted black line.

4.5 Floats

In this thesis I use Biogeochemical Argo (BGC-Argo) floats, made available by Southern
Ocean Carbon and Climate Observations and Modeling (SOCCOM) project. These floats are
robotic drifters that move with ocean currents profiling the ocean from the surface to mid-level
(2000 m) through adjusting their buoyancy. At depth they drift with the currents, generally
programmed to return to the surface once every 10 days. They are equipped with sensors
that measure sea water temperature and salinity, and biogeochemical variables, of which I
use chlorophyll a fluorescence and optical backscatter. In particular, I use two BGC-Argo
floats that profiled in proximity to the ROAMMIZ study site from December 2014 to July
2019 (WMO ID: 5094467) and January 2015 to February 2020 (WMO ID: 509397, e.g. Fig-
ure 4.5b). For all the float variables only data with a quality control flag of 1 or 2 were used
(good or probably good). Potential density was derived from Absolute Salinity and Conser-
vative Temperature (example time-series provided in Figure 4.5a) using the Gibbs Sea Water
TEOS-10 Toolbox (McDougall and Barker, 2011). Data from these floats is used in Papers II,
III, and IV.
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Figure 4.5: (a) Timeseries of Conservative Temperature measured by SOCCOM float 5094397 used in
Paper III to identify the base of the winter water layer. The mixed layer depth is overlain in grey, with
the year 2019-2020 in orange. (b) the drift path of the SOCCOM float, with the final year in orange.
The study site at 60◦S, 0◦E is marked.

4.6 Satellite and Reanalysis Data

Surface heat fluxes, freshwater fluxes (Evaporation - Precipitation), 10 m winds and sea ice
concentration are used together with glider data throughout this thesis. In Paper II, surface
heat and freshwater fluxes and 10 m winds are used in particular for the calculation and inter-
pretation of submesoscale parameterizations. In Paper III, these variables are used to interpret
the variability of subsurface turbulent heat fluxes. For the calculation of friction velocity (u∗),
we use the instantaneous turbulent surface stress product from ERA5, which has similar vari-
ability but slightly higher magnitudes than wind stress derived from 10 m winds. In Paper
I, we show that this product is in good agreement with in situ winds observed by the Sail-
buoy, providing confidence in the use of ERA5 winds, The shortwave component of the total
heat flux is incorporated in the Winter Water temperature budget. Net heat fluxes are used to
compute surface buoyancy that is used to interpret the relationship between observed and pre-
diction dissipation as well as the mixing layer depth in Paper III. In Paper IV, surface heat
fluxes and winds are used to interpret phytoplankton bloom phenology. Hourly (Paper I,II,III)
and six-hourly (Paper IV) atmospheric reanalysis fields are obtained from the latest European
Centre for Medium-Range Weather Forecasts (ECMWF) climate reanalysis product, ERA5,
with a 0.25◦ x 0.25◦ resolution (Hersbach et al., 2018).

Sea ice concentration and extent is used to contextualise the results in Papers II and III. In
particular, sea ice concentration estimates over 20 years are used to investigate phytoplankton
bloom phenology and sea ice concentration together with thickness is used to develop a met-
ric for sea ice volume in Paper IV. Daily sea ice concentration products OSI-450 (1997-2015)
(OSI-450., 2017) and OSI-430-b (2016-2019) (OSI-430-b, 2019), distributed by EUMETSAT
Ocean and Ice Satellite Application Facility (Lavergne et al., 2019), with a spatial resolution of
25 km. Daily thin sea ice thickness, distributed by the University of Bremen, was extracted for
the time period (2011-2020) at 40 km spatial resolution. The product is retrieved from observa-
tions of the L-band microwave sensor SMOS (Soil Moisture and Ocean Salinity) (Huntemann
et al., 2014). The maximum and minimum sea ice extents in 2019 and 2020 are taken from
the Sea Ice Index data product, provided by the National Snow and Ice Data Center.

In Paper IV, Chl a was extracted at 8-daily resolution from the Ocean Color Cli-
mate Change Initiative (OC-CCI) v5.0 product, distributed by the European Space Agency
(Sathyendranath et al., 2019). MODIS 8-Daily Mean PAR was extracted from the 8-daily 4
km resolution product from 2002 to 2020. The daily product was used from 2019 to 2020 and
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co-located with the glider positions and was in good agreement with glider observed integrated
daily PAR.





Chapter 5

Submesoscale flows in the sea ice impacted
Southern Ocean

Paper I: Submesoscale Fronts in the Antarctic Marginal Ice Zone and Their Response to
Wind Forcing.

Paper I was published in Geophysical Research Letters in 2020, with coauthors Sebasti-
aan Swart, Marcel du Plessis, Andrew Thompson, Louise Biddle, Torsten Linders, Martin
Mohrmann and Sarah-Anne Nicholson. This paper uses an autonomous surface vehicle cou-
pled with a glider to observe submesoscale lateral gradients in the sea ice impacted Southern
Ocean during austral summer. Special thanks for Martin Mohrmann who deployed the plat-
forms and to the Caltech group under Andy Thompson who piloted SG643.

Paper II: Stirring of Sea-ice Meltwater Enhances Submesoscale Fronts in the Southern
Ocean

Paper II was published in the Journal of Geophysical Research: Oceans in 2021, with coau-
thors Sebastiaan Swart, Marcel du Plessis, Andrew Thompson and Sarah-Anne Nicholson. I
thank Dhruv Balwada and an anonymous reviewer for their valuable input on the development
of this manuscript. This paper combines glider observations with atmospheric reanalysis data
to investigate the influence of submesoscale flows on the upper ocean and its interaction with
surface boundary layer forcing following the melt of sea ice.

In the following, I contextualise Papers I and II within the framework of the thesis and sum-
marize the results. The reader is referred to the full papers in chapter 9.

5.1 Context

At high-latitudes, the first baroclinic Rossby Radius of deformation falls below 10 km (Chelton
et al., 1998). This is pertinent to the work that follows as it is a key motivation for observing
upper ocean variability with autonomous surface and underwater vehicles. Autonomous sur-
face and underwater vehicles (as introduced in chapter 4.2), sample the ocean at 0.1-4 km hori-
zontal scales, therefore enabling one to resolve the scales at which flows become ageostrophic.
Prior to this body of work, evidence for submesoscale flows (refer to the definition in chapter
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2.3) within sea ice impacted oceans was demonstrated in the Arctic through theoretical work
and numerical simulations (Horvat et al., 2016; Manucharyan and Thompson, 2017), as well
as in observations (Brenner et al., 2020; Koenig et al., 2020; Timmermans and Winsor, 2013;
von Appen et al., 2018). In the Southern Ocean, a statistical analysis of seal-tag CTD data
(Marine Mammals Exploring the Oceans Pole to Pole, MEOP, Biddle and Swart, 2020) indi-
cated submesoscale flows persist through all seasons and within sea ice covered regions. In
Paper I we show, using high-resolution (horizontal scales of 10-100 m) surface observations,
that submesoscale fronts were prevalent in summer (when the Rossby Radius was estimated
to be ∼2 km) following sea ice melt, suggesting that sea ice melt water fronts can energize
submesoscale instabilities. In Paper II, we used three months of glider observations to quan-
tify the impact and seasonal evolution of these observed mixed layer submesoscale fronts on
upper ocean stability and their potential to mediate vertical fluxes of water properties.

5.2 Summary of the results
Within this work, we address the first objective of the thesis that considers the impact of
submesoscale flows in the seasonal ice zone of the Southern Ocean. Observations of the
upper ocean were undertaken in summer thus, the findings are specific to ice-free stabilizing
buoyancy forcing conditions. We observe fine scale lateral gradients (fronts) in the surface
mixed layer. Haline fronts exceeding 0.5 g kg−1 km−1 were observed with a Sailbuoy sam-
pling the ocean at a horizontal resolution of 100-300 m (Paper I). Similarly, haline fronts of
0.02 g kg−1 km−1 were observed within the mixed layer with a glider (sampling at a horizontal
resolution of 0.5-4 km) (Paper II). These fronts are suggested to be formed by strain resulting
from stirring mesoscale sea ice melt fronts. When the larger scale mesoscale gradient in salin-
ity decreases later in the summer season, the submesoscale fronts are also observed to weaken
(Paper II, Figure 6). The difference in magnitudes of the observed fronts is attributed to the
higher sampling resolution of the Sailbuoy compared to the glider, and due to the reduction in
lateral gradients with depth (shown in Paper I, Figure 4).

In Paper I the fronts are observed to respond to wind forcing, with strong winds (≥0.3 N
m−2) dispersing lateral gradients. Here we proposed that thermohaline shear dispersion fol-
lowing frontal slumping due to baroclinic instabilities weakened lateral gradients. A tracer
dye experiment in the Gulf Stream tracked the dispersion of fronts by winds (Wenegrat et al.,
2020), providing a direct observation of this process. The analysis of Ekman Buoyancy Fluxes
in Paper II further supports the finding that there is a strong response of the upper ocean and
lateral density gradients to mechanical forcing by winds in this region. The potential for sub-
mesoscale baroclinic instabilities to grow is assessed by estimating the equivalent heat flux
(buoyancy input by slumping submesoscale fronts) by Mixed Layer Eddies following (Fox-
Kemper et al., 2008). We find a weak contribution by Mixed Layer Eddies (QMLE = 5 - 20 W
m−2). QMLE is weak as a result of the strong stratification by sea ice melt that maintains shal-
low mixed layers. As such, while submesoscale fronts are formed by stirring of mesoscale sea
ice meltwater fronts, submesoscale vertical fluxes are limited to within the mixed layer. Nev-
ertheless, surface enhanced fronts increase the potential for Ekman-driven cross-frontal flow
to modulate the stability of the mixed layer and mixed layer properties (with estimates of Ek-
man Buoyancy Fluxes varying between 100-1000 W m−2).

Wavenumber spectra are used to describe the horizontal density variance in the mixed layer
and analyze the seasonal timescale of active scales of energy variance. The average slope of
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the spectra computed from the glider measurements (5 m depth, horizontal resolution of 0.5-4
km) ranges from k=2.1-3.6, and from the Sailbuoy measurements the mean slope is k=-2.4,
(0.5 m, horizontal resolution of 100-300 m). The approximated slopes are steeper than sur-
face quasi-geostrophic theory but not as steep as that predicted by interior quasi-geostrophic
turbulence theory. Acknowledging the uncertainties involved with these calculations, the re-
sults suggest that the surface ocean variance in horizontal density is driven by submesoscale
dynamics (with shallower slopes representing energy at small scales). If we assume density
spectra as a proxy for Potential Energy, we find that the total Potential Energy in the sys-
tem decreases towards late summer, indicating that the sea ice meltwater, which is exhausted
later in summer, may be related to the change in Potential Energy. The density spectral slopes
steepen later in the summer season, in accordance with the idea that there is a decrease in the
source of mesoscale stirring by sea ice meltwater. However, we acknowledge that the change
in slope may be attributed to noise and errors associated with applying spectral analysis to
measurements that are not uniformly spaced. Part could also be attributed to sampling resolu-
tion. Furthermore, the scales of submesoscale flows might be expected to decrease during late
summer as the ocean becomes more stratified, thus requiring even higher resolution observa-
tions.

Figure 5.1: Sketch of meltwater dispersion by submesoscale
mixed layer eddies and wind-front interactions under posi-
tive buoyancy forcing, highlighting the vertical structure of
the water column following ice melt.

Finally, a major result of Paper
II is that the strong stratification,
also most likely a result of recently
melted in situ and advected sea ice,
reduces the Potential Energy avail-
able for submesoscale associated
vertical fluxes. This suggests that
the subduction of modified waters
by sea ice does not occur in the lo-
cation of sea ice melt. Subduction
’hotspots’ in the Southern Ocean
have since been observed further
north near the Antarctic Polar Front
in regions of higher eddy kinetic
energy (Dove et al., 2021). How-
ever, we found that entrainment
events contribute to substantial heat
loss in the mixed layer during sum-
mer (du Plessis et al., 2022). The
role of diapycnal mixing in driving
the vertical exchange of water prop-
erties in the sea ice impacted South-
ern Ocean is addressed in the Paper
III.

Through this work, we propose a mechanism through which sea-ice meltwater is dispersed
during austral summer (Illustrated in the schematic below). Low density meltwater is intro-
duced into the upper ocean following sea ice melt. This process rapidly restratifies the mixed
layer. We observe however, that the meltwater is not uniformly distributed, but rather observed
as a series of meltwater fronts and eddies ranging in horizontal scales, but limited by the strong
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meltwater induced vertical stratification to the vertical scale of the mixed layer. We observe
the frequency and intensity of these fronts to weaken with distance and time from the sea-ice
melt region (Paper II) and propose that submesoscale mixed layer eddies and their interaction
with winds are acting to stir and disperse the meltwater northwards. These findings imply that
the water that is transformed by mixing with the cold and fresh meltwater is not subducted in
the same region that it is transformed.

Large uncertainty remains in the projections by Global Climate Models (GCMs) of the
Southern Ocean and its role in the global overturning circulation (Fox-Kemper et al., 2021).
Small-scale processes can have a substantial impact on high-impact low likelihood events that
are characteristic of regions in the Southern Ocean (Hewitt et al., 2022) and thus essential to
capture for better climate predictions. But, explicitly resolving these processes will remain
challenging for decades to come (Fox-Kemper et al., 2019). One avenue has been to param-
eterize these processes and an earlier assessment of GCMs showed that GCMs that parame-
terize submesoscale eddies increases global mean SST by 0.1◦C (Fox-Kemper et al., 2011).
However, parameterizations are not designed to represent all processes and these features are
not ubiquitously distributed in the ocean. For example, the submesoscale parameterization of
Fox-Kemper et al. (2008) accounts only for the restratifying effects of mixed layer eddies - a
feature we observed to be weak in the quiescent summer time ice edge that was the focus of
this thesis. On the other hand, our results pointed to the role of wind-front interactions in in-
troducing small-scale variability to the region and modulating turbulence - a parameterization
that was only recently developed and remains to be widely tested and implemented (Bodner
et al., 2022).





Chapter 6

Diapycnal mixing across Antarctic Winter
Water

Paper III: Vertical convergence of turbulent and double diffusive heat flux drives warm-
ing and erosion of Antarctic Winter Water in summer

This manuscript is currently being prepared for submission to the Journal of Physical Oceanog-
raphy and was developed with the support of coauthors Ilker Fer, Sebastiaan Swart, and Sarah-
Anne Nicholson. I thank Gerd Krahmann for the additional support in processing the Slocum
glider data and Sea Technology Services for the assistance in deploying, piloting and retriev-
ing the glider. In the following, the paper is contextualised and a summary of the results is
presented. The reader is referred to the manuscript in Chapter 9 for a full discussion.

6.1 Context

After summertime sea ice melt, the mixed layer of the subpolar Southern Ocean largely ex-
periences stabilizing buoyancy forces (freshwater input from meltwater, either from direct
1-dimensional melt or via advection, and incoming solar radiation; Paper II). The resulting
enhanced stratification dampens submesoscale vertical fluxes and, in Paper II, we posit that
the subduction of surface transformed waters does not necessarily occur in the same region
as where sea ice melts. In that work, we did not consider the subsurface layer, referred to as
"winter water" that is capped between the stratified mixed layer and the warm and saline Upper
Circumpolar Deep Water (UCDW) beneath. However, in Paper III, we show that the winter
water thins and warms over the summer season. This was similarly observed in du Plessis
et al. (2022) where we note that entrainment of winter water cools the mixed layer. Evans
et al. (2018a) show that mixing between the winter water layer and UCDW is an important
step in the the transformation of the deep water mass, UCDW to intermediate water (Antarc-
tic Intermediate Water, AAIW) that forms the upper branch of the Meridional Overturning
Circulation. They suggest that this summer transformation occurs through the input of posi-
tive buoyancy (from meltwater and solar radiation). In Paper III, we use direct observations
of the viscous dissipation rate of turbulent kinetic energy (TKE), hereafter "dissipation", to
determine the mixing processes that mediate the exchange of properties between the surface,
subsurface and ocean interior.



30 Diapycnal mixing across Antarctic Winter Water

6.2 Summary of the results
In Paper III, we address the second objective of this thesis that considers diapycnal mixing
in the sea ice impacted Southern Ocean. Using direct measurements of microstructure shear,
we characterize the time-averaged levels of dissipation and diffusivity in the subpolar South-
ern Ocean following sea ice melt. We identify two regions of enhanced mixing: Firstly, in the
surface mixing layer, of which 84% of the observed dissipation is explained by wind-driven
turbulence. Secondly, at the base of the winter water layer, which we attribute to double dif-
fusive convection (DDC). The enhanced dissipation in the subsurface is most likely a result of
DDC given that the winter water is distinguished as colder, and fresher, than the underlying
warmer, and saltier, UCDW. Such profiles are associated with Turner Angles (that provides
a metric of the relative contribution of temperature and salinity to the local stability of the
water column) between −π/2 and −π/4. In addition, we observe temperature staircases (Kel-
ley, 1990) that occur as a result of DDC and a band of high spice variance (Middleton et al.,
2021). We emphasise that DDC is associated with higher rates of eddy diffusivity (turbulence-
enhanced mixing) because, unlike mechanically-driven mixing where a portion of the energy
is lost to raising the potential energy of the system, in DDC, all the energy is converted to a
buoyancy flux. The observed background mixing is attributed to shear-driven turbulence re-
sulting from the steepening of isopycnals by internal waves.

In du Plessis et al. (2022), we assessed the mixed layer temperature budget in the Weddell
Sea within the broader context of the Southern Ocean, concluding, in agreement with Paper II,
that variability within the mixed layer cannot be solely explained by 1-dimensional processes
alone. In Paper III, we developed a subsurface winter water temperature-tendency budget to
determine the contribution of mixing processes to the observed warming and thinning of the
layer, considering only 1-dimensional processes in the subsurface winter water layer. We find
that the observed temperature is well represented by three components: solar radiation, di-
apycnal mixing and entrainment. The winter water warming trend is explained by the vertical
convergence of turbulent and double-diffusive heat fluxes. Notably, 22% of this winter water
warming is due to DDC and excluding the enhanced eddy diffusivity compared to that ap-
proximated when mechanically-driven turbulent mixing is assumed would underestimate the
warming of the winter water layer and therefore water mass transformation in this region.



Chapter 7

Sea ice impact on primary production and
carbon export

Paper IV: Sea ice impacts inter-annual variability in phytoplankton phenology and car-
bon export in the Weddell Sea

Paper IV is currently under review for publication in Geophysical Research Letters, with coau-
thors Sebastiaan Swart, Bastien Queste, Sandy Thomalla and Sarah-Anne Nicholson. I thank
especially Louise Biddle as well as Hannah Rosenthal and Johan Edholm who were all on the
polar gliders SCALE team onboard the RV SA Agulhas II, when together we deployed SG640,
the data from which is used in Paper IV. I also thank an anonymous reviewer for their valuable
input. Here, I introduce and contextualise the paper, expand on some of the methods applied
and summarize the results. I refer the reader to the full paper in Chapter 9.

7.1 Context

In the first three papers of this thesis, we focused on the role of sea ice on mediating observed
variability in upper ocean turbulence. Here, we shift focus to the role of sea ice in modulating
primary production and carbon export through its impact on upper ocean turbulence.

Phytoplankton form the base of the Southern Ocean biological carbon pump. The carbon
produced by primary production is either transferred to higher trophic levels, which sustain
the foodweb, or directly fluxed to the deep ocean. Carbon may also enter the deep ocean
later in the trophic cascade. Biological carbon export in the subpolar gyres, and especially the
Weddell Gyre, substantially contributes to the carbon cycle via lateral transport in the Upper
Circumpolar Deep Water (Hoppema, 2004; MacGilchrist et al., 2019).

While primary production in the Southern Ocean is on average increasing, the response of
phytoplankton in the sea ice impacted Southern Ocean is not certain (Deppeler and Davidson,
2017). Phytoplankton biomass (chlorophyll a) in the seasonally ice-covered Southern Ocean
has, until recently, been largely undersampled because satellite observations are impeded by
sea ice and cloud cover (Thomalla et al., 2011). Under ice, Biogeochemical Argo floats have
allowed for annual observations of chlorophyll a (Arteaga et al., 2020) at ∼10-day resolution.
However, high resolution, seasonal studies remain sparse. It is known that primary production
and carbon export flux are not necessarily proportionally related to each other and display
high regionality (Henson et al., 2019), with external interacting factors influencing them both
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(Henson et al., 2022; Pinkerton et al., 2021). With this work, we simultaneously analyse the
variability in primary production and carbon export at sub-daily resolution in order to observe
the link between the two and understand how they respond to sea ice and sea ice-induced
turbulence.

7.2 Methods
Paper IV applies glider measurements of both physical (temperature and salinity) and bio-
logical (chlorophyll a and optical backscatter) variables to simultaneously quantify primary
production, carbon export, and water column density at scales of hours to days. These metrics,
along with Biogeochemical Argo and satellite observations, were used to reveal the response
of phytoplankton to ocean processes associated with sea ice growth and melt. One of the main
analyses in Paper IV assesses the differences in carbon export and transfer efficiencies be-
tween two years of glider observations. Carbon export is defined as the ratio between primary
production at the surface and carbon flux at the base of the mixed layer. Transfer efficiency
is defined as the ratio of carbon flux at the base of the mixed layer to carbon flux at a deeper
depth, which we take as the average depth of the deepest winter mixed layer. In this section,
I expand on the methods and uncertainties in estimating carbon export and transfer efficiency.
It is well known that there is regional variability in the export and transfer efficiency (Henson
et al., 2019), however, temporal variability and long term trends are less certain (Henson et al.,
2022). With this analysis, we look at the processes which may cause biological carbon export
flux to change.

In the absence of in situ incubation experiments, primary production is necessarily mod-
elled. The modeling of primary production has been spear-headed by the satellite optics com-
munity (Behrenfeld et al., 2005; Platt and Sathyendranath, 1993), but the models have been
adapted for underwater profiling floats and gliders (e.g. Arteaga, 2021; Hemsley et al., 2015).
There are two main approaches to estimating primary production. The first is based on chloro-
phyll a, with growth rate estimated as a function of chl a and irradiance, the Platt Model
(Platt and Sathyendranath, 1993), and the Vertically Generalized Production Model, (VGPM;
Behrenfeld and Falkowski, 1997). VGPM assumes nitrogen limited primary production, which
may not hold in the Southern Ocean. The second approach to modeling primary production is a
carbon-based approach that makes predictions on phytoplankton growth rate based on the ratio
of chlorophyll a to carbon, of which there are two variations: the standard CbPM, (Behren-
feld et al., 2005) and the spectrally-resolved CbPM, (Westberry et al., 2008). The long-term
trends in Primary Production observed by satellites result in an increasing trend if VGPM is
applied and a decreasing trend if CbPM is applied Pinkerton et al. (2021). Here, we compare
these models using glider observations (Paper IV, Figure S9) and find them, at least for the
period of observation, to co-vary even though the magnitudes are different (with VGPM and
Platt estimates lower than that of CbPM). Estimates of vertically integrated CbPM, based on
glider observations, are slightly higher in magnitude, but comparable to the surface only esti-
mates. This implies that assumptions of vertically homogeneous phytoplankton distribution,
at least for our period of observation and this region, are reasonable. Estimates of primary
production from the above models when blooms are dominated by deep chlorophyll maxima
(Baldry et al., 2020), possibly later in the season under nutrient limiting conditions, may not
be as comparable to vertically-resolved glider based estimates.

Similarly, there are several ways by which downward fluxes of carbon can be estimated.
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These are either made as direct measurements from sediment traps (Lampitt et al., 2008) or via
indirect estimates. For the latter, there are multiple methods: nutrient uptake (Moreau et al.,
2020; Sanders et al., 2005), oxygen utilization (Jenkins, 1982; Kheireddine et al., 2020), ra-
dioisotopes (Buesseler, 1998; Le Moigne et al., 2013), quantifying spikes in optical backscatter
profiles (Briggs et al., 2011). Indirect estimate methods were used in this analysis. The range
of export flux to 100 m based on the Briggs et al. (2011) method that we applied in Paper IV
was comparable to previous estimates in the same region (Moreau et al., 2020; van der Loeff
et al., 2011).

All the above indirect methods of estimating primary production and carbon export contain
a degree of uncertainty. Taking this into account, we emphasize the relative differences in
primary production and carbon export between the two years in comparison rather than their
absolute values.

7.3 Summary of the results
With Paper IV, we address the third objective of this thesis that sets out to assess the impact
of sea ice on primary production and carbon export in the Weddell Sea. We find empirical
evidence using 10 years of satellite observations together with Biochemical Argo floats that
shows that in parts of the sea ice impacted Southern Ocean (e.g. Weddell Sea, Ross Sea), en-
hanced winter growth of sea ice drives deeper winter mixing and, therefore, increased vertical
fluxes of limiting nutrients which support larger magnitude blooms in the following summer.
The two sequential summer seasons of glider data provide preliminary evidence that more in-
tense blooms (higher amplitude) lead to higher carbon export, suggesting a potential positive
impact of sea ice volume on the biological carbon pump. However, higher export below 100 m
was attenuated more quickly with depth and did not translate to substantially higher export past
170 m, the depth of deepest winter mixing. This suggests that more intense blooms and carbon
export events may not lead to enhanced long-term carbon storage. It should be acknowledged
that we interpret changes in primary production based on one changing variable: sea ice vol-
ume/winter mixed layer depth. However, phytoplankton respond to many interacting factors
(e.g. nutrients and trace metal variability, irradiance, grazing and their interactions). But with-
out an in situ process-study measuring multiple variables or a model that resolves them, it
remains challenging to elucidate the exact driver(s) of the variability observed.

We consider three explanations for the decrease in carbon export with depth. Large cells
(notably diatoms with additional ballast; Tréguer et al., 2018), would be expected to sink faster,
escaping microbial degradation and hence drive a higher transfer efficiency and lower attenu-
ation rate. Although we did not directly measure community composition, chl a:Cphyto ratios
have been used to infer changes in community composition, with a higher chl a:Cphyto typi-
cally indicating a larger proportion of diatoms (Cetini et al., 2015). As such, there were likely
more diatoms in the community during the 2019-20 summer season (when high chl a was
observed) than during the 2018-19 summer season (when low chl a was observed). Alterna-
tively, the higher chl a:Cphyto may also represent a higher ratio of fresh, labile phytoplankton
in 2019-20 compared to "older", more refractory particulate matter, in 2018-19. Refractory
particulate matter does not remineralize as fast as fresher cells and could explain the observed
higher transfer efficiency compared to the following year (Cavan et al., 2018). Changes in
density with depth can also influence the sinking rate of particles and therefore the flux attenu-
ation rates. The strongly stratified thermocline that was observed during the 2019-20 summer
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season might have retained particles within the thermocline, exposing the sinking particulate
matter to a longer period of remineralization in the upper ocean, and thus reducing export
to depth. Finally, remineralization rates and flux attenuation may be influenced by bacterial
load and grazing (e.g. Cavan et al., 2015). Thus, the faster remineralization rates observed in
2019-20 could be a result of higher grazing pressure within the upper 200 m. In conclusion, an
outstanding finding is that the export of carbon cannot be directly explained by physics alone,
however more observations are required to confirm the results of this investigation.



Chapter 8

Conclusions and Perspectives

8.1 Summary

Sea ice formation and melt in the Southern Ocean accounts for one of the largest phenom-
ena of surface transformation on the planet. Changing, within an annual cycle, from an area
of ∼19 million km2 of sea ice covered ocean in the winter months to one of ∼3 million km2

during the summer months (Parkinson, 2019). At the northern extent of the sea ice, warm
carbon-rich circumpolar deep water upwells (Figure 2.1), such that processes controlling the
transformation of water at the surface in the subpolar Southern Ocean have a disproportion-
ate control on the climate system. It has been shown in model and observational data, that
sea ice melt exerts a primary control on the transformation of deep water to intermediate water
(Abernathey et al., 2016; Pellichero et al., 2018) and temperature trends in the surface and sub-
surface layers of the subpolar Southern Ocean (Haumann et al., 2020). However, the scarcity
of observations has limited the understanding, in particular, of small-scale processes in modu-
lating upper ocean properties and therefore the exchange of climate important variables: heat
and carbon. This background broadly forms the motivation for this thesis.

We have illustrated, through high-resolution observations in the subpolar Southern Ocean,
the profound role of sea ice in modulating turbulent processes occurring at scales of kilome-
ters to centimeters. These processes, in turn, mediate the upper ocean physical, chemical and
biological properties with local and remote implications.

Directly following the austral-summer melt of sea ice, very cold waters together with large
freshwater fluxes set the density characteristics of the upper ocean. Within this seascape, we
observe lateral gradients over 0.1-10 km in the surface mixed layer, (Paper I), that are likely
representative of a mixture of submesoscale Mixed Layer Eddies and filaments as well as fronts
formed through stirring mesoscale eddies (Paper II). The scale and frequency of these features
decreases towards the end of the summer season as does the salinity control on mixed layer
density. Incoming solar radiation that warms the upper ocean, together with the stirring of sea
ice melt water and the increasing stratification, limits the Potential Energy available for mixed
layer instabilities (Paper II). But the shallow mixed layer means that upper ocean responds
readily to wind forcing. Prevailing winds drive vertical mixing (Paper III) and wind-front in-
teractions introduce variability to the stability of the mixed layer (Paper I, II). While the mixed
layer was characterised by lateral heterogeneity in temperature and salinity, the temperature
variability in the underlying winter water was largely explained by 1-dimensional vertical pro-
cesses alone (Paper III). Mixing at the base of the mixed layer is attributed to wind-driven
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shear production of turbulence, but is again limited by buoyancy effects that are likely intro-
duced by recent sea ice melt. At the base of the winter water, enhanced turbulent mixing is
attributed to double-diffusive convection. The rate of mixing at the base of the mixed layer and
the base of the winter water contribute to the rate of heat flux convergence into the subsurface
winter water layer, its erosion and thus enabling a pathway for exchange of water properties
between the ocean interior and the surface and their associated transformation.

Superimposed onto the dynamical flows of the upper ocean in this region, communities
of phytoplankton and the ecosystems that they support are actively responding to changes in
the environment. On climate relevant scales, they provide a biological medium through which
carbon is transferred from the surface to the ocean interior (via the biological carbon pump).
In Paper IV, we find empirical evidence, using 10 years of satellite observations together with
BGC-Argo floats, that increased sea ice formation in winter drives deeper vertical mixing
resulting in the entrainment of limiting nutrients and minerals. This translates to enhanced
primary production the following summer season in the northeast Weddell Sea.

von Berg et al. (2020) similarly show that enhanced mineral supply from Maud Rise sup-
ports greater bloom amplitudes, however, anomalous deep mixing during a polyna event did
not substantially enhance the subsequent bloom. The largest observed bloom occurred dur-
ing an anomalously shallow spring mixed layer that deepened during the summer suggesting
that light and summer iron supply are also important in this region. These findings concur
with that of Ardyna et al. (2017), where light is identified as a major driver of bloom phenol-
ogy. Deeper mixing (up to 150 m) during winter is observed to increase the subsequent bloom
likely through enhancing iron supply. However deeper mixing also results in deeper summer
mixed layers, introducing further light limitation and reducing bloom magnitudes. As such, in
regions where winter mixing is the primary limit on available trace minerals for photosynthe-
sis, primary production may be enhanced following deeper winter mixing up to a threshold.
The possibility of such a mechanism was observed over two years of glider observations

Using two years of glider observations of two contrasting seasonal cycles of primary pro-
duction show that higher surface primary production leads to higher short term carbon export
beneath the mixed layer. However, higher short term export does not necessarily imply higher
long term export. We find that the efficiency of carbon transfer to depths deeper than the aver-
age winter mixed layer maximum in the year of higher primary production is lower compared
to the year that experienced lower rates of primary production. The reasons for this fall into
two broad categories that require further research. The first is a physics perspective explana-
tion and the second is a biology perspective explanation. Firstly, greater sea ice formation and
thus, deeper winter mixing, increased nutrients in the surface waters and stronger bloom, could
also lead to higher stratification during the summer, increasing the retention time of particles
in the upper ocean and therefore the attenuation rate with depth. Secondly, differing commu-
nity compositions associated with the different base conditions of the two blooms observed
may result in different remineralization rates.

8.2 Implications
Prior to this work, most observational and modelling studies of upper ocean turbulence in sea-
sonal sea ice zones have been focused in the Arctic Ocean (Appen et al., 2018; Brenner et al.,
2020; Scheifele et al., 2021; Timmermans and Jayne, 2016; Timmermans and Winsor, 2013;
Timmermans et al., 2012). While the Arctic Ocean shares some similarities with the Southern
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Ocean (sea ice presence and high seasonality), the Southern Ocean sea ice zone, in which the
sea ice is relatively thin (∼0.5 m) and multi-year ice is uncommon, is unique in its circumpolar
extent and the persistent and strong winds maintain a relatively weakly stratified upper ocean.
We observed slightly weaker lateral fronts (Timmermans and Winsor, 2013) and stronger tur-
bulence (Scheifele et al., 2021) than that observed in Arctic ice-free conditions. While the
evidence suggests that submesoscale flows are not driving vertical exchange of water proper-
ties in the summertime, the associated eddies are indeed responsible for a lateral component
in the mixed layer temperature and salinity budgets, such that the mixed layer budget can-
not be predicted by 1-dimensional processes alone (du Plessis et al., 2022). The observation
of variable Ekman-driven cross frontal flow has the potential to modulate the stability of the
mixed layer. The inclusion of submesoscale flows is therefore a necessary parameterization in
coupled-climate models to accurately represent mixed layer heat and freshwater transport.

Turbulent dissipation in the sea ice impacted Southern Ocean is often assumed constant
in mixed layer budget studies or not included at all (du Plessis et al., 2022; Pellichero et al.,
2017). To a large extent, this assumption is due to the unavailability of direct observations.
However, the results of Paper III present the first observations of turbulent dissipation in the
sea ice impacted Weddell Sea of the Southern Ocean. The observations confirm the sensi-
tivity of the mixed layer to wind forcing that was observed in Papers I and II. In du Plessis
et al. (2022), we highlight that in the sea ice impacted Southern Ocean, vertical entrainment
of winter water can cool the mixed layer sufficiently to offset winter entrainment of heat from
the underlying Upper Circumpolar Deep Water. The winter water temperature tendency anal-
ysis in Paper III shows that diapycnal mixing is a key term in driving the seasonal warming
of this layer and therefore central to the transformation of UCDW to AAIW. The misrepre-
sentation, therefore, of dissipation rates and turbulent-enhanced mixing (eddy diffusivity) has
implications for the upper ocean heat budget and water mass transformation. Furthermore,
these findings point to the potential for turbulent-enhanced mixing to increase under increased
wind intensity (Young and Ribal, 2019). This could accelerate the demise of sea ice through
enhanced subsurface warming and winter water erosion.

The transport of sea ice and its 1-dimensional impact on mixed layer buoyancy has been
emphasised in the literature as an important regulator of water mass transformation in the
high-latitude Southern Ocean (Abernathey et al., 2016; Pellichero et al., 2018). The overar-
ching lines of evidence presented in Papers I, II and III point to a key role of sea ice linked
submeso-microscale processes in setting upper ocean water properties, water mass transfor-
mation, and thereby, the global overturning circulation at the macroscale (Hewitt et al., 2022).
The findings of this work provide evidence of (sub)mesoscale processes (or subgrid-scale) in
the sea-ice impacted Southern Ocean which will allow for improved interpretation of observed
and modelled variability of the large scale response of the climate system through their likely
impact on sea ice growth and decline, mixed layer depths, heat and freshwater fluxes and water
mass transformation in this region - all which have previously shown to change when model
resolution is changed (Belcher et al., 2012; Chassignet et al., 2020; Fox-Kemper et al., 2021)

Quantifying the ocean’s role in the natural and anthropogenic carbon cycle is integral to
predicting the future response of the ocean to increasing levels of CO2 and to informing policy
(Fox-Kemper et al., 2021). The first global climatology of air-sea CO2 flux based on ship mea-
surements was compiled by Takahashi et al. (1997), in which polar oceans, and in particular
the Southern Ocean was highlighted as an important sink of CO2. Since, the development of
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machine learning techniques (Gregor et al., 2018; Landschützer et al., 2014) and the addition
of SOCCOM floats (Bushinsky et al., 2019; Gray et al., 2018) has provided further nuance to
these estimates. Nevertheless, Southern Ocean air-sea CO2 fluxes remain uncertain - largely a
result of sparse observations regionally and temporally over the winter months (Buckingham
et al., 2016). In addition, attributing drivers of the observed CO2 fluxes continues as an area of
active research. While the physical solubility pump is the primary mechanism by which car-
bon in cycled in the oceans, not accounting for biology (that sets the vertical gradient of CO2 in
the ocean), would increase CO2 levels in the atmosphere two-fold (Maier-Reimer et al., 1996).

Biological carbon export in the Weddell Sea has been shown to contribute disproportion-
ately to the global carbon cycle (Hoppema, 2004; MacGilchrist et al., 2019). In Paper IV, we
show that deeper winter mixing supports higher amplitude blooms and high export flux in the
Weddell Sea. We link deeper winter mixing with increased sea ice formation. Sea ice is likely
to decrease in the future (Roach et al., 2020), expanding the area available for primary produc-
tion. Together with enhanced nutrient supply from low-latitudes (Tagliabue et al., 2021), this
would also lead to increased primary production. However, the trade-off between the stabil-
ising effects of sea ice meltwater and the mixing effects of summer winds (Fitch and Moore,
2007) will require further inquiry. In concert, CMIP6 models further predict that export flux
in the Southern Ocean will increase under future climate change (Shared Socioeconomic Path-
ways 5-8.5 Henson et al., 2022). Observations already suggest that primary production is
increasing in much of the Southern Ocean, although there is uncertainty in trends between pri-
mary production models (Pinkerton et al., 2021). The uncertainty in model predictions stems
from the complexity of processes that drive both primary production, carbon export flux and
export efficiency. Notably, in Paper IV, we find that while increased primary production re-
sults in increased export flux beyond the mixed layer, it does not necessarily result in increased
export flux beyond the deepest winter mixed layer. That is, we find contrasting signs between
export efficiency and transfer efficiency. The available evidence suggests that the main dif-
ference between the two blooms is their community composition. This implies differences in
particle size, with links to sinking speed, bacterial load, grazers and rates of remineralization.
A number of other factors could also be at play that were not considered (e.g. fragmentation,
zooplankton and fish vertical migration, particle stickiness). While this work does not provide
conclusive process understanding to the biological carbon pump in the Weddell Sea, the results
show that phytoplankton respond to sea ice-driven changes in nutrient and light availability,
which has impacts on the transfer efficiency of carbon to depth and therefore carbon sequestra-
tion. Finally, the preceding chapters of this thesis focused on small-scale processes which are
known to influence nutrient supply, phytoplankton community composition, and export in the
world’s oceans (Lévy et al., 2018; Mahadevan, 2016). These questions were not addressed in
this thesis, but are put forward as a future avenue to research that can build on the larger scale
view that was provided by this work. The analyses we put forward suggests enhanced bloom
magnitudes following deeper winter mixing in some regions of the sea-ice impacted Southern
Ocean. We did not consider the net impact on the carbon cycle of this proposed mechanism,
and whether enhancing primary production via deeper winter mixing outweighs the simulta-
neous enhancement of carbon outgassing by the self-same process (the underlying UCDW is
rich in iron and carbon) is another important consideration (de Boer et al., 2010; Toggweiler
et al., 2006).
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8.3 Limitations and future directions

The limitations of various aspects of this work pave the way forward for future work. In the
following section, we suggest avenues of research that build upon the findings of this thesis.
An overall limitation is the need to simultaneously observe small and large scale processes. An
understanding of the mesoscale fields in which the gliders are sampling would provide insight
into the scales of interacting processes. These details could be provided by, for example,
the upcoming Surface Water and Ocean Topography (SWOT) mission, which will observe
changes in sea surface height at high resolution (∼4 km). It would be interesting to link
satellite observations to the turbulent processes that we observe with gliders, expanding the
reach of these types of analyses.

Spectral Analysis methods on moving platforms

The application of spectral analysis methods in order to assess and analyze the nature and
variability of geophysical fluid flow is widely in use (as discussed in section 3.3, Paper II).
In particular, a number of studies have used horizontal spectra to approximate the presence
of submesoscale flows (e.g. Callies and Ferrari, 2013; Jaeger et al., 2020; Timmermans and
Winsor, 2013). In Papers I and II, we similarly compute the spectra of the horizontal density.
We do this for each transect completed by the Sailbuoy and gliders to compare the observed
spectra to theoretical spectra of interior and surface quasi-geostrophic and ageostrophic turbu-
lence (Blumen, 1978; Boyd, 1992; Capet et al., 2008; Charney, 1971). The most robust result
was the seasonal reduction in Potential Energy (represented by the integral of the density vari-
ance spectra). This was supported by the glider mesoscale transects that showed a decrease in
mesoscale gradients later in the summer. The analysis of the slope of the density spectra re-
tains some uncertainty, even though we found a degree of agreement with the predicted slopes
(with k ranging between -2 and -4). Spectral methods have three challenges: 1) aliasing due to
discrete sampling intervals, 2) spectral blurring, due to the truncation of a continuous process
to a finite duration, and 3) variance, due to stochastic variability. I will address each in turn
with reference to the glider observations.

Aliasing The internal Rossby radius of deformation, Lr, during the observational period
ranged from ∼0.5-3 km, depending on the vertical stratification. Submesoscale flows can
develop only at scales below Lr. To fully resolve submesoscale flows, it would be required
to measure with a horizontal frequency of half the Lr. The glider, however, has a horizontal
sampling resolution that ranged from 0.3-4 km, which we interpolated to a uniform grid of 1
km. Hence, it is likely that the effects of aliasing, which introduces increased potential energy
that is not physical, contaminate the data. This could be improved by increasing the horizontal
resolution of sampling, but would mean that the glider would be limited to dive to shallower
depths and thus increasing its power consumption.

Spectral Blurring Spectral blurring occurs as an outcome of sub-sampling a continuous
process in the time-domain. This blurring smooths the physical process by a box-car window
resulting in a convolution in the frequency domain which introduces broadband bias (error)
at low wavenumbers (high frequencies). These effects cannot be avoided but can be reduced
by multiplying the data set with optimised tapering windows (the most common being the
Hanning window). A result of tapering is the loss of information at the edges of the time series,
thereby increasing variance. Therefore, a short timeseries (with a low number of samples, N)
will have larger variance than longer timeseries.

Variance Variance occurs as a result of stochastic variability under the assumption of sta-
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tionarity. There are two approaches to dealing with variance. The first is to average over
multiple orthogonal tapers (referred to as the multi-taper method). The second, is to have mul-
tiple samples of the same process (repeat transects). However, by reducing variance, the data is
smoothed which increased spectral blurring. The trade-offs between the two approaches need
to be balanced. Variance could be reduced in Figure 3b of Paper I by averaging over the indi-
vidual Sailbuoy transects. In Paper II, we applied multitaper windows and averaged over the
shorter ∼20 km transects (Paper II, Figure 8). These shorter transects were associated with
steeper spectral slopes than the mesoscale transects and theoretical predictions. On reflection,
it is likely that the observed variance was artificially reduced through tapering and averaging
over timeseries with a low number of samples, resulting in steeper than expected slopes.

In addition to these well known challenges of spectral analysis, we necessarily assume that
spatial scales are evolving slower than temporal scales and thus interpret the data as a time-
series (assuming a "frozen field"). This is complicated when considering a moving platform
that samples in both space and time at non-equal sampling intervals. The more consistent and
surface-only sampling of the Sailbuoy has a lower probability of propagating sampling bias,
but nevertheless it is not certain what information is lost on either the Sailbuoy or gliders by
this assumption. This could be tested using a model that reproduces the same environment
that the autonomous vehicle is sampling in. A model analysis would also inform the optimum
sampling intervals required to resolve the submesoscale ocean in this region. A mooring could
further provide a valuable comparison in a Eulerian field.

The role of mixing in Southern Ocean warming

The Southern Ocean is warming (Auger et al., 2021). The results of this thesis show that in the
sea ice impacted Southern Ocean, strong stratification limits the exchange of heat between the
interior and surface ocean at submesoscales (Paper II), while wind-driven shear production of
turbulence can transport heat from the surface to subsurface in the summertime (Paper III).
These results contribute to the growing understanding of the drivers of surface boundary layer
turbulence in the Southern Ocean, emphasising the latitudinal variation in dominant processes,
also highlighted in the recent regional mixed layer budget analysis by du Plessis et al. (2022).
Because of uncertainties in mixing estimates at the base of the mixed layer, du Plessis et al.
(2022) neglected the vertical mixing term in their analysis. Sallée et al. (2021) use 20 years
of observational evidence to show that stratification is increasing in the summertime globally,
while simultaneously mixed layers are deepening. They attribute this to increased wind-driven
shear production of turbulence, but do not have estimates of mixing to support the postulation.
In Paper III, I posit that surface-boundary layer turbulence is driven by winds by applying the
Law of the Wall surface scaling. To a good approximation, our assumption holds. In addition,
the role of Langmuir turbulence in driving boundary-layer turbulence is known to be important
in the Southern Ocean in all seasons and especially in the summertime (Belcher et al., 2012; Li
et al., 2019). In our results we find an offset between predicted dissipation and measured dis-
sipation. An offset is also identified in independent estimates of dissipation near the Antarctic
Polar Front by Nicholson et al. (2022). Given the likely important, and increasingly so, role of
winds and waves in driving upper ocean mixing (Young and Ribal, 2019), these findings war-
rant a re-evaluation of the surface ocean boundary layer, scaling with a Southern Ocean focus,
especially since most of the observations have been made under destabilizing buoyancy con-
ditions and in the Northern Hemisphere (Esters et al., 2018; Li et al., 2019).

In Paper III, we approximate heat flux from observed dissipation rates using the Os-
born (1980) model. In this model, we approximate the mixing efficiency coefficient, Γ, for
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mechanically-driven turbulence depending on the rate of dissipation and level of stratification
as in (Bouffard and Boegman, 2013). However, the mixing efficiency varies depending on
the turbulent regime within the mixed boundary layer. In order to improve the estimates of
heat flux across this layer, which may be more important for water mass transformation than
previously understood (e.g. Abernathey et al., 2016, does not include this as an important fac-
tor in water mass transformation), an avenue of future research lies in the use of Large Eddy
Simulations to directly determine the mixing efficiency under varying forcing and when sub-
mesoscale front-wind interactions are active (e.g. Whitt and Taylor, 2017; Whitt et al., 2019).
One recent analysis by Chor et al. (2022) based on LES shows a range of mixing efficiencies
between 0.05 and 0.3, significantly departing from the canonical Γ = 0.17 Gregg et al. (2018).

An important result of Paper III was the identification of a region preconditioned for strong
double diffusive convection (DDC) at the base of the winter water layer. In the case of double
diffusion, mixing efficiency is close to 1 (St. Laurent and Schmitt, 1999), therefore increas-
ing the rate of eddy diffusivity. Through analysis of the winter water temperature budget, we
found a substantial contribution to up-gradient vertical heat flux via double diffusion. How-
ever, global estimates of diffusivity in the stratified ocean do not take this process into account
(mixing efficiency is largely taken to be 0.2, under the assumption of shear-driven stratified
turbulence). While van der Boog et al. (2021) make an argument for its irrelevance to the
global energy budget, their study is based on course-resolution quantification of thermohaline
staircases, which is sure to underestimate the prevalence of DDC. Quantifying the contribu-
tion of DDC to ocean mixing in the changing subpolar Southern Ocean via new methods (e.g.
Middleton et al., 2021) and the incorporation of DDC to mixing parameterizations in ocean
models seems imperative.

In the Southern Ocean, including the sea ice impacted Southern Ocean, wind-driven upper
ocean mixing is important for the distribution of heat between the ocean interior and surface,
as suggested by the results of Papers II and III. However, in both these works, our conclusions
are based on only one season of observations. Recent developments in dissipation param-
eterizations allow for the estimation of dissipation from high resolution glider observations
of temperature and salinity (Evans et al., 2018b; Middleton et al., 2021). With the growing
archive of glider observations in the Southern Ocean, applying these methods to gliders will
allow for a statistical and regional analysis of the contribution of winds to heat fluxes and thus
the sensitivity of Southern Ocean heat distribution to changes in wind forcing.

Double Diffusive Convection

In their recent global analysis of thermohaline staircases, van der Boog et al. (2021), conclude
that DDC has a negligible contribution to global energetics. In Paper III, we find that DDC
is likely an important driver of subsurface heat flux into the winter water, contributing to its
seasonal warming. Winter water is a circumpolar feature in the subpolar Southern Ocean and
therefore DDC is expected to be spatially widespread. Evans et al. (2018a) show that winter
water acts as a conduit for the transformation of Upper Circumpolar Deep Water to Antarctic
Intermediate Water and therefore in controlling the upper limb of the Meridional Overturning
Circulation (MOC). Given that DDC is an important process in setting the properties of winter
water, which directly feeds into AAIW and the upper MOC, DDC is likely more important than
currently understood. In Paper III, we demonstrate the contribution of DDC heat fluxes in one
case study. This contribution could be better constrained if a similar analysis is applied to more
sample locations, or perhaps to the Southern Ocean Argo array. Adapting the method proposed
by (Middleton et al., 2021) for use with gliders and in regions that are sensitive to the non-
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linearities of the equation of state, could provide further insights to the contribution of DDC to
dissipation rates in the subpolar Southern Ocean. Analyses of water mass transformation rate
with DCC, and without DDC, may constrain its role in the ocean overturning circulation.

An ecosystem approach to understanding carbon export

In Paper IV, we found preliminary evidence that increased winter mixing induced by sea ice
formation supports higher amplitude phytoplankton blooms the following summer. This re-
sults in increased short-term carbon export but not necessarily increased long-term carbon
export. We suggest a number of possibilities for the disconnect between short-term and long-
term carbon export, but are unable to definitively come to a conclusion. The limiting factor
in this study is the lack of biological metrics. Simultaneous knowledge of the phytoplank-
ton community composition, zooplankton activity and bacterial and viral load and their in-
teractions would enable more robust conclusions. Observations of these metrics at the same
spatio-temporal resolution as the glider observations of chlorophyll a and optical backscatter
are at the frontier of current observational capabilities. The incorporation of imaging plat-
forms on underwater gliders is under development but are currently limited by payload size
and power constraints (Lopez et al., 2015). Acoustic Doppler Profilers are however able to es-
timate zooplankton biomass (Powell and Ohman, 2012), although power consumption limits
deployment time. A mooring, which could support cytometers and ADCPs in the region de-
ployed simultaneously with underwater glider could elucidate much of the unknowns in such
a study. This would further allow for the deployment of sediment traps (Trull et al., 2001) to
provide an independent estimate of carbon export, together with the backscatter spike method
(Briggs et al., 2011) that was used in Paper IV. Finally, we did not measure trace minerals. We
attribute the changes in chlorophyll a biomass, primary production and phytoplankton com-
munity structure to differing supplies of the trace mineral, Iron, mixed into the surface waters
during winter. Whether this is the driving process, whether the rate of primary production
is Iron-limited, or perhaps Manganese-limited (Browning et al., 2021) can currently only be
constrained with direct experimentation using ship-based studies.

Frontiers of glider observations

Observing the ocean with gliders, which can sample the ocean for many months, has become
a key platform in advancing our understanding of small scale ocean processes over sustained
periods of time and in challenging conditions. If these observations are to become legacy
datasets with which we are able to monitor long term change as imagined by Henry Stommel
(Stommel, 1989), a community approach to the processing and quality control of essential
ocean variables is needed. Dynamical errors in salinity arise partly as a result of thermal-
inertia, and can become a substantial source of uncertainty when deriving the mixed layer
depth or buoyancy gradients, particularly in oceans where the density is set by salinity and in
oceans characterized by large thermal gradients. These should be corrected for as discussed
in Paper II, but more importantly, community collaboration and agreement in the methods
for correction are needed in order for cross-platform comparisons. Such standards are being
developed by Ocean Gliders and should continue to advance. For initiatives such as these to
be sustainable, additional recognition of work towards open-source community software and
the allocation of funding and time to their continuous development, is required.
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8.4 Closing remarks
The interdisciplinary scope of this thesis has advanced our understanding of the role of sea ice
in modulating multi-scale turbulent processes and the biological carbon pump in the subpolar
Southern Ocean. First, lateral density gradients at submesoscales O(0.1-10) km are active fol-
lowing the melt of sea ice in the subpolar Southern Ocean. While these fronts persist through
the austral summer season, they are modified by wind interactions. Second, melt water stirring
of submesoscale flows sustains lateral variability in the mixed layer, such that the mixed layer
heat fluxes cannot be explained by vertical processes alone. However, melt water simultane-
ously sustains strong stratification at the base of the mixed layer, such that the subduction of
surface transformed waters must occur remotely to where they are formed (Paper II). Third,
beneath the mixed layer, winter water heat variability is well explained by surface and subsur-
face vertical processes. Variations in temperature are attributable to entrainment and detrain-
ment while the seasonal summertime warming is attributable to diapycnal mixing from wind
driven eddy diffusivity at the base of the mixed layer and double diffusive convection at the
base of the winter water layer (Paper III). Fourth, primary production responds positively fol-
lowing winters with high sea ice volume (enhancing winter mixing and summer stratification),
which may result in increased short term carbon export supporting mesopelagic ecosystems.
However, we were not able to link long term carbon export to an intrinsic physical process.
We hypothesize that long term carbon export is explained by non-linear biologically forced
interactions involving rates of bacterial remineralization and phytoplankton community com-
position (Paper IV). The insights gained motivate for urgent focus on this rapidly changing
and climatically important oceanic system, with a plethora of open and exciting questions still
to be explored.

"We have found, over the years, that the payoff in increase of knowledge often is
greatest the more unconventional the idea, especially when it conflicts with
collective wisdom"

Henry Stommel, 1989
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Abstract Submesoscale flows in the ocean are energetic motions, O(1–10 km), that influence
stratification and the distributions of properties, such as heat and carbon. They are believed to play an
important role in sea‐ice‐impacted oceans by modulating air‐sea‐ice fluxes and sea‐ice extent. The intensity
of these flows and their response to wind forcing are unobserved in the sea‐ice regions of the Southern
Ocean. We present the first submesoscale‐resolving observations in the Antarctic marginal ice zone (MIZ)
collected by surface and underwater autonomous vehicles, for >3 months in austral summer. We observe
salinity‐dominated lateral density fronts occurring at sub‐kilometer scales. Surface winds are shown to
modify the magnitude of the mixed‐layer density fronts, revealing strongly coupled atmosphere‐ocean
processes. We posture that these wind‐front interactions occur as a continuous interplay between front
slumping and vertical mixing, which leads to the dispersion of submesoscale fronts. Such processes are
expected to be ubiquitous in the Southern Ocean MIZ.

Plain Language Summary Satellite radar imagery shows evidence of 1–10 km eddies and jets in
the ocean adjacent to the sea‐ice edge around Antarctica. We use field observations of temperature, salinity,
and wind speed from autonomous robotic platforms deployed in the sea‐ice zone for >3 months. These
measurements provide estimates of the surface ocean density fronts which are controlled primarily by lateral
variations in salinity. We show that, during high wind speeds, these surface fronts temporarily dissipate,
indicating an atmosphere‐ocean coupling occurring at the submesoscale. The fronts strengthen again during
low wind speed, which is thought to be because the stirring of the fresher surface layer by mesoscale
eddies leads to the generation of the submesoscale fronts. Providing in situ observations of such features
improves our understanding of the small‐scale ocean and climate processes at play, such as how heat and
carbon may exchange between the atmosphere and the ocean.

1. Introduction

The sea‐ice‐impacted ocean around Antarctica is vast, with annual sea‐ice growth and melt occurring over
approximately 18 ×106 km2

—equivalent to the surface area of South America. Southern Ocean air‐sea‐ice
fluxes impact the ocean heat and carbon budget (e.g., Marshall & Zanna, 2014), water mass transformation
(Walin, 1982), the global overturning circulation (Abernathey et al., 2016), sea‐ice distribution, and numer-
ous biogeochemical processes. Despite this, atmosphere‐ocean physical processes within the Marginal Ice
Zone (MIZ) are poorly understood due to the paucity of in situ observations brought about by its seasonal
ice cap and remoteness. Ongoing efforts (e.g., under‐ice profiling floats and seal tag data) are helping to
address this data gap, albeit at relatively coarse temporal and spatial resolution (e.g., Campbell et al., 2019;
Pellichero et al., 2017). Current observational efforts remain unable to resolve the rapidly evolving dynamics
of the surface layer ocean in the MIZ. This contributes to both a poor mechanistic understanding and to
uncertainty in modeling the impact of ocean‐ice‐atmosphere processes on larger‐scale climate.

In addition to surface mechanical and buoyancy forcing, the formation and evolution of lateral density gra-
dients, or fronts, may also significantly impact upper ocean stratification. These fronts can become unstable
to instabilities that form mixed layer eddies (Boccaletti et al., 2007; Thomas & Ferrari, 2008), which evolve
rapidly (in the order of hours − days and at small lateral scales, O(1 km); Thomas et al., 2008), otherwise
known as submesoscale flows (Rossby numbers of O(1)). When these flows become baroclinically
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unstable, they slump and can generate rapid restratification in the mixed layer (Hosegood et al., 2006).
Winds blowing over mixed‐layer fronts can aid and destroy vertical stratification, depending on their orien-
tation (du Plessis et al., 2019; Mahadevan et al., 2010; Thomas & Lee, 2005). In the MIZ, the surface layer is
expected to contain energetic submesoscale processes given the potential for strong lateral gradients fed by
seasonal sea‐ice‐induced freshwater fluxes (sea‐ice melt and formation, such as those observed in the Arctic;
Timmermans et al., 2008), while the presence of a freshwater lens will act to suppress submesoscale flows
from forming in shallow mixed layers (reduction in the frontal potential energy). Alternatively, submesos-
cale flows, whether intermittent or quasi‐permanent, are likely to generate vertical fluxes of heat and salt
(Thomas et al., 2008) that will alter the buoyancy and heat budget of the upper ocean, further adjusting
sea‐ice melt and formation rates. This is especially relevant in the Antarctic MIZ, where warm and salty
Circumpolar Deep Water (CDW) lies closely under the surface mixed layer.

Although submesoscale fronts are considered to be ubiquitous in the surface ocean (e.g., Adams et al., 2019;
Johnson et al., 2016; Ramachandran et al., 2018; Thomas et al., 2013), until now, we have no observations at
the required scale to assess their prevalence and strength in the Antarctic MIZ. This is especially true at sea-
sonal scales that capture sea‐ice formation or melting processes and their associated impact on the upper
ocean physics and biogeochemistry. Most of our understanding of submesoscale processes in the sea‐ice
polar regions exists from theoretical estimates and modeling simulations (Horvat et al., 2016; Lu et al., 2015;
Manucharyan & Thompson, 2017) and a handful of observational efforts limited to the Arctic (Lu et al., 2015;
Timmermans et al., 2008, Timmermans & Winsor, 2013; Toole et al., 2010; von Appen et al., 2018). In the
Antarctic, sea‐ice extends to considerably lower latitudes (55°S) compared with the Arctic and is exposed
to stronger surface forcing, related to storms located in the westerly wind belt, as well as a more energetic
surface circulation, associated with the Antarctic Circumpolar Current and northern limbs of the polar
gyres. This means that lessons learned from the Arctic may not immediately translate to Southern Ocean
conditions. To our knowledge, multiscale (fine spatial scale to multi‐month temporal scale) observations
have not previously been reported from the Southern Ocean MIZ.

The field site of the Robotic Observations and Modeling of the MIZ (ROAM‐MIZ) project represents a nexus
for active surface wind forcing and enhanced vertical and lateral property gradients in the upper ocean
brought on primarily by sea‐ice formation and melt processes (e.g., Pellichero et al., 2017), which gives rise
to lateral gradients in density. Strong time‐mean wind stress, where a band of maximum wind force (Lin
et al., 2018) induced by transient storms (> 20 m s−1; Yuan, 2004), characterizes our study region. These
storms add a time‐varying and rotational component to the background wind forcing, which interacts
directly with lateral density ocean gradients (du Plessis et al., 2019) driven mostly by seasonal freshwater
fluxes (varying buoyancy flux; e.g., Massom & Stammerjohn, 2010). We see evidence for these density gra-
dients and associated instabilities occurring in the MIZ from high‐resolution Sentinel‐SAR imagery
(Figure 1a), where signatures of 5‐ to 10‐km‐scale ocean eddies and filaments are apparent in the sea ice
(Manucharyan & Thompson, 2017). We hypothesize that following the sea‐ice melt, freshwater anomalies
are stirred by mesoscale motions that generate haline‐dominated fronts through frontogenesis. These fronts
store potential energy that can promote submesoscale flows. Furthermore, the intense surface winds of the
Southern Ocean interact with these fine‐scale fronts at synoptic time scales, providing vertical shear that can
destroy vertical stratification and impact the intensity of submesoscale fronts.

We present high‐resolution in situ observations (0.2‐ to 120‐km resolution between December 2018 and
March 2019) obtained in the Southern Ocean MIZ from an autonomous surface vehicle, a Sailbuoy, paired
with a profiling Seaglider. With these observations, we show that submesoscale fronts persist into late sum-
mer, but their intensity responds rapidly to intermittent wind forcing. We expect such atmosphere‐ocean
interactions to be ubiquitous in both the Southern Ocean and Arctic MIZs.

2. Data and Methods

Robotic surveys were conducted in recently formed open waters, approximately 100 km from the rapidly
retreating sea‐ice edge (Figure 1b) at 60°S, 0°E. At the experiment location, satellite data depict the sea‐ice
present ~4 days before deployment (Figure 1c) and then rapidly retreating ~700 km southwards in a week.
An autonomous surface vehicle, the Offshore Sensing Sailbuoy (2‐m length, 60‐kg displacement), collected
surface temperature (T), salinity (S), and meteorological measurements. The Sailbuoy is wind propelled,
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with solar panels powering scientific sensors and navigation systems, enabling it to remain at sea for months
(Ghani et al., 2014). During the deployment, between 15 December 2018 and 1 March 2019, the Sailbuoy
maintained a north‐south transect of 112 km in length (Figure 1d), achieving 17 (O(100 km)) transects
repeated every 4.1 ± 1.8 days. An Aanderaa 4319 conductivity and temperature sensor was installed at
0.5‐m depth in a flow through keel‐bulb that sampled every 30 s. Data were averaged in 10‐min bins
and transmitted back to shore. Future observational efforts should seek even higher sampling
frequency to account for rapidly changing properties over space and time. Antifouling coating was
applied to the platform and bulb with no biofouling evident on recovery and no sensor drift recorded
when compared to conductivity‐temperature‐depth (CTD) measurements from collocated glider and
ship thermosalinograph measurements.

AnAirmarWX‐200 UltrasonicWeather Station wasmounted on amast 0.7 m above sea level measuring true
wind speed, wind gust (maximumwind speed every 10 min) and direction, barometric pressure, and air tem-
perature. The instrument is designed for moving platforms, with the ability to dynamically correct winds
using an internal compass and correct up to a 30° pitch in rough seas. The sensor sampled at 1 Hz and then
averaged the data in 10‐min bins, before transmitting data back to shore. Details on sensor accuracy and
behavior in variable weather conditions, as well as referencing the surface winds to 10 m above sea level,
can be found in Schmidt et al. (2017). On 8 February 2019, we lost functionality of the Airmar sensor due
to unknown damage (suspected iceberg collision) to the vehicle during the mission. To extend the wind
speed time series and collocate wind observations with the glider data, we use gridded wind reanalysis

Figure 1. (a) Sentinel‐1 synthetic aperture radar image from 13 November 2018 (1 month prior to robotic deployments) suggesting ocean submesoscale features
present at the sea‐ice margins of O(5–10 km). (b) Photo taken from the SA Agulhas II (15 December 2018; 61.07°S, 0.05°E) showing sea‐ice conditions ~100 km
south of the study location. (c) Hövmöller of the sea‐ice concentration from combined AMSR2 and SSMI data centered on 0°E (the red dot and line shows the
deployment and initial track of the Sailbuoy). (d) Seaglider and Sailbuoy locations during the study. Crosses denote the ERA5 reanalysis winds grid, as in Figure S1.
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products. ERA5, NCEP, and CFS reanalysis winds are compared to in situ Sailbuoy winds, which shows that
CSF and ERA5 are comparable and better than NCEP. We thus use ERA5 winds in this study (r = 0.75;
RMSE= 2.09m s−1; Figure S1 of the supporting information). This result is supported by Schmidt et al. (2017)
using wind speed measurements from multiple Wave Gliders in the Southern Ocean.

Hydrographic data were collected by a Seaglider, profiling to 1,000 m, over the central domain of the
Sailbuoy transect from 15 December 2018 and 26 March 2019 (101 days). The glider was placed in a repeat
“bow‐tie” sampling pattern with lateral length‐scale transects of 22 km (Figure 1d) and on two occasions
completed a 100‐km north‐south transect to resolve the local mesoscale (O(100 km)) gradient. The CTD
sampled nominally at 0.2 Hz and the data were quality controlled against ship CTD profiles (as in Swart
et al., 2015), as well as applying the most up‐to‐date conductively thermal lag corrections based on the glider
flight model to estimate conductivity cell flow through rates (C. Eriksen, unpublished). Only observations
between the surface and until 15 m above the mixed layer depth (MLD) are used to compute mixed layer
gradients in order to avoid internal wave processes or larger conductivity thermal lag errors nearer the pyc-
nocline. By utilizing the upper part of the glider “saw‐tooth” pattern (successive climb and dive profiles;
Figure S2a), we are able to resolve surface‐layer lateral density gradients at resolutions of between 10 and
200 m and ~20 min, (median lateral spacing ∼120 m between 0‐ and 50‐m depth; Figures S2b and S2c).
This high‐resolution “snapshot” sampling of the lateral density gradient is repeated at each glider dive inter-
val, which is approximately 4 hourly. ERA5 wind speed data are collocated at the location and time of the
glider throughout the deployment.

3. Results and Discussion
3.1. Surface‐Layer Gradients and Their Scale Sensitivity

Sailbuoy surface T and S sampling obtained an average resolution of 0.49 ± 0.23 km, thus resolving
length scales of O(1 km), enabling observations of submesoscale lateral fronts and features. An internal
Rossby radius, (Lr = NH/f, where N is the buoyancy frequency in the mixed layer, H is the MLD, which
was 41 ± 8.6 m during the survey, as determined using the density criteria, ρ = 0.03 kg m−3, and
f ≈ 1.2 × 10−4 s−1 is the Coriolis frequency) provides the length scale for submesoscale flows to develop in
the surface layer (Boccaletti et al., 2007). During our survey period, Lr = 2.0 ± 0.5 km was obtained from
the glider survey, suggesting the applicability of the autonomous platforms to sample at scales smaller
than Lr.

We find lateral density gradients existing at all observed scales (sub‐kilometer to 100 km scales; Figures 2a
and 3; note that in Figure 2, T and S are scaled according to their respective contributions to changes in den-
sity). Lateral changes in density are dominated by S variations, compared with only minor contributions
from changes in T. The relative contribution of T and S gradients to lateral density fronts is further estimated
using the lateral density ratio, R= αΔT/ΔS, where α and b are the thermal expansion and haline contraction
coefficients, respectively, and ΔT and ΔS are the lateral temperature and salinity gradients, respectively.
R= 1 would infer full compensation, while deviations from 1 represent uncompensated fronts by either tem-
perature (R> 1) or salinity (0 < R< 1) (Rudnick & Ferrari, 1999). R< 0 indicates conditions where fronts are
reinforced by temperature gradients working in concert with salinity gradients. The high‐resolution data
show that lateral T and S gradients are noncompensating and S variations dominate the density gradients
(R< 1) with the histogram peaking at R ~ 0 (Figure 2c). This contrasts the midlatitude regions, where T dom-
inates uncompensated density fronts (Hosegood et al., 2006; Johnson et al., 2012). Separating the analysis
between early summer and late summer shows a flattening and small deviation in the distribution of R
towards −1, over the 3‐month time series (Figure 2c). This indicates an increasing role of T towards reinfor-
cing density fronts due to seasonal warming and a reduction in the strength of the S contribution to the den-
sity gradient of the fronts, potentially by slow mixing processes or entrainment (the low saline mixed‐layer
waters from the early summer sea‐ice melt are mixed with saltier CDW from below). However, the solar
heating of the mixed layer in summer (0–190 W m−2 during this study) is not enough to significantly adjust
R towards T control of the surface density gradients. Nonetheless, strong salinity‐driven fronts continue to
occur with time (Figure 2a), indicating that mixing processes do not significantly reduce surface ocean den-
sity gradients (similar to Chukchi Sea observations by Timmermans &Winsor, 2013) and that the stirring of
waters with varying salinity continue long after the sea ice has retreated. We speculate that a supply of
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freshwater is advected from more southern latitudes over time, where sea‐ice melt extends further into the
summer season.

The variations in the haline fronts (<1 km) observed by the Sailbuoy can exceed 0.5 g kg−1 km−1 with the
50th percentile = 0.03 g kg−1 km−1 and 95th percentile = 0.141 g kg−1 km−1 (Figure 2b). The lateral salinity
gradients obtained only between consecutive glider up‐cast and down‐cast data (see section 2; Figure S2)
indicate comparable, strong salinity fronts within the mixed layer (50th percentile = 0.025 g kg−1 km−1

and 95th percentile = 0.241 g kg−1 km−1). The small, yet potentially important remains of thermal lag error
in the salinity data within the mixed layer, between successive Seaglider climb and dive profiles
(0.01 ± 0.02 g kg−1 km−1), can lead to lateral salinity gradients being overestimated by ~15 ± 31%. This is
an upper bound overestimate given that the salinity differences between profiles include actual lateral sali-
nity fronts too.

Furthermore, wavenumber spectra are used to show the variance in the lateral density measured by the
Sailbuoy over wavelengths of 1–50 km (Figure 3b). The surface density was first linearly interpolated to
400 m, the average distance between sampling, detrended, and smoothed with a 2 km Gaussian window
before the power density spectra was computed. The best‐fit wavenumber (k) slope for the surface density
is k ~−2.4 (Figure 3b). The fairly less steep wavenumber spectra found in this study indicate somewhat more
energetic small‐scale structures compared with those observed in the Arctic at 70°N (k = −2.8 from
Timmermans & Winsor, 2013) and under Arctic sea ice (Timmermans et al., 2012) where spectra slopes

Figure 2. (a) Continuous surface temperature (T), salinity (S), and density measurements by the Sailbuoy over ~2.5 months. Red (black) triangle markers represent
the start of Sailbuoy transects heading southward (northward). The dashed lines indicate an expanded view in (b) of T, S and density gradients at ~200‐km scale. T
and S ranges are proportionally scaled by the thermal expansion (α) and haline contraction (b) coefficients, so that equal displacements have equal effect on
density. (c) Distributions of the density ratio, R, and Turner angle calculated from the Sailbuoy surface data for early summer (blue), late summer (orange), and the
entire deployment (black).
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were closer to k−3. Overall, the in situ observations confirm the evidence of these active submesoscale flows
seen in the SAR imagery (Figure 1a) adjacent to and extending ∼100 km into the sea ice.

To assess the scale sensitivity of the fronts, continuous time series of surface density are subsampled
between 0.2 and 30 km (Figure 3). The highest‐resolution sampling (mean = 0.46 ± 0.23 km) reveals a
spread of density gradients reaching up to 0.06 kg m−3 km−1 (equivalent lateral buoyancy
gradient = 6 × 10−7 s−2, hereafter reported as a lateral density gradient). These density gradients are
lower bound estimates given that the surface fronts were unlikely to have been sampled perpendicularly
by the Sailbuoy. By assessing the difference between the glider dive direction and the estimated front
direction, we estimate that the glider (and comparatively for the Sailbuoy) underestimate the true lateral
buoyancy gradient by 51% on average (similarly, this is computed to be 64% and 71% for glider observa-
tions by du Plessis et al., 2019, and Thompson et al., 2016, respectively). Once the sampling length scale is
increased incrementally, there is a sharp drop off in density gradients, which converge between the inter-
nal and full‐depth Rossby radius of deformation at this latitude (Rd_internal = 2 km, Rd = 8 km; Figure 2c).
As a case in point, if one were to measure the surface thermohaline gradients in this region at length
scales greater than 8 km, one would only observe density gradients of less than 0.01 kg m−3 km−1, with
the vast majority (63%) sampled at <0.005 kg m−3 km−1. This emphasizes the need to sample at high spa-
tial resolutions (<1 km) to capture the full surface variance in density at high latitudes, particularly in
relatively shallow mixed layer environments (leading to smaller Rd_internal) where sea‐ice‐induced fresh-
water layers can prevail (e.g., in the Arctic—Wulff et al., 2016).

Figure 3. (a) Distribution of surface density gradients (kg m−3 km−1) as sampled by different horizontal length scales (0.2 to 20 km). The log color scale represents
the percentage count of the gradients at various scales. The internal and full‐depth Rossby deformation radius for the study region are indicated. (b) Horizontal
wavenumber spectra of the surface density variance from the Sailbuoy dataset. Dashed black line is the best‐fit slope of −2.4 between 1 and 50 km. For reference,
k−2 and k−3 slopes are indicated with gray dashed lines. The 95% confidence interval is shown.
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The heterogeneity in surface salinity ~4 days after the sea ice has melted from this location (Figure 1c) sug-
gests that the open ocean near the sea‐ice edge is almost immediately susceptible to lateral density gradients.
These fronts have the potential to tilt from the vertical to the lateral and provide a restratifying buoyancy flux
to the upper ocean over and above the existing buoyant freshwater layers associated with the recent sea‐ice
melt. Calculations of the vertical buoyancy flux associated with submesoscale mixed layer eddies (Boccaletti
et al., 2007) from the glider data in this study show intermittent (weekly) periods of equivalent heat fluxes
reaching up to 200 W m−2 (lower bound estimates given nonperpendicular transect of the buoyancy fronts
by the glider). These equivalent heat fluxes, albeit intermittent, are of similar magnitude or larger than the
solar heat flux received in this region during summer.

3.2. Surface‐Layer Density Fronts Modified by Surface Winds

The paired Sailbuoy and Seaglider platforms provide high‐resolution T and S data and concomitant wind
speed measurements that allow us to assess the relationship between the fine‐scale lateral gradients and
wind. Interestingly, we observe a strong wind‐front relationship in the study region, with higher wind stress
resulting in a suppression of the stronger density gradients (Figure 4a). Sailbuoy data show that the largest
density gradients (0.02–0.04 kg m−3 km−1) decrease sharply at wind stress greater than ~0.3 N m−2. Binning
the data in 0.05 Nm−2 intervals of wind stress reveals a sharp decrease in the density gradients at wind stress
>0.4 N m−2, while a Pearson correlation of r = −0.77 (p≪ 0.01) between the wind stress and density gradi-
ents underpins this as evidence for a coupled wind‐front relationship.

A similar relationship is apparent from glider observations (upper 50 m; Figure S2), where the magnitude of
submesoscale fronts separate out between the upper and lower quartiles of collocated ERA5 wind speeds
(Figures 4b and 4c). High wind events (>75th percentile; 12.7 ± 2.6 m s−1) are able to reduce lateral density
gradients throughout the mixed layer by an average of 0.01 kg m−3 km−1 or reduce the median lateral fronts
by 47 ± 12% compared with the quiescent wind phases (<25th percentile; 4.4 ± 1.2 m s−1). This apparent
wind‐front interaction is consistent in the upper 40 m of the ocean with a slight decrease in the difference
in the lateral gradients with depth (Figure 4d).

A plausible mechanism for these wind‐front interactions, at the submesoscale, is termed thermohaline shear
dispersion (first introduced in atmospheric studies by Moran & Pielke, 1994; and in high‐resolution ocean
simulations by Ferrari et al., 2001). To explain this mechanism, we pose that, in the Antarctic MIZ, energetic
lateral density fronts dominated by salinity gradients slump under the action of baroclinic instability (e.g.,
Boccaletti et al., 2007; Fox‐Kemper et al., 2008). Passing storms, and their associated higher wind forcing,
enhance vertical shear stresses between the recently slumped surface layer and the layer below, driving
shear‐driven mixing by inertial oscillations that weaken the lateral density gradients in the upper ocean.

Figure 4. (a) Relation between surface lateral density gradients and wind stress (?) during the 2.5‐month Sailbuoy deployment. Instantaneous 10‐min wind gust
stress is shown using gray dots. Seaglider measured lateral density gradients with depth at (b) low wind speeds (lower quartile) and (c) high wind speeds
(upper quartile). The mean distribution of the gradients with depth are depicted by the red lines for each quartile. (d) The difference between the mean lateral
density gradients for the high and low wind speed quartiles.
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At these latitudes, inertial oscillations have a period of ~13 hr and a width of O(1 km), depending on the cur-
rent velocity. In fairly shallowMIZ mixed layers (~40 m), the inertial oscillations will generate strong lateral
currents and shear that can dissipate the lateral density fronts. Following the storm events, submesoscale
fronts are thought to regenerate by the stirring of the fresher surface layer by mesoscale eddies. The modifi-
cation of these fronts by stronger wind stress suggests that storm‐driven mixing ultimately diffuses the sub-
mesoscale fronts by dispersion.

Our study region, and more broadly the Antarctic MIZ, is likely prone to such processes given that seasonal
freshwater inputs by melting sea‐ice result in strongly uncompensated fronts (Figure 2c), particularly given
that the shear dispersion strength increases as the lateral buoyancy gradient squared (compensated fronts
are balanced and thereby do not experience shear dispersion; Ferrari et al., 2001) and because of the strong
wind forcing occurring in the Southern Ocean. How these processes are moderated in ice‐covered oceans is
yet to be observed and understood. However, the literature shows that lateral buoyancy gradients (and asso-
ciated submesoscale fluxes) are present under Arctic sea ice (Timmermans et al., 2012) and so ice‐induced
shear stresses to the surface layer are likely to result in shear dispersion being active in ice‐covered oceans.

4. Discussion and Summary

Following the rapid retreat of the Antarctic sea ice in early summer, in situ observations reveal lateral den-
sity fronts characterized by submesoscale salinity variations persisting to late summer. Resolving these
surface‐layer submesoscale fronts require sampling at sub‐kilometer lateral scales and sub‐daily temporal
scales accounting for the rapidly‐evolving effects of surface forcing (synoptic to seasonal variations in wind
stress). Despite the suppression of submesoscale fronts by winds, they are not dissipated over the 3 months.
This contrasts to the Bay of Bengal, where strong atmospheric forcing can adjust the basin‐wide submesos-
cale gradients (Shroyer et al., 2019).

We expect these wind‐front interactions to be ubiquitous over regions of large surface seasonal freshwater
fluxes and strong surface winds such as the Southern Ocean MIZ. Resolving such fine‐scale processes and
associated submesoscale‐induced vertical velocities (Klein & Lapeyre, 2009) are likely to have implications
for accurately determining air‐sea and air‐sea‐ice physical and biogeochemical fluxes (Swart et al., 2019).
Current global climatemodel simulations show a large sensitivity to themagnitude and variability of vertical
biophysical fluxes in the Southern Ocean (IPCC AR5). Therefore, subgrid scale processes are required to be
parameterized correctly (Fox‐Kemper et al., 2008) or otherwise represented directly in numerical simula-
tions (Gruber et al., 2019). Future projections of the intensified and southward shifting westerly winds (posi-
tive Southern Annular Mode phase; Marshal, 2003) may have implications for submesoscale processes in the
MIZ. This work suggests intensified winds are likely to reduce the lateral gradients associated with subme-
soscales. This may impact various important climate processes, such as air‐sea‐ice fluxes of heat and carbon
and rates of biological production, due to modifications in upper ocean stratification and circulation.

Our results have implications for understanding sea‐ice formation, melt, and extent in the Southern Ocean.
Numerical studies or observations in the Arctic (e.g., Lu et al., 2015) suggest that submesoscale processes
enhance both the lateral and vertical heat transport by ~100 W m−2 each, which can buffer heat loss to the
atmosphere and delay sea‐ice onset (Su et al., 2018). Lateral freshwater transport can directly impact timing
and magnitude of sea‐ice formation or melting, while lateral stirring can impact sea‐ice distribution (e.g.,
widening of the MIZ ‐ Manucharyan & Thompson, 2017). Our observations show for the first time in the
Southern Ocean the persistence (over several months) of lateral density gradients in the MIZ. This provides
a continuous potential for submesoscale restratification (e.g., du Plessis et al., 2017), reducing the potential
for mixing and thus ventilation of warm and carbon rich Circumpolar Deep Waters beneath the stratified
winter water layer.We suggest future observational efforts (e.g., glider surveys, towed instruments), sampling
at the appropriate time and space scales, should focus on the transition zone between open water and sea ice
to further unravel the magnitude and scales of atmosphere‐ocean processes at the edge of and under sea ice.
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Introduction  

This supporting information provides additional information and data pertaining to the 
choice of reanalysis wind products used in this study and methodology used to estimate 
observed lateral property gradients in the upper mixed layer of the ocean.  

Three gridded reanalysis wind products are compared with in situ measured wind speed 
data (Figure S1a) observed by the autonomous Sailbuoy platform (Figure S1c). The 
Sailbuoy winds are averaged 6-hourly to directly compare with the reanalysis winds 
(Figure S1b) and it is shown that CFS and ERA5 wind products compare better than 
NCEP with the Sailbuoy observations. Thus we use ERA5 winds in this study.  

Only the upper portion of successive climb and dive profiles from a Seaglider are used to 
resolve surface layer lateral temperature, salinity and density gradients in the upper 
mixed layer of the ocean (Figure S2a). We report here the distributions of horizontal 
distance and time between the sequential climb-dive glider profiles (Figure S2b & c) to 
illustrate the time-space scales at which we resolve the mixed layer gradients. This 
approach allows us to obtain high-resolution ‘snapshot’ sampling of mixed layer lateral 
gradients at each glider dive interval, which is approximately every 4 hours.  
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The field data presented here originates from the deployment of a Sailbuoy and 
Seaglider between December 2018 and March 2019 as part of the Robotic Observations 
and Modelling of the Marginal Ice Zone (ROAM-MIZ) project.   

 

  
 
Figure S1. (a) Comparison of in situ Sailbuoy wind speed (6 hourly averages, black line) 
with reanalysis wind products (ERA5, NCEP, CFSv2). The 10-minute Sailbuoy wind 
speeds are shown in grey dots. (b) Correlation analysis between in situ and reanalysis 
wind speeds with RMSE and correlation coefficients reported. (c) The Sailbuoy platform 
with the Airmar 200WX sensor on the stern. 
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Figure S2. (a) The Seaglider climb-dive sequence showing salinity data in the upper 
ocean. Distribution of the (b) horizontal distance (km) and (c) time (minutes) between 
sequential glider climb and dive profiles. The median is shown in the white line. 
 

Figure	S2:		
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1.  Introduction
Around Antarctica, sea-ice forms a relatively thin (∼1 m) insulative layer over the ocean's surface, covering 
an area of ∼19 million km2 (roughly equivalent in size to the Antarctic continent itself) and retreating to 
an area of ∼3 million km2 in summer (Parkinson, 2014). The expansion and contraction of sea-ice is im-
portant for Southern Ocean heat uptake since it modulates the transfer of heat between the atmosphere 
and deep waters through its influence on the salinity and density of the surface waters (Bitz et al., 2006; 
Kirkman & Bitz, 2011). However, climate models continue to diverge in their representation of heat and 
carbon exchange in the Southern Ocean (Frölicher et al., 2015). With the paucity of observations south of 
50°S (Newman et al., 2019; Swart et al., 2019), some of the model uncertainties can likely be attributed to 
misrepresented atmosphere-ocean processes associated with the sea-ice-impacted Southern Ocean (Chem-
ke & Polvani, 2020).

Abstract  In the sea-ice-impacted Southern Ocean, the spring sea-ice melt and its impact on physical 
processes set the rate of surface water mass modification. These modified waters will eventually subduct 
near the polar front and enter the global overturning circulation. Submesoscale processes modulate 
the stratification of the mixed layer (ML) and ML properties. Sparse observations in polar regions 
mean that the role of submesoscale motions in the exchange of properties across the base of the ML is 
not well understood. The goal of this study is to determine the interplay between sea-ice melt, surface 
boundary layer forcing, and submesoscale flows in setting properties of the surface ML in the Antarctic 
marginal ice zone. High-resolution observations suggest that fine-scale lateral fronts arise from either/
both mesoscale and submesoscale stirring of sea-ice meltwater anomalies. The strong salinity-driven 
stratification at the base of the ML confines these fronts to the upper ocean, limiting submesoscale vertical 
fluxes across the ML base. This strong stratification prevents the local subduction of modified waters by 
submesoscale flows, suggesting that the subduction site that links to the global overturning circulation 
does not correspond with the location of sea-ice melt. However, surface-enhanced fronts increase the 
potential for Ekman-driven cross-frontal flow to modulate the stability of the ML and ML properties. The 
parameterization of submesoscale processes in coupled-climate models, particularly those contributing 
to the Ekman buoyancy flux, may improve the representation of ML heat and freshwater transport in the 
ice-impacted Southern Ocean during summer.

Plain Language Summary  Sea-ice melt around Antarctica is an annual event in which 
the state of the surface ocean is transformed, during which over 15 trillion liters of freshwater enter the 
upper ocean. This fresh layer separates the upper ocean from the deep ocean and suppresses the exchange 
of heat and gases—like carbon dioxide—between the deep ocean and the atmosphere, with important 
implications for the climate system. Using state-of-the-art autonomous underwater gliders, we observed 
key physical properties of the surface ocean following the melt of sea-ice. The presence of fine-scale 
fronts (sharp changes in density), of less than 10 km at horizontal scales, revealed that sea-ice melt not 
only stabilizes the upper ocean, but also provides additional energy for small eddies and filaments to 
form. While the eddies are unable to extend deeper than the fresher surface layer, they enhance the ocean 
response to winds. These findings may contribute to the improvement of global climate models and our 
understanding of how the ocean will react to changes in sea-ice under a warmer climate.
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The seasonal melt of Antarctic sea-ice is the primary source of freshwater in the Southern Ocean south of 
50°S (Abernathey et al., 2016). When the melting of sea-ice occurs in the spring, freshwater (more than 15 
trillion liters) is reintroduced into the surface waters and advected by Ekman processes (Speer et al., 2000) 
northwards. This phenomenon is associated with net freshening and lightening of the mixed layer (ML) (Pel-
lichero et al., 2017). Through the resultant impact on water mass transformation (Abernathey et al., 2016), 
the ice-impacted ML acts as a conduit between sea-ice dynamics and the global ocean circulation (e.g., 
Haumann et al., 2016; Pellichero et al., 2018).

At the northern edge of the sea-ice, a dynamic band of low concentration sea-ice defines the marginal ice 
zone (MIZ), separating the open ocean from the ice pack. One-dimensional mixing processes associated 
with local sea-ice melt and vertical mixing have been shown to dominate upper ocean physics in MIZs 
(Dewey et  al.,  2017; Smith et  al.,  2018). However, it has been demonstrated by theory and models that 
submesoscale flows in MIZs interact with horizontal gradients in density to modify ML structure (Horvat 
et al., 2016; Lu et al., 2015; Manucharyan & Thompson, 2017), and by observations in the Arctic (Brenner 
et al., 2020; Koenig et al., 2020; Timmermans & Winsor, 2013) and more recently in the Antarctic (e.g., Bid-
dle & Swart, 2020; Swart et al., 2020).

ML baroclinic instabilities (MLIs, Fox-Kemper et al., 2008), a class of submesoscale flows, are characterized 
dynamically by order one Richardson and Rossby numbers (McWilliams, 2016; Thomas et al., 2008). MLIs 
give rise to mixed layer eddies (MLEs), which can increase surface stratification through an eddy overturn-
ing and induce large vertical velocities and fluxes. In this way, surface stratification is influenced both dia-
batically through heat gain and loss to the atmosphere, and adiabatically, through dynamical restratification 
by frontal slumping. While a range of submesoscale flows can impact surface boundary layer variability, 
MLEs, associated with baroclinic instabilities, are ubiquitous in the surface ocean.

MLI has the potential to structure the upper ocean in sea-ice-impacted regions. A combination of simula-
tions and observations by Horvat et al. (2016) and Lu et al. (2015) show MLI can be formed from freshwater 
fronts by melted sea-ice and result in the horizontal mixing of heat, enhancing the melt of nearby ice floes. 
Similarly, Manucharyan and Thompson (2017) model MLI which feed off existing frontal structures in a 
MIZ. The submesoscale structuring of fronts and filaments leads to intermittent fluxes of heat and sea-ice 
which can contribute to the structuring of the upper ocean in MIZs. MLEs, which grow from the MLI, may 
contribute to the flux of underlying warmer water to the surface. Adding a layer of complexity, von Appen 
et al. (2018) propose that subduction associated with baroclinic instabilities and ML fronts is enhanced due 
to increased mixing from cabbeling—when two water masses of the same density mix and the resultant wa-
ter mass is denser. MLEs tend to give rise to increased stratification; however, Brenner et al. (2020) could not 
conclusively show that eddies formed from baroclinic instabilities were a leading factor in setting the ML 
stratification. Their study suggests that MLEs may not be sufficiently strong in MIZs to impact upper-ocean 
stratification. The results from ice-covered (Timmermans et al., 2012) and ice-free (Timmermans & Win-
sor, 2013) Arctic MIZ observational campaigns provide evidence for submesoscale restratification, albeit 
with potential density spectral slopes steeper (k−3) than the upper ocean boundary layer in the open ocean 
mid-latitudes (k−2), suggesting that different physical mechanisms are controlling the horizontal structure 
of the upper ocean compared to mid-latitudes. In the Antarctic, evidence of active MLI has been observed 
(Biddle & Swart, 2020), even under suppressed surface forcing (reduced wind and solar heat loss from sea-
ice cover), emphasizing the role of sea-ice fronts in the production of submesoscale instabilities. While it 
has been shown that MLI is actively structuring the ML in MIZs—through restratification or lateral and 
vertical mixing—it remains uncertain in observations whether MLI is strong enough to result in significant 
vertical fluxes across the base of the ML in the strongly stratified MIZs.

Observations of wind-front interactions in ice-free MIZs yield contrasting results between the studies. Un-
der winter conditions near the Arctic MIZ, Koenig et al. (2020) provide evidence of sustained turbulence by 
forced symmetric instabilities associated with downfront winds and heat loss from the surface layer, which 
extract potential vorticity from the water column at submesoscale fronts. Conversely, Brenner et al. (2020) 
found that upfront winds lead to frontogenesis on time scales shorter than Ekman dynamics. The Antarctic 
MIZ differs from the Arctic in that the Antarctic sea-ice sector experiences strong, event-scale storms (Pa-
toux et al., 2009; Vichi et al., 2019). Swart et al. (2020) suggest that in the stormy conditions of the Antarctic 
MIZ, wind forced thermohaline shear dispersion, in combination with slumping by MLEs, act to reduce the 
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strength of freshwater surface layer fronts. When the winds subside, fronts are able to reform by the stirring 
of the fresher surface layer by mesoscale eddies and therefore persist well into the summer.

Submesoscale motions and instabilities are seasonal across the world's oceans, with stronger flows under 
winter/low ML stratification conditions (Callies et al., 2015). In the Antarctic MIZ during summer, solar 
heating and freshwater input from bulk sea-ice melt both act to stratify the surface layer (Swart et al., 2020), 
similar to other freshwater-driven systems (e.g., Gulf of Mexico; Luo et al., 2016). However, while the fresh-
water influx stratifies the ML, the dispersing freshwater, originating from sea-ice melt, also introduces 
mesoscale fronts from which submesoscale instabilities can form. The dynamic nature of the Southern 
Ocean surface layer, influenced by strong winds and passing storms, maintains stratification weaker than 
otherwise. This sets up a unique interplay between submesoscale ML fronts, stratifying 1D ocean-atmos-
phere buoyancy fluxes and destratifying mechanical mixing by winds. Dissecting these interactions and 
their seasonal evolution is the topic of this study.

The preceding research suggests that the properties of the surface layer in polar MIZs are not driven purely 
by one-dimensional processes. Here, we hypothesize that the persistence of submesoscale activity in the 
ice-free Antarctic MIZ is associated with northwards advecting freshwater from sea-ice melt. We use high 
resolution in situ data in combination with satellite and reanalysis products to interrogate the evolution of 
the ML in the Antarctic MIZ, from immediately after sea-ice melt to the end of summer.

2.  Data and Methods
2.1.  Study Region

The Robotic Observations and Modeling of the Marginal Ice Zone (ROAM-MIZ) project (2019–2023) in-
volves a field campaign set in the Antarctic MIZ, south of the southern boundary of the Antarctic cir-
cumpolar current (ACC) (Figure 1a), with a key objective of characterizing the role of submesoscale flows 
on stratification, air-sea fluxes and mixed-layer-interior exchange in the sea-ice-impacted Southern Ocean. 
Satellite color imagery (from 7 January, at a nominal spatial resolution of ∼0.3 km, Figure 1b) reveal surface 
chlorophyll concentrations that suggest the presence of both mesoscale and submesoscale variability. The 
study region is covered entirely by sea-ice during the winter (Figure 1d).

The maximum and minimum sea-ice extent for the 2018–2019 season occurred on September 3, 2018 and 
February 23, 2019, respectively (computed as the maximum integral of pixels with a sea-ice concentra-
tion >0.15 from AMSR2; Figures 1a and 1d). The surface ocean is impacted by ocean-atmosphere buoyancy 
fluxes (here confined to surface heating defined as the sum of shortwave, longwave, latent and sensible 
heat, plus evaporation-precipitation (E-P); refer to Section 2.4 for a more detailed explanation of the data 
used). At the ROAM-MIZ site, ocean-atmosphere buoyancy fluxes peak on 25 December at 256 W m−2, 
largely attributable to incoming solar heat (Figures 2a and 2b). Precipitation events occurred throughout 
the summer season (Figure 2b). The mean wind stress is 0.09  ± 0.08 N m−2 with three wind events (storms) 
reaching 0.4–0.6 N m−2 (Figure 2c). Wind direction was variable, but predominantly westerly.

2.2.  Seaglider Mission and Data Processing

A Seaglider was deployed at 60°S, 0°E, 445 km south of the southern boundary of the ACC, estimated using 
the criteria of Swart et al. (2010), based on contours of SSH (Figure 1b). The deployment commenced in 
early summer (December 14, 2018), just four days after the melt of sea-ice when the surface heat flux into 
the ocean was almost at its maximum (Figure 1d), and continued for 102 days, until 26 March. The Sea-
glider was piloted in a “bow-tie” sampling pattern completing repeat transects of approximately 20 km in 
length. The bow-tie sampling strategy was adopted as there is no preferred orientation of lateral gradients at 
submesoscales. Thus the bow-tie pattern provides a statistical representation of the lateral gradients in the 
region (see Section 2.5). To assess the background mesoscale field, at the start and middle of the mission, 
two north-south mesoscale transects (185 and 120 km, respectively) were completed. In total, the Seaglider 
covered a distance of 2,074 km, collecting 974 profiles, 1,000 m in depth. Noting that Seagliders sample in 
both time and space, for the analysis, we interpret the data in an Eulerian sense, similar to the approach 
used by du Plessis et al. (2019).
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The Seaglider sampled temperature and conductivity (salinity) nominally at 0.2 Hz, equating to a vertical 
resolution of 0.2–1.5 m, with an average resolution of 0.5 m in the upper 400 m. The Seaglider data were 
prepared for analysis using GliderTools (Gregor et al., 2019). Salinity and temperature were converted to 
absolute salinity and conservative temperature, respectively, using the Gibbs Seawater toolbox (McDougall 
& Barker, 2011). Finally, the Seaglider conductivity and temperature data were corrected against the cali-
brated shipborne data from conductivity-temperature-depth (CTD) casts at the deployment and retrieval 
of the Seaglider (as per Swart et al., 2015). The mixed layer depth (MLD) is calculated from the Seaglider 
data using the density difference criteria of 0.03 kg m−3 from a reference depth of 10 m (de Boyer Montgut 
et al., 2004).

2.3.  Thermal Lag Correction of Salinity

Small errors in profile-to-profile temperature and salinity estimates can artificially enhance estimates of 
lateral buoyancy gradients. The accurate estimation of submesoscale fluxes, which are a function of lateral 
buoyancy gradients, demands minimizing instrumental error.

Salinity is inferred from measured conductivity and temperature. A temperature sensor measures seawater 
temperature outside of the conductivity cell, while a conductivity sensor measures seawater conductivity 
inside of the conductivity cell. This spatiotemporal mismatch introduces an offset in the temperature of the 
water that the conductivity sensor actually measures, resulting in thermal lag that needs to be corrected to 
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Figure 1.  (a) Regional view of the ROAM-MIZ study site, showing SMOS salinity on December 16, 2018, and the sea-ice concentration at the time of 
deployment (December 14, 2018). Maximum and minimum sea-ice extent for the year 2018–2019 are contoured in dotted and solid orange lines, respectively. 
(b) A snapshot of Sentinal-3A OCLI Chlorophyll Ocean Color in cloud-free conditions on January 6, 2020, during the deployment. The southern boundary of 
the ACC is demarcated by the dashed magenta line. The deployment is marked by the red bow-tie, reflecting the sampling pattern that was maintained for the 
duration of the deployment. (c) Heat map showing the spatial distribution of profiles captured by the Seaglider. (d) Annual time series of net downward heat 
flux and sea-ice concentration at 60°S, 0°E. Zero heat flux is marked with a dash-dot red line. The time of deployment and retrieval of the Seaglider is indicated 
by the black arrows. SMOS, Soil Moisture Ocean Salinity.
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obtain accurate salinity measurements. The presence of thermal lag in data results in errors in salinity and 
density, especially at the thermocline where there are sharp gradients in temperature and salinity.

In the case of unpumped CTDs, the vehicle propulsion is what induces flow through the sensor. Thermal-lag 
effects change as the speed of the vehicle fluctuates, especially across the thermocline and when the vehicle 
is at apogee. A correction, as described by Lueck and Picklo (1990) and more recently Garau et al. (2011), is 
applied to the conductivity and temperature sensor in the initial processing. The effectiveness of this correc-
tion depends on knowing the speed of the vehicle and, therefore, the speed of the flow of water through the 
conductivity sensor, which is reliant on determining a good flight model. Two models are derived: (1) from 
the change in pressure observed by the vehicle (glider-slope model) and (2) from the change in buoyancy 
(hydrodynamic model) of the vehicle (Frajka-Williams et al., 2011), which rely on good estimations of the 
gliders lift, drag, induced drag coefficients, volumes, glider absolute compressibility, and glider volumetric 
thermal expansion. The accuracy of these variables relies first on pre-deployment measurements and initial 
piloting procedures, and second by minimizing error in the flight model (e.g., regressing the glider-slope 
model with the hydrodynamic model, as implemented in the UEA-GliderToolbox [http://www.byqueste.
com/toolbox.html]).

Error induced in the data by thermal lag is particularly pertinent in waters where the density is set by salini-
ty; this is because salinity is most affected by thermal lag, with the correction resulting in a root mean square 
error of 4 × 10−3 g kg−1. An analysis of the offset between climb (when the glider is ascending through the 
water column) and dive (when the glider is descending), that is, profiles which are close to each other in 
space, “∧” shape, and separately, dive and climb profiles during the deployment (profiles with a “∨” shape), 
highlights the regions where thermal lag most affects the data (Figure 3).

To constrain the error in our analysis of submesoscale fluxes, we quantify the error contribution to ML lat-
eral density gradients by thermal lag. We compute the horizontal difference in density, averaged vertically 
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Figure 2.  Summer time series of surface forcing from ERA5 reanalysis at the ROAM-MIZ site between December 2018 
and March 2019. (a) Surface heat flux decomposed into its components: shortwave, longwave, sensible, and latent heat 
flux with the sum of components, the net surface heat flux plotted in black. A running mean of 24 h is applied to the 
net surface heat flux, (b) surface freshwater flux (E–P), and (c) wind stress with the distribution of the wind direction 
inset. The average wind stress is marked with a gray dashed line.
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between the surface and 15 m above the MLD (the average MLD is 40 m), between dive-climb (climb-dive) 
profiles (Figures 3d and 3h). The distribution plots show a 50th percentile residual error of −1 ×10−3 kg 
m−3 in the dive-climb profiles and 0.001 kg m−3 in the climb-dive profiles. This skewness toward underes-
timating (overestimating) the density differences is consistent with the Seaglider transiting from a warmer 
surface layer to a cooler winter water (WW) on the dive, or from a cooler WW to a warmer surface layer on 
the climb.

Lateral density gradients (change in density per km) of up to 0.015 kg m−3 km−1 are captured by the Seaglid-
er. Considering the 50th percentile residual error after correcting for thermal lag quoted above, we compute 
this contribution to the magnitude of lateral gradients. We estimate an overestimation of lateral density gra-
dients per km by 6% on the climb/dive pairs and a negligible error on the dive/climb pairs (much reduced 
because the distance between these dive pairs is larger). The overestimation of lateral gradients due to ther-
mal lag is likely balanced by the underestimation of these gradients caused by the Seaglider not sampling 
fronts perpendicularly (see Section 4.5.1).
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Figure 3.  Seaglider uncorrected and thermal lag corrected (a and e) conservative temperature (CT), (b and f) absolute salinity (AS) and (c and g) density (ρ). 
The mean and standard deviation of the ML depth is indicated by dashed lines. (d and h) Distribution of the horizontal density differences, where density is 
vertically averaged between the surface and 15 m above the MLD, between all climb and dive Seaglider profiles. (a–c) Average of horizontal density differences 
between climb minus dive profiles(“∧”) (e–g) average of horizontal density differences between dive minus climb profiles (“∨”).
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2.4.  Atmospheric Reanalysis and Satellite Data

Surface forcing was obtained from ECMWFs (European Center for Medium-Range Weather Forecasts) 
ERA5 reanalysis. Wind stress (  2

10a DC U ) was computed from the density of air, the drag coefficient over 
the ocean surface (Large & Pond, 1981) and the meridional and zonal winds at 10 m height. Net surface 
heat fluxes (Qnet) were computed from shortwave and longwave contributions, as well as latent and sensible 
heat fluxes. Net freshwater fluxes (FWFs) were computed as evaporation-precipitation (E-P). Sea-ice fluxes 
are not included because the region was sampled after the sea-ice had melted. For comparison to Qnet, FWF 
is first converted to a surface buoyancy flux and then to an equivalent heat flux with the following equation 
as in (Pellichero et al., 2018):

 


 0 ,FWF p surfQ C S E P� (1)

where ρ0 = 1,027 kg m−3 is a reference density, Cp = 4,000 J K−1 kg−1 is the heat capacity of water, α = 5.7 K−1 
is the thermal expansion coefficient of water and β = 7.8 × 10−4 kg g−1, is the haline contraction coefficient. 
Ssurf is the surface salinity (taken at 15 m), and (E-P) is evaporation-precipitation.

The sea surface height fields used to determine the location of the southern boundary of the ACC are 
based on SSALTO/Duacs Maps of Absolute Dynamic Height (MADT), following the method of Swart 
et al. (2010). Daily sea-ice concentration from AMSR2 (Spreen et al., 2008), with a 6.25 km lateral resolu-
tion, was used in this study. The sea-ice sector of the Southern Ocean was defined by the winter maximum 
of sea-ice, with sea-ice concentration greater than 15%. The regional maps of salinity are produced from 
ESA's Soil Moisture Ocean Salinity (SMOS) Earth Explorer mission using de-biased sea surface salinity 
L3 v4 maps that were generated by LOCEAN/ACRI-ST Expertise Center (Boutin et al., 2018). The global 
standard deviation of SMOS is 0.20 psu in the open ocean, compared to 100-km averaged ship SSS, but in 
polar seas, this is increased. Acknowledging this, we use SMOS only to characterize the regional impact 
of sea-ice on salinity, rather than relying on the actual magnitude in salinity. The surface chlorophyll 
map was produced with Level 2 data from the Copernicus Sentinel-3 Ocean and Land Color Instrument.

2.5.  Buoyancy Gradients

Along-track (as measured by the Seaglider) time series of buoyancy were calculated as

  (1 / ).ob g� (2)

where g is gravity and ρo is as defined in Equation 1. The contribution of temperature and salinity to the 
magnitude of lateral (along-track) density gradients was computed as:

  
 

 
.x

T Sb g g
x x

� (3)

By design, Seagliders sample in a “saw tooth” pattern as they propel themselves through adjusting their 
buoyancy. This results in ML (z ∼ 10–40 m) profiles which are captured at high resolution (x ∼ 300 m) be-
tween a climb profile and a dive profile, and profiles that are further apart (x ∼ 4 km) between a dive profile 
and a climb profile. An in-depth analysis of the implications of this sampling pattern in capturing lateral 
gradients in the ML is provided by (Swart et al., 2020) (see Figure S2).

The calculation of lateral buoyancy gradients 


b
x

 and associated submesoscale fluxes necessitated interpola-
tion onto a uniform grid. For this analysis, along-track measurements of temperature and salinity, after bin-
ning to 1 m vertical bins, were linearly interpolated onto a uniform grid of ∂x = 1 km, from which density 
and buoyancy were computed. The ML lateral buoyancy gradient is computed as the along-track buoyancy 
in the middle of the ML. Errors may be introduced as a result of thermal lag (as discussed in Section 2.3) 
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as well as through interpolating across non-uniform distances. Errors in buoyancy are expected to lead to 
amplified errors in buoyancy gradients when the measurements are closer together.

2.6.  Stratification and Turner Angle Analysis

The Brunt-Väisälä frequency is computed and decomposed into contributions from temperature and salin-
ity using the following formulation:

   
  
  

2 .ts
b T SN g g
z z z

� (4)

The relative influence of temperature and salinity on vertical density stratification (N2) is quantified with 

the Turner angle, which is defined as Tu = arctan(Rp), using the density ratio R
T

z

S

z
p 



















 
1

 (Turn-

er, 1973). 


T
z

 and 


S
z

 are the vertical derivatives of temperature and salinity. The Turner angle is positive 

when temperature and salinity have competing effects on density stratification. For Tu = π/4, temperature 
stratification is fully compensated by salinity stratification. For Tu = −π/4, salinity and temperature con-
tribute equally to the density stratification. Salinity stratification exceeds the contribution from temperature 
stratification when − π/4 < Tu < π/4, and temperature stratification dominates when |Tu| > π/4.

Similarly, a horizontal Turner angle can be defined by replacing the vertical gradient in temperature with a 
horizontal gradient. In this way the temperature and salinity contribution to lateral fronts can be decomposed. 
Fronts in which the Turner angle is positive are at least partially compensated, with Tu > π/4 indicating that 
temperature has a stronger impact on density than salinity. Fronts where Tu < 0 are anti-compensated in which 
salinity and temperature are acting constructively to create differences in density. These situations have the 
potential to produce strong density fronts; however, horizontal density gradients can slump due to gravity and 
may not persist (Rudnick & Cole, 2011). The horizontal Turner angle is computed using a length scale of 1 km.

To test whether the distribution in the vertical and horizontal Turner angles changes over the course of 
the summer season, the data is split into the first quartile (early summer) and last quartile (late summer) 
of the full data set until the atmospheric heat flux becomes zero. Each quartile consists of 500 data points, 
equivalent to 22  and 25 days in early and late summer, respectively, a temporal resolution of roughly 1 h.

2.7.  Submesoscale Equivalent Heat Fluxes

The non-dimensional Richardson number Ri
N
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
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( / )
, which provides a ratio between 

vertical stratification and geostrophic shear, characterizes the dynamic regime where large values, Ri ≫ 1, 
represent quasi-geostrophic flow and small values, Ri ≈  1, an ageostrophic regime where submesoscale 
flows may be active. Using Seaglider observations, we apply the thermal wind assumption such that geo-
strophic shear is given by the squared along-track lateral gradient normalised by the Coriolis acceleration to 

give the bulk Richardson number, 
2 2

2b
x

f NRi
b

.

MLIs develop through cross-frontal motion that results in the stretching or compression of fluid parcels. Be-
cause vorticity is conserved during this process, there is an inverse cascade of energy and eddies are formed 
(referred to as MLEs), that typically manifest at horizontal scales O (0.1–10 km) and can induce vertical ve-
locities of O(100) m day−1 (Boccaletti et al., 2007) by converting horizontal buoyancy gradients into vertical 
gradients. This overturning of density surfaces restratifies the water column and can be expressed in terms 
of a vertical stream function (Fox-Kemper et al., 2008):

 
2( )0.06 ,

| |
x

MLI
z b H

f
� (5)
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where μ, represents the vertical structure and is set to unity for simplicity and H is the depth of the ML. The 
vertical buoyancy flux associated with the MLI stream function can be represented as an equivalent heat 
flux (Mahadevan et al., 2012):





2 2

00.06 ,
| |

px
MLE

Cb HQ
f g

� (6)

where 0.06 is an empirically defined coefficient determined by numerical models (Fox-Kemper et al., 2008) 
and bx is the along-track buoyancy gradient. Because the MLI parameterization by Fox-Kemper et al. (2008) 
is based on the assumption that MLI grow from the potential energy stored in mesoscale lateral gradients, 
we applied a rolling window of 8 km (∼4 times the ML Rossby radius of deformation) such that the QMLE 
values estimated here are based on the mesoscale field.

While QMLE is always positive and acts to restratify the ML, cross-frontal Ekman-driven flow by overlying 
wind fields results in lateral density advection. In particular, surface wind stress oriented downfront, or in 
the direction of the geostrophic shear, produces an Ekman transport that advects less buoyant over more 
buoyant water, a condition that is gravitationally unstable and induces turbulent mixing, arresting restrat-
ification. This mechanical surface forcing can, similarly to MLI, be expressed as an equivalent heat flux, 
referred to as Ekman buoyancy flux (EBF), which involves the component of the wind stress aligned with 
the submesoscale front (D'Asaro et al., 2011; Thomas & Lee, 2005):




  .
y

px
EBF

CbQ
f g

� (7)

In calculating the along-front (across-track) wind stress, the wind will not always be aligned with the sur-
face fronts. Following Viglione et al. (2018), the winds were rotated relative to the Seaglider orientation to 
determine the wind stress component perpendicular to the Seaglider's trajectory (τY). Negative values of 
QEBF correspond to destabilizing, down-front conditions.

For this analysis, we assume the Ekman layer is equivalent to the MLD. This assumption simplifies the ver-
tical structure of the upper ocean. While we acknowledge this is a non-trivial assumption, the equivalence 
of the MLD and the Ekman layer is perhaps reasonable under these summer conditions, when the ML is 
shallow and the winds are strong. A scaling analysis of the Ekman depth based on a κd, the turbulent diffu-

sivity, ∼ 0.1 m2 s−1, gives an Ekman depth (  2 /E dH f ) of about 40 m, which is the average MLD of the 
upper ocean in these observations.

A case study is presented to contextualize the results described later in this study. A subset of the Seaglid-
er observations (with the Seaglider moving both in the southward direction and the northward direction; 
horizontal distance covered by glider in the case study is 30.5 km) and winds from which the submesoscale 
processes of MLI and EBF are computed is shown in Figure 4. EBF is positive (restratifying) under condi-
tions where the across-track winds are oriented upfront. Upfront winds are defined when the across-track 
winds and along-track bx observed by the Seaglider have the same sign. For example, during the northward 
transect, negative bx and negative τY indicate lighter, more buoyant water to the south in combination with 
westerly winds. In the southern hemisphere, westerly winds result in Ekman transport to the north, push-
ing lighter water over denser water and restratification.

3.  Results
3.1.  Mixed Layer Properties

The ML properties evolve over summer from cold and fresh (34  g kg−1, −1.2°C), to warmer and saltier 
(1.5°C, 34.2 g kg−1, Figure 5). A cold, relatively salty WW layer, defined as the temperature minimum layer 
below the 1,027.5 kg m−3 isopycnal, separates the ML from the warm and salty upper Circumpolar Deep 
Water (uCDW) at the 1,027.7 kg m−3 isopycnal (see Figure S1). Four days after the complete melt of sea-ice, 
the surface layer had shoaled from ∼100 m (observed by a nearby SOCCOM float, see Figure S2) to 41.0 m, 
gradually deepening to 80 m over the 3-month glider deployment.
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ML buoyancy increases from −3 × 10−3 m s−2 in December to −1.5 × 10−3 m s−2 by late February, before 
decreasing again. Buoyancy gradients of up to 1.5 × 10−7 s−2 are observed, equivalent to density fronts of 
0.015 kg m−3 km−1, and salinity fronts of 0.02 g kg−1 km−1. The largest lateral buoyancy gradients (those 
greater than 5 × 10−8 s−2, Figure 5d) are observed until mid-February. Early summer is characterized by N2 
values at the base of the ML of 1.1 × 10−4 ± 4.6 × 10−5 s−2, which decrease in late summer to 6.7 × 10−5 ± 
3.9 × 10−5 s−2. Toward the end of summer, from ∼ 8 March, the ML deepens to 80 m, WW isopycnals move 
closer together, and stratification at the base of the ML increases again to 1.4 × 10−4 ± 6.6 × 10−5 s−1 in 
March.

Seaglider observed conditions in the upper ocean are embedded within a larger mesoscale field. In this 
region, and during the sea-ice melt season, the mesoscale field is predominantly structured by northwards 
advecting freshwater from sea-ice melt. The freshwater signal emanating from the melting sea-ice, observed 
in SMOS sea surface salinity (Figure 1a), is mirrored in the Seaglider profiles (Figure 5a) and specifically 
in the first mesoscale transect (Figure 6a). Low saline water is advected northwards by the predominantly 
westerly winds. We confirm this by estimating the Ekman component of the salinity tendency budget from 
lateral salinity gradients observed during the mesoscale transects.


  


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Figure 4.  Case study of Seaglider observations during which a strong lateral gradient was sampled. (a) Glider trajectory, colored by the buoyancy at 15 m. Black 
arrows indicate the start and end of the subsample. Wind stress vectors are overlaid in gray. (b) Section of buoyancy with the mixed layer depth overlaid in 
black. (c) Wind stress oriented perpendicular to the Seaglider track (positive to the left of the glider orientation). (d) Along-track buoyancy gradient as observed 
by the Seaglider. (e) Estimated submesoscale equivalent heat fluxes (Qequiv): QMLE, QEBF. The solid lines indicate when the Seaglider was moving southwards, 
while the dashed lines indicate when the Seaglider was moving northwards. The entire distance covered by the glider in this case study is 30.5 km.
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

EkmanS

t
 is computed by taking an average across-track wind stress of 0.09 N m−2 to the east (note that the 

wind stress varies synoptically and not seasonally), and the large scale gradient across the two mesoscale 
transects shown in Figure 6. The Ekman contribution to the upper ocean salinity tendency is larger than 

or comparable to the salinity tendency attributable to FWF by evaporation and precipitation (




EkmanS

t
 

2.1 × 10−8 g kg−1 s−1 and 




FWFS
t

 4.8 × 10−9 g kg−1 s−1). The contribution of Sekman decreases in the second 

mesoscale transect as the mesoscale lateral salinity gradient decreases (Figure 6b), potentially indicating a 
decrease in freshwater advection northwards.
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Figure 5.  Time series of the summer season 2018-2019: (a) Seaglider sampled absolute salinity. Thin black lines denote 
density isopycnals with an interval of 0.01 kg m−3. The mixed layer depth is shown in white. The lower bound of winter 
water is marked with magenta lines, identified by the density isopycnal = 1,027.7 kg m−3, the temperature maximum 
beneath the mixed layer. (b) The same as (a) but for conservative temperature; (c) The same as (a) but for buoyancy. (d) 
Temperature and salinity contribution to ML buoyancy (at 10 m depth). (e) The average mixed layer buoyancy gradients 
and (f) Temperature and salinity contribution to vertical stratification at the base of the mixed layer. The solid red lines 
above the plot indicate when the Seaglider was completing mesoscale transects.
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3.2.  Vertical and Lateral Stratification

To quantify the contribution of salinity and temperature to ML density, the vertical and horizontal Turner 
angles were computed. In both cases, the haline contribution to density decreases as the season progresses 
(Figure 7).
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Figure 6.  Subset of the Seaglider data showing the mesoscale transects at the beginning (a and b) and middle of the deployment (c and d). Panels (a and c) 
show the Seaglider trajectory with salinity overlaid. Panels (c and d) are sections of the glider-observed buoyancy. Black lines in (c and d) are the mixed layer 
depth.

Figure 7.  Distribution of the Turner angle in the upper ocean at 60°S, 0°E during summer (black line), decomposed 
into early summer (blue line) and late summer (red line). (a) Histogram of the vertical Turner angle averaged in the 
upper 200 m. (b) Histogram of the horizontal Turner angle. Bootstrapping was applied to the early summer and later 
summer subsets to give the confidence intervals marked in light blue and pink shading, respectively.
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In the vertical, the average Turner angle of the upper 200 m reveals a bimodal structure representing the 
interface between the surface water and WW, and the interface between uCDW and WW (shown in the time 

series, Figures 5a and 5b). In late summer, the distribution of the vertical Turner angle shifts toward 

4 , 

representing the increased role of temperature in setting vertical stratification.

Similar to the vertical stratification, lateral density variations in the ML are determined by salinity anom-
alies during early summer (Turner angle distribution centered at zero, Figure 7b), moving toward mixed 
salinity and temperature compensated fronts in late summer (distribution broadens).

3.3.  Submesoscale Instabilities and Fluxes

Wavenumber spectra are used to describe the horizontal density variance in the ML and analyze the season-
al timescale of active scales of energy variance. There is a growing body of literature to describe submesos-
cale turbulence based on the spectral slopes of energy and tracer variance, assuming constant stratification 
(see review by Jaeger et al., 2020). While constant stratification is rare in the world's ocean, and theoretical 
power laws in question are based on the assumptions of an inertial subrange and of statistical homogeneity 
of the flow field, the spectra nevertheless provide a useful metric with which to assess scales of variance in 
the ocean.

Interior quasi-geostrophic (IQG) turbulence theory, which typically scales with variance slopes of ∼k−3 
(Charney,  1971) describes turbulence that originates from deep baroclinic instabilities and is applicable 
away from surface boundaries because it assumes no ML and constant density at the boundary. Surface 
quasi-geostrophic (SQG) theory (Blumen, 1978), assumes a buoyancy gradient which, through stirring of 
this gradient, results in frontogenesis and a cascade of eddies to give an inertial subrange of k−5/3. Both these 
scaling laws describe flows that are in geostrophic balance, and need to be adjusted for an ageostrophic 
component of the flow, which tends to steepen SQG energy and tracer slopes to k−2 (Boyd, 1992; Capet 
et al., 2008). Considering the assumptions behind these power laws and the errors that propagate in obser-
vations, observations have not always confirmed these predictions. Jaeger et al. (2020) review the existing 
observational literature of spectral analysis with a focus on tracer analysis, finding that in most cases, the 
power laws are inconsistent with both IQG and SQG and being more consistent with ageostrophic fron-
togenesis theory which predicts power laws of k−2.

In this study, both meso- (∼100 km) and submeso- (<10 km) scales were resolved. After separating the 
glider transects into these two scales (Figure 1c), the wavenumber power spectrum of density (potential 
energy) variance is computed for both the mesoscale (Figure 8a, N = 2) and submesoscale (Figures 8b 
and 8c, N = 36) glider transects in the ML (10 m). In the following analysis, we assume that density spec-
tra are a proxy for potential energy spectra. By taking the spectra of density, we measure the variance of 
density at different wavenumbers. The integral over all the wavenumbers gives the total density variance, 
which can be converted to potential energy by dividing by N2 and multiplying by relevant constants. Typ-
ically, N2 is assumed to be constant, leaving density variance an appropriate measure of potential energy 
variance. A multi-taper method with adaptive weighting and five smoothing windows is applied. Discrete 
prolate spheroidal sequences (DPSSs) are used as data windowing functions. Confidence intervals are 
determined from a X2distribution for which the degrees of freedom are computed as a function of the 
number of windowed segments and the length of the spectra. The instrument noise is determined to be 
3 km and marked on the plots. Inertial subrange slopes are then computed for the mesoscale transects 
between 50 and 3 km and for the submesoscale transects between 8 km (the full depth Rossby radius of 
deformation) and 3 km.

While the mesoscale transects are more informative as they capture a larger range of scales, the submesos-
cale transects are additionally taken into account, the averages of which allow for the assumption of statis-
tical stationarity. There is a trade-off with this assumption because of a level of uncertainty in the shorter 
transects due to the inertial subrange being computed over only one order of magnitude.

The mesoscale snapshots display spectra with inertial subrange slopes of k−2.16 ± 0.2 and k−2.2 ± 0.3 in early 
summer and late summer, respectively-essentially remaining constant over the season. The submesoscale 
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slopes have an average slope of k−2.6 ± 0.2 and k−3.6 ± 0.3 in early and late summer, respectively. The individual 
submesoscale transects are noisy, ranging from k−1 to k−4. The total potential energy in the system (integra-
tion under the spectra, assuming constant N2) is reduced toward late summer.

We focus our analysis on the potential for MLI to form the submesoscale structure suggested in Figure 8. 
Conditions where lateral gradients have scales of O(1) km and stratification is weak (Richardson num-
bers ∼ O(1)), indicate when the water column is predisposed for submesoscale overturning to occur. We 
assess the wavelength and growth rate of the fastest growing MLI, defined as (Fox-Kemper et al., 2008; 
Stone, 1970):

 


2 1 ,
5 / 2max

U Ril
f

� (10)

 


54 1 ,
5max

Ri
f

� (11)

U, is the geostrophic velocity in the ML, determined by multiplying H by the geostrophic shear, calculat-
ed from the Seaglider derived lateral buoyancy gradient, as |bx|/f, under the assumption of thermal wind 
balance:


| | .xbU H

f�

For the ice-free Antarctic MIZ during summer, taking Ri = 1, a typical maximum growth rate is 10 h, using 
f ∼1.26 × 10−4 s−1, the local inertial frequency, with a typical length scale of 1.4 km (using a MLD of 40 m 
and lateral buoyancy gradient of 1 × 10−7 s−1). These scales are comparable to simulations by Fox-Kemper 
et al. (2008), in which a MLD of 100 m and 2

xb  = 2f2, results in τmax ∼ 16.8 h and l ∼ 3.9 km.

Using the Seaglider measured lateral buoyancy gradient, MLD and Richardson number, we extend the 
analysis of the MLI growth rate and wavelength to the full-time series (Figure 9). Within the ML, the 
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Figure 8.  Power spectra of density at 10 m for (a) the glider mesoscale transects and (b) submesoscale transects during early summer (December to January, 
N = 22 transects) and (c) submesoscale transects during late summer (February to March, N = 14 transects). The 95% confidence interval (CI) of the spectra 
is shaded, the 95% CI for the average spectra is indicated by solid lines adjacent to the average spectra in (b) and (c). The noise cutoff wavenumber (3 km), 
is marked by the gray dotted line. Inertial subrange slopes are calculated for the mesoscale transects between 50 and 3 km. The slope in the first mesoscale 
transect (M1) is k−2.16 ± 0.2 and k−2.2 ± 0.3 in the later transect (M2). Inertial subrange slopes for the submesoscale transects in (b and c) are computed over the 
range 8–3 km to give average slopes of k−2.6 ± 0.2 and k−3.6 ± 0.3, respectively. Reference slopes of k−5/3 (dotted line), k−2 (dashed line), and k−3 (dash-dot line) are 
indicated in the figure.
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Richardson number varied over several orders of magnitude (Figure 9c), a function of stratification at the 
base of the ML and the strength of the lateral buoyancy gradients. During the summer season, most of 
the ML flows are characterized by Ri ≫ 1, influenced by the strong stratification resulting from the recent 
sea-ice melt, RiML ∼ 1 × 105. Very intermittently, a combination of weaker stratification and strong lateral 
buoyancy gradients brings the system toward an ageostrophic regime where RiML < 4 in 2% of profiles 
(Figure 9c). The distribution of the magnitude of lateral buoyancy gradients is skewed to the left, with 
the majority of lateral gradients being weak (Figure 9a). In early summer, the occurrence of strong lateral 
buoyancy gradients is more frequent than during later summer (Figure 9f). For the same time period, the 
distribution of MLD is centered around a mean value of ∼ 40 m, with 98% of the observations found be-
tween 15 and 75 m (Figure 9b), shifting to a deeper average during late summer (Figure 9g). The majority 
of the distribution of the wavelength of the fastest growing MLI is typically less than 5 km (Figure 9d), 
similar to the ML Rossby radius of deformation, Lr = NH/f = 2 ± 0.6 km. The inverse growth rate of MLI 
is a function of the Richardson number and follows a similar distribution to that of the Richardson num-
ber (Figure 9e). The Richardson number, wavelength, and growth rate of MLI display a tendency toward 
higher magnitudes during late summer (Figures 9h and 9j). Together, these results suggest that the upper 
ocean undergoes a shift from early summer to late summer in the scales that describe the instabilities 
and eddies.

Similarly, MLE fluxes and EBF, which both depend on lateral buoyancy gradients, weaken as the summer 
season progresses and the strength of lateral buoyancy gradients decreases (Figure 10). When MLIs are 
active, their stratifying potential is weak (<50 W m−2). Conversely, wind interactions with ML fronts have 
the potential to impact stratification in the ML, with the observed submesoscale fronts (bx ∼ (O) 5 × 10−8 
s−2), sufficient to induce EBF fluxes greater than 200 W m−2. Together, EBF and MLE increase the variabil-
ity of the total equivalent heat flux in the ML during early summer by 55% (from a standard deviation of 
35.9 W m−2 to 80.5 W m−2), compared to late summer when the influence of submesoscale fluxes is almost 
negligible (standard deviation increases from 32.4 to 34.4 W m−2 with the inclusion of submesoscale fluxes) 
(Figure 10c).

GIDDY ET AL.

10.1029/2020JC016814

15 of 24

Figure 9.  Histograms of: (a) magnitude of along-track buoyancy gradient, (b) MLD, (c) Richardson number, (d) MLI wavelength, (e) MLI inverse growth rate. 
Median values are indicated by the black dashed lines. Panels (f and j) show the seasonal shift in distributions of (a–e) from early summer to late summer using 
the same definitions as in Figure 5. MLD, mixed layer depth; MLI, mixed layer instability.
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4.  Discussion
This study investigates ML dynamics over a summer season in the Antarctic MIZ, in which our three main 
aims are addressed. First, we investigate whether ML fronts, formed by recent sea-ice meltwater, remain 
prevalent during the early summer in the ice-free MIZ. Second, we characterize submesoscale flows as the 
summer season progresses, and third, we evaluate their impact on the structure of the ML, such as its depth 
and stratification.

4.1.  A Salinity-Driven System

We find a shift from salinity-dominated to mixed salinity/temperature-controlled buoyancy variabili-
ty through the progression of the summer season. Salinity-driven buoyancy variability is expected in the 
ice-impacted Southern Ocean, where sea-ice-derived waters drive the seasonal ML salinity budget (Pel-
lichero et al., 2017). Similar occurrences are observed in the Arctic MIZ, with salinity driving ML density 
variability during ice-free conditions (Timmermans & Winsor, 2013).
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Figure 10.  Timeseries of the summer season 2018–2019: (a) Surface heat flux (Qnet, black) and equivalent freshwater flux (Qfreshwater, blue) are expressed as 
an equivalent heat flux from ERA5 reanalysis and the sum of the two (Qsurf, red). Rolling means of 24 h are applied. (b) Equivalent heat flux by submesoscale 
overturning due to mixed layer baroclinic instability (QMLE, orange) and Ekman Buoyancy Flux (QEBF, blue). A rolling mean of the inertial period (10 h) 
was applied to QEBF to reduce the emphasis on sporadic events. (c) Sum of the total surface buoyancy forcing, restratification due to MLEs, and wind-driven 
submesoscale Ekman transport (Qtot = Qsurf + QMLE + QEBF) expressed as an equivalent heat flux. The red curve shows Qsurf as in (a) for reference. The onset 
of autumn is indicated by the black line above the plot, defined by a shift from positive to negative heat flux into the ocean. Note. The change in scale on the 
y-axis.
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Initially, cold, low saline water is advected through the sample region, and positive buoyancy anomalies, 
driven by salinity, are observed (Figure 5). ML buoyancy becomes more sensitive to temperature fluctu-
ations as the summer season progresses, with temperature exerting a stronger influence on density. This 
is also reflected in the flattening of the horizontal turner angle distribution (Figure 7). In early summer, 
the water temperatures are cold (<1°C), and thus temperature has a small impact on buoyancy because of 
nonlinearities in the equation of state. As the water temperatures increase, so too does the thermal expan-
sion coefficient and, correspondingly, the temperature contribution to buoyancy. In this region, the largest 
contributor to positive surface buoyancy flux is solar heating. Increased buoyancy associated with a warmer 
ML increases the stability of the ML, with the potential to suppress MLI.

Temperature determines the seasonal trend in ML buoyancy (Figure 5c), but variations in salinity that con-
tinue throughout the season give rise to lateral density gradients. Salinity contribution to buoyancy varies 
around a stationary mean, reflecting swirling horizontal gradients likely characteristic of submesoscale 
eddies (McWilliams, 2016), and providing evidence that MLEs may be contributing to the observed lateral 
buoyancy gradients.

The time series we present here extends beyond that of Swart et al. (2020), in which they show that sub-
mesoscale fronts persist into summer in an interplay between thermohaline slumping by winds and fron-
togenesis. Corresponding with their observations, lateral buoyancy gradients observed here persist from 
December to February, but eventually reduce in magnitude from mid-February until the end of March 
when the surface heat flux turns negative (Figure 2) and the supply of freshwater from the south decreas-
es (Figure 6). While the strength of the overlying westerlies does not noticeably diminish, the amount of 
freshwater available to advect northwards decreases as the sea-ice reaches its minimum extent, ∼1,000 km 
south of the study site (Figure 1a). The dampening of surface lateral buoyancy gradients in late summer 
may reflect this loss of a source of positive buoyancy anomalies. In summary, our observations support the 
hypothesis that sharp (e.g., bx > 5 × 10−8 s−2, Figure 5c) sea-ice meltwater fronts persist in the ice-impacted 
Southern Ocean after the sea-ice has melted.

4.2.  Summer Submesoscale Processes

We observed salinity-driven lateral fronts at submesoscales during summer in the ice-free Antarctic MIZ, 
with increased prevalence occurring with close proximity to the sea-ice melt out (occurring at this study 
site on December 10, 2018, Figure 1d). This frontal structure agrees with concurrent surface observations 
described by Swart et al. (2020) (Figure 3, density spectral slopes scaling at k−2.4), revealing an active sub-
mesoscale regime during early summer. The mesoscale and submesoscale density spectral slopes observed 
by the Seaglider in this study range from k−2 to steeper than k−3 (Figure 8). In this study, while the mesoscale 
slopes converge at k−2.2 (Figure 8a); the submesoscale slopes show more variability (Figures 8b and 8c). It 
remains challenging to distinguish the contributions of different physical mechanisms from spectral slopes 
(Erickson et al., 2020). Nevertheless, below, we present potential explanations for the change in density 
spectra slopes from that predicted by theory.

The physical interpretation of the potential energy inertial subrange in the upper ocean is best described 
by SQG which predicts a slope of k−5/3, while observations and models which include an ageostrophic 
component steepen the SQG predicted slope to k−2.2. For SQG in the ML, the tracer spectra and potential 
energy spectra follow the same power law (Callies & Ferrari, 2013). Global observations of tracer spectral 
slopes are mostly steeper than k−5/3 (Jaeger et al., 2020). In the observations presented in Figure 8, k−5/3 
and k−2 are not robustly distinguishable given the noise across the individual transects, and we continue 
the discussion with reference to k−2. IQG, which predicts steeper slopes of k−3, represents the energy cas-
cade in the interior ocean and is thus not applicable for the surface ocean. In the literature, the steeper 
density slopes have been interpreted to describe an upper ocean in which eddy kinetic energy is small; 
therefore, the majority of the energy is injected at larger mesoscales with a tendency for an inverse cascade 
of energy (e.g., in the Arctic and in the North Pacific; Callies & Ferrari, 2013; Timmermans et al., 2012; 
Timmermans & Winsor, 2013). The mesoscale slopes presented in Figure 8a present an energy cascade 
for this region which follows a power law steeper than predicted by SQG but not as steep as that predicted 
by IQG.
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We hypothesize that submesoscale fronts in this region are formed from stirring of MLEs, which grow from 
ML instabilities. These submesoscale instabilities themselves draw energy from the larger scale mesoscale 
fronts that potentially stir freshwater anomalies by sea-ice melt (see Swart et al., 2020). The large inter-tran-
sect slope variability (in Figures 8b and 8c, ranging from ∼k−1 to k−4) may reflect the intermittent nature 
of surface turbulent motion in the region. That this variability decreases over the summer season and the 
slope steepens (Figure 8c), is suggestive that the tight interplay between strong stratifying forcing and tur-
bulent motion decreases later in summer, to give way to a generally quiescent ocean. As the summer season 
progresses and the sea-ice meltwater fronts are mixed and/or advected out of the region, the available po-
tential energy for MLIs decreases (the magnitude of the integration of the density spectra decreases, which 
is directly related to APE through the QG approximation of constant N2, Figure 8a). At the same time, the 
frequency of strong submesoscale fronts in this region decreases toward the late summer (Figure 5e).

While there is a possibility that the steeper slopes observed in the later part of the summer season in Fig-
ure  8c are revealing a more quiescent ocean at the submesoscale, this is not reflected in the mesoscale 
transect (M2, Figure 8a), and it is acknowledged that there is a large amount of uncertainty in the data and 
methods to robustly come to this conclusion.

Uncertainties may arise from the high sensitivity of the slope to the wavenumber band chosen as well as 
the range over which the slope is calculated, with increased uncertainty when computed over a single order 
of magnitude (as in the submesoscale transects presented). A further source of error may be linked to the 
glider being unable to capture all the energy at large wavenumbers (small-scale structure) and artificially 
steepening the spectral slopes (the glider horizontal sampling resolution is limited to ∼300 m to 3 km). In 
the latter half of the observations, the slope steepens to k−3.6. With a weaker background gradient, it is pos-
sible that the glider observations are not high resolution enough to capture the fine-scale energy during this 
time and so the slope appears steeper. Further errors may be introduced into these spectra as a result of the 
necessary linear interpolation (Callies & Ferrari, 2013; Klymak et al., 2015).

Even though a submesoscale regime is evident (Figure 10), we found that if the fine-scale fronts observed 
reflect stirring of MLEs, their impact on surface stratification is weak (QMLE = 5–20 W m−2). With an average 
surface heat flux of 200 W m−2, restratification by MLEs is not large enough to compete. Winds oriented 
up or down front have impacts on the lifetime of the fronts with implications to mixing and the persistence 
of fronts. EBF varies between 100 and 1,000 W m−2, up to two orders of magnitude greater than QMLE, and 
often larger than the ambient surface heat flux. EBF acts to intermittently increase stratification or increase 
mixing. The effect of winds interacting with ML fronts, decreases later in summer. These results indicate 
that mechanical wind-forced interactions with the observed fine-scale fronts can be important to the ML 
structure. Estimates of MLI and EBF are slightly larger than that estimated by Swart et al. (2020) for the 
same region during summer (QMLE ∼ O(10) W m−2, QEBF ∼ O(100) W m−2), likely linked to their data record 
only beginning during late summer conditions and the higher resolution of our sampling (0.3–4 km vs. ∼ 
9 km in Biddle & Swart, 2020).

North of the southern boundary of the ACC, similar submesoscale fluxes have been observed in the regions 
between the ACC jets. EKE is relatively weak and MLD is <100 m resulting in similar MLE fluxes to this 
study (du Plessis et al., 2019), but in the energetic Drake Passage, MLs are deeper (MLD > 100 m) and lateral 
gradients are stronger (up to 3 × 10−7 s−2), providing MLE fluxes that can reach up to 4,000 W m−2 (Viglione 
et al., 2018). By definition, MLEs draw more APE from deeper MLDs (Fox-Kemper et al., 2008). The poten-
tial for MLE fluxes in our data is thus limited by the relatively shallow summer MLDs. A secondary peak 
in MLE potential during early autumn in the Antarctic MIZ, concurrent with ML deepening, is shown by 
Biddle and Swart (2020). Similarly, at the end of this data set, with the onset of autumn and a deepening ML, 
MLEs begin to increase in magnitude again.

An alternative mechanism, that accounts for the large MLI wavelength and growth rates predicted by linear 
instability theory (Figure 9), and perhaps contributes to the steepening of the spectral slopes (Figure 8) is 
that the small scale lateral buoyancy gradients are evidence that there is a tendency for weak frontogenesis 
in the upper ocean due to the strong lateral density gradient imposed by sea-ice melt. The seasonal decrease 
in the total magnitude of density variability in the upper ocean (Figure 8), together with the small (∼2 km) 
ML Rossby radius of deformation, allows for balanced fronts and filaments that have been drawn out by 
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mesoscale stirring to persist at small-scales in this region. These surface anomalies would have a signa-
ture in the power spectra at the submesoscale, but not generate mixed-layer eddies or increased vertical 
velocities. Nevertheless, these weak fronts would likely be surface confined due to the strong stratification 
imposed by sea-ice meltwater.

In the Southern Ocean, denser waters are generally located to the south, with lighter waters to the north. 
The predominantly westerly winds over this meridional gradient in density create a large-scale destratifying 
EBF over the region. Within the ACC, similar observations of EBF to the present study support this mech-
anism at the submesoscale as well (du Plessis et al., 2019). Conversely, at the MIZ, after sea-ice melt, the 
meridional gradient is variable as lighter fresher water advects northwards intermittently, resulting in both 
stratifying and destratifying EBF under similar wind forcing (Figures 10 and S3).

These results show that while submesoscale front generation is likely due to mesoscale stirring of fresh-
water, stratification may be more strongly influenced by wind-front interactions, represented here by EBF. 
These findings are in line with previous observations in the Weddell Sea (Biddle & Swart, 2020), suggesting 
that these dynamics are not limited to the year of this study.

4.3.  Mixed Layer Response to Submesoscale Flow

It is challenging to infer the impact of submesoscale flow on the ML structure empirically due to the ephem-
eral nature of submesoscales together with the multiple processes that impact the variability of the MLD. 
Yet, our summer data provides evidence that submesoscale processes actively modify the ML, but likely do 
not penetrate below the ML.

The sea-ice impacted ML reflects the influence of atmosphere-ocean fluxes, sea-ice, and internal ocean 
variability. Here, we have focused on the relative contribution and interactions of atmospheric forcing, sea-
ice, and submesoscale flows to the ML structure. Heat flux into the ocean is the dominant process in setting 
the ML stratification over the summer season, with a relatively small contribution from evaporation and 
precipitation (Figure 10a). Nevertheless, ML buoyancy anomalies are driven by salinity changes, even well 
into the summer season (although the magnitude of the anomalies decreases).

In our study, MLEs have weak stratifying potential over the summer season (Figure 10b). Under summer 
conditions, when the ML is shallow, there is less available potential energy for MLEs to restratify the upper 
ocean. Nevertheless, model studies (Callies & Ferrari, 2018) show that MLIs are unlikely to be damped out 
in shallow summer MLs, even if mixing time scales are short. One possibility is that MLIs do grow and 
lead to restratification of the ML in summer after sea-ice melt but quickly exhaust the energy fueling their 
growth.

The significant contribution of EBF to the upper ocean surface equivalent heat flux was observed, particu-
larly in early summer following sea-ice melt (Figure 10). In some studies, submesoscale activity under shal-
low ML conditions has resulted in deepening MLs (Luo et al., 2016; Lévy et al., 2010) due to the increased 
vertical mixing induced by the fronts that erode the shallow base of the ML. In this study, while we do not 
test the evolution of the ML structure with and without the inclusion of submesoscale activity, we speculate 
that the Antarctic MIZ could be responding similarly and observe a gradual deepening of the ML over the 
summer season. The presence of fine-scale fronts as a result of swirling MLEs may enhance upper ocean 
mixing through interactions with surface wind stress. Evidence that this may be the case is presented at the 
end of the observational time series (∼ March 20, 2018, Figure 10). A strong wind and precipitation event 
(Figures 3b and 3c) occur over a strong lateral buoyancy gradient (>1 × 10−7 s−2), inducing very strong 
submesoscale EBF (>500 W m−2), with the potential to erode the base of the ML and mix the underlying 
waters into the ML. Similar strength wind events occurred before in the time series (January 18, 2018 and 
∼ March 10, 2018), but during those times, the lateral buoyancy gradients were weak, and thus EBF was 
not significant. Because of the intermittency of both the passing wind events and the submesoscale MLEs, 
it is probable that similar events were missed by the observational platform. It could be speculated, that in 
nearby regions unobserved by the Seaglider, these wind events, in combination with the lateral buoyancy 
gradients, may be driving local mixing more than if the submesoscale flows were not active (i.e., when the 
upper ocean is more homogeneous, winds may not have a large impact).
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Here, we argue that the fine-scale lateral gradients observed are representative of MLEs. Mesoscale eddies 
are present in the region, as evidenced by surface chlorophyll-a (map in Figure 1); however, these are likely 
concentrated further north near the Southern Boundary of the ACC. If mesoscale stirring is important for 
frontogenesis (Manucharyan & Thompson, 2017), these fronts, similar to those associated with MLEs in 
the region, would not penetrate deep into the water column, as sea-ice melt maintains strong vertical strat-
ification. This emphasizes two points: (1) that most of the buoyancy anomalies observed in the ML were 
confined to the ML, and (2) the confinement of surface fronts in the ML suggests that there is a limited 
exchange with the interior as a result of sea-ice melt that increases upper ocean stratification and prevents 
strong cross-isopycnal transport.

Combined, these results support the hypothesis that sea-ice melt enhances the generation of surface fronts. 
These fronts can potentially allow for large EBF, which impacts the ML structure during early summer in 
the Antarctic MIZ. In particular, our evidence highlights the role of submesoscale wind-front interactions 
to maintain weaker early summer stratification at the base of the ML under otherwise highly stratifying 
conditions in a relatively quiescent ocean.

4.4.  Implications

As per Swart et al. (2020), we have shown that submesoscale flow is more active during early summer after 
sea-ice has melted, most likely energized by the regional impact of meltwater fronts, than later in the sum-
mer season. Meltwater is an important driver of water mass transformation in the Southern Ocean (Aber-
nathey et al., 2016; Pellichero et al., 2018). In the summer, the shallow ML of the ice-impacted Southern 
Ocean is subject to transformation through the influx of fresher meltwater, solar heating, stirring by both 
mesoscale and submesoscale flows, and the passage of strong wind events. We find that MLI has a low po-
tential to restratify the ML and subduct water to depth. This confirms the necessary advection of these mod-
ified waters northward, or potentially downstream in the ACC, before subducting as Antarctic intermediate 
water (AAIW) and connecting with the global circulation system (e.g., Figure 1; Pellichero et al., 2018). The 
substantial increase in the impact of winds on the ML when strong lateral buoyancy gradients or fronts are 
present, provides a secondary mechanism for eroding the base of the ML and mixing with the underlying 
warmer and saltier waters. It is interesting to consider whether wind interactions with submesoscale flow 
play an important role in mixing the uCDW waters into the ML. uCDW waters are warm, salty, and high in 
nutrients; thus, the upwards mixing of these waters will act to support primary production as well as modify 
the properties of the ML. The implications for ML interior exchange in this region under weak MLEs but 
stronger EBF when submesoscale fronts are active or reduced is an avenue for future research.

Current models and observations indicate that the Southern Ocean is freshening (Haumann 
et al., 2016, 2020). Even though the ML may become shallower as it becomes fresher, it is likely that MLI 
will persist (Callies & Ferrari, 2018), and the dynamics described here will continue to be relevant. It has 
been suggested that the predicted shallower MLs of a warming climate will suppress submesoscale activity 
(Richards et al., 2020). Here, we show an Antarctic example with evidence of submesoscale activity when 
the ML is shallow.

4.5.  Caveats

4.5.1.  Frontal Processes Observed by Gliders

ML lateral buoyancy gradients are a central parameter in much of the analysis presented in this study. The 
interpretation of ML fronts observed by profiling gliders is not trivial, and a number of assumptions were 
made in the presentation of the results.

In this field campaign, the Seaglider was piloted to complete repeat bow-tie patterns over a single geograph-
ical area. A complete bow-tie took, on average, 7 days to complete. Sampling fronts in this way means that 
the Seaglider may sample a single front multiple times. Given the transient nature of surface submesoscale 
fronts and an ML eddy growth rate of ∼10 h, it is unlikely that the same front is indeed sampled multiple 
times by the Seaglider. Moreover, the background mean flow was ∼8 cm s−1, compared to the velocity of the 
Seaglider ∼23 cm s−1. Nevertheless, the data is analyzed such that the results do not rely on repeat sampling 
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of a front, or the sampling of many fronts, but provides a basis by which to statistically estimate the average 
presence and strength of these fine-scale fronts and associated impact on the ML, acknowledging that indi-
vidual features can be very different.

We assume the Seaglider samples fronts perpendicularly. Acknowledging this is not the case, a statistical 
analysis shows that the lateral gradients are underestimated by a factor of 0.64. Compared to the lateral 
gradients captured by a Sailbuoy (measuring values of bx up to 0.06 kg m−3 km−1, Swart et al., 2020), which 
was sampling the study site concurrently, the lateral gradients observed by the Seaglider are small (bx up 
to 0.015 kg m−3 km−1), but nevertheless comparable to those observed in the Arctic MIZ by Seagliders (∼ 
0.03 kg m−3 km−1, Timmermans & Winsor, 2013).

Additionally, synoptic winds are not always oriented directly downstream or upstream of the fronts. The 
Seaglider interpretation of the EBF can be analyzed by computing the observed EBF (EBFobs) to the actual 
EBF (EBFactual), estimated from all the observed Seaglider angles and wind angles with respect to a fixed 
buoyancy gradient (following Thompson et al., 2016). The Seaglider tends to capture either all or little of 
the EBF; however, this method can also overestimate EBF under conditions where the glider perpendicu-
larly crosses the lateral buoyancy gradient while the wind is aligned perpendicular to the front, when, our 
definition would interpret the wind as aligned parallel to the front and thus overestimate EBF. On average, 
the ratio of the root mean square of EBFobs to EBFactual is 0.71, suggesting that the EBF values presented here 
are underestimated.

4.5.2.  Regionality

We present the results with reference to Antarctic MIZs, but our conclusions are drawn from a subset of 
high-resolution data within a 1° × 1° degree box at the northern edge of the Weddell Sea MIZ. We focus 
on the interactions of processes that are likely prevalent throughout the ice-impacted Southern Ocean. 
However, we acknowledge that the Antarctic MIZ varies regionally in terms of atmospheric forcing. For 
example, the Amundsen Sea Low (ASL) controls winds near West Antarctica. If the zonal winds are inten-
sified because of a deeper ASL, the melt of sea-ice occurs earlier in the spring season and solar warming 
over summer is enhanced (Holland et al., 2017). In such a case, it is likely that submesoscale processes will 
be more suppressed during summer. In this way, different regions may experience different leading order 
forcing mechanisms (like the ASL), which may alter the conclusions drawn from these results.

5.  Conclusion
Throughout this study, we have demonstrated the influence of sea-ice-derived freshwater on the vertical 
and lateral structure of the ML. Predominantly northwards, Ekman transport of sea-ice meltwater stratifies 
the ML in the Antarctic MIZ. However, at the same time, the strong north-south mesoscale gradients that 
stir early summer sea-ice meltwater create conditions for the formation of fine-scale fronts. We show that 
while these fronts are confined to the surface boundary layer because of the strong stratification, wind 
interactions with the resultant fine-scale fronts enhance ML variability and thus the rate of upper ocean 
modification. The winds interact with the fine-scale fronts, increasing variability within the ML through 
both stratifying and destratifying buoyancy fluxes induced by cross-front Ekman-driven transport. When 
the freshwater source decreases later in summer, the magnitude of lateral buoyancy gradients, as well as 
the submesoscale EBF also decrease. These results show that sea-ice impacted MLs, while predominantly 
forced by the 1D influx of meltwater during summer, cannot be solely treated as 1D systems. Submesoscale 
fronts are enhanced by the meltwater mesoscale gradients, modulating the influence of winds on the ML. 
It, therefore, becomes possible that the ML response to wind forcing and, subsequently, heat and freshwater 
transport, may be misrepresented in coupled-climate models if the submesoscale is not resolved or accu-
rately parameterized.
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Data Availability Statement
ERA5 data are generated using Copernicus Climate Change Service Information, available online (www.ec-
mwf.int/en/forecasts/datasets/archive-datasets/reanalysis-datasets/era5). All the data used for this analysis 
can be accessed online (ftp://ssh.roammiz.com) via anonymous login and navigate to giddy_2020. The code 
used to produce this analysis is available at http://doi.org/10.5281/zenodo.4043036.
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1. Figures S1 to S3

Introduction

The supporting information contains four additional figures.

The first figure is used to define the water masses referred to in the main text.

The second places the Seaglider deployment into a seasonal context by comparison with

a co-located SOCCOM float (5904397). Specifically, this was used in the main text to
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determine when the mixed layer summer shoaling event occured and from what depth.

The SOCCOM data is freely available via soccom.princeton.edu

The final figure gives the cumulative sum of local submesoscale Ekman Buoyancy Fluxes

highlighting the increased variability during early summer.
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Figure S1. TS diagram for the full deployment. The definitions of Winter Water and upper

Circumpolar Water are indicated with the arrows.
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Figure S2. Colocated SOCCOM float (id: 5904397) compared with the Seaglider. a) Temper-

ature section observed by the SOCCOM float. The white and magenta line is the mixed layer

depth. The magenta line corresponds to the blue points in c). b) Temperature section observed

by the Seaglider. The magenta line indicates the mixed layer depth. c) Location of the Seaglider

(orange points) and SOCCOM float (blue points).

Figure S3. Time cumulative sum of submesoscale Ekman Buoyancy Flux.
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ABSTRACT: The seasonal warming of Antarctic winter waters is a key process along the pathway

of deep water transformation to intermediate waters entering the upper branch of the circumpolar

overturning circulation. However, the driving mechanisms that mediate the warming of Antarctic

winter water have not been quantified. Using 38 days of glider measurements of microstructure

shear, we characterize the rate of turbulent dissipation and its drivers over a summer season in

the northern Weddell Sea. Observed dissipation rates in the surface layer are mainly forced by

winds, and explained by the stress scaling (𝑟2=0.84). However, mixing to the base of the mixed

layer during strong wind events is suppressed by vertical stratification from sea ice melt. Between

the winter water layer and the warm and saline circumpolar deep water, a subsurface layer of

enhanced dissipation is maintained by double-diffusive convection (DDC). We develop a winter

water layer temperature budget and show that a warming trend (0.2◦C over 28 days) is driven by

a convergence of heat flux through mechanically-driven mixing at the base of the mixed layer and

DDC at the base of the winter water layer. Notably, excluding the contribution from DDC results

in an underestimation of winter water warming by 23%, highlighting the importance of adequately

representing DDC in ocean models. These results further suggest that an increase in storm intensity

and frequency during summer could increase the rate of warming of the winter water layer with

implications for rates of upper ocean water mass transformation.
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SIGNIFICANCE STATEMENT: Around Antarctica, the summer warming of the subsurface28

cold Antarctic winter water feeds the upper layer of the overturning circulation. This study aims29

to quantify the mechanisms that mediate the warming of Antarctic winter water. Our results30

reveal that the observed warming of this layer can be explained by both surface wind-driven31

mixing processes as well as double-diffusive convection occurring beneath the winter water layer.32

Understanding the role of these mechanisms is important for understanding the regions upper ocean33

heat distribution, the rates of water mass transformation and how they might respond to changes in34

sea ice, stratification and the overlying large-scale winds.35

1. Introduction36

A unique characteristic of polar ocean regions is the formation of winter waters through intense37

heat loss to the atmosphere and sea ice freezing. In summer, the subsurface winter waters act as38

a barrier between the atmosphere and deep water sources of heat and carbon, thereby modulating39

the direct exchange of heat and carbon between the atmosphere and ocean interior. South of the40

Antarctic Polar Front (APF), cold Antarctic winter waters form an inversion separating the warm41

surface waters from the warm, CO2-rich upper Circumpolar Deep Water (UCDW). Here UCDW42

upwells towards the surface, where it is transformed by air-sea-ice buoyancy fluxes, thereafter43

subducting as part of the upper branch of the meridional overturning circulation (Abernathey et al.44

2016; Pellichero et al. 2018). The along-isopycnal link between the deep ocean and the surface45

in this region means that changes in the physical drivers of upper ocean properties, and therefore46

the rate of water mass transformation, can have global implications. The rate of water mass47

transformation in the upper-ocean has been linked to the transport and melt of sea ice (Abernathey48

et al. 2016), which increases the buoyancy of surface waters before they enter the upper branch49

of the overturning circulation. Below the mixed layer, the exchange of water properties between50

the mixed layer and UCDW, across the Antarctic winter water layer plays an important part in the51

transformation of UCDW to Antarctic Intermediate Water (AAIW) during summer (Evans et al.52

2018). Thus, understanding the processes that form and modify winter water is of global climatic53

relevance.54

Winter water is formed during cold winter months under destabilizing buoyancy forcing through55

cooling and sea ice growth. During these months, the surface mixed layer cools and deepens, en-56
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training underlying deep waters (UCDW, Foster and Carmack 1976; Hoppema 2004) and resulting57

in vertical fluxes of heat and salt (Gordon and Huber 1984; Martinson 1990; Evans et al. 2018).58

If the mixed layer cools sufficiently for sea ice formation, subsequent brine rejection during sea59

ice growth will increase the density of the mixed layer and entrain more heat from below, which60

will in turn warm the mixed layer further. This balance limits the volume of sea ice that can form,61

maintaining a relatively thin layer (∼0.5 m) of sea ice across the subpolar Southern Ocean (Gordon62

and Huber 1990; Shaw and Stanton 2014). The interplay between surface cooling and sea ice63

formation with the resultant upwards heat fluxes also limits the depth of surface mixing, confining64

the mixed layer to the upper 200 m (Gordon and Huber 1990; Pellichero et al. 2017; Wilson et al.65

2019). Regional heterogeneity in the thermodynamic coupling between winter sea ice and upper66

ocean stratification, highlighted by Wilson et al. (2019), showed that stronger pycnoclines require67

far greater winter sea ice growth to erode the pycnocline in regions of the Pacific Ocean whereas,68

in the Atlantic sector, typically weaker pycnoclines precondition the region for deeper convection.69

Weak stratification coupled with a sharp thermocline that is characteristic in the Weddell Sea,70

favors a high rate of wintertime heat ventilation and a strong negative feedback to ice growth, as71

observed by Shaw and Stanton (2014).72

In the winter, mixing across the mixed layer/UCDW interface cools UCDW, priming it for73

transformation to intermediate waters in the summer (Evans et al. 2018). During austral-summer,74

winter water is identified as a local subsurface temperature minimum, capped between the warm,75

fresh surface waters and the underlying warm and salty UCDW (Toole 1981; Gordon and Huber76

1990; Evans et al. 2018; Sabu et al. 2020). The depth of temperature minimum ranges from ∼30077

m near the Polar Front to shallower depths (∼50 m) with proximity to the Antarctic continent,78

where sea ice melt additionally stratifies the upper ocean (Toole 1981). As summer progresses,79

the subsurface winter water layer warms and erodes. Evans et al. (2018) show that these two80

aforementioned seasonal transitions of winter water formation and progression, and its role in81

UCDW transformation, i.e, via cooling and freshening of UCDW as winter water is formed,82

followed by summertime warming and freshening of UCDW, is driven both by air-ice-sea buoyancy83

fluxes at the surface and mixing at the subsurface. They attribute the wintertime transformation of84

dense water into lighter upper-ocean mixed layer water to the action of cabbeling (in which two85

water parcels mix to form a denser water parcel), at the subsurface between salty, cold mixed layer86
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waters and the warm and salty UCDW water. The summertime transformation is attributed to heat87

exchange with the atmosphere and sea ice melt. While Evans et al. (2018) addressed the processes88

driving the transformation of UCDW to AAIW at basin scales, the surface and subsurface mixing89

processes were not explicitly observed. Ultimately, water properties are irreversibly mixed at the90

scale of dissipation. Here, we use direct observations of dissipation to attribute the drivers of and91

quantify the rate of surface and subsurface mixing processes that control the transformation of92

winter water to AAIW during austral summer.93

The main sources of turbulence production in the surface ocean are convection, winds and waves.94

In the summer, the surface buoyancy fluxes are typically stabilizing (positive into the ocean) through95

surface warming and sea ice melt (Pellichero et al. 2017; Giddy et al. 2021). Thus, the remaining96

sources of turbulence production at the surface are primarily from winds and waves (Belcher et al.97

2012). Wind and wave-driven shear production is prevalent in the Southern Ocean in all seasons98

(Belcher et al. 2012). Mixing due to wind-driven shear production in the surface mixed layer is99

important in driving fluxes of carbon between UCDW and the mixed layer (e.g. Song et al. 2019;100

Nicholson et al. 2022). Processes that drive enhanced wind-driven shear above the cold winter101

water may result in substantial heat exchange, increasing the rate of warming and erosion of the102

winter water. Indeed, winter water properties in the Southern Ocean vary zonally over summer103

in both temperature and thickness (Figure 1; Sabu et al. 2020), responding to changes in wind104

forcing (Anilkumar et al. 2006) and large scale atmospheric variability (e.g. Southern Annular105

Mode, SAM). Stronger winds and a positive SAM promote enhanced warming of winter water,106

likely through shear-driven mixing in the mixed layer (Sabu et al. 2020).107

The possible subsurface mixing processes are shear instabilities from background shear, and108

breaking internal waves. Additionally, in polar oceans, the vertical thermohaline structure precon-109

ditions the ocean to double-diffusive convection (DDC, van der Boog et al. 2021). DDC was shown110

to be present at the base of the winter water where warm, salty water underlies cooler, fresher water111

(Shaw and Stanton 2014; Bebieva and Speer 2019). However, its contribution to the warming of112

the winter water layer is not known in summer. DDC can occur when gravitationally stable colder,113

and fresher water, overlies warmer, saltier water. At a molecular level, heat diffuses approximately114

100 times faster than salt in sea water. Thus, if a parcel of fluid is displaced downwards, it will115

quickly absorb heat by diffusion from its surroundings and ”overshoot” when rising back through116

5



the medium. This leads to an oscillation of growing amplitude and convecting cells, ultimately117

forming well-mixed layers separated by thin interfaces with temperature and salinity steps. The118

vertical structure is visible as characteristic layering or staircases in the temperature and salinity119

profiles when background turbulent mixing is sufficiently weak to allow the formation of the layer120

(Bebieva and Timmermans 2016; Shaw and Stanton 2014; Shibley et al. 2017). The resultant121

convection can lead to elevated rates of dissipation. Notably, the convecting cells can effectively122

exchange heat and salt across the interface because all potential energy (PE) is used to produce123

Turbulent Kinetic Energy (TKE, St. Laurent and Schmitt 1999; Inoue et al. 2007). This differs124

from shear-driven turbulence production wherein a proportion of TKE (∼0.2; Osborn 1980) is ex-125

pended in raising the PE of the water parcel and driving a buoyancy flux under stable stratification.126

An outstanding question pertains to the role of DDC in ice free summertime conditions and its127

contribution to the observed thinning and warming of winter water.128

The aforementioned mixing processes may drive modifications to winter water through the129

summer via turbulence production in the surface and subsurface. The primary goal of this study130

is to investigate the role of turbulent mixing in the transformation of winter water during summer131

using 38 days of direct observations of turbulent dissipation in the Weddell Sea. We (1) present a132

detailed characterisation of turbulent dissipation, (2) confirm the likely sources of turbulence, (3)133

quantify mean vertical heat fluxes and (4) determine the contribution of diapycnal heat fluxes to134

the seasonal warming of the winter water and therefore the processes that may increase or reduce135

the rate of transformation of winter water.136

2. Data and Methods149

a. Slocum150

A 1000-m-rated Teledyne Webb Research (TWR) Slocum G2 electric glider, referred through151

text as “glider”, was deployed from the RV SA Agulhas II at 58◦S, 0◦E on the 17 December 2019.152

The glider then transited directly south for 10 days, completing a ”mesoscale transect” (∼224 km),153

until it reached 60◦S on 25 December 2019. Thereafter, the glider completed a bow-tie pattern of154

shorter ”submesoscale transects” (∼20-60 km) until it was retrieved on 18 February 2020 (see inset155

on Fig. 1a). The bow-tie sampling pattern is chosen to increase the range of angles that the glider156

crosses lateral gradients within the mixed layer (Thompson et al. 2016). The glider was fitted with157

6



Fig. 1. Study location where Antarctic winter water is present and the location of the glider (black X at 0◦E

60◦S) deployed from December 2019 to February 2020. The inset on (a) shows the glider sampling pattern. The

average winter water thickness and its spatial extent are shown in (a) and (b), which is derived from Monthly

Isopycnal and Mixed Layer Climatology (MIMOC; Schmidtko et al. 2013) data for December and March

respectively. The seasonal progression of the thickness of the winter water (e.g. the difference between March

and December climatologies) is shown in (c). Contours on (a-c) indicate Antarctic Polar Front (red), Southern

Boundary of the Antarctic Circumpolar Current (orange), and the maximum (black dashed) and minimum (black

dotted) extent of sea ice (National Snow and Ice Data Center). (d) Temperature and salinity plot colored by time

based on measurements from the glider highlighting the summer seasonal progression of thermohaline properties

of the Mixed Layer, Winter water and Upper Circumpolar Deep Water (UCDW). Three example profiles of the

progression in TS properties during the observational period (deployment, start of submesoscale transects and

retrieval) are plotted in blue, orange and red, respectively.
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a Sea-Bird Slocum Glider Pumped Conductivity, Temperature and Depth sensor (GPCTD). On158

24 January 2020 the CT-pump failed because of a blockage, rendering the salinity data thereafter159

unusable until it unblocked on 10 February 2020. For the purposes of this study we elected to160

truncate the data at this point, and only included data until 24 January 2020, resulting in 38 days161

of continuous 1-second resolution temperature, salinity and pressure observations. The glider data162

were processed and corrected for thermal inertia of the conductivity cell using the software kindly163

provided by Dr. Gerd Krahmann (GEOMAR, Germany). This includes a hydrodynamic model164

from which the angle of attack and flow rate past the sensor are computed. Temperature and165

salinity measurements were compared with in situ CTD casts during deployment and retrieval of166

the glider. No correction was applied to temperature, but salinity was corrected for an initial offset167

of +0.0125 g kg−1 and a linear drift of −3.8×10−4 g kg−1 day−1 over the full deployment.168

b. Microstructure169

The glider was fitted with a neutrally buoyant, low-power, self-contained turbulence instrument170

package MicroRider-1000LP (MR), manufactured by Rockland Scientific International, Canada.171

The MR was equipped with two orthogonal airfoil velocity shear probes (SPM-38), a pressure172

transducer, a two-axis vibration sensor (a pair of piezo-accelerometers), and a high-accuracy dual-173

axis inclinometer (ADIS 16209, pitch and roll angles accurate to 0.18◦). Shear microstructure174

measurements were made to 500 m on both up and down casts throughout the deployment. The175

sampling frequency is 512 Hz on all turbulence channels (vibration, shear) and 64 Hz for the other176

channels (pitch, roll, and pressure).177

The viscous dissipation rate of TKE per unit mass (dissipation hereafter) is derived from the178

shear microstructure following Fer et al. (2014) using an adaption of the Rockland Scientific179

ODAS v4.4.04 software. The record from each shear probe is segmented into half-overlapping 30180

second long portions for spectral analysis. A fast Fourier transform (FFT) length corresponding181

to 5 seconds is chosen, and each 5 second segment is detrended and Hanning windowed before182

calculating the spectra. The average speed through the water, or equivalently, the flow past the MR183

sensor,𝑈𝑃, was 0.37 m s−1 during the deployment. We use this value, together with the size of the184

glider (∼2 m) to determine the time interval over which to calculate the rate of dissipation, noting185

that the FFT length should not be greater than the length of the platform. For statistical reliability186
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the ratio of dissipation length to FFT length should never be less than 2. We elected to use the 30187

second interval, with a 5 second FFT length and 50% overlap (15 seconds), which gives a degrees188

of freedom of 5. This selection is equivalent to 1.8 m along path length and resolves the low189

wavenumber part of the spectrum that is crucial for the roll off for low dissipation rates. The shear190

probe signal coherent with the accelerometer data (from the two-axis vibration sensor) is removed191

using the method outlined in (Goodman et al. 2006). The frequency spectra are converted into192

along-path wavenumber, 𝑘 , spectra using Taylor’s frozen field turbulence hypothesis and 𝑈𝑃. The193

dissipation rate for each segment is then calculated, assuming isotropic turbulence, by integrating194

the wavenumber spectrum as:195

𝜀 𝑗 =
15
2
𝜈(
𝜕𝑢 𝑗

𝜕𝑥
)2 ≈ 15

2
𝜈

∫ 𝑘𝑢

𝑘𝑙

Ψ(𝑘)𝑑𝑘, (1)196

where 𝜕𝑢 𝑗
𝜕𝑥

is the turbulent scale shear component measured along the glider’s along-path coordinate197

𝑥, 𝑗 identifies the shear probe number oriented orthogonal to measure the transverse and vertical198

components of the along-path shear, 𝜈 is the kinematic viscosity of seawater, that is a function of199

the local water temperature, and the overbar denotes averaging. The shear wavenumber spectrum200

is integrated between 𝑘 𝑙 , set by the window length and 𝑘𝑢, the minimum in a curve fit to the201

shear spectrum, that is unaffected by noise. The empirical model for the turbulence spectrum,202

determined by Nasmyth (1970), is used to correct for unresolved variance.203

Following the initial estimation of dissipation a number of quality control steps were applied,204

detailed in Appendix A.1. The noise floor for 𝜀 is determined to be 10−12 W kg−1.205

c. Ancillary Data206

Additional data products are used together with the glider data to estimate and characterize207

the surface forcing and ocean dynamics for the region. Co-located zonal and meridional wind208

stress as well as sensible, latent, shortwave and long wave heat fluxes together with evaporation209

and precipitation, were retrieved from ERA5 reanalysis at hourly intervals, with a 0.25◦ x 0.25◦210

resolution (Hersbach et al. 2018). The sea surface height fields used to determine the location of211

the Antarctic Polar Front and the Southern Boundary of the Antarctic Circumpolar Current (ACC)212

are based on SSALTO/Duacs Maps of Absolute Dynamic Height (MADT). Monthly Isopycnal and213
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Mixed-layer Ocean Climatology (MIMOC; Schmidtko et al. 2013) is used to produce the winter214

water thickness maps shown in Fig 11.215

d. Surface Buoyancy and Momentum Fluxes216

Net buoyancy into the ocean is defined as:217

𝐵𝑜 = −𝑔[𝛼𝑄𝑛𝑒𝑡
𝜌𝑐𝑝

+ 𝛽𝑆(𝐸 −𝑃)], (2)218

where 𝑔 = 9.8 m s−2 is gravitational acceleration, 𝛼 is the thermal expansion coefficient computed219

from Absolute Salinity and Conservative Temperature using the Gibbs Sea Water Toolbox (Mc-220

Dougall and Barker 2011)], 𝑄𝑛𝑒𝑡 is the net heat flux into the ocean (shortwave + longwave + latent221

+ sensible), 𝑐𝑝 is the heat capacity of water = 4000 J K−1 kg−1, 𝜌0=1027 kg m−3 is a reference222

density, 𝛽 is the saline contraction coefficient, 𝐸 , evaporation, 𝑃, precipitation, and 𝑆 is surface223

salinity measured by the glider.224

e. Water Mass Definitions225

The water mass layers are defined as follows. The mixing layer depth is derived from estimates226

of turbulent dissipation following (Brainerd and Gregg 1995) where active mixing occurs above227

a threshold of 𝜀 = 10−8 W kg−1. The mixed layer depth is defined based on a change in density228

of 0.03 kg m−3 from a reference depth of 10 m (Boyer Montégut et al. 2004). The base of the229

winter water is identified as the isopycnal of the maximum winter mixed layer depth measured by a230

BGC-Argo float (WMO ID: 5094397, Talley et al. 2019), that was circulating in close proximity to231

the glider. In the case of the MIMOC data, the base of the winter water is similarly computed using232

the seawater density in the mixed layer in September when the mixed layer is, on average, deepest.233

A transition layer between the winter water and UCDW is defined as the region of high stratification234

below the winter water (as in Dohan and Davis 2011). To remove the effects of internal waves, the235

transition layer was smoothed by the inertial period (13 hours). Beneath the transition layer lies236

the UCDW.237
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f. Derivation of turbulence parameters238

The turbulent buoyancy or heat flux can be expressed as a down-gradient mixing of density at a239

rate given by a diapycnal eddy diffusivity, 𝐾 . Diapycnal diffusivity is estimated from measurements240

of turbulent viscous dissipation following the Osborn (1980) model for mixing in a stratified ocean241

and assuming isotropy.242

𝐾 = Γ
𝜀

𝑁2 , (3)243

where Γ is the mixing efficiency coefficient, 𝜀 is viscous dissipation and 𝑁 is the Brunt-Vaı̈sala244

frequency, calculated using the Gibbs Seawater TEOS-10 Toolbox (McDougall and Barker 2011).245

In this model, a parameterization of mixing efficiency, the mixing efficiency coefficient, Γ , is246

applied. The mixing efficiency coefficient indicates the conversion efficiency of TKE into PE and is247

assumed, at its upper limit, to be a constant, 0.2. However, the mixing efficiency varies depending248

on the intensity of mixing. Turbulence intensity is measured using the Reynolds buoyancy number249

(Re) which quantifies the energetic capacity of the stratified flow to develop vertical overturns that250

lead to diapycnal mixing.251

Re =
𝜖

𝜈𝑁2 , (4)252

where 𝜈 = 1.8×10−6 m2 s−1 is the kinematic viscosity.253

At high or low mixing intensities the mixing efficiency decreases (Gregg et al. 2018). Bouffard254

and Boegman (2013) developed four regimes based on the Reynolds buoyancy number to modulate255

diapycnal diffusivity depending on the ratio of turbulent mixing to stratification. These regimes256

are marked in Figure 3. The above holds for conditions where shear is the source of turbulent257

production, however because double diffusive convection is driven by the release of PE, the258

production term of the TKE budget becomes negligible such that the efficiency coefficient can be259

assumed to be close to 1 (St. Laurent and Schmitt 1999).260

Further assuming the eddy diffusivity of density is equivalent to the eddy diffusivity of temper-261

ature, the vertical flux of heat (positive upward) can be defined as:262

𝐹𝐻 = −𝜌0𝑐𝑝𝐾
𝜕𝑇

𝜕𝑧
, (5)263
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where 𝐾 is the diapycnal eddy diffusivity and 𝜕𝑇/𝜕𝑧 is the vertical gradient in temperature with264

depth. We use the gradient in temperature and density computed over 3 meters.265

g. Double Diffusive Convection266

Double Diffusive Convection (DDC) is an efficient mechanism for heat and salt transport in the267

ocean. The potential for DDC to occur is assessed using the density ratio (R𝜌) defined here as:268

𝑅𝜌 ≡
𝛼Δ𝑇

𝛽Δ𝑆
, (6)269

in which ΔT /ΔS is the ratio of the bulk vertical gradients of temperature and salinity, estimated as270

the difference in temperature and salinity between the adjacent layers.271

The density ratio can be mapped onto polar coordinates to give the Turner Angle (Turner 1973):272

Tu = tan−1(𝛼𝜕𝑇
𝜕𝑧

− 𝛽𝜕𝑆
𝜕𝑧
,𝛼
𝜕𝑇

𝜕𝑧
+ 𝛽𝜕𝑆

𝜕𝑧
. (7)273

When Tu is less than −𝜋
4 and greater than −𝜋

2 , the water column is susceptible to DDC, with values274

closer to −𝜋
4 experiencing stronger DDC.275

h. Geometric and Arithmetic Means276

Turbulent dissipation spans many orders of magnitude, is intermittent and patchy in space and277

time. These characteristics mean that dissipation has a log-normal distribution (Baker and Gibson278

1987). Therefore, we elect to calculate the geometric mean instead of the arithmetic mean as a279

measure of the mixing rate over the course of the deployment. Using the arithmetic mean, which,280

in a log-normal distribution, is generally biased to a small number of large values on the right-hand281

side of the distribution, rather characterizes the integrated effect of the distribution (see discussion282

by Scheifele et al. 2021). For the estimation of eddy diffusivity, we use the geometric mean, but283

both values are reported. For clarity, when we apply the geometric mean, it is stated, and always284

plotted in grey, otherwise the arithmetic mean is assumed.285
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3. Results286

a. Observations of summertime warming and erosion of Antarctic Winter Water287

During austral summer, the subpolar Southern Ocean (south of the Antarctic Polar Front) is288

characterized by the widespread presence of subsurface winter water (Figure 1a-b). The thickness289

of the winter water (49 ± 28 m), which is ultimately an indication of the extent of the barrier290

between the surface mixed layer and the deeper interior heat and carbon reservoirs, is spatially291

heterogeneous. In December, the thickest winter water layers are located in the southern Weddell292

Sea (∼250 m), with a band of thinner winter water at the Southern Boundary of the ACC (∼10 m;293

Figure 1a). The rate of erosion or thinning of the winter water layer over the summer season is also294

widespread but heterogeneous (Figure 1c). Notably, winter water in the Ross Sea and in regions295

further to the north is observed to spread vertically (become thicker instead of thinner).296

In situ glider observations, which are carried out in a region where on average winter water297

thickness erodes in summer (by ∼ 20 m, Figure 1c), provide a high-resolution perspective of the298

seasonal evolution of the vertical structure of the upper ocean in this region. The water column299

at the glider location in the north east Weddell Sea is composed of three distinct water masses300

identified in temperature and salinity space (Figure 1d): the surface mixed layer (ML), the winter301

water characterized by the temperature minimum and the deep warm and saline UCDW. The302

surface waters and winter waters increase in temperature, seen as an upwards shift in the T/S plot303

at densities below the 27.6 kg m−3 isopycnal (Figure 1d). Three profiles are identified (also shown304

in Figure 2a) from the start of the observation period (blue), near the start of the submesoscale305

transects (orange) and towards the end of the deployment (red) to highlight the seasonal warming306

of the winter water.307

The subsurface temperature minimum that identifies the winter water is again evident in the time-308

averaged vertical profile of temperature (Figure 2a). Recent sea ice melt caps the cold, salty surface309

water that formed during winter with a shallow, fresh layer that rapidly warms under positive heat310

fluxes from the atmosphere (Figure 4a). The combination of these stabilizing buoyancy fluxes311

results in a strongly stratified mixed layer (Figure 2b-d). Strong, but intermittent mixing in the312

surface mixed layer is evident from the high values of dissipation (𝑂(10−6) W kg−1). A secondary313

layer of stratification lies at the base of the winter water, where warm and salty UCDW comes314
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into contact with the overlying cold and less saline waters. Coincident at the interface between the315

winter water and UCDW, is a band of enhanced turbulent dissipation (Figure 2e-f). This region is316

hereon referred to as the transition layer (TL).317

b. Rates of turbulent dissipation325

The distribution of turbulent dissipation values are skewed to the right (Figure 3a), spanning326

several orders of magnitude from 10−12 to 10−6 W kg−1, with 63% of the observations measured327

in quiescent conditions (𝜀 < 10−10 W kg−1) and only 3% greater than 10−7 W kg−1.328

Rates of dissipation also vary with depth (Figure 2b, Figure 3a, Table 1). The highest rates329

(2×10−8 W kg−1, geometric mean) of dissipation occur at the surface, where the ocean is in direct330

contact with the atmosphere and subject to mechanical forcing by winds. There is a secondary331

region of enhanced dissipation rates at the base of the subsurface winter water, centered around332

the transition layer (3.8× 10−10 W kg−1, geometric mean). Below this layer the geometric mean333

dissipation rate is 3.3×10−11 W kg−1.334

The buoyancy Reynolds number (Figure 3b) quantifies the energetic capacity of the stratified flow335

to develop vertical overturns that lead to diapycnal mixing. It is defined as the ratio of turbulent336

kinetic energy, given by dissipation, that would lead to vertical overturns, to the potential energy337

stored in stratification, which tends to inhibit overturns. Typically, a critical value of Re ∼ 10338

is assumed, below which diapycnal turbulent mixing is unlikely (Shih et al. 2005; Bouffard and339

Boegman 2013). While a large number of measurements recorded low values of dissipation, 83%340

of the measurements occurred under conditions where Re ≥ 10, suggesting that in most cases,341

stratification was not sufficiently strong to inhibit even weak vertical overturns. This shows that342

vertical fluxes of properties such as heat and carbon are largely set by turbulent mixing rather than343

molecular diffusion. This is different than the more quiescent Arctic marginal ice zone, which is344

also impacted by positive buoyancy during ice melt but does not experience the strong wind forcing345

that is characteristic of the Southern Ocean (Scheifele et al. 2021; Young and Ribal 2019).346

c. Mixing processes352

Here we present evidence for the primary drivers of turbulent dissipation in the upper subpolar353

Southern Ocean. The motivation for this is two-fold. Firstly, different turbulent regimes (e.g.354
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Fig. 2. Mean (a,c,e) and temporal evolution (b,d,f) of Conservative Temperature (Θ), stratification (N2) and

turbulent dissipation (𝜀). From the surface to depth the extent of the mixing layer (grey line) and the mixed layer

(ML), the winter water layer (WW) and the transition layer (TL, below the WW although typically thought of as

beneath the MLD) are shown. The grey and yellow shading in the left hand column indicates the time-averaged

vertical extents of the ML, the WW, the TL and the Upper Circumpolar Deep Water (UCDW). The arrow in

(b,d,f,) indicate when the bowtie sampling pattern begins. In (a), vertical lines correspond to the profiles shown

in Fig 1d.
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324

shear production versus DDC) are associated with different mixing efficiencies which will impact355
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Fig. 3. (a) Stacked histogram of turbulent dissipation, 𝜀, separated into upper-ocean layers: Mixed Layer (ML),

Winter Water (WW), Transitional Layer (TL) and Upper Circumpolar Deep Water (UCDW). Inverted triangles

identify the geometric mean (grey) and arithmetic mean (black) of the complete dataset. (b) Distribution of the

Buoyancy Reynolds number, Re, also separated by layers. Vertical lines identify the thresholds used to derive

diapycnal diffusivity, 𝐾 (Bouffard and Boegman 2013).
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351

approximations of vertical heat fluxes. Secondly, an understanding of the drivers of turbulent356

mixing is essential for the interpretation of the variability in the mixing itself.357

Buoyancy forcing is largely stabilizing (negative out of the ocean), except during night (Figure 4a),358

such that wind becomes a major source of turbulence in the surface ocean. The Monin-Obukhov359

length scale is used to determine the relative importance of wind forcing to buoyancy forcing and360

defined as:361

LMO =
−𝑢3

∗
𝜅𝐵𝑜

, (8)362

where 𝑢∗ is the friction velocity defined as
√︃

𝜏
𝜌𝑜

, 𝜅 is the von Kármán constant and 𝐵𝑜 is the surface363

buoyancy flux. During the period of observation, buoyancy forces are predominantly stabilizing364
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Table 1. Statistics of turbulent parameters (all quantities are binned to 3 m in the vertical).

𝜀 (W kg−1) Re 𝐾 (m2 s−1) Count

All AM 1.5× 10−8 6207 1× 10−4 80355

GM 1.1× 10−10 - 9.4× 10−6

Median 5.3 ×10−11 32 9.6× 10−6

Mixed Layer AM 1.6× 10−7 73765 - 7582

GM 2.0× 10−8 - - -

Median 2.7× 10−8 1443 -

Winter water AM 3.2× 10−9 64 1.3× 10−5 11754

GM 3.6× 10−10 - 3.6× 10−6

Median 2.6× 10−10 13 4× 10−6

Transition Layer AM 9.7× 10−10 105 1.2× 10−5 10225

GM 3.8× 10−10 - 4.1× 10−6

Median 3.0× 10−10 14 4× 10−6

Upper Circumpolar Deep Water AM 7.1× 10−11 126 2.3× 10−5 50794

GM 3.3× 10−11 - 1.1× 10−5

Median 2.8× 10−11 38 1× 10−5

(Fig 4a). Nevertheless, —LMO— has a large dynamic range (>1000 m under strong winds and <365

1 m under weak winds and stabilizing buoyancy forcing with negative 𝐵𝑜) (Fig 4b,c).366

Mechanically-driven mixing372

The possible sources of shear in the surface layer and immediately below the mixed layer are373

shear resulting from geostrophic current, and winds and inertial shear. Deeper below the base of374

the mixed layer, possible sources are geostrophic currents and internal waves.375

We assess the potential importance of geostrophic shear in producing turbulence by estimating376

the thermal wind shear, 𝜕𝑢𝑔
𝜕𝑧

= 𝑔
𝜕𝜌

𝜕𝑦
/ 𝑓 , from temperature and salinity measured by the glider. We377

assume that the glider is mostly measuring the meridional density gradient (see glider sampling378

pattern in Fig 1a). While some shear due to geostrophic currents was present, shear was low379

compared to local stratification and therefore geostrophic shear production of turbulence between380

the layer interfaces was likely negligible (
(
𝜕𝑢𝑔
𝜕𝑧

)2
∼ 𝑂 (10−7 s−2); 𝑁2 ∼ 𝑂 (10−5 s−2)). This is381

unsurprising given the region is relatively quiescent in terms of larger-scale currents (du Plessis382

et al. 2022, their Figure 1a).383

We estimate dissipation attributed to internal waves in the ocean interior using the strain-based384

fine scale parameterization for dissipation (Polzin et al. 1995; Whalen et al. 2015), over 64 m385
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Fig. 4. Timeseries (25 Dec 2019 to 22 Jan 2020) of surface fluxes at 60◦S; 0◦E. (a) Net buoyancy (black,

positive upwards), decomposed into freshwater (blue) and heat (red) components; (b) wind stress; (c) Monin-

Obukhov lengthscale, LMO, plotted on log-scale. Colors identify stabilizing and destabilizing regimes at 𝑧 =5;

and (d) decay with depth of incoming shortwave radiation. The accumulated shortwave flux into the winter water

is overlain in blue. White contours show the mixed layer and the base of the winter water layer

367

368

369

370

371

half-overlapping vertical bins. The time-averaged geometric mean dissipation below in the UCDW386

layer is 4.9 × 10−11 W kg−1, which is similar to that observed, suggesting that internal waves387

account for the background dissipation in the ocean interior. The time-averaged strain-based388

dissipation estimate between the mixed layer and UCDW is 4.0 × 10−10 W kg−1, also comparable389

to the observations (Table 1), however, this method does not hold in regions susceptible to DDC,390

considered in the following section.391

We use similarity scaling to assess the role of wind stress in shear production of turbulence. To392

a first approximation, the surface of the ocean can be seen as a flat, rigid wall, beneath which a393
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purely shear-driven boundary layer evolves, given by the boundary layer similarity scaling, Law of394

the Wall, which describes viscous dissipation as decaying with distance from the surface.395

𝜀LOW(𝑧) = 𝑢3
∗

𝜅 |𝑧 | , (9)396

where 𝑧 is the distance from the surface. We reconstruct vertical profiles of turbulent dissipation397

using the LOW relation. The theoretical dissipation rates predict 84% (Fig 5a) of the variability398

in glider observed dissipation rates (averaged between 5-15 m and smoothed over ∼4-hours),399

indicating that shear-driven turbulence production in this region is largely driven by wind forcing.400

Outliers at low values of dissipation, marked on Fig 5a in red, are associated with measurements401

that were taken when XLD/|𝐿𝑀𝑂 | > 1 (when buoyancy forcing is strong relative to wind forcing).402

The markers in blue define where wind forcing is dominant (here defined as XLD/|𝐿𝑀𝑂 | < 0.3).403

The threshold of 𝐿𝑀𝑂 that defines where overturns are driven solely by wind was selected based404

on the best fit in Fig 5b, wherein the mixing layer depth deepens under increasing friction velocity405

(𝑟2 = 0.61). Mixing layer depth is normalized by the mixed layer depth to identify where the mixing406

layer deepens below the mixed layer and entrainment can occur. The outliers at high wind stress407

show that the mixing layer is deepening less than expected (this coincides with the strong wind408

event centered around 28 December 2019, Fig 4b). In this case, we see that mixing depth is deeper409

than the mixed layer (XLD/MLD >1), suggesting entrainment. The vertical extent of mixing is410

shallower than predicted by LOW alone, because turbulence is suppressed by the stratification at411

the base of the mixed layer.412

Double diffusive convection422

Double diffusive convection conditions are often found in high latitudes and are characteristic423

of waters in the Weddell Sea, where the cold, fresh winter water overlies warm and salty UCDW424

(Muench et al. 1990; Shaw and Stanton 2014). A band of DDC conducive conditions was identified425

where −𝜋/2 < Tu < −𝜋/4 (equation 7). The average depth range of the DDC band was between 60426

and 230 m, at the interface between the base of the winter water and UCDW (Fig 6c). DDC often427

appear as staircases in the temperature profiles (see example profile in Fig 6b). Not every profile428

was characterized by thermohaline staircases, even if the Turner angle indicated that conditions429

were favourable for DDC to occur and Re is, on average, lower in the winter water and transition430
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Fig. 5. (a) Relationship between theoretical dissipation rates (𝜀𝐿𝑂𝑊 ) and glider observed dissipation rates

(𝜀𝑜𝑏𝑠) averaged over 5-15 m depth (on logarithmic scales) during the submesocale transects of the deployment

(25 December 2019 - 22 January 2020), corrected for an offset of 0.58. The 1:1 line is plotted for reference in

black. (b) Relationship between mixing layer depth (XLD, defined as in Brainerd and Gregg 1995) normalized

by the mixed layer depth, MLD, and the friction velocity, 𝑢∗. The markers are colored according to the dominant

forcing, given by the ratio of XLD to the Monin Obhukov lengthscale, 𝐿𝑀𝑂. Wind forcing (XLD/𝐿𝑀𝑂 < 0.3)

in blue, strong buoyancy forcing (XLD/𝐿𝑀𝑂 > 1 in red, and the remainder in grey dots). A rolling mean over 3

profiles (∼4-hours) was applied. The black line is the linear regression (with r2=0.61) computed for XLD/𝐿𝑀𝑂 <

0.3, but excluding the points when the friction velocity is greater than 0.02 m s−1.

413

414

415

416

417

418

419

420

421

layers (Table 1). Nevertheless, in these cases, it is possible that intermittent energetic turbulent431

mixing (e.g. from enhanced shear driven by internal waves) prevents the staircase structures432

from persisting even under DDC conducive conditions (e.g., Guthrie et al. 2017; Shibley and433

Timmermans 2019). But, considering that the distribution of buoyancy Reynolds number in the434

winter water and transition layer is skewed to the left (Fig 3b), shear-driven turbulence in these435

layers is likely not dominant. Additionally, the glider’s average sampling vertical resolution of 0.2436

m (1 Hz sampling frequency) limits the ability to resolve temperature staircases to scales larger437

than 40 cm, missing finer-scale staircases.438
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Fig. 6. Mean vertical profiles (during the submesoscale transects) of (a) Absolute Salinity, 𝑆𝐴, (b) Conservative

Temperature, Θ (c) Turner angle and (d) spice variance. Temperature staircases of a characteristic profile of

temperature is shown in (b). Regions that are susceptible to double diffusive convection are labelled in (c). The

shading indicates the mean extent of the ML, WW, TL and UCDW as in Fig 2
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A further line of evidence for the presence of DDC is given in the recent work by Middleton439

et al. (2021) in which they propose that temperature and salinity compensated (spice) gradients440

generated by along-isopycnal stirring drive double-diffusive motions. It is thus predicted that DDC441

will be active where there is high spice variance (given negligible shear). We observe that the442

region of highest time-averaged spice variance (computed from the Gibbs Sea Water TEOS-10443

Toolbox, McDougall and Barker 2011) coincides with the region susceptible to DDC in terms444

of the Turner Angle (Fig 6). From this, Middleton et al. (2021) developed a method by which445

dissipation rates can be estimated. This will be considered in future work.446

d. Vertical turbulent heat fluxes into the winter water451

Turbulent eddies can effectively transport heat across a temperature gradient. The resulting heat452

flux is approximated based on the rate of turbulent eddy diffusivity and the strength of the vertical453
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gradient (refer to methods section 2f). Because of the characteristic temperature minimum at the454

core of the subsurface winter water layer, the temperature gradient peaks both at the base of the455

mixed layer and the base of the winter water layer (Fig 2a). At these interfaces, there are also456

enhanced vertical overturns (high rates of dissipation), which, together with the strong vertical457

gradient in temperature (∼0.05 ◦C m−1), result in the vertical transport of heat. An average heat458

flux of 18 W m−2 from the mixed layer into the winter water layer, together with an average of 4 W459

m−2 upwards from the underlying UCDW result in a convergence of heat in the subsurface layer460

(Fig 7).461

Diffusivity by DDC is almost an order of magnitude greater than that resulting from shear462

production of turbulence. The average diffusivity by DDC where −𝜋
2 <𝑇𝑢 < −𝜋

4 is (2.5±0.9) ×10−5
463

m2 s−1, whereas the average turbulent diffusivity over the same depth range is (4.5±1) ×10−6 m2
464

s−1. We additionally estimate the double diffusive contribution to heat flux following the four-thirds465

flux law (Kelley 1990) that allows for estimates of heat flux without microstructure measurements.466

We compare DDC heat fluxes based on observations of dissipation to estimates based on the467

empirical flux law, in the case where double-diffusive convection drives turbulent heat fluxes. For468

this we hand selected a number of profiles where thermohaline staircases were well-defined and469

applied the four-thirds flux law (Kelley 1990; Guthrie et al. 2015).470

𝐹4/3 = 0.0032exp( 4.8
𝑅0.72
𝜌

)𝜌𝑐𝑝 (
𝛼𝑔𝜅

𝑃𝑟
)1/3Δ𝑇4/3, (10)471

where 𝑅𝜌 is the density ratio, 𝜅 is the molecular diffusivity of heat for seawater, 1.4 × 10−7 m2 s−1,472

P𝑟 is the Prandtl number = 𝜈
𝜅
. Δ𝑇 is the temperature difference between adjacent layers. Ungridded473

1-second resolution temperature profiles were used for these calculations. The non-dimensional474

density ratio is a bulk value and was computed from the 3 m gridded data to represent a background475

average.476

The mean density ratio (equation 6) for all profiles over the deployment was 2.9 ± 0.3. For each477

selected profile, the most defined interface was selected. From this, the mean density ratio and the478

maximum gradient in temperature were used to compute an upper limit estimate for the flux law,479

giving an average over 33 selected profiles of 4.7 ± 1.5 W m−2, which is comparable to the average480

heat flux computed from direct measurements of dissipation (4.5 ± 1.8 W m−2). As such, 𝐹4/3 can481

approximate the vertical heat fluxes by DDC in this region.482
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487

488

Over the summer season, we observe a warming and thinning trend in the winter water layer483

(Fig 8) and hypothesize that this warming is driven primarily by turbulent heat fluxes. To test this484

hypothesis we develop a winter water temperature budget, described in the following section.485

e. Drivers of seasonal warming of Antarctic Winter Water489

A winter water temperature budget is developed to investigate the drivers of the seasonal warming495

of the winter water layer. The mean temperature in this layer increases by 0.2◦C over 28 days496

(Fig 1d, 2b, 8a), even though the incoming solar radiation decreases later in the time series497

(Fig 4a). Concurrently, the thickness of the layer reduces by 36 m over the same time period498

(Fig 2a, 8c). No significant trend in salinity is observed (Fig 8b), suggesting that the trend in the499

thickness of the layer is likely driven by the trend in temperature. Similar warming and thinning500

trends are observed across the Southern Ocean where winter water is present. For example, in501

the MIMOC climatology (Fig 1), on average, winter water thins by 20 m at 60◦S, 0◦E between502
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Fig. 8. Temporal evolution of averaged properties within the winter water layer are provided for (a) Conservative

Temperature, Θ and (b) Absolute Salinity, 𝑆𝐴. The Winter Water Layer thickness (defined as difference between

the base of the mixed layer and the deepest mixed layer isopycnal during winter) is provided in (c). Marked on

(a-c) are the trends estimated over the observational period (grey dashed-line). 𝑟 is the correlation coefficient

and 𝑝 < 0.01 shows a significant trend.

490

491

492

493

494

December and March. And, in glider observations during the preceding year (2018-19 summer503

season), the winter water is observed to warm by 1.1 ◦C over three months (du Plessis et al. 2022).504

505

Heat into the winter water layer originates from both lateral and vertical sources. Because we506

do not have in situ parallel observations of horizontal flow, the temperature budget is simplified507

to neglect the lateral components contributing to winter water layer variability. Within the sea508

ice impacted Southern ocean surface mixed layer, the lateral transport component has been shown509

to be considerable (Giddy et al. 2021; du Plessis et al. 2022); however, because of the strong510

stratification at the base of the mixed layer, we make the assumption that the processes driving the511

lateral transport (Ekman transport, mixed layer eddy stirring) are confined to the mixed layer and512
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can reasonably be neglected in the subsurface layer. Vertical sources considered are entrainment513

through variation in the depth of the mixed layer and the base of the winter water layer (defined514

as the isopycnal of the the deepest winter mixed layer), turbulent heat fluxes and incoming solar515

radiation.516

( 𝜕𝑇
𝜕𝑡

)𝑊𝑊︸    ︷︷    ︸
Temperature tendency

= + 1
ℎ𝑊𝑊𝑐𝑝𝜌𝑜

(𝑄𝑆𝑊 (𝑀𝐿) −𝑄𝑆𝑊 (𝑊𝑊))︸                                       ︷︷                                       ︸
I: Shortwave radiation

− 1
ℎ𝑊𝑊

( [−𝐾 𝜕𝑇
𝜕𝑧

]−ℎ𝑀𝐿 − [−𝐾𝐷𝐷𝐶
𝜕𝑇

𝜕𝑧
]−ℎ𝑊𝑊 )︸                                                     ︷︷                                                     ︸

II: Vertical mixing

− 1
ℎ𝑊𝑊

[𝐻 (𝑊𝑒𝑀𝐿) (𝑇𝑀𝐿 −𝑇𝑊𝑊 ) +𝐻 (𝑊𝑒𝑊𝑊 (𝑇𝑊𝑊 −𝑇𝑊𝑊+5))]︸                                                                           ︷︷                                                                           ︸
III: Vertical entrainment

.

(11)517

Depth is positive upwards. 𝑇𝑀𝐿 is the mean temperature in the mixed layer, 𝑇𝑊𝑊 is the mean518

temperature in the winter water layer. ℎ𝑊𝑊 is the thickness of the winter water layer.519

The first term on the right hand side (I) is the accumulation of shortwave heat flux (𝑄𝑆𝑊 ) in the520

winter water layer (Fig 4d). This term is approximated by exponentially decaying the incoming521

shortwave with depth following Wijesekera (2005), using the a double exponential formulation for522

the decay of penetrative solar radiation for Jerlov Type II waters, applicable for the open ocean523

where chl a > 0.01 mg m−3 (Paulson and Simpson 1977).524

𝑅𝑠 (𝑧) = 𝑅𝑠 (0) [0.77exp(−|𝑧 |/1.4) +0.23exp(−|𝑧 |/14)], (12)525

where 𝑅𝑠 (0) is the net shortwave radiative flux at the surface and 𝑧 is depth. The difference in𝑄𝑆𝑊526

at the base of the mixed layer and the base of the winter water is taken as the accumulated 𝑄𝑆𝑊 .527

The second term (II) is the vertical mixing term, decomposed into shear-driven mixing at the528

base of the mixed layer and double-diffusive mixing at the base of the winter water layer. 𝐾529

is the eddy diffusivity at the mixed layer base and 𝐾𝐷𝐷𝐶 is the eddy diffusivity where DDC is530

assumed. 𝜕𝑇
𝜕𝑧
]−ℎ𝑀𝐿 and 𝜕𝑇

𝜕𝑧
]−ℎ𝑊𝑊 are the vertical temperature gradients across the mixed layer531

and winter water interface respectively. The last term (III) is the entrainment into or detrainment532
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out of the winter water layer from above and below. The vertical velocity across the upper and533

lower boundaries is computed as 𝑊𝑒 ≈ 𝑑ℎ
𝑑𝑡

at each boundary respectively, assuming negligible534

Ekman pumping velocities (average 𝑊𝑒𝑘𝑚𝑎𝑛 = ( 𝑑𝜏𝑦
𝑑𝑥

− 𝑑𝜏𝑥
𝑑𝑦

)/𝜌𝑜 𝑓 ∼ 10−7 m s−1, two orders of535

magnitude smaller than the average entrainment velocity at the base of the mixed layer). 𝐻 is the536

Heaviside function, where 𝑊𝑒𝑀𝐿 < 0 and 𝑊𝑒𝑊𝑊 > 0 is entrainment and 𝑊𝑒𝑀𝐿 > 0 and 𝑊𝑒𝑊𝑊 < 0537

is detrainment. 𝑇𝑀𝐿-𝑇𝑊𝑊 is the difference in mean temperature within the mixed layer and the538

winter water and 𝑇𝑊𝑊 - 𝑇𝑊𝑊+5 is the difference in temperature between the average winter water539

temperature and 5 m below the winter water base. Vertical entrainment estimates are sensitive to540

the choice of smoothing for the vertical velocity calculation 𝑑ℎ/𝑑𝑡. In this study we selected a 13541

hour smoothing (the inertial period at this latitude).542

The temperature fluctuations in the winter water are resolved by entrainment and detrainment550

from above and below the mixed layer (e.g., compare Fig 9a,d), however the warming trend (Fig 8a)551

is explained primarily by the convergence of turbulent heat fluxes (average 22 W m−2 into the winter552

water, increasing the temperature by 0.18◦C; Fig 9c), similar to the warming trend observed in553

the data (0.2◦C; Fig 8a). The accumulation of shortwave radiation results in a small additional554

temperature increase of 0.02◦C (3.1 W m−2; 9b). The contribution from the shortwave component555

increases when the mixed layer shoals (Fig 4). It is also likely to increase further during low556

concentration phytoplankton blooms or when the bloom terminates (thus changing the exponential557

decay of shortwave heat flux). The observed winter water temperature trend agrees well with that558

modelled in the budget (Fig 9a). Episodic offsets (particularly evident between 13 - 20 January559

2020), are likely attributable to some contribution from the lateral components which were not560

included in the budget.561
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Fig. 9. (a) Observed (black) and modeled (red) winter water temperature tendency and the associated

components: (b) shortwave radiation; (c ) total turbulent vertical mixing (blue), down-gradient vertical mixing

across the base of the mixed layer (light blue), up-gradient vertical mixing across the base of the winter water layer

(dark blue) and (d) total vertical entrainment (dark green), entrainment across the base of the mixed layer (green),

entrainment across the base of the winter water layer (light green). Trends are indicated by the grey dashed lines

on a-d. Note the different scales on the y-axes. The roman numerals on top right of (b,c,d) correspond with the

terms in equation (11).
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4. Discussion and Conclusions562

This study provides a detailed characterization of the observed turbulent mixing processes in the563

sea-ice impacted Southern Ocean during austral summer. During the period of observation at our564
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study site, recent sea ice melt had stratified the surface layer, capping the cold winter water layer565

between the warm surface waters and the underlying warm UCDW (Fig 2). Subsequently, the layer566

of winter water gradually warms and reduces in thickness over the summer season (Fig 2,8a,c).567

The subsurface temperature inversion preconditioned, through the setup of a down-gradient of heat568

from the surface mixed layer to the winter water and an up-gradient of heat from UCDW to the569

winter water (Fig 2a,b), a convergence of heat flux into the winter water that explains the warming570

of the layer over the season (Fig 7, 8).571

Overall, mechanically-driven turbulent mixing accounts for an average of 18 W m−2 of heat flux572

into the winter water layer. Assuming DDC drives all the turbulent dissipation at the base of the573

winter water, DDC accounts for a heat flux from the underlying UCDW into the winter water layer574

of ∼ 4 W m−2. While this is an upper estimate, it provides evidence that DDC is likely the primary575

driver of the upwards transfer of heat from the UCDW into the surface layer during austral summer.576

If DDC is not taken into account (i.e. a mixing efficiency coefficient of 0.2 is used) the upwards577

heat flux would be < 1 W m−2, and result in an underestimation of this term.578

These results suggest that it is the accumulation of heat fluxes into the winter water layer via579

vertical turbulent mixing and DDC that accounts for the seasonal warming trend in the observations580

(Fig 9). While the strong wind event on 28 December 2019 is limited by stratification effects, the581

rate of dissipation, and therefore eddy diffusivity, is higher and supports enhanced vertical fluxes582

of heat, temporarily increasing the rate of warming of the winter water. This observation indicates583

that increased frequency of such events will result in a faster transformation rate of the winter584

water. This corroborates with longer term observations in which variations in Southern Annular585

Mode are linked to variations in the winter water (e.g., Sabu et al. 2020).586

Uncertainties587

Outstanding uncertainties pertain to two aspects of this study. First, eddy diffusivity is approx-588

imated based on a constant mixing efficiency (Osborn 1980; Bouffard and Boegman 2013). This589

approximation is not always appropriate near the base of the mixed layer as it was developed under590

the assumption of a stratified ocean (Gregg et al. 2018). Secondly, the winter water layer tempera-591

ture budget does not account for lateral processes (geostrophic and ageostrophic advection, lateral592

eddy diffusivity) which may remove or add heat to the budget. Uncertainties in the estimation593
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of heat fluxes associated with mixing efficiencies as well as lateral processes could be further594

constrained with velocity measurements. The addition of such observations would improve our595

understanding of the relative importance of processes in the evolution of the winter water layer in596

this climatically important region, and should be integrated to future field campaigns.597

Spatial variability in the seasonal erosion of winter water598

While the observations presented here are based in a single location, these findings are discussed599

in the broader spatial context of the winter water forming regions of the Southern Ocean (Fig 1).600

Fig 1c demonstrates that the erosion of winter water is not consistent across the subpolar Southern601

Ocean with the Weddell Sea showing some of the most extensive winter water erosion. Here,602

regionally weaker stratification predisposes the region to enhanced vertical fluxes (Wilson et al.603

2019). The heat fluxes into the winter water that were quantified in the Weddell Sea in this study604

therefore likely approximate an upper limit for the subpolar Southern Ocean. Conversely, the605

region that is not directly influenced by sea ice (north of the maximum sea ice extent) increases in606

thickness during the summer season. This water is warmer and fresher (not transformed by brine607

rejection during winter, Toole 1981). As such the vertical temperature gradients are expected to be608

weaker, reducing the potential for enhanced heat fluxes. On average, the core of the winter water609

is also deeper in these regions, requiring more energy to drive vertical heat fluxes.610

The Ross Sea is also subject to a broadening of the winter water vertical extent. Notably, this611

region has already been identified as one where DDC heat fluxes are weak (Bebieva and Speer 2019)612

and strong stratification between temperature staircases can act as a thermal barrier (Martinson613

1990). Further research into the drivers of an expanding winter water is needed to fully understand614

these patterns, but the observation of regional variability in the summer evolution of the winter615

water layer suggests that there will be a spatially heterogeneous response of the subpolar Southern616

Ocean to changing wind and sea ice patterns in the future (Young and Ribal 2019; Roach et al.617

2020).618

Southern Ocean significance619

Winter water is a widespread feature of the sea-ice impacted Southern Ocean (Fig 1). Heat and620

carbon exchange between the UCDW and surface ocean is modulated by the winter water layer,621
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which slows (or mediates) the exchange of water properties between these two water masses during622

austral summer. As winter water warms through the season, it reduces in thickness and erodes,623

bringing the underlying UCDW into closer contact with the surface mixed layer. The processes624

that drive the erosion of this layer therefore play an important role in mediating the amount of625

heat and carbon that is absorbed in the ocean or lost to the atmosphere. These observations626

demonstrate that mixing across the winter water layer (and therefore warming of the winter water)627

is driven both by top-down and bottom-up processes. The winter water layer warms by 0.2◦C628

in one month (Fig 8), following a similar trend observed in previous years (e.g., total of 1 ◦C629

over three months, du Plessis et al. 2022). As discussed, the convergence of heat into the winter630

water is predominantly attributed to wind-driven shear production at the base of the mixed layer631

(Fig 5) that mixes warm surface water into the colder winter water layer and DDC (Fig 6) at632

the base of the winter water layer that mixes warm UCDW water upwards into the winter water.633

Thus, changes to the rate of mixing has the potential to impact both sea ice formation and water634

mass transformation. Firstly, strong wind events, through increased turbulent mixing, will act to635

increase the rate of heat transfer into the winter water layer, warm the winter water and increase636

the rate of its erosion. This may imply, with the observed increase in storm frequency (Young637

and Ribal 2019), the winter water layer may become thinner over the summer season, enhancing638

heat exchange between the deep and surface ocean. The response of winter water to changing639

wind patterns has already been observed (Anilkumar et al. 2006; Sabu et al. 2020), although the640

direct mixing mechanisms were not studied. These results confirm that the properties of winter641

water will change in response to wind through its impact on turbulent mixing. However, there are642

many interacting and opposing processes. Stratification is expected to continue to increase (Sallée643

et al. 2021), suppressing the vertical extent of mixing. Our observation show that heat fluxes may644

nevertheless be enhanced under strong stratification (Fig 9b). Secondly, as the UCDW warms645

(Auger et al. 2021), the gradient between UCDW and the overlying winter water might be expected646

to increase, enhancing heat flux via DDC in some subpolar regions. Reduced ice cover would647

simultaneously decrease the seasonal stratification that results from sea ice melt, allowing heat to648

be more readily transported to the surface layer, where it inhibits further ice growth (Martinson649

1990). Warmer and reduced thickness of the austral summer winter water layers will likely result650
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in warmer intermediate waters that are subducted beneath the ACC (Evans et al. 2018), thereby651

impacting water mass transformation and the thermohaline circulation.652

Previous work has emphasized the importance of variations in surface salinity linked to sea ice653

in regulating the rate of water mass transformation in the subpolar Southern Ocean (Abernathey654

et al. 2016; Pellichero et al. 2018). Here, we add that changes in the mechanisms that drive655

heat flux can contribute to increasing the buoyancy of CDW and the transformation to AAIW656

before it reaches the mixed layer. Observations show that the Southern Ocean is warming (Auger657

et al. 2021), however interannual variability in the winter water layer south of Australia has been658

observed to be greater than the long term trend (Auger et al. 2021, their Figure 4b). Nevertheless,659

the shoaling and warming trend of the UCDW has been linked to increased stratification at the base660

of the winter water layer reducing mixing and the loss of heat from UCDW to overlying waters661

and the atmosphere (Auger et al. 2021). The increase in stratification is likely linked to freshwater662

forcing (Marshall et al. 2014; Armour et al. 2016; Lecomte et al. 2017). This work quantifies663

the contribution of turbulent mixing and its sensitivity to the driving mechanisms in regulating664

heat fluxes between these two water masses. An increase in the stratification at the base of the665

winter water may reduce the ability of DDC to drive heat fluxes (as seen in the Ross Sea where666

stratification is strong), however an increase in the temperature gradient enhances the potential for667

heat flux via turbulent mixing. While DDC may not contribute significantly to the global energy668

balance (as per van der Boog et al. 2021), it is identified here as an important mechanism driving669

fluxes of heat between UCDW and the winter water and is therefore important for water mass670

transformation in the subpolar Southern Ocean.671
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APPENDIX A689

Quality Control Measures for Dissipation Rate Estimates690

Here we describe the quality control procedures applied to each of dissipation estimates from both691

shear probes respectively, in order to identify dissipation estimates that are deemed untrustworthy.692

Data that does not pass the QC is masked before the analysis. First, the MR internal clock has a693

tendency to drift over time. The Slocum clock was used to correct for a 17 second drift in the MR694

clock over the period of the deployment.695

QC1. The servo-controlled battery positioning of the Slocum creates vibrations that may affect696

the quality of turbulence measurements. The servo was deactivated during the up-casts, but not697

during the down-casts due to a piloting error. To correct for the servo caused vibrations, segments698

during which the servo was on (identified as segments during the dive where the pitch changed)699

were filtered out from the dataset.700
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QC2. The glider is within 20 m of an inflection point. When the glider inflects, the angle of701

attack and estimate of glider speed is uncertain. Mechanical vibrations necessary to change the702

glider pitch at inflection also contaminate the measurements.703

QC3. Histograms of the glider angle of attack (AOA), pitch, roll and speed were used to704

diagnose the glider flight metrics. AOA and glider speed through the water are estimated from the705

hydrodynamic model of (Merckelbach et al. 2010), implemented in Gerd Krahmans GEOMAR706

software. Outliers were hand selected and masked. If the glider angle of attack is too steep, the707

data is also not reliable. Data where the gliders AOA was greater than modular 5 degrees was708

masked. Pitch angles less that —15𝑜— and greater than —30𝑜— were also masked as too steep709

or too shallow pitch angles. Notice that the pitch and AOA was more consistent on the climbs710

because the servo control was not deactivated. When the flow past the sensor was less than 0.25 m711

s−1 the data was masked. Rapid changes in pitch and roll are also unreliable, so data where ΔRoll712

and ΔPitch was greater than 1 was masked.713

QC4. The shear spectra was averaged over increasing levels of dissipation and compared to the714

empirical Nasmyth spectra to determine the noise level of the data. The Figure of Merit, which715

is a metric for the mean absolute deviation from Nasmyth (Wolk et al. 2002), and data where the716

FOM is >1.5 is masked. For increasingly weaker dissipation, the threshold is relaxed, such that717

for dissipation data between 10−10 and 10−11 W kg−1, a mask is applied where FOM > 2, and for718

values greater than 10−11 W kg−1, FOM ¿ 2.5.719

QC5. All dissipation values greater than 1x10−4 W kg−1 are masked as these values are too high720

to be detectable by the shear probes and can be assumed to be noise.721

QC6. Remaining suspect dissipation estimates were hand-selected and masked.722

QC7. Finally, to derive one estimate of dissipation from the two shear probes, we compared723

the dissipation estimates of the shear probes with each other. If their ratio was larger than 5, we724

selected the minimum value of the two, otherwise the average of the two was taken.725
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Abstract15

Carbon export from the ocean surface to depth is an important component of the bio-16

logical carbon pump, a key regulator of the world’s climate. The Antarctic Marginal Ice17

Zone accounts for 15% of Southern Ocean primary production, however, limited obser-18

vations mean that the variability and drivers of primary production and its link to ex-19

port are poorly constrained. Using a combination of gliders, biogeochemical Argo floats20

and satellite observations, we show that years with more sea-ice formation over winter21

result in more intense phytoplankton blooms (∼30% greater average daily Primary Pro-22

duction) and export to 100 m (∼50% higher daily carbon export) the following summer,23

but these increases were not reflected in the long term carbon export beyond the deep-24

est winter mixed layer depth. These results suggest that if Antarctic sea-ice continues25

to decline, the biological carbon pump may become weaker, with implications for climate26

and Antarctic ecosystems.27

Plain Language Summary28

Algae in the ocean surface take up carbon dioxide from the atmosphere through29

photosynthesis and transfer it to the deep ocean when they die and sink. This process30

is key to maintaining a habitable planet and is known as the biological carbon pump.31

The seasonally ice-covered ocean around Antarctica is one of the most active areas for32

algal growth, but also a region of rapid climate change. Because of the difficulty in tak-33

ing measurements in this remote region, the physical and biological processes that con-34

trol the growth and sinking of algae and its response to changing sea-ice remain uncer-35

tain. In this study, we use a combination of satellites and autonomous robots to eluci-36

date the role of sea-ice on the biological carbon pump. We find that sea-ice impacts al-37

gal growth by its influence on the light and nutrient conditions needed for photosynthe-38

sis. Predicting the amount of algae that sinks, although influenced by sea-ice conditions,39

is more complex and linked to the greater marine ecosystem. The evidence suggests that40

the species of algae, zooplankton grazing, and the rate at which dead algae breaks down41

are important and should be a focus point for further research.42

1 Introduction43

The Antarctic Marginal Ice Zone (MIZ) undergoes the surface ocean’s largest trans-44

formation by the annual growth and retreat of sea-ice (Parkinson, 2019). One of the most45

productive oceanic regions (Arrigo et al., 2008; Ardyna et al., 2017), the MIZ accounts46

for ∼ 15% of Southern Ocean (SO) primary production (PP) (Taylor et al., 2013), that47

supports a diverse food-web dominated by krill, marine birds, seals and whales (Massom48

& Stammerjohn, 2010), and drives the biological carbon pump, through the downward49

transport of particulate organic carbon (POC) from the surface ocean to the interior.50

The phenology of phytoplankton blooms in the Antarctic MIZ has been relatively51

well-observed since the satellite era and the introduction of under ice biogeochemical Argo52

(BGC-Argo) floats (Thomalla et al., 2011; Ardyna et al., 2017; Uchida et al., 2019; Arteaga53

et al., 2020; von Berg et al., 2020). Here, the seasonal range of PP is 2-3 times greater54

than in other SO regions in response to the high seasonality of solar irradiance and sea-55

ice (Ardyna et al., 2017). Although blooms initiate while still under light-limited con-56

ditions (<1 Ein m−2 day−1) (Arteaga et al., 2020; Hague & Vichi, 2021), sea-ice melt57

enhances the rate of PP by generating a shallow freshwater lens and retaining phytoplank-58

ton in a higher average light environment (Smith & Nelson, 1985; Smith & Comiso, 2008;59

Thomalla et al., 2011; Lester et al., 2021). Ice melt also deposits iron (Arrigo et al., 2008;60

Lannuzel et al., 2016), which can temporarily enhance PP. However, in the SO, the ma-61

jor supply of iron is from depth, when winter mixing deepens the mixed layer beyond62

the ferricline and entrains a large reservoir of iron to support seasonal growth (Tagliabue63

et al., 2014; Llort et al., 2015; Nicholson et al., 2016, 2019; Ardyna et al., 2017).64
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PP is connected to the export of POC into the ocean interior through biological65

and physical processes, with only a small fraction of the organic carbon fixed by PP in66

the surface ultimately reaching the ocean interior (Martin et al., 1987; Giering et al., 2014;67

Henson et al., 2019). Particles are exported from the surface layer by sinking via the bi-68

ological gravitational pump or by direct transport through the physical injection pump69

(Boyd et al., 2019). In the MIZ, the seasonal shoaling of the mixed layer traps particles70

beneath the thermocline, however most export occurs towards the end of the bloom sea-71

son (Moreau et al., 2020) and strong stratification by sea-ice melt suppresses vertical trans-72

port along isopycnals (Giddy et al., 2021). The biological gravitational pump is there-73

fore thought to be more important in this region. The export efficiency of the biolog-74

ical gravitational pump is regulated by particle formation and rates of sinking (aggre-75

gation, fragmentation, ballasting, senescence, grazing, viral lysis) and remineralization76

(microbial activity, chemical dissolution), themselves factors that largely depend on rates77

of PP and the community composition (Bach et al., 2019; Henson et al., 2019).78

Globally, the upper ocean is predicted to continue to stratify into the 21st century79

(Kwiatkowski et al., 2020; Sallée et al., 2021). In the Antarctic MIZ, the resultant re-80

duction in vertical nutrient fluxes may decrease PP (Arteaga et al., 2020), but conversely,81

decreased sea-ice cover may lengthen the bloom season and increase net PP (Henson et82

al., 2021). Sinking organic carbon that is remineralized within the Circumpolar Deep83

Water layer accounts for about half of the carbon sink in the Weddell Sea (Naveira Gara-84

bato et al., 2017; MacGilchrist et al., 2019), suggesting that changes in the biological car-85

bon pump here can have a disproportionate impact on the global carbon cycle. However,86

how changes in PP translate to POC export remains unclear and an area of active re-87

search (e.g. Belcher et al., 2019; Arteaga et al., 2020; Moreau et al., 2020).88

This study aims to understand the link between PP and carbon export in the SO89

MIZ. We focus on a region in the North Eastern Weddell Sea (Figure 1a,b) that is cov-90

ered by sea-ice in the winter. First, we harness two decades of satellite observations and91

two profiling floats to contextualise two years of phytoplankton blooms that were observed92

between 2018 and 2020, at sub-daily resolution using gliders (referred to as SG2018 and93

SG2019 respectively; Figure 1c,d). We highlight the likely physical controls on the in-94

terannual variability in bloom phenology. Second, we use the glider data to link the bi-95

ological and physical processes that control the export of POC to the underlying Up-96

per Circumpolar Deep Water (UCDW), from where dissolved organic carbon has the po-97

tential to be sequestered into the ocean’s abyss (Hoppema, 2004; MacGilchrist et al., 2019).98

2 Methods99

2.1 Phenology metrics100

Using 23 years of satellite observations together with two BGC-Argo floats (WMO101

ID:5904397 and 5904467), we describe phytoplankton blooms by duration (days) and mag-102

nitude - the maximum surface chlorophyll-a (chl-a) achieved in the season (mg m−3).103

Bloom initiation and termination are defined using chl-a thresholds, following Hopkins104

et al. (2015), where bloom initiation is the prepeak minimum concentration plus 5% of105

the range between the prepeak minimum and peak concentration, while the bloom ter-106

mination is the postpeak minimum concentration plus 5% of the range between the peak107

and postpeak minimum concentration. The peak of the bloom identifies the annual chl-108

a maximum, wherein an annual cycle is defined from July to the following June. The109

duration is determined as the number of days between bloom initiation and termination.110

Since integrated chl-a over the bloom duration was linearly correlated with bloom mag-111

nitude, (Figure S1; r2 = 0.83; p < 0.001), we use only bloom magnitude and duration112

as the key metrics characterizing interannual bloom variability.113
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Figure 1. a) Average satellite chlorophyll-a concentration (Ocean Color-Climate Change

Initiative) during austral summer (Dec 2019- Feb 2020) in the Atlantic sector of the Southern

Ocean. The maximum and minimum sea-ice extents (National Snow and Ice Data Center) are

shown in the dashed and dotted black lines, respectively. The study region is demarcated by the

inlaid white box b), which shows the sampling trajectories of the two BGC-Argo, floats WMO

ID:5904397 (during 2015-2020, dark blue) and WMO ID: 5904467(during 2014-2019, grey), and

the two Seagliders (SG2018, during Dec 2018-March 2019, light blue) and SG2019 (Dec 2019 -

Feb 2020, orange). c) Hovmöller plot for the latitudinal extent (averaged across longitude) of the

study region of sea-ice concentration (Sea Ice Concentration Climate Data Record, OSI 430b)

and satellite chlorophyl-a during the (c) 2018-2019 summer season for the SG2018 deployment

(latitudinal trajectory shown in blue), and (d) for the 2019-2020 summer for the SG2019 deploy-

ment (orange).
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2.2 Seasonal physical environmental conditions114

Here we define key metrics used to characterise physical environmental conditions115

of the study region. The onset of sea-ice melt is defined as the date when sea-ice con-116

centration first decreased and remained below 95% of the annual maximum. Mean an-117

nual sea-ice volume is computed as ice area (from sea-ice concentration) multiplied by118

the ice thickness, and averaged in time. A threshold for seasonal wind increase is defined119

as the first day in which wind stress reached 10% greater than the median wind stress120

after the annual minimum wind stress (using the same definition for an annual cycle as121

in section 2.1). The day when net heat flux (Qnet) rises above (drops below) + 10 W122

m−2 (positive into the ocean/negative out of the ocean) is also compared to bloom ini-123

tiation and termination. Photosynthetically Active Radiation (PAR) is correlated with124

net heat flux (r2 = 0.86; Figure S2) so is not assessed separately. Sea-ice and atmospheric125

variables are averaged to the same temporal resolution as the satellite chl-a observations126

for comparison (∼ 8-day). Finally, all satellite products are averaged within the bound-127

ing box indicated in Figure 1b (-10 to 5 oE and -62 to -59 oS).128

The mixed layer depth (MLD) is defined as the depth at which the density changes129

by 0.03 kg m−3 compared to a reference density at 10 m (de Boyer Montégut, 2004). MLDmax130

is the annual winter mixed layer maximum derived from the BGC-Argo floats (WMO131

ID: 5904397 and 5904467) from 2014-2018 and 2015-2020 respectively.132

2.3 Primary Production133

PP is estimated using the spectrally-resolved Carbon-based Productivity model (CbPM;134

Westberry et al., 2008) applied to the glider profiles (see Text S1 for a description of glider135

data processing). The CbPM estimates PP as a function of carbon biomass and phyto-136

plankton growth rate, where carbon is estimated from backscatter with phytoplankton137

carbon, Cphyto = 13000 × bbp700 - 3.5 × 10−4 (Behrenfeld et al., 2005) and growth rate138

from the chl-a:Cphyto ratio and surface PAR. However, glider PAR was only available139

during the 2018 deployment (SG2018). To extend the PP analysis to the 2019 glider de-140

ployment (SG2019), Moderate Resolution Imaging Spectrometer/Aqua (MODIS) satel-141

lite PAR was co-located with both gliders. Glider PAR was comparable with satellite142

PAR (r2 = 0.44, gain = 0.9; Figure S3) giving us confidence to use satellite PAR dur-143

ing SG2019 when no in situ PAR was available.144

2.4 Aggregate Particulate Organic Carbon Export145

We use high resolution optical backscatter measurements from the gliders to es-146

timate POC export. Glider backscatter profiles are separated into a “small” particle base-147

line signal (7-point running minimum followed by a running maximum) and a “large”148

particle “spike” signal (all residuals above the baseline), following Briggs et al. (2011).149

After bin-averaging profiles of backscatter in the vertical to 10 m with a 50 m rolling mean,150

and binning profiles to 2-days with a 2-day running mean in time, carbon flux events are151

identified as follows. First, using a 10-day moving window over each glider dataset, the152

time of maximum spike for each depth level is identified. Linear regressions are then fit153

between the depth of each maximum spike and time. Only regressions with r2 > 0.4 are154

identified as flux events. Finally, the linear regression fits are used to estimate the sink-155

ing speed of large particles (∆depth/∆time) (Figure S4). Large particle backscatter is156

converted to POC, and multiplied by the derived bulk sinking speeds (with individual157

export events ranging between 48 and 88 m day−1 and an average sinking rate of 65 m158

day−1) to estimate aggregate POC flux (equation 4, Briggs et al., 2011). Export is es-159

timated at 100 m, as the depth horizon most commonly used to estimate export in mod-160

els (Buesseler & Boyd, 2009). Export efficiency (Eeff ) is defined as the ratio of export161

at 100 m to PP, using PP values from 2 days earlier. A lag of 2 days was chosen based162

on the average sinking rates of aggregates. Similarly, transfer efficiency (Teff ) is defined163
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as the ratio of export at 170 m (the deepest winter mixed layer, Moreau et al., 2020) to164

export at 100 m from 2 days earlier. We also estimate Teff from the rate of flux atten-165

uation by fitting the aggregate POC profiles identified as export events to Martins Curve166

(Martin et al., 1987):167

Fz = fz0 × (z/z0)
−b, (1)168

where Fz is the carbon flux with depth, fz0 is the flux at a reference depth z0, z169

is depth, and b is the attenuation coefficient, with smaller −b representing faster atten-170

uation rates and a lower Teff .171

All data used and their processing is described in Supplementary Texts 1 and 2.172

3 Results and Discussion173

3.1 Characteristics and drivers of bloom phenology in the Weddell Sea174

The efficiency of the biological pump is associated with bloom phenology, which175

is mediated by nutrient availability, light and mortality (Behrenfeld & Boss, 2014; Arteaga176

et al., 2018). Here, we assess the drivers of bloom phenology in the north eastern Wed-177

dell Sea to determine what sets the upper limits of PP in this region. Our results demon-178

strate that the initiation of the seasonal bloom was in close proximity to sea-ice melt (within179

8 - 32 days of each other), with 61% of the onset in bloom initiation attributed to the180

onset of ice melt (Figure 2a,b; S5a). While it is appreciated that this analysis does not181

directly test Sverdrup’s Critical Depth Hypothesis (Sverdrup, 1953), it’s relevance is in-182

ferred by the association of sea-ice melt with the shoaling of the mixed layer in the light-183

limited MIZ (Pellichero et al., 2017), together with an increasing trace of chl-a observed184

in the satellite record (Figure 2a). In addition, for the instances where we had reliable185

MLD data from the BGC-Argo deployments, bloom initiations (determined as in sec-186

tion 2.1) were coincident with a shoaling of the MLD and support the likelihood of en-187

hanced growth associated with a seasonal shoaling of the mixed layer, also noted by (von188

Berg et al., 2020). As such, top-down controls of bloom initiation that evoke the role of189

zooplankton grazing (e.g. Dilution-Recoupling Hypothesis; Behrenfeld & Boss, 2014; Arteaga190

et al., 2020), are unlikely. This result is further supported by the finding of Moreau et191

al. (2020) in the Antarctic MIZ, that phytodetritus (and not fecal pellets from grazing)192

compose the majority of carbon export during the initial stages of the summer bloom.193

An investigation of bloom termination found that the timing was more variable than bloom194

initiation. In the satellite record, bloom initiation varied by 48 days from the earliest to195

the latest date of initiation, while bloom termination varied by 72 days (Figure 2a, S5).196

In addition to greater variability, the drivers of bloom termination are also less well un-197

derstood than those of bloom initiation. Here we assessed the seasonally variable phys-198

ical parameters of wind stress, PAR, heat flux, and ice formation as potential drivers of199

bloom termination, but found no significant correlations (Figure 2b, S2; S5c,d ). As such,200

we conclude that bloom termination is most likely driven by the depletion of nutrients201

and trace metals (Boyd et al., 2005; Krause et al., 2019), grazing (Moreau et al., 2020;202

Kauko et al., 2021), bacteria, and viruses (Biggs et al., 2021), which were not measured203

as part of this study.204

By far the most prominent characteristic of interannual variability in bloom phe-205

nology is that of bloom magnitude (Figure 2a), which ranged from a very meagre sea-206

sonal maximum of 0.4 mg m−3 (2010) to a seasonal maximum as high as 2.8 mg m−3
207

(2005). Previous studies have identified nutrient availability as the leading driver of vari-208

ability in bloom magnitude (Llort et al., 2015; Ardyna et al., 2017). In the northern edge209

of the Weddell Sea, the outcropping of warm and salty UCDW (located between 100 and210

200 m in the winter) is enriched with dissolved iron (Klunder et al., 2011, their Figure211

5). We found a strong relationship between the depth of winter mixing and the maxi-212

mum chl-a achieved during the following summer from BGC-Argo float data (Figure 2c;213

–6–



manuscript submitted to Geophysical Research Letters

Figure 2. a) Climatologies of satellite-observed surface chl-a (OC-CCI; 1997-2020, dark

green) and mean of two BGC-Argo floats (WMO ID:5904397 and 5904467; 2016-2019; light

green). Glider observations of surface chl-a during the 2018-19 summer season (light blue,

SG2018) and the 2019-20 summer season (orange, SG2019). Float and glider chl-a are aver-

ages over the top 20 m. The climatological bloom initiation and termination dates are indicated.

b) Climatologies over the same time period of sea-ice concentration (black), Qnet (red), wind

stress (blue) and Photosynthetically Active Radiation (yellow). The sea-ice melt onset is indi-

cated. Shading in panels (a) and (b) represent one standard deviation. Linear regressions of c)

the deepest winter mixed layer with the following summers’ maximum chl-a as observed by the

BGC-Argo floats (2015-2019); d) the total annual ice volume with the deepest winter mixed layer

(2015-2019) and e) the annual ice volume with annual maximum chl-a from OC-CCI (2011-2020):

the grey dots are values per degree latitude and longitude, the black dots are a spatial average of

the study region. The regression applies to the spatial average. The blue and orange diamonds

correspond to the years of the glider deployments (2018-19 and 2019-20, respectively).
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r2 = 0.6; p = 0.02), indicating a likelihood that dissolved iron delivery through winter214

entrainment of UCDW determines the summer bloom maxima.215

One of the primary drivers of deep winter mixing in the ice-impacted oceans is brine216

rejection from sea-ice formation (McPhee & Morison, 2001; Wilson et al., 2019). A met-217

ric for sea-ice formation and brine rejection was approximated using the mean annual218

ice volume. This mechanistic link was supported by the significant relationship (r2 = 0.71;219

p = 0.009) observed between MLDmax (measured by the floats) and a box average of220

annual ice volume overlying the trajectory of the floats (Figure 2d). Years in which there221

was a higher annual ice volume also tended to be coincident with higher magnitude sum-222

mer blooms (Figure 2e; r2 = 0.47; p = 0.04). Extending this analysis to the ice-impacted223

SO (Figure S6), we find that sea-ice volume is an important driver of bloom magnitude,224

specifically along the coast of Antarctica and in some open-ocean regions, most notable225

in the central Weddell Sea, Ross Sea and off East Antarctica (∼45o). Although there is226

evidence of spatial variability likely associated with an interplay between light and nu-227

trient limitation (e.g., 30% of the ice-impacted region where r2 > 0.25), we note regions228

with highest bloom amplitudes on average (85th percentile of bloom peak magnitudes)229

are strongly correlated to ice volume, r2 > 0.5). Furthermore, a higher volume of melt-230

water may enhance summer stratification (although stratification is also a function of231

heat flux into the ocean), which was positively and significantly related to bloom mag-232

nitude (Figure S7b, r2 = 0.47; p = 0.06). While not directly accounted for, ice volume233

is linked to iron accumulation within the sea-ice and release thereof (Lannuzel et al., 2016)234

and as such, iron delivery from sea-ice may also contribute to part of the observed vari-235

ability, albeit minor in comparison with that originating from the winter entrainment236

of UCDW (e.g. Annett et al., 2017). These multiple lines of evidence point towards the237

key role that sea-ice formation plays in determining the interannual variability in mag-238

nitude of phytoplankton blooms through its modulation of both nutrient and light sup-239

ply.240

3.2 The fate of particulate organic carbon241

In the Antarctic MIZ, changes in the fraction of carbon fixed by photosynthesis that242

is exported to the ocean interior has the potential to impact climate (Fogwill et al., 2020).243

To infer how the biological carbon pump here might respond to different surface condi-244

tions, we link surface processes to the fate of sinking organic carbon by coupling the anal-245

ysis of phytoplankton phenology in section 3.1 to two distinct years of seasonal blooms246

(Figure 2a) that were observed by gliders (Figure 1, SG2018 and SG2019). The bloom247

captured by SG2018 was longer and of a lower magnitude (max chl-a=2.0 mg m−3, 133248

days, of which the glider sampled 101 days), while in contrast, the bloom captured by249

SG2019 was shorter and of higher magnitude (max chl-a=3.7 mg m−3, 77 days of which250

the glider sampled 51 days, Figure 1c,d; 2a; S5). Correspondingly, the maximum win-251

ter MLD was 20 m deeper preceding the higher magnitude bloom in 2019 compared with252

2018 (Figure 2c).253

Modeled rates of PP reflect the characteristics of surface chl-a (Figure 1a), and were254

∼30% lower during 2018-19 (mean = 1741 ± 628 mg C m−2 day−1, Figure 3a) compared255

to 2019-20 (mean = 2496 ± 616 mg C m−2 day−1; Figure 3b). Differences in PP between256

the two years translated into even bigger differences (∼50%) in daily export rates at 100257

m (mean = 151 ± 60 mg C m−2 day−1 and 306 ± 97 mg C m−2 day−1 respectively, Fig-258

ure 3a,b). Thus, these metrics classify the Weddell Sea MIZ as a region of High Produc-259

tivity, Low Export, as defined by Henson et al. (2019, see Figure S7), with a similar Eeff260

between the two years (mean = 0.09 ± 0.05 in 2018-19 and 0.12 ± 0.03 in 2019-20; S8b).261

However, we found that Eeff is sensitive to the choice of the PP model (Figure S9c). We262

elected to implement the CbPM in this study, but note that while the magnitude of Eeff263

would be different, the relative changes between the two years would not differ if another264

model was used. Similarly, Eeff is sensitive to the method used to compute export. There265
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Figure 3. a) Integrated primary production in the upper 200 m smoothed by 4 days (solid

line), export at 100 m (dash-dot line) and export at 170 m (dotted line) from glider deployments

in (a) the 2018-19 and (b) the 2019-20 productive seasons. Note the change in scale of the y-axis

between 0-500 m and 500-3500 m, indicated by the faint grey line, to emphasise variability in

the smaller values. Vertical sections of conservative temperature in (c) 2018-19 and (d) 2019-20.

Marked on both (c, d) are the MLD (black line), the depth of maximum stratification (N2
max)

(red line), and the depth of the Winter Water N2
max (orange line). Vertical sections of large par-

ticle Particulate Organic Carbon flux during (e) 2018-19 and (f) 2019-20. Values above 40 m are

missing as a result of the 50 m rolling mean applied to the dataset (see section 2.4). g) Martin

Curve fits during flux events. h) Mean vertical stratification profiles corresponding to SG2018

(blue) and SG2019 (orange). i) Histograms of average mixed layer chl-a:Cphyto ratio in SG2018

and SG2019. .
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are large uncertainties in the absolute numbers, associated with uncertainty in large-particle266

POC to backscatter ratio and sinking speed. Nevertheless, relative differences should be267

more robust.268

When we extended this analysis to the Teff (export170m:export100m), we found that269

Teff was inverted, with a higher Teff in 2018-19 (0.05 ± 0.01) than in 2019-20 (0.03270

± 0.01; Figure S8c); a result also reflected in the flux attenuation rate, which was slower271

in 2018-19 (-1.3 ± 0.2) than in 2019-20 (-2.2 ± 0.06, Figure 3g). This translates to sim-272

ilar daily export rates to 170 m between the two years (2018-19: 73 ± 32 mg C m−2 day−1
273

and 2019-20: 90 ± 26 mg C m−2 day−1; Figure 3a,b). As such, an additional factor that274

will change the estimate of Eeff is the choice of depth horizon for export.275

Variability in flux attenuation rates (Figure 3g) suggest that remineralization rates,276

which are known to account for a large proportion of variability in Teff (Belcher et al.,277

2016; Bach et al., 2019), contrasted across the two years and may explain the similar-278

ity in export to 170 m despite differences in PP. The rate of remineralization is primar-279

ily controlled by (1) temperature (Marsay et al., 2015), (2) variation in sinking rates as-280

sociated with size and porosity of aggregates (Bach et al., 2019) and the ratio between281

particle and water density (Condie, 1999), and (3) microbial degradation influenced by282

functional activity and community structure, POC composition (labile, semi-labile, re-283

calcitrant) (Cavan et al., 2018) and grazing load (Cavan et al., 2015; Henson et al., 2019).284

We assume the effect of temperature is negligible as the interannual variability in tem-285

perature is small compared to latitudinal variability (Figure 3c,d).286

Large cells (notably diatoms with additional ballast; Tréguer et al., 2018), would287

be expected to sink faster, escaping microbial degradation and hence drive a higher Teff288

and lower attenuation rate. As expected, a deeper winter MLD prior to the summer bloom289

would likely result in an increase in iron supply, thereby supporting a higher magnitude290

bloom as seen in 2019-20 (Figure 2c,d). A typical community composition response to291

high iron and light availability leads to a dominance of diatoms (Smetacek et al., 2012).292

Although we did not directly measure community composition, chl-a:Cphyto ratios have293

been used to infer changes in community composition, with a higher chl-a:Cphyto typ-294

ically indicating a larger proportion of diatoms (Cetinić et al., 2015). As such, there were295

likely more diatoms in the community during 2019-20 than during 2018-19. However,296

the sinking rates were not significantly different between the two years (mean = 65 m297

day−1; S4), and the predicted diatom-dominated bloom was counter-intuitively charac-298

terized by a faster attenuation rate (Figure 3g). The higher chl-a:Cphyto may also rep-299

resent a higher ratio of fresh, labile phytoplankton in SG2019 compared to ”older”, more300

refractory particulate matter in SG2018 that could contribute to the observed higher trans-301

fer efficiency compared to that in SG2019 (Cavan et al., 2018). An alternative interpre-302

tation of the chl-a:Cphyto pertains to changes in the bacterial load of the system (i.e. that303

the species were the same in both years but that there was less carbon from bacteria in304

the year with a higher ratio). We argue that this is unlikely, as higher production is of-305

ten associated with higher bacterial load (Henson et al., 2019).306

Changes in density with depth can also influence the sinking rate of particles through307

two mechanisms. Firstly, when a sinking particle encounters denser water, the relative308

density between water and particle is reduced and the buoyancy force on the particle in-309

creases, decreasing its sinking velocity (Condie, 1999). Secondly, under conditions where310

the thermocline deepens at a rate faster than the sinking speed of the particles, parti-311

cles may be re-entrained into the mixed layer (Lacour et al., 2019; D’Asaro, 2008; Noh312

& Nakada, 2010). If, through these mechanisms, particles are retained within the ther-313

mocline, they would be exposed to a longer period of remineralization in the upper ocean,314

thus reducing export to depth. Indeed, the accumulation of particles within the ther-315

mocline is a strong feature of the bloom in 2019-20 (Figure 3f), and particles appear to316

follow isopycnals, while those in 2018-19 do not (Figure 3e). Additionally, the level of317

stratification in 2019-20 is greater than in 2018-19 (N2
max = 1.6e−3 s−1 and 1e−3 s−1,318
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respectively; Figure 3h). While a diatom-dominated community might be expected to319

sink faster, the larger density change with depth observed in 2019-20 may slow particle320

sinking rates, resulting in the relatively similar sinking rates across the two years and321

the reduced Teff for 2019-20.322

Finally, remineralization rates and flux attenuation may be influenced by bacte-323

rial load and grazing (e.g. Cavan et al., 2015). Thus, the faster remineralization rates324

observed in 2019-20 could be a result of higher grazing pressure within the upper 200325

m. This is feasible as grazing by zooplankton has been demonstrated to account for ∼90%326

of the fate of phytoplankton in this region (Moreau et al., 2020), although grazing is not327

constrained in this study.328

4 Conclusions329

Glider measurements of both physical (temperature and salinity) and biological (chl-330

a and carbon) variables enable the simultaneous quantification of PP, export, and wa-331

ter column density at scales of hours to days. These results, complemented by BGC-Argo332

and satellite observations, have revealed the complexity of interactions grounded in sea-333

ice characteristics (formation, duration, melt) that currently govern PP and carbon ex-334

port in the Weddell Sea. Firstly, we find empirical evidence, from both floats and satel-335

lites, that increased winter sea-ice formation drives deeper winter mixing, which in turn336

leads to more intense phytoplankton blooms in the following season, likely due to nu-337

trient and iron entrainment. Secondly, our two seasons of glider data provide prelimi-338

nary evidence that more of these intense blooms lead to higher carbon export at 100 m,339

suggesting a potential positive impact of sea-ice on the biological carbon pump. How-340

ever, higher 100 m export was attenuated more quickly with depth and did not trans-341

late to substantially higher export past 170 m, the depth of deepest winter mixing (with342

high flux attenuation rates relative to global averages greater than 1 Marsay et al., 2015).343

This inverse relationship between Eeff and Teff that was observed in the 2019-20 bloom344

period confirms that estimating export from a uniform depth of 100 m risks overestimat-345

ing export for this region (Palevsky & Doney, 2018) as carbon export was found to change346

considerably between 100 m and 170 m (the maximum winter MLD). Altogether, this347

suggests that more intense blooms and carbon export events may not lead to enhanced348

long-term carbon storage, although more data are needed to confirm this initial finding.349

Targeted observational campaigns to constrain uncertainties in the variability of sea ice350

formation and the drivers of remineralization (e.g. through the incorporation of imag-351

ing platforms and Acoustic Doppler Current Profilers on gliders), are important to im-352

proving predictions on how the carbon sink in the subpolar gyres of the Southern Ocean353

responds to changes in the surface ocean.354
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Introduction In the supplementary text (S1 and S2), the data used for the main anal-

yses and their processing and QC are described. The supplementary figures provide

additional information pertaining to choices made in the analysis, intermediate steps in

the methodology, as well as figures from which values are referenced to in the main text.

The supplementary figures are in the order in which they are referred to in the main

manuscript.

Text S1. Glider and float observations

Two Seagliders (SG643 from CalTech and SG640 from the University of Gothenburg),

referred to in the text as SG2018 and SG2019 respectively, to differentiate between the
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years in which they sampled, were deployed over consecutive austral summers in December

2018 and 2019 at 60oS, 0oE (Figure 1c, d). SG2018 profiled for 102 days (within the

demarcated study region), while SG2019 profiled for 119 days with only the last 51 days

of sampling being within the demarcated study region and retained for this analysis.

The seasonal evolution measured by the gliders are compared directly with one another

despite their contrasting sampling scales (∼20 km vs 100 km for SG2018 and SG2019,

respectively), as both gliders were able to resolve the phenological features of the bloom

due to the mean seasonal modulation being spatially widespread (as evident in Figure 1

c, d).

The gliders sampled temperature, conductivity (salinity), 700 nm optical backscatter,

chlorophyll a fluorescence, and Photosynthetically Active Radiation (PAR; only SG2018)

nominally at 0.2 Hz resulting in a vertical resolution of 0.2–1.5 m in the upper 400 m. Bad

salinity and temperature profiles were removed manually before smoothing using a 5-point

running mean, and then converted to absolute salinity and conservative temperature using

the Gibbs Seawater toolbox (McDougall & Barker, 2011). Fluorescence was converted to

chlorophyll a (chl a) using the provided factory scale constant (0.0121) and then calibrated

to co-located in situ CTD bottle samples that were processed on board with acetone

extracted fluorometry. To calibrate chl a for both glider missions, we used all available

bottle samples (December 2018, October 2019 and February 2020 - corresponding to the

deployment of SG643, and the deployment and retrieval of SG640). We did not have

access to bottle samples at retrieval of SG643 in March 2019 due to ship constraints. The

regression resulted in a scale factor of 0.425, r2 = 0.78; which was applied to both SG643

and SG640. Following scaling of fluorescence, the data was quenching-corrected following
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Thomalla, Ogunkoya, Vichi, and Swart (2017). Raw optical backscattering was converted

to volume scattering at angle (124o) and wavelength (700 nm) specific to the sensors.

The volume-scattering function of seawater was calculated according to Zhang, Hu, and

He (2009) and subtracted from the profiles to yield scattering due to particles only. The

result was multiplied by 2π and the angle-dependent scale factor, 1.076 for the ECO FLBB

optical scattering sensors and, finally added to the backscattering co-efficient of seawater

to yield the optical backscattering coefficient bbp700. A deep blank was removed from the

backscattering data by subtracting the 5th percentile of optical backscatter between 200

and 400 m.

PAR (µV) was scaled to µEin m–2 s–1 and corrected for the factory dark count. The

top 5 m of PAR measurements were deemed unreliable and removed, following which

the profile was algebraically recalculated using an exponential equation from 80 m to the

surface to derive surface PAR values. The light attenuation coefficient, kd, was computed

from the vertical PAR profiles. Note that the PAR sensor is scalar allowing for the use of

both dive and climb profiles.

To derive daily integrated PAR used in the Primary Production model and for compar-

ison to satellite MODIS PAR (section S2), the following steps were followed:

1. Select only midday (or as near to midday) profiles from the glider observations, based

on the midpoint of daylength (the average time between dives was 2.5 ± 1 hour during

the mission, meaning that the glider surfaced at least once or twice during midday hours).

2. PAR with units µEin m–2 s–1 was then converted to Ein m–2 h–1 (divide by 1e6 and

multiply by 3600s). This value is the glider estimate of amplitude of a daily sinusoidal

curve of light.
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3. Using sunrise and sunset as 0 and pi, and the daylength as the period of a sinusoidal

curve, we extrapolate from the single daily PAR value, and integrate under the curve to

derive a daily average PAR (Ein m–2 day–1).

Finally, all the data were gridded by profile in the horizontal and binned to 1 m res-

olution in the vertical. All the glider data were prepared for analysis using GliderTools

(Gregor et al., 2019).

Additionally, we used two Biogeochemical-Argo floats that profiled within the study site

(Figure 1b) from December 2014 to July 2019 (WMO ID: 5094397) and January 2015 to

February 2020 (WMO ID: 5094467), generating 9 years of seasonal cycle data. For all the

float variables only data with a quality control flag of 1 or 2 were used (good or probably

good).

Text S2. Satellite and Reanalysis Products

Sea-ice concentration products OSI-450 (1997-2015) (OSI-450., 2017) and OSI-430-b

(2016-2019) (OSI-430-b, 2019), distributed by EUMETSAT Ocean and Ice Satellite Ap-

plication Facility (Lavergne et al., 2019), were extracted at daily resolution. Thin sea-ice

thickness, distributed by the University of Bremen, was extracted for the available time

period (2011-2020). The product is retrieved daily from observations of the L-band mi-

crowave sensor SMOS (Soil Moisture and Ocean Salinity) (Huntemann et al., 2014). The

maximum and minimum sea-ice extents in 2019 and 2020 are taken from the Sea Ice Index

data product, provided by the National Snow and Ice Data Center (Fetterer, 2017). Zonal

and Meridional winds as well as longwave, shortwave, sensible, and latent heat fluxes, were

retrieved from ERA5 reanalysis at 6-hourly intervals (Hersbach et al., 2018). Chl a was

extracted at 8-daily resolution from the Ocean Color Climate Change Initiative (OC-CCI)
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v5.0 product, distributed by the European Space Agency (Sathyendranath et al., 2019).

MODIS Daily Mean PAR was extracted from the 8-daily 4 km resolution product from

2002 to 2020. The daily product was used from 2019 to 2020 and co-located with the

glider positions (https://oceandata.sci.gsfc.nasa.gov/directaccess/MODIS-Aqua/

Mapped/Daily/4km/par/).

Figure S1.

Figure S2.

Figure S3.

Figure S4.

Figure S5.

Figure S6.

Figure S7.

Figure S8.

Figure S9.

References

Behrenfeld, M. J., Boss, E., Siegel, D. A., & Shea, D. M. (2005). Carbon-based

ocean productivity and phytoplankton physiology from space: Phytoplankton growth

rates and ocean productivity. Global Biogeochemical Cycles , 19 (1). doi: 10.1029/

2004GB002299

Behrenfeld, M. J., & Falkowski, P. G. (1997). Photosynthetic rates derived from satellite-

based chlorophyll concentration. Limnology and Oceanography , 42 (1), 1–20. doi:

10.4319/lo.1997.42.1.0001

Fetterer, F. K. K. M. W. S. M. W. A. (2017). Sea Ice Index, Version 3. Boulder,

April 20, 2022, 2:28pm



X - 6 :

Colorado USA. NSIDC: National Snow and Ice Data Center. (Type: dataset) doi:

10.7265/N5K072F8

Gregor, L., Ryan-Keogh, T. J., Nicholson, S.-A., du Plessis, M., Giddy, I., & Swart,

S. (2019). GliderTools: A Python Toolbox for Processing Underwater Glider Data.

Frontiers in Marine Science, 6 , 738. doi: 10.3389/fmars.2019.00738

Henson, S., Le Moigne, F., & Giering, S. (2019). Drivers of Carbon Export Efficiency

in the Global Ocean. Global Biogeochemical Cycles , 33 (7), 891–903. doi: 10.1029/

2018GB006158

Hersbach, H., Bell, B., Berrisford, P., Biavati, G., Horányi, A., Muñoz Sabater, J., . . .
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Figure S1. Linear regressions between (a) bloom duration and (b) bloom magnitude

and seasonally integrated chl a (between bloom initiation and termination).

Figure S2. Pearsons’ r correlation between Qnet and light (Photosyntheically Active

Radiation)
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Figure S3. Primary production (PP) computed from the spectrally resolved CbPM a)

using Photosynthetically Active Radiation (PAR) from MODIS-Aqua and b) using surface

PAR measured by SG2018. c) Regression between glider-measured PAR and MODIS-

Aqua PAR. d) Comparison between vertically-integrated primary production estimated

using corrected satellite PAR (dark blue) and glider PAR (light blue).
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Figure S4. Visual representation of export events identified in the study based on

large particle backscatter. (a) SG2018 and (b) SG2019. The upper 40 m is masked as a

result of a 50 m rolling mean that was applied to the data. An export event (identified

by the red lines) is derived from fitting linear regressions fitted between the depth of each

maximum spike and time in 10 day moving windows. Only regressions with r2 > 0.4 were

identified as export events.
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Figure S5. Assessed drivers of bloom initiation and termination. Linear regression

between a) ice melt onset and bloom initiation, b) day that Qnet switches to positive into

the ocean and bloom initiation, c) wind increase threshold and bloom termination and

d) day that Qnet switches to negative into the ocean and bloom termination. Blue and

orange diamonds indicate the years in which SG2018 and SG2019 sampled.
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Figure S6. Map of the correlation (r) between mean annual ice volume and the following

summer’s maximum chl-a between 2011 and 2020. Pixels where r2 > 0.25 are marked

with a blue x. This equates to ∼30% of the ice-impacted Southern Ocean on average.

Note the missing data in the western Weddell Sea due to annual ice cover.
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Figure S7. Linear regressions between a) winter MLDmax and the maximum summer

chl a magnitude and b) summer stratification and the maximum summer chl a magnitude.

Blue and orange diamonds indicate the years in which SG2018 and SG2019 sampled.

Figure S8. a) Seasonal cumulative export at 100 m (dash-dot lines) and 170 m

(dotted lines) for SG2018 (blue) and SG2019 (orange) respectively. b) Histogram of

export efficiency at 100 m for the SG2018 (blue) and SG2019 (orange). c) Histogram of

transfer efficiency at 170 m for SG2018 (blue) and SG2019 (orange).
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Figure S9. Multi-model analysis of primary production and export efficiency during

SG2018. a) Daily rates of primary production based on the standard Vertically Gener-

alized Production Model (VGPM; Behrenfeld & Falkowski, 1997) (light blue), the Platt

model (Platt & Sathyendranath, 1993) (gold), the standard CbPM model (Behrenfeld et

al., 2005) (grey) and the spectrally-resolved CbPM model (Westberry et al., 2008) (dark

blue; selected for use in this study). The dash-dot line shows export to 100 m. b) Export

efficiency computed from the different models. c) Export efficiency compared to primary

production for the different models. The grey dashed vertical and horizontal lines rep-

resent changes in export regimes as defined by Henson et al. (2019), where points with

an export efficiency above 0.2 and primary production below 1000 mg C m−2 day−1 are

defined as high-export, low-production regimes at one extreme, and points lying below

0.02 on the y-axis and primary productivity above 1000 mg C m−2 d−1 are defined as

high-production low-export regimes.
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