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- ABSTRACT

The Bandelierkop Formation of the Southern Marginal Zoné (SMZ) of the Limpopo
Belt consists of metamorphosed“ultramafic, mafic and sedimentary rocks.
Metamorphic conditions indicated by the petrography of these different rock
groups are consistent with upper ambhibolite to granulite facies. Thé
ultramafic and mafic rocks are geochemically akin to peridotitic-pyroxenitic
intrusive rocks and high-Mg basalts respectively. Metamorphism of these two
rock groups in the SMZ was an essentially closed system’process, except for the
highly volatile phases such as H,0 and CO,. The metasediments appear to
represent a sequence of high (Mg+Fe)-greywackes and/or deep-water shales with
minor amounts of iron formétion material. The unusually mafickcﬁaracter of the
metasediments can be ascribed to a high ultramafic + mafic source componené to
the original sediment. Some modification of the major and trace element
compositions of the pelitic rocks has beenvcaused by the removal of partial
melts and the metamorphiém of the pelitic rocks is not therefore considered to
have occurred under closed system conditions. Variable extraction of partialr
melts is implied by the chemical variations shown by the pelitic rocks and is
also suggested by the presence of large pegmatitic felsic bodies which are

commonly found close to the pelitié rocks.

Detailed petrographic study of the Bandelierkop Formation rocks suggests an
increase in metamorphic grade, and/or a decrease in water activity, from south

to north within the Southern Marginal Zone. Peak metamorphic conditions of



730°C + 65°C at pressures of 6.1 + 1.5 kbars may be deduced from a careful
application of several cation thermometers and barometers on selected mineral
analyses. A rigorous application of garnet-biotite thermometry to the pelitic
rocks indicates that the transition from orthoamphibole gneisses in the south to
orthopyroxene-bearing rocks in the north of the SMZ terrane, is a function of
changing biotite composition and/or decreasing water activities rather than an

increase in metamorphic temperatures.

In contrast to the major and trace element data, the stable isotope data
for the ultramafic and mafic rocks in the SMZ indicate open system behaviour for
some of these rocks, but closed system behaviour for the pelites. Extraction of
50 to 70% partial melts from the pelitic rocks, should not, however, have
affected the §1%0 value of the restite. Petrological and stable isotope data
in the SMZ rocks are consistent with retrogression in all these rocks and open
system behaviour for oxygen iﬁ some ultramafic and mafic rocks, being caused by
the crystallization and accompanying fluid release of melté produced during

prograde metamorphism of the pelitic rocks.

Small scale (~5 to 3bm's) heterogeneity is implied by both oxygen and
carbon stable isotope composi;ions of closely spaced rock samples, even for
those collected from within large "shear zones", suggesting small fluid/rock
ratios for most of the samples in the high-grade terrane or heterogeneous stable
isotopic compositions of the fluids. Furthermore, a similarity in
mineral-mineral stable isotope fractionation factors is observed for all the
pelitic rocks, including the orthoamphibole gneisses found immediately south of

the orthopyroxene isograd. These features preclude the presence of pervasive



\ .
fluid infiltration after peak metamorphism. Two implications are, that granulite

facies metamorphism in the SMZ terrane was not caused by an influx of mantle
vderived CO,-rich fluid and, that the orthoamphibole gneisses are not
retrogressed equivalents of the granulites found to the north of the
orthopyroxene isograd. It is suggested that this isograd represents a change in

the water activities of the rocks during metamorphism.

Apparent disequilibria in mineral - mineral stable isotope fractionations
observed amongst different minerals wiphin any one pelitic rock, may be
" explained by a combination of the crystallization of residual melt within these‘
rocks and oxygen diffusion amongst minerals which have not reached their
oxygen-closure. The concordant quartz-plagioclase, quartz-biotite and
blagioclase-biotite oxygen isotope equilibration temperatures are taken to
represent minimum crystallizatioﬁ temperatures for the melts (~560°C), while
successively higher quartz-orthopyroxene, quartz-amphibole and quartz-garnet
oxygen isotope equilibration temperatures are a function of increasing closure
. temperatures for the orthopyroxene, amphibole and garnet respectively. The
minimum estimate to peak metamorphic temperatures is given by thé quartz-garnet
oxygen isotope temperature averaging 736 i‘52°C. If oxygen diffusion
experiments performed in hydrothermai systems are appfopriate for the SMZ rocks,

then cooling rates for the SMZ terrane could have been as low as 12 to 25°C/My

over a temperature range of 480 to 600°C.

Stable isotope modeling of hypotheticél fluids that may have been in
equilibrium with the high-grade rocks, suggests that a mixture of CO, and

H,0, with CO,/H,0 mole ratios > 0.1 can precipitate both quartz and



carbonate of stable isotope composition similar to thése determined,for quartz
énd carbonate from the mineralized Archaean lode gold deposits of the Murchison
and Pietersburg greenstone belts. A model involving granulite facies
metamorphism, partial melt extraction and subsequent release of fluids, Au, K
and S upon crystallization of such melts, appears to be viable for gold
mineralization occuring in the adjacent lower grade greenstone belts and in the

high-grade'terrane of the Southern Marginal Zone.
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CHAPTER 1: INTRODUCTION

Metamorphism, in general, refers to the mineralogical and structural adjustment
of rocks to physical and chemical conditions prevailing at depths beneath the

surface of the earth.

Chemical analysis of metamorphic rocks often fall within the compositional
limits of common igneous orAsedimentary rocks, except for-components such as
H,0 and CO,. While such isochemical behaviour appears to be true on the
handspecimeﬁ (or larger) scale, ionic diffusion, nucleation and crystal growth

testify to microscopic allochemical processes.

 Volatile components such as H,0 and CO, which are continually released
during prograde metamorphism are considered essential for microséopic ionic
diffusion resulting in mineralogic crystallization (Carmichael, 1969) as well as
possibly being responsible for the macroscopic transfer of metals from ﬁhe
high-grade metamorphic rocks to higher crustal levels (e.g. Kerrich and Fyfe,
1931). In this respect stable isotope studies are a useful method for

determining thermal and fluid histories of metamorphic rocks.

1.1 Previous Work and General Geology

The Southern Marginal Zone is commonly considered to form part of the Limpopo
Mobile Belt of southern Africa (Fig. 1.1). The Limpopo Mobile Belt is a linear

zone of highly metamorphosed and intensely deformed rocks situated between the



Rhodesian and Kaapvaal Cratons (Mason, 1973% Coward et al., 1976) Structurally
the belt can be subdivided into Northern and Southern‘Marginai Zones with
predominantly east-north-east trending structures which are separated from a
central zone with predominantly northerly trending structures by major east-
northeast trending ducﬁiie shear zones; the Tuli-Sabi shear zone in the north
and the Palala shear zone in thg south (Mason, 1973; Du.Toit et al., 1983{

McCourt and Vearncombe, 1986).

Stratigraphically, the Limpopo Mobile Belt can be dividedvinto a number of
domains (Fig. 1.2 and Watkeys, 1983), where the Northern and Southern Marginal
Zones can broadly be seen as comprising high-grade cratonic lithologies,
commonly thought to represent high-grade granite-greenstone equivalents, whereas
the Central Zone is dominated by a different Archaean stratigréphy consisting of
high-grade paragheisses, metasediments (peiites; calc-silicates, marbles),
layered igneous complexes and rare intrusive granites (Watkeys et al., 1983; Du
Toit et al., 1983; Mason, 1973). The difference in the metamorphic grade and
lithology of supracrustal rocks, coupled with a complex early Archaean (prg-BOOO
Ma) history shown within the Central Zone but not in the rocks of the marginal
zones suggests the poséibility that the Central Zone may be genetically
unrelated to the marginal zones (Du Toit et al., 1983; Watkéys et al., 1983;

Barton and Key, 1983; Harris and Holland, 1984; van Reenen, 1983, 1986).

The Southern Marginal Zone is represented by two main categories of rocks
(Du Toit and van Reenen, 1977; Du Toit et al., 1983): the grey banded and
migmatized tonalitic and trondhjemitic gneisses, termed the Baviaanskloof

Gneisses, and the pelitic, mafic and ultramafic rocks of the Bandelierkop



Formation‘(Fig. 1.3). Initial workvdone by Du Toit and van Reenen (Du Toit,
1979; van Reenen; 1978 and also Du Toit et al., 1983; van Réenen D.D., 1983,
1986) demonstrated that these rocks experienced at least four deformational
events, three folding and one shearing event, and were subjected to three
metamorphic events, one prograde granulite event (M1), followed by rapid
isothermal upliftment (M2) which preserved the granulite assemblage observed at
the surface, and a third retrogressive event establishing the orthopyroxene

-isograd (Fig. 1.3).

While the importance of shearing in the Southern Marginal Zone (and the
- Limpopo Belt in general) was alreédy recognized fairly early by some workers
(Mason, 1973), the relationship between shearing (and thrusting) and

metamorphism was established only recently (van Reenen et al., 1986; 1987; 1988)

Commonly members of the Baviaanskloof Gneisses and Bandelierkop Formatioh
are interprefed to represent high-grade equivalents of the 1ower,gréde granite-
greenstone lithologies of the adjacent Kaapvaal Craton (Du Toit et al., 1983).
However, the exact relationships between rocks of the Bandelierkop Formation and
the Baviaanskloof Gneisses are as yet uncertain (Du Toit et al., 1983 p.124).
Geochrénological information, although only scarcé, indicates zircon U-Pb
minimum ages of 2800 + 70 Ma for the Baviaanskloof Gneisses (Burger and
Walraven, 1976, 1979a, 1979b) whereas Barton et al. (1983) suggest an age of
‘about 3200 Ma from trends in Rb/Sr and Pb/Pb diagrams. Rocks from the
Bandelierkop Formation correspond to an approximate Rb/Sr age of 2650 Ma (Barton
et al.; 1983) and could, thus, well have been deposited onto a Baviaanskloof

"basement".

10



The lower grade greenstone belt lithologies of the Pietersburg, Sutherland
and Rhenosterkoppies greenstone belts are at greenschist facies grade in the.
south-western parts and increase in grade towards amphibolite facies rocks in
the north-east where they are tectonically juxtaposed with the higher grade
lithologies of the Southern Marginal Zone. The non-uniform increase in
metamorﬁhic grade towards the north within the Kaapvaal craton is subject to the
presence of giant "shear zones" dividing the terrane into a number of large
 blocks (see Fig. 1.3), and also the presencebof a retrograde isograd (De Beer et
al., 1986; van Reenen et al., 1987; 1988). According to van Reenen (1986) and
van Reenen et al. (1987; 1988) the southern portion of the high-grade terrane
was infiltrated by retrogressive, CO,-rich fluids, producing the retrograde

orthopyroxene isograd.

Rb-Sr studies of the differentiated and parfially deformed Matok complex
which straddles the orthopyroxene isograd (Fig. 1.3) yield an isochron of 2620 +
75 Ma and an initial 87Sr'/BSSr ratio of 0.7026 + 0.0011 (20) for the
porphyritic granite facies, with the so-called mafic facies (charnockitic-
enderbitic of Du Toit et al., 1983) scattering around the 2620 Ma isochron
(Barton et al., 1983). This age is similar to that of the undeformed Moletsi and.
Lunsklip granites further south (Fig. 1.3; Burger and Walraven, 1976, 1979a,
1979b; Barton et al., 1983) and could imply that the Matok complex is part of a
series of plutons emplaced at ~ 2600 Ma. Although the Matok Complex may have
been emplaced during deformation of the Southern Marginal Zone it may not be
directly related to it. Van Reenen et al. (1987) interpret the Matok complex to

have intruded at the time of establishment of the shear zones, the northern

11



charnockitic facies having been created by fluids moving along and up the shear

’

zones which dip steeply towards the north.

Emplacemént of the undeformed 2456 + 78 Ma (87Sr/°58r° of 0.7092 +
0.0011 ) Palmietfontein granite may provide a good time marker for the end of
the main tectonometamorphic events in the Southern Marginal Zone (Barton et al.,

1983).

1.2 Aim of the Study

The bulk of this work forms part of a contribution towards a National Geoscience
Program (NGP) entitled "The Relationship Between Mineralization and Craton-
Forming Processes in the Higher-Grade Granite-Greenstone Terranes of the
Kaapvaal Craton" and sponsored by the Foundation for Research Development (FRD).
The working group on the above mentioned project was made up of researchers from
various universities and research institutions, each dealing with a particular
aspect of the project. The stable isotope work undertaken at the University of
Cape Town was aimed at delineating the significance of metamofphic fluids to
gold mineralization processes.This task was approached by dividing the work into
two sections, one dealing with the stable isotope and geochemical
characteristics of rocks in the mineralized shear zones within lower grade
rocks, and the other section was confined to the geochemical and stable isotope
characteristics of the adjacent high-grade terrane. The work represented in this

study covers the latter high-grade section.
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‘From the previous section on the general geology of the Southern Marginal
Zone it becomes evident that this area is geologically complex. This fact,
;oupled ﬁiﬁh the rathér poor exposure of the metamorphosed supracrustal rocks
severely complicates geologic interpretations. However, the generally increasing
metamorphic grade found within the terrane adjacent to lower grade mineralized
~greenstone belts, provides an attractive background to test the significance of
metamorphic fluids in gold mineralizing processes, particularly‘as such fluids
havé been identified from stable isotope work on Au-Sb mineralization in the

Murchison greenstone belt (Smith, 1986).

Recent models on gold mineralization have proposed a close link between
"lower crustal maturation", granulitization and gold mineralization processes
(e.g. Colvine et al., 1988; Fyon et al., 1988). In the light of the above, the
aim of this study is to characterize the possible fluids that coexisted with the
amphibolite/granulite facigs rocks of the Southern Marginal Zone. Whole rock
and mineral analyses from the pelitic, mafic and ultramafic rocks of the

Bandelierkop Formation are examined in order to determine the following:

1. Temperatures of fluid-flow determined from cation and anion geothermometry

and the extent of fluid-rock interactions.
2. The type of fluid-flow and the extent of fluid-rock interactions.

3. ' The importance and stable isotope composition of fluids in granulite

facies metamorphic rocks of the Southern Marginal Zone.

4. The importance and stable isotope composition of possible retrograde
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fluids in this terrane.

Possible mechanisms of fluid, ore and mobile element transfers, if any,

from metamorphic terranes to zones of mineralization.

The implications of the above for gold mineralization in adjacent

greenstone belts.
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CHAPTER 2: ANALYTICAL BACKGROUND

2.1 Sampling

The sampling of supracrustal rocks from the Bandelierskop Formation followed a
péttern of rggibnal sample collection of rocks. Pelitic, mafic and ultramafic
‘rocks from both north and south of the orthopyroxene isograd, as mapped by du
Toit et al. (1983), were obtained (see Figure 2.1 for sample localities). In
aadition, several samples from the large shear zones such as represented by the
Hout River Transition (du Toit et al., 1983; van Reenen et al., 1987) and from
the adjacent greenstone belts (e.g. Pietersburg and Rhenosterkoppies belts) were
collectedvfor comparison purposes. While the bulk of the samples were collected
during April 1986, further sampling was undertaken during visits to specific
localities within the high-grade terrane. In ali localities visited, care was
taken to note the general appearance of the sampled rock in outcrop, that is.
presence or absence of large scale veining, pegmatite intrusions and contact
relationships with surrounding rock types. This task was often complicated by

the poor exposure of the rocks in the field.

The size of the samples collected depended on the grain size of the
particular rock. Tﬁus, for the pelitic rocks it was estimated that once the
weathered surfaces are removed, about 4 to 5kg of material would be left for
sample ﬁreparation and mineral separation, whereas for the somewhat finer

grained and mineralogically homogeneous mafic and ultramafic rocks about 3 to
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4kg samples were considered sufficient. From the ~ 80 samples collected in the
field, a total of 53 samples were subsequently selected for thin section,
microprobe, stable isotope and X-ray fluorescence (XRF) analysis described

below.

2.2 Major and Trace Element Analysis by X-Ray Fluorescence

The samples selected for XRF analysis were split to remove all weathered
material and were subsequently crushed and powdered using a carbon-steel
swingmill at the Geochemistry Department of the University of Cape Town. Once
ground to about 300# (~80 micrometres) sized powders, fusion disks and pressed
powder briquettes were made. All major elements, except Na, were obtained by
analysis of lithium tetraborate fusion discs according to the method of Norrish
and Hutton (1969). Powders used for the fusion discs were dried overnight at
110°C, the recorded loss in weight being attributed to loss of adsorbed water
(H,0-). Subsequently, these powders were ashed at 1000°C overnight with the
.recorded weight reported as loss on ignition.(LOI). For samples P5C and P6C, the
weight after ashing at 1000°C was found to be higher than prior to the ashing
procedure. This is considered to be caused by oxidation of FeO to Fe,0,,
indicating a very reduced state for samples P5C and P6C. Sodium and the trace
elements were obtained by analysis of pressed powder briquettes. The operating
conditions used were those adopted for routine aﬁalysis in the Department of
Geochemistry and described by Willis et al. (1971; 1972). Some estimates on the

absolute average errors and the detection limits obtained for the adopted
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counting statistics are given in Table 2.1. The values given in Table 2.1 are
the average values obtained for the analysis of the pelitic, mafic and
ultramafic rocks. As the absolute errors and the detection limits v#ry with the
whole‘rock geochgmistfy (i.e. background to the element analyzed), the values
fdr the errors and detection limits should theoretically be quoted for each rock
or for each group of chemically similar rocks. However, for the purpose of the
following discussions it suffices to quote the aVerage errors and detection
blimits, particularly as the differences in absolute values of the errors and
detection limits between the major rock groups (i.e. pelites, mafics and
ultramafics) are relatively small compared to the analyzed element contents in

each group.

2.3 Electron Microprobe Analysis

The mineral compositions were qbtained_using a 4-channel, fully automated Cameca
Camebax Microbeam at the Dépértment of Geochemistry, University of Capé Town.
For all minerals, except plagiocl&se, a focused beam (2 micrometre; 40nA) with
an accelerating voltage of 15 kV was used. For plagioclase a "defocused" (10-20
micromefre, 20nA) beam was used at the same accelerating voltage. All analysis
were performed‘on graphite-coated, glass mounted polished rock sections. The x-
ray intensities were calibrated against a set of both natural and $ynthetic
mineral'standards, where the standards showed element concentrations'similar to
those in the sample. Natural standards used were chromite (Chr): fluorite (Flu),

Kakanui hornblende (K-H), Kakanui pyrope (K-P), Lake County Oregon labradorite
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(Lac), Marjulahti olivine (M-0), Nunivak Ireland plagioclase (Nun), orthoclase
(0rl) and scapolite (Sca). Synthetic standards were diopside (Dio), magnesium-
alumina spinel (MGA), nickel silicate (NIS), rhodonite (Rho) and rutilé (Rut).
The raw counts were corrected for dead time and background, with the resulting
nominal concentration being corrected using the ZAF procedure. Generally for
minerals whose oxides should sum to ~ 100%, values of between 99 to 101X were
accepted, except for Fe-rich garnet and orthopyroxene, where values somewhat
higher than 101% were acceptedAas this is considered to be a function of the ZAF

correction procedure for high-Fe samples.

A summary of the standards used, the errors and the detection limits for
various analyzed mineral species is given in Tables 2.2 and 2.3. Counting time
on peaks for all the analyzed eleménts was 10 seconds except for F and Cl in
| biotite, where counting times used were commonly 100 seconds. As the counting
error and detection limits are functions of counting time and of element
concentration, the errors and detec&ion limité given in Tables 2.2 and 2.3 are
quoted for é typical analysis of the given mineral species in the rocks of this

study.

The microﬁrobe analyses given in subsequent sections are commonly referred
to as core and rim analysés. Rim analyses were taken as close as possible
towards the edge of the mineral grains (~5 to 10 micrometres). Core analyses
have been taken more than 30 to 50 micrometres from the edge for small grains
and towards the centre of larger grains, in either case well away from
fractures. While the analyses given in subsequent sections are commonly obtained

from one spot within the specific grain, in the case of more than one rim or
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core analysis having been obtained, the values were found to be well within the
errors quoted in Tables 2.2 and 2.3 for unzoned mineral grains. The given

values are thus considered representative for the minerals analyzed.

2.4 Stable Isotope Analysis

2.4.1 Mineral Separation

Routine mineral separation was performed on 60 to 90j sized sample fractions
washed in distilled H,0 and dried overnight at 110°C. 1In the case of
coarse-grained récks with inclusion-free constituent miherals, the 40 to 60§
f:action was used. After an initial magnetic separation using the Frantz
isodynamic separator, subsequent mineral purification was obtained by hand
picking under binocular microscopes. Because of the difficulty in distinguishing
quartz from plagioclase‘in the non-magnetic fraction, these fractions were
suspended above HF vapours, derived from 35% HF liquid held at 90°C, for 1 to

2 minutes in a small Pt-pan. Thié pan was filled with a thin layer of sample
only (~1 grain size in thickness; van der Plas, 1966). Afterwards the etch-
residue was fixed on the surface of the particles by a 400°C heat treatment ip .
an electric furmace for 5 minutes, resulting in a "milky" plagioclase surface.
For K-feldspar’determination the etched aliquots were inserted into a saturated
sodium cobaltinitrite solution for abouf 2 minutes and then washed with
distilled water, leaving yellow K-feldspar grains. Magnetite was separated by

hand magnet from a finer than 120§ crush suspended in distilled water. Graphite
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was separated from 60 to 90# sample fractions by a combined method of water -
floatation and subsequent hand picking. All mineral separates were more than 95%

pure as determined by visual estimation with the aid of binocular microscopes.

2.4.2 Oxygen Isotope Analysis

Oxygen was extracted from the minerals and whole rocks in ;he Department of
Geochemistry at the University of Cape Town using C1F,; as reagént and an
extraction method similar to that described by Borthwick and Harmon (1982).
Prior to extraction, the mineral separates were crushed in acetone until finer
than about 120 to 200#, except fqr garnet, mégnetite and whole rocks, which were
crushed until finer than about 300#. The crushed samples were then dried for a
minimum of 15 minutes at 110°C, wgighed and tfansferred into the reaction
vessels using a loading stick; For silicates and whole rocks about 10mg of
sample were reacted with about 7 times the stoichiometrically required amount of
ClF; reagent forrperiods of 12 to 14 hours. For magnetite about 15 to 20mg of
sample were used with the same running conditions as for the silicate minerals.
All minerals were analyzed in duplicate whereas for whole rocks on average every

second sample was analyzed in duplicate only.

The extracted oxygen was converted to CO, by‘passing it over a hot,
platinized carbon rod. After manometrically measuring the amount of CO,
produced, the CO, was analyzed for its oxygen isotope composition using a VG
Micromass 602E double coilecting ratio mass spectrometer housed in the

Department of Archaeology. For oxygen analysis the mass-46 peak was measured
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relative to the combined mass-45 + mass-44 peaks. This ratio, expressed relative .
to that of the mass spectrometer reference gas as §46, was subsequently
corrected for the effects of the mass spectrometer background on the peaks (e.g.
Deines, 1970) and for mass-45 contributions (!3C and 16 in CO,) to the

mass-44 peak (Craig, 1957). The §'°0 values were all calculated relative to
Standard Mean Ocean Watér as given by Gonfiantini (1978; V-SMOW scale), using

the conventional definition for §:
184 /16
O/ OSample

6180 - 1) * 1000 (2.1)

Sample = (

18 ,16 .
O/ OStanderd

and adopting a NBS-28 (quartz) value of 9.64% relative to V-SMOW. The
theoretical yields of CO, were calculated from the microprobe analysis of the

minerals within each rock and using the general formula:

1000 (0.5 * no. of atoms of oxygen in formula)

formula weight _ (2.2)

~For minerals where no microprobe analysis were available, the
micromole/milligram values for the same mineral species: in compositionally

similar rocks were used.

Table 2.4 summarizes the number of extractions, the reaction temperatures
used, average oxygen yields and the average errors in 60 about the mean
from duplicate analysis. For most of the minerals the yields are between 98 and

102% and reproducibility is better than + 0.1%. about the mean of duplicate

21



analysis. Notable exceptioﬁs to this are orthopyroxene, cordierite and
orthoamphiboles, where‘the former two show yields lower than 98% while the
latter has yields higher than 102%. For the orthoamphiboles from sample P38C the
oxygen yields were found to be consistently high at 107%Z. Omitting this
orthoamphibole pair then the average oxygen yields for the orthoamphiboles is
lowefed to 101.6% (s.d. 1.66). The reason for these high yields is unknown but
could bg related to the volatile contents or the Fe oxidation state of the
orthoamphiboles as this is not determinable from the microprobe analysis. The
reason for the low oxygen yields of the orthopyroxenes (both enstatites from the
‘ultramafics and orthopyroxenes from the pelites) and the cordierites are unknown
although the létter may also be a function of volatile estimates in the mineral.
Anéther péssible explanation for these low yieldé could be incomplete oxygen

liberation as will be discussed later.

Because of the difficulty in distinguishing quartz from plagioclase, the
non-magnetic sample fraction containing both of these minerals was etched with
HF vapours (see above). Effects of thi§ etching on the plagioclase isotopic
composition were tested for plagioclase separated from the mafic rock M3A. Thin
section analysis for this rock indicated an absence of quartz and thus
plagioclase could be separated without etching. Four non-etched plagioclase
analyéis provided an average §180 of 9.43 + 0.971.. A small aliquot of the
same plagioclase which was etched for about 3 minutes provided a mean of 9.55 +
A0?082.7(n=2), suggesting that no significant difference in §%0 is

introduced with etching of the feldspars.
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2.4.2.1 Reaction Experiments for some Silicate-ClF, Reactions

Because of the similarity in optical and density properties‘bétween quartz and
feldspars,‘minéral separation of these two is complicated. The etching of
feldspars, producing a "milky" etched surface on grains, can be expected to have
-a .chemical effect on the feldspar. While it was shown above that the etching of
feldspars by the HF vapours did not have a significant effect on the isotopic
composition of ﬁhe feldspar (tb within the current analytical uncertaiﬁty), fhis
may not necessarily be the case for strongly zoned feldspars. An alternative
method for quartz-feldspar oxygen isotope anaiysis is to sequentially react a
quartz-feldspar sample mixture with reagent (e.g. BrFg or ClF;), first at a

low temperature to react with the feldsparband subsequently at a higher
temperature to react with the residual quartz in the.mixed sémple (H.S. Smith
pefs. commun.; see also Clayton and Mayedé, 1963; Crowley and Giletti, 1983).
This idea led to a series of reaction-tempefature and reaction-time'experiments
conducted using ClF; reagent. It is worth noting at this point that during
temperature calibratioﬁs of the Lindberg elecéric heating elements (type 73-KS)
it was established that it took approximately 15 + 5 minutes for the nickel
reaction vessels (outside diameter 19mm, internal diameter ~12mm5 to reach the

set temperature.

The results of such experiments for the minerals.of quartz (NBS-28 and
Murchison qﬁartz), plagiéclase (Anyg-M3A and An,,-Bushveld Igneous Complex),
biotite (NBS-30), garnet (Almg,-Pyr;s-P14C), clinopyroxene (Dig,-Hd,g-
Busveld Igneous Complex), and olivine (Fogz,-San Carlos) are given in Tables

2.5 to 2.7 and are summarized in Figures 2.2a and b. The most important features
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from these experiments are the following:

1. Quartz, clinopyroxene and biotite remain more or less unreacted until a
certain temperature limit is reached. For temperatures exceeding these
temperature limits (T>300°C) the reaction between these minerals and

'C1F, proceeds more or less spontaneously.

2. In the case of plagioclase and garnet a more steady increase in yield is
observed with increasing temperature. For plagioclase, however, the
reaction starfs ét temperatures as low as 100°C and is completed at
temperatures of around 450°C whereas for gérnet these temperatures are
250°C and 600°C respectively. If reacted at temperatures conéiderably
higher than 450°C (i.e. 550°C), the reaction between plagioclase and
ClF, proceeds more or less spontaneously. Experimentaliy this could not
be established for the garnet as at temperatures exceeding + 650°C the
Ni reaction vessels will react with the ClF,; (e.g. Borthwick and Harmon,

1982).

3. High-Mg olivine remains largely unreacted even at temperatures as high as

650°C and reaction times of 14.5 hours.

4, For all minerals, except garnet, a positive relationship of increasing
6% with increasing oxygen yield was observed. Generally for yields
higher than 90% the §1%0 Qalues were found to be indistinguishable, to
within the analytical uncertainty, from those for a complete reaction.
The unreacted quartz was re-reacted with ClF; at 550°C after the

extraction of oxygen produced during low temperature runs. The oxygen
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extracted from the re-run was found to compliment the initially (light
§'%0) extracted oxygen. For olivine §%0 was found to increase with
yield but lack of a complete reaction prohibits comparison with 100% yield

§1%0 values.

5. The 6% of oxygen extracted from vessels with unreacted garnet was
found to be heavier than that for completely réacted garnet; in reverse to
- the above minerals. However, after only ~50% oxygen yiéld the 6§80 is‘
found to be representative of 100% yield values.
An important implication of the above is that if the low cordierite and
orthopyroxene oxygen yields are caused by a lack of coﬁplete mineral-Cl1F,
reaction, then the §80 values of the cordierite and orthopyroxene should
still be representative for the @o/“o compositions of these minerals as
their oxygen yields were commonly larger than 95%. The possibility that these
low yie1d§ are a function of contamination by other mineral specie$ is not
considered vaiid, particularly as the mineral separates were better than 9SZY
pure. In thg case of high-Mg, colourless cordierite, quartz and plagioclase may
represent possible contaminating phases that could have ;emained undetected.
~ However, such a contamination'would'largelyVincrease the oxygen’yieids of the

cordierite which is not observed.

Furthermore, the above experiments imply that the reaction conditions used
for the whole rockAanaIysis (i.e. 600°C, 12 hours) should provide>
Vrepresentafive oxygen isotopic compositions for the pelitic aﬁd mafié rocks of
this study. This may not be the‘CSSe for the ultramafic rocks containing high-Mg

olivine, unless olivine gives representative oxygen isotopic values even at low
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yields (e.g. ~30%). It is also interesting to note that the garnets analyzed in
this study using ClF, as a reagent do not indicate incomplete reactions as is
the case for some garnets reported in the literature (e.g. Huebner et al.,

1986).

No attempt was made to determine the effect of mineral grain size on the
rate or temperature of the reactions. It is, nevertheless, interesting to nédte
that quartz, feldspar and biotite showed rapid reactions with ClF, even for
the relatively coarse-grained size fractions used (see Tables 2.5 to 2.7). This
was not the case for garnetvand olivine which were crushed uﬁtil the powder

floated in acetone (~300#).

'2.4.3 Carbon Isotope Analysis

As little or no carbonate is present in the majoritonf roéks, carbon isotope
measurements were performed only on‘graphite flakesbpresent in the pelitic
rocks. About 2mg (milligrams) of graphite flakes (0.1 - 1mm in size) were

- thoroughly mixéd with 100mg cupric oxide (Cu0) in a crucible. The mixed powder
was inserted into a quartz tube, evacuated to about 107%mbars, sealed and
coﬁbusted to CO, in a furnace set at 800°C for 12 hours. Manometric yields

of the analyzed samples varied Setween 80 and 105% relative to theoretically
caleculated values. A blank sample of 100mg CuD also heated to 800°C for 12

hours showed no measurable gases when analysed. Low yield samples were 6ptica11y
examined for residual graphite but none was detected. Loss of graphite during

mixing and/or partial silicate contamination are therefore considered the most
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likely explanations for the low yields in some samples.

CO, was analyzed both fof §45 ([mass-ZoS/mass-44]-smpie/[mass-QS/mass-

447 o terence sas) and 6§46 (see above) on the VG Micromass 602E mass
spectrometer in the Department of Archaeology. After corrections for oxygen
interference (}’0) on the 645 values, the 6§3C values were calculated

relative to the PDB standard (Peedee Belemnite carbonate - Gonfiantini, 1978).
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- CHAPTER 3: PETROGRAPHY AND MINERALOGY

3.1 Introduction

In the section to follow the teitural and mineralogical features of selected
samples from the Bandelierkop Formation of the Southern Marginal Zone (SMZ) are
described in more detail. This description will be related to the paragenesis;
to mineral reactions occuring and, if possible, to the degree of fextural and
chemical equiiibrium attained in the rocks under considéra;ion. All of these
features form the basis to subsequent discussions on the geochemistry of the SMZ
rocks. Iﬁ addition, a comparison of the observed mineral reactions’to
ékperimentally calibrated reactions involving similér mineral phases in
chemically similar systemé allows for some crudé estimates on the pressure-
temperature (P-T) and perhaps watér activity conditions (expressed as partial
H,0 pressure or P(H,0) relative to the total pressure, f(total)) experienced

by the SMZ rocks. Tﬁe results of this independent estimate of P-T conditions are
subsequently compared to the P-T conditions as obtained from cation and anion
thermometry in an attempt to quantify the metamorphic history experienced by the

SMZ rocks.

This section largely concentrates on the high-grade rocks (for sample
localities refer to Fig. 2.1). Thus while samples from various lithologies of
the Pietersburg and Rhenosterkoppies greenstone belts, the Baviaanskloof gneiss,

charnockites of the Matok area, as well as a granodiorite have also been
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analyzed for their major and trace elements, they are not described in this’
section. However, brief mineralogic-petrographic descriptions of these rocks

can be found in Appendix A.

Bandelierkop Formétion rocks outcrop as large, relict blocks, surrounded by
tﬁe characteristic grey, migmatitic gneisses termed the Baviaanskloof Gneiss
(Fig. 3.1). Chemically these gneisses,are tonalitic to trondhjemitic in
composition and are maiﬁly composed of quartz, plagioclase, biotite, orthoclase
and/or hornblende (Appendix A - G9C; Du Toit and van Reenen, 1977; Du Toit ef
al., 1983). Because of poor exposure, contact relationships between the grey
' gneisses and rocks of the Bandelierkop Formation are poorly understood. However,
in zones such as the Hout River Transition (or Hout River shear zone; see
' Fig. 1.3) wvhere contact_relatioﬁships are'vigiblé, a leucocratic granitic melt
is present at the contact.(Fig. 3.2). Foliations within larger lenses and
boudins are generdally found to be paraliel in orientation to the fabric of the

grey gneisses (see also du Toit et al., 1983).

Rocks of the Bandelierkop Formation can be divided into metamorphosed
ultramafic, mafic, and metasedimentary members, the latter including minor
metamorphosed iron formations and metaquartzites. The petrology of these members

is discussed in more detail below.
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3.2 Ultramafic Rocks

In the field, ulﬁramafic rocks are recognised as dark brown pods and lenses,
commonly forming small hillocks. When somewhat carbonated and serpentinized, the
colour is grey to grey-brown. Although often cross-cut and intruded by
leucocratic veins and ﬁegmatites, the ultramafic bodies are generally not found
in contact with any other rocktype of the Bandélierkop Formation.
Petrogréphically tﬁe ultramafic rocks collected for this study can be subdivided
into peridotites, pyroxenites and, when intensely retrogresséd, serpentinites

(see Appendix A and Table 3.1). In all rock types the original textural features

of the igneous rocks have been replaced by coarse-grained metamorphic textures.

Peridotites consist éredominantly of large gréins of enstatite with lesser
amounts of olivine, tremoiitic hornblende, colourless chlorite, green spinel,
minor carbonate and serpéntine (Fig. 3.3). dlivine, spinel, chlorite énd
tremolite can dccur as inclusions in enstatite, Both oli&ine and enstatite are
also found replacing larger flakes of chlorite. Serpentine together with fine-
grained green chlorite are found as retrograderalteration assemblages along
fractures of olivine and enstatite. Only one pyroxenite was sampled (UlOA) and
consists of finer grained, equigranular eﬁstatite, tremolite, chlorite, green-
brown spinel and small amounts of anthophylli;e commonly found r;placing the
enstatite. All constituents show good equilibrium textures, that is, all

minerals are in contact with each other and show 120° contact angles.
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3.2.1 Metamorphic Reactions and Discussion

Metamorphism of ultramafic rocks is commonly represented in the system Ca0O-MgO-
A1203-SiOZ-H20.(e.g. Eyans, 1977). The only other major constituent in
.ultramafic systems is FeO. Because of the formation of magnetite (or spinel)
duringvinitial serpentinization of metamorphic rocks (Jolly, 1982; Winkler, 1976
p. 163) and its stability in higher metamorphic grades, little FeO is available
for substitution of MgO in silicate minerals. Furthermore because of the
relative ease of Fe-Mg substitutions, the errors introduced by omitting FeO from
‘experimental systéms are considered to be less than the uncertainties in the
éxperiﬁental determinations of equilibrium condiﬁions (Evans, 1977; Winkler,

1976 p. 163; Turner, 1980 p. 169).

- In the above mentioned system, the formation of enstatite occurs acéording

to the reaction:
talc + forsterite = enstatite + H,0 : . (3.1)

(Chernosky, 1976; Evans, 1977) and would indicate upper amphibolite to granulite
facies metamorphism (600°-750°C). In a system somewhat richer in alumina,

the talc iS'presumably replaced by chlorite.

Textural evidence for the breakdown of chlorite to enstatite and olivine

(Fig. 3.4) would indicate the following reaction:

" chlorite = forsterite + enstatite + spinel + H,0 ' (3.2)

which indicates granulite facies conditions (Fawcett and Yoder, 1966; Chernosky,
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1974; Trommsdorf and Evans 1965), witﬁ fhe cﬁlorite being stabilized by'

7A1203 presence in the ultramafic rocks. The pfesence of prograde tremolite

in equilibrium with olivine wouldrindicate that ﬁemperatures for a two-pyroxene
paragenesis héve not been attained tEvans, 1977 eqn. 2 in Fig. 3). The P-T

conditions implied by the above reactions are summarized in Figure 3.19.

Somewhat lower grades of metamorphism could be indicated by the pyroxenite
.UiOA where the presence of idioblastic anthophyllite limits pressures to below
about 5kbars (Chernosky, 1976) and temperatures below 600°C (Evans, 1977).
‘Alternatively the anthophyllite in this rock is of fetrograde ofigin, an

interpretation which is compatible with the textural evidence.

3.3 Mafic Rocks

Mafic rocks can be identified in outcrop by their greén-brbwn to black colour.
They can be both massive and banded with alterﬁating leucocratic and
melanocratic bands. Veins varying in size from cenﬁimeters to meters can be rich
in biotite, amphibole, or amphibole and qﬁartz, all of which are commonly
coarse-grained relative to the medium-grained host rocks. Veins show both
concordant and discordant characters.. Although mafic lithologies were commonly
sambled close to pelitic lithologies, no direct contacts between these
lithologies were found. However, du Toit et al.(1983) report lenses of
ultramafic, pelitic and bandéd‘iron formation interlayered with the mafic

lithologies.
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All the mafic rocks from the higﬂ-grade terrane selected for this study are
of amphibolitic nature. They vary from true amphibolites éomposed solely of
hornblende + oligoclase with lesser amounts of quartz and titanite via pyroxene
Vamphibolites with hornblende + andesine + clinopyroxene + opaques + quartz to
two-pyroxene-hornblende gneisées with clinopyroxene + orthopyroxene +

labradorite + hornblende (Table 3.2, Fig.'s 3.5 and 3.6).

Increasing anorthite content in plagioclases of the aﬁphibolites is
paralleled by an increase in volume perceﬁt of pyroxenes and opaques, and a
concomitant decrease in hornblende and quartz. Furthermore, the hornblende in
the true amphibolites is commonly blue-green whereas in the pyroxene-hornblende °
gneisseé it is brownish-green. - In detailed s;udies of compositionally similar
amphibolites in the Adirondack Mountains (Engel and Engel, 1962), énd in the
central Alps (Wenk and Keller, 1962) such mineralogical and texturai changes are

ascribed to increasing metamorphic grades.

3.3.1 Metamorphic Reactions and Discussion
The breakdown of hornblende by the generalized reaction:
hornblende + quartz = orthopyroxene + clinopyroxene + plagioclase + H,0 (3.3)

is commonly recognized as separating two subfacies of the granulite facies (de
Waard, 1965). However, reaction (3.3) strongly depends on the chemical
composition of the hornblende as well as on the oxygen fugacity (f0,) and

P(H,0) relative to P(total) (Sen and Ray, 1971; Winkler, 1976, p. 260; Spear,
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1981; Wells, 1979) and is therefore not commonly used for geothermometry.

Spear’s (198l) experiments on the stability of hornblende in a rock of
similar bulkrcomposition compared to the Adirondack amphibolites (Engel and
Engel, 1962), Indian amphibolites (Raase et al., 1986) and the.amphibolites
considered in this study, determined that at P(H,0) = P(total) - lkbar and
f0, = QFM (QFM=quartz-fayaliﬁe-magnetite), clinopyroxene first appears at
794°C, with the upper thermal stability limit of amphibole being around
910°C (Fig. 3.19). In natural assemblages at granulite facies conditions the
complete dehydration of amphibole has been.determined to occur at estimated
temperatures of 730° + 30°C for the Adirondack amphibolites (Stoddard, 1976)
and at 722° + 22°C for the Indian amphibolites (Srikantapa et al., 1985).
This discrepancy between experimentally determined temperatures and those
derived for the natural assemblages is most likely to be due to P(H,0) being
much less than P(total) under granulite facies conditions (Spear, 198l; Raase et

al., 1985).

Assuming metamorphic conditions suggested for the amphibolites from the
Adirondacks and India (i.e. P(H,0) < P(total) and fO, < QFM - Engel and
Engel, 1962; Spear, 1981; Lamb and Valley, 1984; Bhattacharya and Sen, 1986;
Edwards and Essene, 1988) to hold true for the amphibolites considered in this
study then the assemblage clinopyroxene, orthdpyro#ene, labradorite and.
hornblende could indicate peak temperatures of between 700 and 780°C. The
temperature would not be expected to be much higher as no olivine is observed

and as some hornblende is still present in the SMZ rocks.
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Locally the above mentioned change§ can however be inverted by retrograde -
reactions with two-pyroxene-hornblende gneisses Being converted to hornblende +
andesine amphibolites. Evidence for-this retrogression is found in textures
where tﬁe hornblende partially surrounds the pyroxene, occasionally showing
inclusions of the pyroxene (Fig. 3.5). Retrogression is particularly common in
veins aﬁd fractures cross-cutting the rocks (e.g. M37C and vein in M27C), where

blue-green hornblende is found to replace brown-green hornblende of the host

" rock, the former occuring together with quartz and oligoclase feldspar. However,

the blue-green hornblende is never replaced by chiorite and actinolite
assemblages, implying‘that retrogression must have occufed above the upper
chlorite stability limit (-~ 550°C - Liou et al., 1974). Similar retrogressive
hornblende growth has been described by Edwards (1957) on a regional scale and

by Engel and Engel (1962) on a shear zone scale (10’'s of meters).

3.4 Metasedimentary Rocks

3.4.1 Pelitic Rocks

the pelitic rocks vary in colour from grey-brown to dark reddish-brown, can be
texturally massive or, more commonly, show fine to coarse gneissic banding
defined by alignment of biotite, orthoamphibole and/or felsic segregations. The
segregations give the rocks a migmatitic character. Both concordant and

discordant felsic segregations and veins are present, occasionally displaying
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large garnets (up to 7cm; Fig. 3.7). The segregations form rounded patches,
lenses, or distinct veins in a finer grained matrix. Whenever pelitic and mafic
rocks were found close together in the field, contact relationships were

‘obstructed by the presence of felsic, pegmatitic material.

The pelitic rocks can be divided petrographically into five groups (Table
3.3). Groups names given below are adopted from van Reenen and du Toit (1977)

and are listed here in order of increasing petrographic complexity,

1. Garnet-biotite gneisses consisting of garnet, biotite, plagioclase,

quartz, minor opaques and Al,SiOy polymorphs.

2. Orthoamphibole gneiSses consisting of the above mineralogy with additional

gedrite, anthophyllite and occasional cordierite.

3. Garnet granulites consisting of the same minerals as group 1 above with

additional orthopyroxene.

4. Cordierite-garnet granulites which are mineralogically the same as group 3

above with additional cordierite, minor spinel and K-feldspar.

5. Cordierite granulites are identical to group 4 rocks but lack garnet (or

only a trace left).

Occasional graphite was also detected as an accessory phase in all these rock

types.

The migmatitic character of these rocks as observed in the field, as well

as in thin section, together with abundant pods and lenses of coarse-grained
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quartz and antiperthitic feldspér coﬁmonly found surrohndingAlarger skeletal
garnet (Fig. 3.7) and orthopyroxene provides evidence for the involvement of
Apartial melting reactions. Whether these reactions occured under fluid-absent
or fluid-present conditions is more difficult to determine; However, as the
ségregations observed in the field as well as those having recrystallized as
small pods on thin section scale contain énhydrous minerél assemblages, it is
likely that conditions were close fo‘fluid~absent. Identical textural
relationships have been ascribed to anhydrous partial melting reactions

(e.g. Fediukova‘and Suk, 1979; Tracy and Rbbinsoﬁ, 1983; Waters and Whales,
1984; Waters, 1988). The general absence of K-feldspar from the product
assemblages is, however, suggestive of fluid-present melting (e.g. Clemens and
Wall, 1981; Grant, 1985). Initial melting could therefore have océured under
fluid-present conditions.v 1f only'small amounts of fluid were present Qithin
these rocks beforg the high-grade event, this fluid would presumably have
entered the first melt formed and subsequent prograde melting will then be
fluid-absent. For consistency with previous studies, it is considered best to
model these reactions as dehydration melting reactions (c.f. Thompson, 1982) or
as vapour-absent melting reactions (c.f. Grant, 1985). Considérations of fluid-
absent reactions.rather than fluid-present reactions wiil tend fo maximize the
P-T estimaﬁes (e.g. Clemens and Wall, 1981). It must be emphasiéed though, that
the abo?e described anhydrous product assemblage does not exclude the occurrence
of dehydration reactions not involving partial melting, nor does it exclude the
possibility of fluid-present partial melting reactions. An alternative
explanation, equally valid in describing the presence of an anhydrous mineral

assemblage in the segregations, would be that the fluids released from the
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crystallization of the melts were expelled along well-defined channelways. Such

a fluid release would largely inhibit retrograde hydration reactions.

Texturally most of the rocks indicate a complex metamorphic history and the

mineral paragenesis is best considered separately for different groups of rocks.

3.4.1.1 Garnet-Biotite Gneisses

Rocks belonging to this group (P17C, P41C) generally‘have a siﬁﬁle mineralogy,
where textural and mineral inclusion information (refer to Appendix A) would
suggest a paragenesis of garnet growth after biotite. This reaction could well
have been a partial melting/recrystallization reaction as suggested by the
migmatitic gharacter of the rocks, both in outcrop and in thin section

(Fig. 3.9). The coarse-grained anhydrous assemblage of ﬁuartz, plagioclase and

skeletal, poikioblastic garnet makes up the leucosome.

The general absence of a free Al,SiO; polymorph would exclude
sillimanite (or kyanite) as being a reactant or, altérnatively, suggests that
the aluminosilicate has been consumed during the reaction. Fine needles of what
is believed to be sillimanite are found intergrown with and replacing the
biotite, particularly in places where the biotite occurs close to segregations.
These aluminosilicate needles are therefore considered to be of retrograde
origin. However, according to Carmichael (19695, these needles couid represent
an infermediate stage in the breakdown of biotite where immobile A1* ions
form sillimanite while more mobile components (K*, OH™, Fe?*, Mg?*,

etc.) are removed or added from elsewhere before garnet can crystallize. This

38



interpretation is considered invalid as the product garnet is higher in Al-

content relative to the biotite and also largely accomodates the Fe and some of

the Mg released from the biotite breakdown.

The absence of a potassié¢ phase in the anhydrous assemblage could imply

that the K-component was incorporated in the melt,

3.4.1.1.1 Mineral Reactions and DiseusSion

In the light of the above textural evidence, the following reactions can be

deduced:
biotite + quartz + plagioclase + Al,5i0; + H,0 = garnet + melt (3.4)

or, if anhydrous conditions existed then K-feldspar presence is required

(Powell, 1983):

biotite + quartz + plagioclase + Al,SiO; = garnet + K-feldspar + melt (3.5)
Owing to the Fe-Mg exchange between garnet and biotite these reactions are

continuous and both phases may change their compositions and be stable over a

wider temperature range. As K-feldspar is not present in these rocks it could

imply:
1. that hydrous melting occured according to reaction (3.4) above,
2. that anhydrous melting occurs, but that the K,0 content of the melt is

too small to allow K-feldspar to crystallize (c.f. Powell, i983).
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The 1atter case could bé explained by the low bulk rock K,0 contents observed
for these rocks, indicating that reactions such as (3.5) represented in kzo-
'Fe0-A1,0,-5S10,-H,0 (KFASH) and K,0-Mg0-A1,0,-810,-H,0 (KMASH)

diagrams of Thompson (1982, reaction 48) as written may nét be apﬁlicable to the
K,0 depleted rocks of the SMZ. Small amounts of K,0 can, upon

crystallization of the melt be incorporated into the plagioclage forming
antiperthite (see for example sample V6D). This speculation would bé consistent
with the observation that large, recrystallized plagioclase is commonly

antipefthitic1(see Appendix A).

Assuming as a maximum temperature estimate dehydration melting of biotite
to produce garnet, and using the P-T projection of Clemens and Wall (1981) for
biotites of similar composition (Fe/Fe+Mg ~ 0.4, refer to Chapter 5),
temperatures of between 700 to 770°C can be estimated for pressures of between
6 to 8kbérs for the garnet-biotite gneisses (see also Fig. 3.19). In melting
ekperiments on assemblages of biotite, quartz and plagioclase, Hoschek (1976)
observed the first formation of garﬁet at temperatures of around 725°C at |

‘ P(HZO) = 4kbars and QFM buffering, which is inAgood agreement with the
estimated temperatures of >675°C by Tracy and Robinson (1983) for the fluid-
absent melting of biotite forming garnet in felsic segregétions and also with
the temperatures given by Clemens and Wall (1981). It is interesting to néte
though that the ;tarting assemblages used by Hosqhek (1976), did not include any
aluminosilicate. In that case the Al,0, required for garnet formation may

have been derived from the breakdown of feldspar. The absence of an

aluminosilicate phase from a starting assemblage of biotite, quartz and
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plagioclase, therefore, does not appear to influence the progress of the

reaction to form garnet.

The pfesence of garnet in some rocks (Fig. 3.7)>and of cordierite in other
rocks closeby (Fig. 3.8), is likely to be a function of the Fe/Mg ratio in the
biotite as the only ferromagnesian phase in these rocks prior to partial melting
(Thompson, 1982 p. 1586/7). However, the large cordierites observed in some
outcrops are not generally surrounded by felsic segregations as isvobserved for
the rocks containing garnet. As the rocks outcrop only several meters apart, one
-can assume that the P-T conditions for these rocks weré very similar. The
absence of melts during cordierite formation would agree with the observations
of Thompson (1982) that partial melting in Fe-rich rocks can be concurrent with

simple dehydration reactions in Mg-rich rocks at temperatures of around 700°C.

"3.4.1.2 Orthoamphibole Gneisses

The rocks classified as orthoamphibole gneisses cover a wide compositional range
(see Chapter 4) and thus show various metamorphic assemblages. In general they
are characteri;ed by the presence of fibrous t§ coérse;grained gedrite and
lesser énthdpﬁyliite in addition to biotite and garnet (Tablev3.3).' In the Fe-
rich rocks such as samples P5C and P6C oﬁly trace amounts of biotite are left as
inclusions within garnet and no free biotite is present. In these rocks garnet
and gedrite show clean contacts. However, in rocks richer in MgO where biotite

is present, garnet is not found in textural equilibrium with either biotite

(Fig. 3.10) or gedrite (Fig. 3.11). In most rocks fibrous gedrite is found
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replacing the biotite, and as biotite forms a common inclusion in coarser
grained gedrite, growth of ged;ite after biotite is indicated. 1In addition to
fine-grained gedrite, small aluminosilicate needles have also been identified
within the biotite-gedrite intergrowths. Cordierite grains within ﬁhese rocks
were observed in the biotite-gedrite intergrowths, as well as between garnet-

biotite contacts (Fig. 3.11). Cordierite can show small spinel inclusions.

3.4.1.2.1 Mineral Reactions and Discussion

Textural relationships for these rocks suggest the following reactions:
biotite + garnet = orthoamphibole + K-feldspar + H,0 o (3.6)
or,'in the more magnesian rocks:

giotite + garnet = orthoamphibole + cordierite + K-feldspar + H,0 (3.7),
(e.g. Grant, 1981).

In the case of the Fe-rich rocks (P5C, P6C and P42C), completevremoval of
biotite results in a stable coexistence of garnet and orthoamphibole. In all
other orthoamphibole gneisses, disequilibrium textures observed on
ferromagnesian mineral contacté, together with the fibrous nature of the

biotite-orthoamphibole intergrowths, implies incomplete reaction progress.

Absence of K-feldspar as a reaction product may suggest that the above
reactions were accompanied by partial melting processes. By analogy to the

reactions forming garnet (e.g. reactions (3.4) and (3.5) above), the K-feldspar
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component may be incorporated into the melt phase. The occurrence of partial
meléing has also been used by Grant (1968) to explain cordierite-orthoamphibole
. bearing assemblages similar to those observed in these SMZ rbcks. In addition,
Knabe (1970a) and Hoschek (1976) observed orthoamphibole férmation in
experimental ruhs with starting assemblages of biotite, quartz and plagioclase
but no garnet (experiments at P(H,0) = P(Total)). In the reaction suggested by

Knabe (1970a):
biotite + quartz + plagioclase = gedrite + K-feldspar + H,0 (3.8),

the K-feldspar component togéther with quartz and plagioclase is considered to
make up the melt. However, these experiments were performed under hydrous
conditions. Under essentially dry conditions the H,0 available will presumably
be taken up by the melt and orthopyroxeneyinstead of orthoamphibole is expected
to be formed (Knabe, 1970b; Grant, 1981)., Reaction (3.8) could explaiﬁ the

~ common biotite-gedrite intergrowths observed in these rocks.

It is therefore concluded, that the orthoamphibole (and cordierite) in
these rocks formed from the breakdown df biotite or biotite and garnet. If the
reaction was accompanied by partiél melting, then such melting occured under
fluid-present conditions. While not producing the.typical fluid-absent melting
textures (e.g. Tracy and Robinson, 1983; Waters and Whales, 1984; Waters, 1988),

such melting is consistent with the general migmatitic character of these rocks.

Knabe (1970a) and Hoschek (1976) observed orthoamphibole formation in
experimental runs with starting assemblages of biotite, quartz and plagioclase

-

to occur at temperatures of 650 to 725°C and fluid pressures of 2 and 4kbars
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respectively.

Coarse-grained orthoamphibole could be identified as both gedrite and
lesser amounts of anthophyllite, both of which were in direct contact with each
other. Spear (1980) estimated the crest of the solvus between anthophyllite and
gedrite to occur at approximately 600 + 25°C. These somewhat lower |
temperatures compared to those of Knabe (1970a) and Hoschek (1976) may suggest
that orthoamphibole formation started at temperatures as low as ~ 620°C in
rocks‘of suitable bulk composition. However, because of Fe-Mg exchange am6ngst
the ferromagnesian phases, the above‘reactions are continuous and thus ail
phases are stable over a wider temperature interval. The reason for the
incomplete reaction and diseéuilibrium textures is not known, but could be’
related to melt removal and/or rapid changes in metamorphic conditions

subsequent to the start of the reactions outlined above.

3.4.1.3 Garnet Granulites

Only one rock could be identified as a garnet granulite in this study (P25C).
This rock is mineralogically similar to those of group 1 above except that it
contains additional orthopyroxene of similar poikioblastic texture as the

~ garnet. Inclusion minerélogy of the garnet and'orthopyroxene would indicate
growth of garnet and orthopyroxene gfter biotite, quartz and plagioclase
(Fig. 3.12). All phases show good equilibrium contacts (120° triple

junctions).

44



3.4,1,3.1 Mineral Reactions and Diécussion

The breakdown of the biotite in this rock can be enﬁisaged as a two stage
process. In this process the garnet may be produced via reactions (3.4) or (3.5)
as described above. Due to the Fe-Mg exchange between biotite and garnet, these
~reactions are continuous reactions and both phases can changebtheir compositions
and be stable over a wider temperature interval. Thus, after partial melting and
production bf garnet, the biotite, now somewhat more magnesian in composition
(Ellis, 1982), may coexist stably with its product phase, until a fufther
temperature increase occurs. Subsequently the biotite may break down to form

orthopyroxene according to:
biotite + quartz + plagioclase = orthopyroxene + K-feldspar + melt (3.9).

A further composition change of the biotite may result in its stéble coexi#tence
with both the garnet and the orthopyroxene at temperatures above the formatioé
temperatures of orthopyroxene, provided the biotite is in excess of other
reactant phases. This biotite breakdown may be analogous to that of hornblende
in mafic systems (reaction (3.3) above; Spear, 1980), except that textural '
evidence implies the involvement of partial melting instead of simple

‘dehydration. In analogy to the above systems the K-feldspar component may enter

the melt.

In partial melting experiments on assemblages of biotite, quartz and
plagioclase, Hoschek (1976) showed that the mineral products formed by the
breakdown of biotite critically depend on the Al-Mg-Fe composition of the

biotite. Garnet and orthopyroxene are restricted to more Fe-rich compositions,
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cordierite is limited to Mg-rich biotite compositions, whereas orthoamphibole
appears in rocks with medium Fe/Mg and high Al contents in thé biotite. 'He also
indicated that the biotite solid solution is shifted towards medium Al contents
and medium to high Mg/Fe ratios and that these blotites can exist stably to
temperatures which are in excess of those of initial melting. Temperatures of
'firﬁt formation of orthopyroxene in Hoschek's (1976) exéeriments varied from 675
to 750°C, depending on biotite and/or plagioclase compositions (temperatures

at P(H,0) = 4kbars). Hoffer and Grant (1980) experimentally determined
coexistence éf orthopyroxene and liquid to occur at temperatures as low as

- 675°C at hydrous pressures of 6 to 8kbars. However, these somewhat lower
temperatures, when compared to those of Hoschek (1976), may be explained by the

experimental conditions uéed, as Hoffer and Grant (1980) included seeds of

orthopyroxene in their starting assemblages of quartz, albite and biotite.

Clemens and Wall (1981; see also Fig. 3.19) approximated the fluid-absent
formation of orthopyroxene, as illustrated in reaction (3.9) above, to
temperatures of about 750°C at 4kbars and 780°C at 8kbafs, which is in good

agreement with the experiments of Hoschek (1976).

An alternative to the two-stage process is the coeval formation of garnet

and orthopyroxene:

biotite + quartz + plagioclase = garnet + orthopyroxene + K-feldspar + melt

(3.10)

which, according to the experiments of Hoschek (1976) can occur at about 750°C

for biotites of the correct compositions.
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Both‘Knabe (1970&, b) and Hoschek (1976) demonstrated, that for.assemblages
of bio&itg, quartz and plagioclase (i.e. for relatively K,0 poor rocks) the
K-feldspar component enters the melt phase and is not necessarily an ahhydrous_
product of biotite breakdown reactions as illustrated elsewhere (e.g. Thompéon,.
1982; Grant, 1985). The possible incorporation of.KQO into plagioclase is
evidenced by the observation that large, probably recrystaliized plagioclase

tends to be antiperthitic in character (e.g. V6D in Appendix A).

3.4.1.4 Cordierite-Garnet Graﬁulites

The cordierite-garnet granulites are mineralogically and texturally the most
complex rocks. They contain biotite, cordierite, garnet, and orthopyroxene as

ferromagnesian phases together with quartz and antiperthitic plagioclase.

Orthopyroxene and garnet can have a similar appearance as in group 3 rocks,
occuring as clusters or stringers and/or as poikioblastic grains with inclusions
of biotite, quartz, and plagioclase. In some cases garnet is surrounded by fine
intergrowths of biotite, cordierite and orthopyroxene. Biotite can be partially
replaced by needles of aluminosilicate (analyzed as kyanite by.van Reenen, 1978)
and in places is found to be replaced by cordierite. Pseudomorphé of cordierite
after biotite (Fig. 3.13) and inclusions of biotite and garnet within
cordierites (Fig. 3.15), indicatés the growth of cordierite after biotite‘and
garnet. In addition, cordierite commonly shows small spinel inclusions.
Potassium feldépar is limited to large antiperthitic grains or to a vermicular

intergrowth involving plagioclase and quartz (Fig. 3.14). Crystals of an
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aluminosilicate in these rocks are found in intergrowths with biotite, or if
cordierite is present to an intergrowth with cordierite and biotite, and to
feldspar-feldspar and feldspar-quartz boundaries, as well a§ rimming cordiefite
graiﬁs. In all cases the growth of aluminosilicate crystals is texturally
interpreted to have occured after the initial formation of biotite, feldspar,
quartz and cordierite crystals. As such the aluminosilicate crystals may be

retrograde in origin (éee also Vernon and Flood 1977).

3.4.1.4.1 Mineral Reactions ahd Discussion

Textural evidence in these rocks is therefore taken to suggest thebfollowing

melting reactions:

biotjte + garnet + quartz + plagioclase = cordierite + orthopyroxene

+ K-feldspar + melt (3.11)

(e.g. Réinhardt, 1968; Grant, 1973; 1985) or, if some aluminosilicate was

pPresent as a reactant phase:

biotite + Al,SiO; + quartz + plagioclase = cordierite + spinel

+ K-feldspar + melt (3.12).

For both reactions, the K-feldspar component produced is considered to be
incorporated into large recrystallized plagioclase grains forming antiperthite.

Alternatively it is removed with the melt.
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In terms of the ferro-magnesian minerals, reaction (3.11) could represent
the fluid-absent equivalent to reactioh (3.7) described for orthoamphibole
gneisses qf identiéal bulk major element composition (see Chapters 4 and 5).
Cordierite formation from partial meiting of a biotite, quartz and plagioclase
assemblage was also observed by Hoschek (1976) for magnesian biotites; By
analogy to the formation of garnet in the garnet-biotite gneiéses, the Al,0,
required for the formation of cordierife must have been derived from the

reactant plagioclase component.

In Hoschek'’s (1976) melting experiments the first formation of cordierite
occured at 750°C (P(H,0) -Aakbars and QFM buffering). This agrees Qell with
the tentatively placed univarient equilibria of equation (3.11) as shown by
Grant (1985, Fig. 3.15; temperatures of 720 to 780°C at pressures of 3 to
5kbars) and with temperatures of about 750°C ét pressures of Skbars as
detbrmined by Waters (1986) for pelitic rocks in Namaqualand. Harris and
Holland (1984) estimated temperatures >675°C and pressures of around 4.5 +
0.8kbars for assemblages of garnet, cordierite, orthopyroxene and sillimanite

from rocks of the Central Zone of the Limpopo Belt.

Experiments by Hoffer (1978) and Hoffer and Grant (1980) placed the fluid-
present equivalents of reaction (3.12) and (3.11) respectively at temperatures
of 650 to 680°C (at P(H,0 = 6kbars and QFM buffering). The discrepancy
between these exﬁeriments and those of Hoschek (1976) may be explained by the
eiperimental procedures used. Hoffer (1978) and Hoffer and Grant (1980) used
éeeds of ﬁroduct phases in their reactant ﬁixtures, thereby allowing for

relatively easy product crystal growth.
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3.4.1.5 Cordierite-Granulites

The cordierite-granulites are mineralogically identical to the cordierite-garnet
granulites of group 4, except that they lack garnet, or in the case of sample

P8C only contain trace amounts of garnet.

While biotite, plagioclase and quartz have a similar appearance as in the
pfevious group of rocks, this is not necessarily the case for cordierite and
vorthopyroxene. The coarse-grained cordierite and orthopyroxene show similar
textural appearance as in group 4 rocks. Elsewhere within these rocks the
cordierite and orthopyroxene form an intergrowth texture which pseudomorphs
garnet (Fig. 3.16) with small, commonly vermicular orthopyroxene surrounded by
somewhat larger cordierite grains. Garnet may occur as a corroded relict phase
Surrounded by such intergrowth zones. Small biotite laths are always present
within these.intergrowths, while quartz and feldspar grains are rarely observed
‘within such intergrowths. Biotite inclusions are confined to cordierite
cryétals. In addition, small green spinels may form inclusion trails within the

cordierite.

These textures have been described in more detail by van Reenen (1978,
p. 77 to 79; 1983) in SMZ rocks and by Reinhardt (1968) in regional metamorphic
cérdierite-gneisses of Canada and by Schreyer and Abraham (1980) in a contact
metamorphic terrane. Iexturally these pseﬁdomorphs after garnet would thus
indicate that cordierite, orthopyroxene, garnet, biotite, and possibly also

spinel may be involved in the symplectite formation (see also van Reenen, 1978

P- 79).
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3.4.1.5.1 Mineral Reactions and Discussion

The complete removal of garnet from these Mg-rich rocks can be represented by

the following reaétion:

biotite } garnet = cordierite + orthopyroxene + K-feldspar + H,0 (3.13).
In the case of silica deficiency (Schreyer and Abraham, 1978):

garnet = cordierite + orthopyroxene + spinel v | - (3.14)

In the rocks considered by Reinhardt (1968), the breakdown of garnet as
illustrated by eqﬁation (3.13) represents the last stage of prograde
metamorphism for his cordierite-gneisses. According to van Reenen (1978, 1983)
the breakdown of garnet did not necessarily involve biotite, even though it is
the most coﬁmon inclusion in such intergrowths (van Reenen, 1978 p. 79) but

instead involved only quaftz:
quartz + garnet = cordierite + orthopyroxene ~(3.15).

The pfesence of small green spinels, commonly as inclusion trails within
cordierite would argue égainst excess quarﬁz having been‘present:during the
formatioﬁ of some parts of the symplectite. However as some, although only very
minor in abundance, quartz and plagioclase do occur within the symplectite
intergrowths (Fig. 3.17) and as spinel occurrence is not ubiqﬁitdus, reactions
(3.13), (3.14) and (3.15) may be combined to give a resultant reaction similar
to (3.11) above, with or without spinelias a product, depending on the local

conditions of silica saturation. The K-feldspar and H,0 are presumably'
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incofporated into a melt phase, the presence of which is indicated by larger
felsic segregations within these sémples, and also recognizable as coarse-
grained quartz and feldspar in thin section. The presence of larger segregation
type quartz in the vicinity of coarse-grained orthopyroxene commonly foundﬁ

surrounding these symplectites would argue for enhanced diffusion of ions across

melt phases.

Estimated temperatures for the symplectite formation would therefore be

similar to those suggested in section 3.4.1.4.1 above.

3.4.2 Banded Iron Formations

Sample B4A, outcropping close to the mafic rocks M2A and M3A (Fig. 2.1),
consists of quartz and magnetite in approximately equal proportions with lesser
amounts of pigeonite and grunerite. high-grade iron formations according to
Klein (1983) largely comnsist of quartz and magnetité with additional pyroxene
and possible small amounts of‘féyalite and garnet. Although abundant in medium-
grained iron formations (Klein, 1983), grunerite is only present in small
amounts in high-grade iron formations, as it breaks down to form pyroxenes

and/or fayalite at temperatures of 700 to 800° (Klein, 1983).

An assemblage similar to that of sample B4A has been observed by Vaniman et
al. (1980) in a contact metamorphic rock where the formation of orthopyroxene by
inversion from pigeonite is considered to indicate peak metamorphic conditions

of higher than 800°C at pressures of above 2kbars. Experiments of Simmons et
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al. (1974) and Smith (1972) indicate that at higher pressufes and higher Mg-
contents of the pYroxene, higher temperatures are needed to stabilizerpigeonite
relative to its inversion products of augitg and orthopyroxéne. EigeoniteVin
sample B4A is uninverted (Fig. 3.18) thch, assumiﬁg similar compositions of B4A~
to the banded iron formation of Vaniman et al.’ (1980), may indicate
temperatures significantly higher than 800°C at pressures of higher than the
2kbars inferred by Vaniman et al (1980). The uninverted character suggests that
P-T.conditions after érystallization of the pigeonite must have chénged rapidly,
that is fast cooling and/or rapid uplift, or altefnatively post-peak metamorphic
f‘conditions must have been very dry, tﬁeréby inhibiting diffusion within this
sample (Cox‘et al., 1979). Another alternative could be that the pigeénite is
very Fe-rich, implying somewhat lower stabilization temperatures (~800°C) and
due toAthe.sluggish inversion of Fe-fich pigeonite (Podpora and Lindsley, 1979;

Cox et al., 1979) no rapid changes in P-T conditions need to be invoked.

Grunerite is more commonly developed in medium grade banded iron formations
and its presence in B4A as separate, isolated grains may indicate that the upper
thermal stability limit of grunerite has not been reached (temperatures of

 <850°C; Klein, 1983).

3.5 General Discussion and Conclusions

Mineral textures of ultramafic, mafic and metasedimentary rocks collected from

the Southern Marginal Zone (see Fig. 2.1 for sample localities) allow an
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interpretation of the prograde metamorphic imprints to be made. A comparison of
mineral reactions deduced from textural evidence of these rock groups with those
reported from the literature for the metamorphism of compoéitionally similar
natural ahd experimental assemblages, indicates that peak metamorphic condition;
- reached were presumably of the order of 750 + 70°C at pressures of 5 to 8kbars
(see Fig. 3.19). The peak pressures.are not well constrained due to the lack of
pressure sensitive reactions in the rocks considered. Forrthe rocks south of
the orthopyroxene isograd (Fig. 1.3) higher partial pressures of H,0 are
suggested by the formation of orthoamphibole (+ cordierite) after biotite and
garhet, relét1Ve to the formation of cordierite and orthopyroxene afﬁer biotite
‘and garnet for the granulites found north of the isograd. The orthopyroxene
isograd is therefore interpreted to be a prograde (decreasing P{HZO)) feature.
However, both north and south of the isograd,ﬁmetamorphic conditions during
initial melting may be described as fluid-preéent. This is implied by the
absence of free K-feldspar from the product assemblage. Minor K-feldspar is
present only as antiperthite in the cordierite-bearing rocks (high Mg0 rocks),

suggesting subsequent fluid-absent melting.

Many of the brograde textures have been modified by subsequent retrograde

effects. Such modifications include:

1. Partial hornblende rimming around pyroxenes and formation of secondary

hornblende veins within mafic rocks.

2. Fibrolitic growth of aluminosilicate within biotité, surrounding

cordierite grains and along feldspar-feldspar grain boundaries in pelitic
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rocks.

3. Embayments of segregation garnét by quartz, biotite and aluminosilicate

“within pelitic rocks.

4. Partial replacement of cordierite by gedrite and aluminosilicate

assemblages (see also van Reenen, 1986).

.5. Partial serpentinization of métamorphic olivine and enstatite along
fractures within these minerals in the ultramafic rocks.
In the case of ultramafic and mafic roéks, such retrograde effects are common
only along veins cutting the rocks, or if rocks are relatively small xenolithic
fragments within leucocratic material. For the pelitic rocks such retrogression
is particularly common next to felsic segregations, both on the outcrop scale

-and on thin section scale.

This spatial association between retrogressive features and felsic
segregations could indicate that the fluids released upon crystallization of the
segregation material may have enhanced local retrogression (Corbett and
Phillips, 1981; Watkeys et al., 1988). In the case of the pelitic rocks,
presence of small pockets of a melt phase may have caused the establishment of
local chemical gradients due to the enhancement of diffusion in the vicinity of
the melt phase, resulting in the establishment of a diverse mineralogy and

texture over the scale of millimeters.

If retrogression is caused by the crystallization of melts formed during

the prograde stage, then this may be related to cooling beyond the granitic

.
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solidus (curve H in Fig. 3.19) and as such could represent a separéte

. metamorphic event. Small retrograde aluminosilicate crystals identified as
kyanite by van Reenen (1978), growing within Al-containing silicates, combined
with the location of the granitic solidus could imply isobaric cooling of the
terrane. Such retrograde, isobaric cooling has been described for other
Precambrian terranes by Corbett and Phillips (1981), Warren (1983) and Waters
(1986). The occurrence of disequilibrium textures, incomplete mineral reactions
ana, in some pelitic rocks, the presence of at least four ferromagnesian phases
(reactant and prodﬁct phases) may suggest oversteppiﬁg of metamorphic
assemblages and the existeﬁce of metastable phases during subsequent metamorphic
events. These features, collectively, suggest rapid changes in metamorphic
conditions or open system behaviour, that is, removal of some components during

metamorphism (e.g. mel; removal).

The conclusions given above are in marked contrast to those of van Reenen
(1978; 1983; 1986) for the SMZ rocks. According to van Reenen (1983), the
cordierite-orthopyroxene.symplectite éfter garnet formed during retrograde
decompression. In addition, van Reenen (1986) suggests that retrogressive
replacement of orthopyroxene and cordierite formed the orthoamphibole now
observed iﬁ the orthoamphibole gneisses. These gneisses are thus interpreted by
van Reenen (1986) to be retrogressed granulite facies rocks. For.reasons

discussed below these interpretations are considered to be incorrect.

The retrograde character for the cordierite-orthopyroxene symplectite is
deduced from the assumption that stable coexistence of garnet and cordierite

occured in the cordierite-garnet granulites at pressures of above 9,5kbars as
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based on experiments by Henson and Green (1972), together with the presence of
kyanite intergrown with biotite (van Reenen 1983, p. 165). These pressures are

considered invalid for reasons listed below:

1. Recent work by Holdaway and Lee (1977) and Martignole and Sisi (1981) has
indicated that cordierite is stabilized towards higher pressures by both
the Mg-content and H,0 content. Thus cordierite may be used as a
geobarometer only if both temperatufe and X(H,0) are known, invalidating
the geobarometry of Currie (1971) and Hensen and Grgen (1972) as used by
van Reenen (1983). The cordierite contained in the rocks of this study
are generally optically positive which suggests that they are fairly CO,
rich (Armbrustervand Bloss, 1980). If this is indeed the case, thgn the
~upper P-T stability limit of Mg-rich cordierites of this study (see
Chapter 5) could be estimated to fall below ~7.Skbars, assuming
X(C0,) = X(H,0) at temperatures of ~750°C (curve G in Fig. 3.19;
Martignole and Sisi, 1981), indicating that cordierite and garnet must

have coexisted at pressures below 7.5kbars,

2. The occurrehce of fine-grained needles of an Al,5i04 polymorph.both
within the biotite and within the cordierite (never as éeparate crystals)
has been identified as kyanite by van Reenen (1978, 1983). The difference
in grain size of needles within the biotite and of those within cordierite
(fine-grained) has led van Reenen (1983) to conclude that the kyanite
within the biotite is prograde whereas that in cordierite is part of the
retrogressive event replacing the cordierite by gedrite + kyanite

intergrowths (van Reenen 1986). This difference in grain size of the
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aluminosiiicate‘in the biotite and tﬁe cordierite may be due to easier
nucleation and growth of the aluminosilicate in the relatively large, open
structure of the biotite compared to the smaller void spaces within the
cordierife. Results on experimenﬁal investigations in the Al,5i0,

system indicate that the Al,Si0; polymorphs show extremely slow

reaction rates, resulting in poor nucleation and crystallization

(e.g. Richardson et al., 1969; Holdaway, 1971).‘Thus, in experimental runs
coarse-grained aluminosilicate crystals are used as nucleation centers for
further growth of the same or other polymorphs thereof (Holdaway, 1971).
in natural systems, Al-containing minerals such as biétite, plagioclase
and cordierite could have served as nucleation centers. Once nucleated,
the aluminosilicate crystals can then grow adjacent to these minerals or,
in the case of minerals with)fairly open structufes, mayAproject into the
minerals. It is interesting to note that the fine needles observed along
feldspar-feldépar and quartz-feldspar boundaries are even finer grained
fhah those within the cordierite which may lead to the conclusion that all
the aluminosiliéates present are probably retrograde in origin and éannot

be used as proof of high pressures during progradé metamorphism.

In the light of the above, the existence of a hypothetical Ml metamorphic

event (P > 9.5kbars, T ~800°C) as proposed by van Reenen (1983), 1is not

éupported by this study.

It was concluded above that retrogression has, to some extent, modified the

prograde mineral assemblages. However, the occurrence of coarse-grained

orthoamphibole is not considered to have formed solely by retrogression of
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orthopyroxene and cordierite as indicated by van Reenen (1986), for the

following reasons:

1.

Partial replacement of cordierite occurs throughout the whole terrane
(north of the isograd; van Reenen, 1986), occasionally pseudomorphing the

cordierite.
Cordierite is also found in the orthoamphibole gneisses.

Gedrite is found replacing biotite in the orthoamphibole gneisses and both
biotite and orthoamphibole define the strong fbliation within these
gneisses. Orthoamphibole formation after biotite would involve the loss of
H,0. This would not be expected if retrogression was caused by the
infiltration of fluids (van Reenen, 1986). In addition, replacement
orthoamphibole as envisaged by van Reenen (1986), where the orthoamphibole
replaées orthopyroxene and cordierite, would not be expected to grow
parallel to the foliation in the rock, particularly as van Reenen’s M3
isograd (1986) is not followed by any fabric-forming event (du Toit et

al., 1983 p. 140).

Extraction of at least some of the segregation material and its

crystallization distant from its place of origin would inhibit complete

retrogression.

Presence of local chemical gradients (millimetre scale) may be indicative
of rapid prograde reactions involving partial overstepping, creating

metastable phases and removing some of the product phases in the form of a
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melt. Intense retrogression as envisaged by van Reenen (1986) would tend

to destroy such local chemical gradients,
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CHAPTER 4: WHOLE ROCK GEOCHEMISTRY

4.1 Introduction

In the following section the major and trace element geochemistry of the three
members of the Bandélierkop Formation are discussed. The principal aim is to
‘comparerthe geochemistry of the high-grade rocks in this study to the
geochemistry of similar rock types from unaltered, less metamorphosed
lithologies elsewhere, in order to establish what the geochemistry of the pre-
metamorphic equivalents to these high-grade rocks could have been, and to try
and assess the éhanges in composition, if any, that could have affécted these

rocks auring me tamorphism.

For analytical techniques used and estimated analytical errors refer to
Chapter 2. All variation diagrams and compositional comparisons are based on

recalculated volatile-free data given in Appendix B.

4.2 Ultramafic Rocks

In the past, it has been suggested that the ultramafic and mafic rocks of the
Bandelierkop Formation form part of a high-grade supracrustal sequence (e.g. du
Toit et al., 1983). However, the absence of fine-grained igneous volcanic

textures which may be preserved even at high-grade metamorphism (e.g. Arndt et

61



al., 1979) in cémbination-with the-generally isolated outcrop pattern of the
ultramafic rocks relative to other rocks of the Bandelierkop Formation, suggests
an intrusive origin for these ultramafic rocks. The major and traée element
compositions of the ultramafic rocks (Table 4.1) have therefore been compared to
the major and selected trace element ranges of some Archaean komatiitic

(i.e. volcanic) and intrusive harzburgitic rock groups selected from the

literature (Table 4.2 and Fig.’s 4.1 and 4.2a, b and c).

The comparison to komatiitic rocks indicates that the SMZ ultramafic rocks .
tend to be depleted in TiO,, FeO, MnO, and Ca0 but enriched in MgO, Ni, and
Cr. If it is assumed that the SMZ ultramafics were originally komatiitic, then

these compositional differences could be due to the following:

1. original magmatic differences existed and the rocks behaved as closed

systems during metamorphism to high-grades,

-+ 2. differences were induced by alteration processes prior to metamorphism and

the rocks behaved as closed systems during metamorphism,
3. differences are caused by an open system behaviour during metamorphism,

4. a combination of two, ér possibly all three of_ﬁhe above,
While the first alternative is impossiﬁle to test, estimates on the possible .
effects of the sécoﬁd_alternative can be made by reference to alteration studies
on rocks of basaltic composition (e.g. Condie et al., 1977; Robinson et al.,
1977; Seyfried et al., 1978; Donelly et al., 1980; Beswick, 1982; Smith et al.,

1984). These studies commonly indicate loss of, amongst others, Fe and Ca if
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epidote, iron oxides or iron sulphides and carbonates are not stabilized. Hynes
(1980) also observed mobility of Ti in special cases of CO,-rich alteration
fluids where Ti concentrations can be affected by the formation of coar‘-

Ti** complexes, with high Ti contents being reflected by high carbonate

contents.

.The interpreted Fe, Ti, Ca depletion of the SMZ rocks could therefore
indicate tﬁe formation of serpentine and chlorite as dominant alteration
minerals, with only minor carbonate and ﬁossibly Fe-sulphides rather ﬁhanr
Fe(-Ti)-oxides. With initial metamorphism, the Ca-carbénate and Fe-sulphide
- components may then break down to releé;e much of the Ca and Fe whereas Mg (and
Ni, Cr) is fixed in the mafic phases created. Removal of FeO, MnO, CéO and
TiO, by the alteration fluid would result in a relative increase in the
residual oxide concentrations of the komatiitic:precursor. A problem with this
hypothetical komatiitic alteration model is that the enrichment in MgO as shown
by the high-grade roéks relative to the komatiitic rocks is not reflected'by
increased concentrations of the other oxides (i.e. 8i0,, Al,0,, Na,O0,

K,0 and P,0,). 1In addition, the high trace element content of Ni and Cr,
elements which are reported to be immobile during alteration processes (Condie
et al., 1977; Smith et al., 1984), cannot be explained by such an alteration
process. Pre-metamorphic alteration processes therefore appear to be unlikely
explanations for the differences in chemical composition of the SMZ ultramafics

relative to komatiitic rocks.

A detailed chemical compariéon of the.high-grade ultramafic rocks with

Archaean intrusive ultramafic rocks is largely limited to rocks from the
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Barberton greenstone belt (Table 4.2); Nevertheless, the major element
similarity of the high-grade rocks with harzburgitic rocks from the Barberton
area'(Viljoen and Viljoen, 1970; Anhaeusser, 1979) and with peridotitic§

pyroxenitic igneous rocks in general (e.g. Cox et al., 1973; not shown) is in

- support of an intrusive origin for the high-grade ultramafics. In this case no

special alteration events are required in order to explain the bulk chemistry of

the high-grade rocks.

A comparison of the serpentinite (U6B - Appendix B) with the ayerage’
volatile freevcompositionnof thg high-grade rocks (Table 4.2) indicates nearly
identical éompositions. This may be interpreted to imply that the chemical
changes occuring during metamorphism are negligible (except for a loss in H,0
and CO;). Such an isochemicai behaviour during metamorphism of ultramafic

rocks has also been observed by Jolly (1980) and Pearton (1982).

4.3 Mafic Rocks

Fdr reasons similar to those given above for the ultramafic rocks, the
compositions of the higﬁ-grade mafic rocks of this study (Table 4.3) are
compared to those of volcanic and intrusive Archaean mafic rocks selected from
the literature (see Table 4.4). Chemical compéfisons‘with rocks 6f apparent

volcanic origin are also illustrated in Figures 4.1, 4.2a, b and c.

A comparison with volcanic tholeiitic rocks from the Kaapvaal craton and to

other Archaean tholeiitic rocks (e.g. Condie et al., 1976; Jolly, 1980; not
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shown) indicates that the compositional range of the amphibolites extends to
significantly lower TiO,, Al,0,, FeQ and Zr concentrations, with higher

MgO, Ca0, Cr and Ni values. As for ;he ultramafic rocks, these compositional
differences could be due to alterétion and/or open system metamorphic processes
or it may suggest that the amphibolitic rocks were not originally of tholeiitic
affinity. In Figures 4.1 and 4.2 the amphibolitic rocks are found to plot within
a number of compositionally distinguishable fields, partially straddling the
boundary between the tholeiitic and komatiitic fields. While thisAcould suggest
‘ th&t‘the Amphibolitic rocks were derived from rocks of originally different
affinities, that is, tholeiitic and komatiitie affinities, thg approximate
linearity of the trends in combination with the continuity of samples along the -
trends formed by the amphibolites in chemical variation diagrams (Fig. 4.1, 4.2
and others - not shown), could be taken to imply the derivation of amphibolitic
rocks from an originally continuous magmatic series (e.g. komatiitic basaltic,
high-Mg basaltic). Furthermore, the high MgO, Ni and Cr contents of the
amhibolites, where these elements are commonly observed to be more or less
immobile during seawater/hydrothermal alteration processes (e.g. Condie et al.,
1974; Donnelly et al., 1980; Smith et al., 1984), would tend to argue against

significant shifts in composition caused by pre-metamorphic alteration.

The amphibolitic rocks have also been compared to rocks of high-Mg basaltic
and komatiitic affinities as well as to some intrusive gabbroic rocks (Table V
4.4). From such a comparison it becomes evident that the amphibolitic rocks show
very similar compositional ranges to those of the high-Mg basaltic, basaltic

komatiitic and intrusive gabbroic series, for all oxides and trace elements
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considered.‘ This compositional similarity suggests that the prechrsor material
to these rocks could have been rocks belonging to the high-Mg bﬁsaltic series
(e.g. Hallberg and Williams, 1972, not shéwn; Nisbet et al., 1977) or rocks
similar to the basaltic komatiites of Viljoen aﬁd Viljoen (1969b) or,
alternatively, to gabbroic, intrusive rocks (Anhaeusser, 1979; Srikantappa et
al., 1984). vThe compositional range covered by high-Mg basalts and gabbroic
rock§ is fairly large, making further chemical distinction difficult. However,
both of these magmatic series are commonly found closely associated with
ultramafic rocks (c.f. Viljoen and Viljoen, 1969; Hallberg and Williams, 1972;

Nisbet et al., 1977;kAnhaeusser, 1979; Srikantappa et al., 1984).

The mineralogy of sample M11B, which was collected from the Pietersburg
greenstoﬁe belt (see Fig. 2.1), indicates greepschist facieé'grade of |
metémorphism, Compositionally it is very similar to the amphibolites and,

- because of its relatively high Ni, Cr and MgO contents, may élso be of -a high-
Mg basaltic affinity. In this regard it is interesting to note that M11B was

sampled from a pillow unit within the Pietersburg greenstone belt.

The above mentioned compositional similarities between the amphibolites,
the high-Mg basaltic rocks and M11B, indicates that metamérﬁhism for theﬁe mafic
rocks could be approximated as a closed system process (except for HZO,

Co,) . Compoﬁitional changes of the amphibolites with incfeasing'metamorphic
grade such as observed by Engel and Engel (1962) could not be detected for this

small sample population.
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Another sample of interest is M52C, as it shows low MgO, FeO, but high
§$i0,, Ca0, Ni and Cr cohtents. Aﬁsuming Ni and Cr to be relatively immobile
(Condie et al., 1977; Smith et al., 1984), then its high contents of these |
elements may indicate that it was also originally of high-Mg basaltic
composition; Field and texturai evidence suggests that this sample was

retrogressively altered (see Appendix A).

"4.4 Pelitic Rocks

The major and trace element composition of the pelitic rocks, together with that
of the pegmatitic rocks, is given in Table 4.5. The rocks termed "pelitic™"
rocks (adapted from du Toit and van Reenen, 1977) show an unusual chemistry in

~ that they are rich in FeO and Mg0, and poor in K,0 relative to common

Asediments (e.g. Mclennan, 1982; McLennan and Taylor,<1984). Indeed, this unusual
chemical character ﬁay lead to the idea that the rocks termed "pelitic” rocks
frém the SMZ do not represent sediments after all. However, some geochemical
features supporting a sedimentary origin are the low Ca0 for a relatively high
Al,0;, high Mg0, FeO, Cr, Ni with a high Si0, contents, the high Ba with a

low K,0 éontents and the whéle rock oxygen isotopé composition. These

features, céllectively, are unlike those reported for altered rocks of basaltic
origin (i.e. rocks with similar MgO, Ni, Cr contents - Condie et al., 1974;
Donnelly et al., 1980; Hynes, 1980; Smith et al., 1984). Accepting a
sedimentary origin, for the purpose of the following discussions, it is of

interest to determine whether the rocks are of coarse-grained, clastic
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sedimentary origin or of an argillaceous, shale-type origin. Figufes 4.3 and
4.4 suﬁmarize some major element relationships for the two most 1ike1y groups of
sedimentary sourcé rocks. The fields outlined in these Figures were defined
from an analysis of more than 906 variablybmeﬁamorphosed detritial sediments of
Palaeosoic age sampled in the Pyrenees (de la Roche, 1966). For reference
purposes an igneous rock trend iine is also shown. In both diagrams, the

' pelitic rocks of this study can clearly be seen to fall well away from both the
shale and greywacke compositional fields, except for the garnet-biotite gneisses
which are found‘to‘plot within or close to the greywacke compositional fields.
In general the metasediments are found to be more MgO,‘Alzo3 and FeO rich
compared to those considered by de la Roche (1966). The chemical separation of
most of these rocks from common greywaékes’and shales may be due to a

_compositionally different source area for these pelitic rocks.

Aréhaeén sedimentary rocks are réported to show major and trace element
compositions that are different to those of post-Archaean rocks (Cameron and
Garrels, 1980; McLennan, 1982;.McLennan and Taylor, 1984). In Table 4.6 and
Figure 4.5, the average pelitic rocks of this study are compared to various
other Archaean sedimentary rocks. When compared to Archaean greywackes, the
average SMZ peliﬁe is found to be enriched in Al,0,, FeO, MgO, Sc, Ni and
Cr, but depleted in Ca0O, Na,0, K,0, P,05, Sr, Z; and Rb. However, a
comparison of the garnet-biotite gneisses (SMZ B in Table 4.6 see also Fig.4.4)
with Archaean greywackes indicates a closer compositional similarity, with the
two garnet-biotite gneisses being only somewhat enriched in Si0,, Al,0,,

Na,0, Cr and depleted in FeO, Cad, Ni and MgO relative to the greywackes. A
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comparison of SMZ A to the average Archaean shales from India and Canada (chosen
because of the availability of both major and trace element data) indicates that
the SMZ rocks are enriched in'Mgo;\Ni, Cr and depleted in K,0, P,0,, Zr,

Rb and to a lesser extent in Ca0, that is, an enrichment and depletion pattern

that is similar to that for the greywacke comparison mentioned above.

The compositional difference between the average SMZ metasediments and
other Aréhaean sedimentary rocks could be related to compositional differences
of the provenance rocks to the sediments. While the greywackes of the Bellvue
Formation in the Barberton greenstone be1t~do not indicate major differences in
the chemistry of the source provenance relative to the ‘Indian greywackes, this
is not the case for the Fig Tree shales (also from the Barberton greenstone
belt) relative to the Iﬁdian shales (Table 4.6). Unlike the Indian shales, the
Fig Tree shales compare well with the SMZ pelites in terms of Mg0, Cal, K,0,
P,0, and Rb, but are, hOWever,.enriched in FeO and depleted in Al,0,. In
this regard it is interesting to note the peculiar composition of the
magnesiopelites from‘the Murchison greenstone belt (Murch-Pel in Table 4.6 -
Pearton, 1982). Like thg SMZ metasediments, theée rocks are enriched in FeO, Mg0
and depleted in CaO, Na,0 and K,0 relative to other Archaean metasediments.
Pearton (1982) interpreted these compositions as being a function of a
predominantly ultramafic source provenance, in combination with deep water
sedimentation of argillaceous material. These sedimentation conditions allow
time for leaching during erosion, transport and particularly depositional

processes, accounting for the low Ca, Mn, Sr and Na contents.
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From the above it can be concluded that-the rocks termed "pelitic" rocks in
this study, represent a sequence of greywacke-type sediments to deep-water
shales, with sediments being derived from a predominantly ultramafic source
terrain. However, in view of the abundant petrographic evidence for some partial
melting of the metasediments, part of the compositional variations for the
pelitic rocks can be expected to be caused by melting processes and the removal
of the melts thus forﬁed. The extent of provenance rock control and partial
melting control on the composition of the pelites will be considered in more

detail below.

4.4.1 Source Area Control

Compositional differences in sediments.are controlled by the physical and
chemical stability of sediment particles. Thus besides the source control, the
type of sedimentation process (e.g. high energy - greywacke; low energy - shale)
is also important for the ultimate chemical composition of the sediment (see
also above), The high A1205 with a low Ca0 and Na,0 component of the
metasediments indicates that the precursor rocks were shales. In contrast, the
low K,0, Rb and low K,0/Na,0 imply a greywacke type precursor (Mclennan,

1984; Scott and Argast, 1986). Consequently, the following discussion will be

based on a comparison with both greywackes and shales.

Greywackes are composed of varying proportions of quartz (including chert),
feldspars (plagioclase and microcline), rock fragments and to a lesser extent

mica, chlorite, serpentine, minor carbonates and opaques, the latter making up
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the matrix component in the greywackes (Condie eﬁ al., 1970; McLennan, 1984).
Rock fragments are commonly chert, felsic volcanic, granitic with lesser amounts
of mafic and sedimentary/metamorphic fragments. Ultramafic components are
generally included in fhe matrix (Condie et al., 1970) of Archaean greywackes.

The abundance of each of these components is extremely variable.

Least squares mixing models based on Bryan et al. (1969) were used to
obtain an estimate on the.possible proportions of different source rocks and on
the material that could have made up a greywacke-type sediment with a major
- element composition similar to the average of the pelitic rocks in this study.
The choice of mixing phases is basea on the iithological components observed in
Archaean greywackes (Condie et al., 1970; McLennan, 1984), where the
‘tonalitic/trondhjemitic phase tégether with muscovite make up the feldspar and
felsic rock component, quartz includes chert, and the mafic/ultramafic component

is represented by chlorite (of intermediate Fe/Mg) and serpentine.

If most of the muscovite, chlorite and serpentine make up the matrix, then
the results of such an approximation (Table 4.7) are in good agreement with the
modal proportions given by Condie et al. (1970) and McLennan (1984). The large
proportion of matrix component (muscovite + chlorite + serpentine) may reflect
relatively good sorting during sedimentation and labile clastic components such
as calcic plagiociase are destroyed causing low Ca0 content in the sediment. In
addition, the low Ca0O content of the‘SMZ pelitic rocks suggests the absence of
carbonates, which may be a function of early Archaean sedimentation processes

(Cameron and Baumann, 1972).
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A mixed source consisting of 70% tonalitic gneiss, 10% basaltic rocks, 5-
10% ultramafic rocks and 5-10% sericitic, feldspathic and ferruginous quartzites
has been proposed by Naqvi et al. (1988) for the Indian greywackes. The modeling
- illustrated in Table 4.7 indicates‘a combined mafic/ultramafic component of
about 30% which is at least 10% to 15% more than that for the Indian greywackes
and could explain the MgO, Cr, Ni and Sc enrichment observed. Complimentary
smaller amounto of a tonalitic component can expléin the low CaO, Na,0, K,0,

P,05, Zr, Rb and Sr contents observed in the SMZ pelites.

While it is more difficuit to determine source material proportions for
shales, the good sorting during sedimentation and diagenesis results in shales
being predominantly made up of mica, chlorife, quartz and various clay minerals,
resulting in very Ca0 poor, but A1203, FeO, Mg0 and K,0 rich bulk
compositions. From Figure 4.5clit becomes clear that there is a good agreement
between shaleo and the SMZ pelites for most major and trace elements shown.

"However, the MgO, Ni, Cr and Sc enrichment of the SMZ pelites is still evident,
necessitating an ultraﬁafic rich source proveﬁance to these sediments. The K,0
and Rb poor character for the SMZ pelites may imply the general scarcity of K-

rich granitic rocks from the source provenance.

In summary, it is possible to explain the average chemical composition of
the pelitic rocks of this study in terms of a specific source area for the
original sediments. This source area must have been substantially different to
that for other Archaean sediments which may be a function of age and changes in
crustal compositioﬁ with geologic time (e.g. Lowe, 1980; McLennan, 1982;

McLennan and Taylor, 1984), or a function of the local sedimentary environment
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to these rocks. It is interesting to note that no felsic volcanics, or
metamorphic equivalents thereof, have been recognized so far in the Southern
Marginal Zone. Felsic volcanic fragments commonly make up a large proportion of

the rock fragments found in other Archaean greywackes.

I1f the chemical variation amongst the pelitic rocks can also be
satisfactorily explained by variations in source components, then metamorphism
of the sediments may bé intérpreted as a closed system process. Internal
chemical variation within the pelitic rock suite will be considered in more

détail below. -

4.4.2 Partial Melting Control

As mentioned above,‘an alternative explanation for the mafic character of the
pelites is given by partial melting processes. In the preceding section on the
petrograpﬁy of the pelitic rocks; varioﬁs melt-producing reactions were
discussed. Such reactions would, if the melt is allowed to leave the system,
result in the formation of a more basic restite relative to the precursor rock.
While the migmatitic charaéter of the pelitic focks, together with closely
as#ociated pegmatitic and 1argef granitic bodies (see du Toit et al., 1983)
provides vi#ual evidence for the occurrence of partial melting, the possible
extent and importance of such processes will be discussed in the following

section.

Figure 4.6 summarizes the major element variations for the pelitic rocks

+

and the spatially associated pegmatitic rocks. Most elements show negative
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correlation with §i0,. Exceptions are Ca0 and Zr, showing a more or less flat
trend with varying §i0O, coﬁtents, and Na,0, which has a positive correlation
"with S§i0,. Trace elements such as Sc (Fig. 4.6i), Ni, Cr, V, Co and Zn (not

shown) have good negative correlations, paralleling MgO.

If the compositional variations shown by the pelitic rocks are interpreéed

- to be caused by'variaﬁions in the relative amounts of ultramafic/mafic and
felsic (tonalitic-trondhjemitiﬁ-granitic) source components, then for immature
Aclastic sediments one would expect a good positive correlaﬁionrbetween sio,

and Na,0, K,0 and Zr, and a negative correlation between $i0, and all

other major oxides, as crustal felsic rocks tend to be enricﬁed in 8i0,,

Na,0, K,0, Zr relative to basic volcanic rocks. More mature sedimenté (such

as shales) tend to show lower Na,0 as sodium is taken up by the seawater, but
higher K,0 and Al,0,, both of which are fixed in clay minerals

(e.g. illite) or in muscovite (Mason and Moore, 1982). Poor correlation between
K,0 and Al,0; (Fig. 4.6j) indicates that K,0 is not necessarily

controlled by illite and/or muscévite only. A positive K,0 versus 510,
cérrelation similar to that of Na,0 versus $i0, would be expected if the

K,0 was of a clastic sedimentary origin. Thus, variations in

ultramafic + mafic relative to feisic source proportions cannot explain the
negative K,0-5i0, cofrelétion, nor the flat CaQ-SiO2 and Zr-5i0, trends
against a positive Na,0-Si0, correlation. An alternative explanation could

be provided by partial melting processes.
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4.,4,2,1 Mineralogic Control on Melt Compositions

It has been shown earlier that melting reactions involve biotite, quartz and
plagioclase with product phases being garnet, orthoamphibole, ortﬁopyroxene and
cordierite. As biotite, tbgether with quartz and plagioclase still occurs Qithin
all the pelités (except P5C and P6C which lack biotite), it implies either that
none of the reactant éhases have been exhausted during melting or, that some of
the reactant phases haverbeen exhausted, Qut because of the high viscosity of
such granitic melts not allAthe melt was removed from the system. Upon
recrystallizétion, phases . such as quartz and plagioclase will then precipitate
within tﬁe rocks. The Fe and Mg rich nature of the pelitic rocks (evén of SMZ B)
suggests that biotite occured in excess of quartz and plagioclase. Support for
quartz and plagiociase being recrystallized phases in these rocks is'givenvby

the textures of some of the rocks (Chapter 3).

Geochemical implications of such melting reactions would be the retention
of TiO,, Al,0,, FeO, MnO, MgO and even K,0 together with associated
traces of Sc, Ni, Cr, Y, Zn and Rb, Ba in the residual pelitic rocks in phases
such‘as biotite, garnet, orthopyroxene; orthoamphibole and cordierite,
~accounting, in particulér, for the good Sc (and Ni, Cr, Zn) versus Si0O, trends
observed for the SMZ pelites. Cad may become enriched in the residue as the
plagioclase éommonly gets more anorthositic during melting (Knabe, 1970a, b;
Winkler, 1976; Sawyer, 1987) aﬁd some minor Ca0 can be incorporated in the
garnet as grossular component. Complete melting of plagioclase should largely
remove the Ca0 together with Na,0 from the residue. Such processes may explain

the more or less flat Ca0 trend (i.e. melt Ca0O is approximately the same as
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residue CaO) and the positive trend of Na,0 relative to SiO, which also

enters the melt.

Figure 4.6k and 1 illustrate the typically low K/Rb and K/Ba ratios with a
. good positive correlation between K,0 and Rb or Ba implying that these

elements are controlled by biotite as the only major KZO-bearing phase. Such
low K/Rb and K/Ba ratios are.identical to the low grade greywacke and shale
ratios (Table 4.6), but are atypical of granulite facies rocks (e.g. Rollinson
and Windley, 1980; Barbey and Cuney, 1982; Jahn and Zhang, 1984). This atypical
character i§ caused by residual biotite. In rocks richer in K,0 and poorer in
.»(FeO + MgO), thé breakdown of biotite to form K-feldspar, with K-feldspar
showing lower distribution coefficients for Rb and Ba, results in higher K/va
and K/Ba ratios in the residues to partial melting (Hanson, 1978; Barbey and

Cuney, 1982; Sawyer, 1987):

Comparing the K/Rb and Rb/Sr ratios of the SMZ pegmatitic rocks to those of
the SMZ pelites (Table 4.5), then the pegmatitic rocks could well have been
derived from &he pelites by partial melting with biotite as a residual phase. Sr-
is largely incorporated into the melt as the ﬁlagioclase breaks down. 1In
samples such as P5C, P6C and P42C, there is little or no biotite. Yet the K/Rb
ratio in these samples is preserved, indicating that biotite is the only
controlling phase for both K,0 and Rb. Thus, upon removal of the biotite, both
the K,0 and the Rb enter the melt in equal proportions as they occured in the
biotite. The K/Ba ratio is, however, very low in the case of P5C and P6C and
may indicate Ba enrichment in feldspar. It is also interesting to note that

these rocks are rich in garnet, with lesser orthoamphibole and residual quartz
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and plagioclase, indicating that Fe-rich biotite in these samples was the minor

phase relative to exqesé quartz and plagioclase (Knabe 1970a, b; Hoschek, 1976).

4.4.2.2 Melt Composition

Simple mass balance calculations involving major elements have been determined

using the following equations:

XM + yR = S (4.1)
where Xx+y=1 x, y = weight fractions in the melt and
residue.
and M, R, 5 = weight percent of oxide in melt, residue and

source respectively.

Solving for R and eliminating y:
R = (S - xM)/(1 - x) (4.2)

Equation (4.2) has been used to determine the.theoretical chemical composition
of the residue left after_extracting 25%, 50% and 70% of a melt that has a

- composition similar té the "minimum" melt of White and Chappel (1977). The

" results of such theoretical mass balance calcglations,.given in Table 4.8,
indicate that the K-bearing phase (biotite in the SMZ rocks) would be depleted
after about 25% partial melting. As the residue left at 25% partial melting
does not shéw any compositional similarity to the theoretical residue of SMZ C,

this could imply the following. Either the "minimum" melt composition of White
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and Chappel (1977) is not fepresentatiVe for melts extracted from metasediments
having initial compositions similar to SMZ B or, melting in excess of 25% will
remove melts of "non-minimum” melt compositions as the K-bearing phase is
_depleted. It has been deduced above, that biotite, in general, is the excess
phase relative to the other reactant phases during partial melting processes. It
is therefore reasonable to assume that the "minimum" melt composition of White
and Chappel (1977) is not applicable to these rocks, Kﬁabe (1970b) also observed
that for starting assemblages consisting of quartz, plagioclase and biotite
(such as P17C and P41C - SMZ B), minimum melts are more granodioritic in
cohposition relative to melts in the systems containing K-feldspar and/or
muscovite in addition to plagioclase, quartz and biotite (i.e. system considered

by White and Chappel (1977)).

Rearranging equation (4.2) and solving for M results in the following

equation:
M=(5-R(1 -x)/(x) ' (4.3)

This enables the determination of melt éompositions which must be removed from
SMZ B (average of greywacke-type pelites P17C and P41C - Fig. 4.4) in order to
arrive at the most basic endmember-average as represented by SMZ C in Table.h.8.
The model mglt shown in Table 4.8 has been derived for 70%Z partial melting, as
this shows good agreement with the minimum melt of White and Chappel (1977) in
terms of Si0, and Al,0,, both of which are critical components in the

normative quartz - albite - orthoclasé granitic system (Winkler, 1976 p. 320).

Besides Si0, and Al,0,, good agreement with White and Chappel’s (1977)
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minimum melt islalso shown by MgO and MnO. The model melt doés, hdwever, show
highef FeO, TiO,, Ca0O, Na,0, P,05 and in particular lower K,0

contents, that is,_a‘melt of more granodioritic composition in agreement with
the experiments by Knabé (1970b). The normative quartz : albite : orthoclase

| ratio for the model melt is 46 : 41 : 13 (see Fig. 4.7) which'compares well with
the range of éz : Ab : Or ratios obtained by Knabe (1970b) and also shown bj

' Winkler (1976 p. 322)._ The.Ab/An ratio of 3.6 for the model melt also falls

within the given range of 2.9 to 3.7 as given by Knabe (1970b).

Little is known about the behaviour of FeO, MgO, and related traces during
- melting in granitic systems. However, from the experiments of Hoschek (1976), it
can be estimated that in these relatively quartz-poor and biotite-rich samples
(as indicated by their geochemistry - see above), the FeO will preferentially
enter the meit phase as biotite becomes more magnesian with increasing amounts
of melting. The released FeO can form, together_with Si0, and Al,0,, |
orthopyroxene and garnet (e.g. Knabe, 1970a; Hoschék, 1976). As most SiO, is
used up'fof thé formation of the anatectic melt, it leaves little Si0, behind
for the formation of orthopyroxene or garnetv(or orthoamphibole - Knabe, 1970b);

resulting in the incorporation of FeO into the melt.

In a detailed study on the geochemistry of anatectic leucosomes in a
migmatitic terrane, Sawyer (1987) determined that most of the leucosomes are
either fractionated.(negative Eu-anomaly), or partial cumulates (positive Eu-

"anomaly and Al,0, rich), with quartz and feldspar being the major
fractionating phases. Only a few leucosomes were identified as representing

unfractionated partial melts. The position of the model melt relative to the
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projected cotectic surfaces (Fig. 4.7), indicates that quartz and plagioclase
would be the first phases to crystallize. If it is assumed that the pegmatitic
rocks represent partial melts derived from the pelitic rdcks, then the lower
$i0, and highervAlzo3 relative to the model melt is in agreement with

quartz and feldspar crystal fractionation. As such, the pegmatitic rocks may not

represent minimum melts but partial cumulates (see also Appendix A - V6D).

4.4.3 Conclusions for Partial Melting Processes

In conclusion it may be stated that partial melting processes as outlined above
could well be used to account for the geochemical variation observed amongst the
pelites of this study. Such melting processes are consistent with the textural

and mineralogical interpretations for these rocks (Chapter 3).

In order to explain the major element geochemical Qariation amongst
pelites, extraction of a model melt with partial melting of up to 70% by weight
is proposed. Compositionally this model melt compares favourably with the
minimum melts of Knabe (1970a) and Winkler (1976, p. 322), however, the degree
of partial melting may be debatable. Clemens and Vielzeuf (1987) and Waters
(1988) predict that for common peiitic rocks large amounts of melting (>30%) can
only occur with a complete breakdown of the hydrous phase present
(i.e. biétite). The geochemistry of the SMZ rocks, even that of the lowest
(FeO + Mg0O) rocks implies biotite-rich precursory rocks. Thus, unlike the more
common pelitic rocks considered by Clemens and Vielzeuf (1987) and Waters

(1988), the amounts of partial melting in the SMZ rocks could be limited to the
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quartz and feldspar available. Experiments by Knabe (1970a) for similar
biotite-rich rocks predict that initial melts may be as much as 50% by weight
with little biotite actually breaking down relative to the quartz and

plagioclase.

If the amounts of partial melting were less than 70% by weight, it would
imply that the precursor rocks to the high (FeO + MgO) rocks were originally
" richer in the mafic components. Smaller amounts of partial melting would then
have enhanced the pre-existing, source related‘correlation of FeO, MgO,

Al,0,, Sc, Ni, etc. with Si0,, but melting was suffiéiently'large to cause
rotation of a positive K,0, Ca0 and Zr correlation to form negative
correlations (K,0 vs. §i0,) or flat trends in Ca0, Zr versus Si0, diagrams

(Fig. 4.6).

The occurrence of partial melting processes and their possible effects on
the geochemistry of these ﬁelitic rocks may lead to the development of locally
inconsistent isograds in the residues to partial melting. As non-isochemical
behaviour is implied with the removal of melts, such isograds may not reflect

variations in metamorphic grade.

4.5 Conclusions

From the discussion on the major and trace element compositions of the various
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members from the Bandelierkop Formation the following can be deduced:

1. The ultramafic rocks of the Southern Marginal Zone compare favourably with
peridotitic-pyroxenitid igneous rocks and are thus likely to be of

intrusive origin rather than of komatiitic origin.

2. Geochemically the mafic rocks of this study show strong similarities to
high-Mg basaltic rocks (or komatiitic basaltic rocks of Viljoen and
Viljoen (1969)) and to intrusive gabbroic rocks commonly found associated .

with ultramafic intrusives.

3. For both the ultramafic and mafic rocks closed system metamorphism appears

to be applicable (except for volatiles such as H,0 and CO,).

4. The metasediments of this study, may represent a sequence of metamorphosed
greywacke-type sediments to deep water shales, derived from a source

terrain that shows a high proportion of ultramafic rocks (~20 to 30%).

5. Some of the chemical variations observed for the pelitic rocks are best
explained by the occurrence of partial melting processes, implying that
the pelitic rocks of this study did not behave as closed systems during

metamorphism to high-grade conditions.

6. Geochemically the pegmatitic rocks of this stddy may well represent
partial cumulates derived from the partial melts of the metasediments.
The major and trace element geochemistry of some rocks analyzed in this study

but not discussed above is given in Table 4.9 and Appendix B.
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CHAPTER 5: CHEMICAL MINERALOGY

5.1 Introduction

In this section the chemistry of the dominant minerals of the ultramafic, mafic
and pelitic rocks will be discussed briefly. Emphasis is'placed on those
properties that may vary systematically with metamorphic grade. For more
detailed descriptions on the mineral chemistry for mafic and pelitic rocks of
the Southern Marginal Zone, the reader is referred to the study of van Reenen
(1978). The experimental conditions used fof the electron microprobe analyses

of these minerals are described in Chapter 2.

5.2 Ultramafic Rocks

Tables 5.1, 5.2 and 5.3 summarize the composition of various constituent

minerals of the ultramafic rocks UlOA and Ul7B.

5.2.1 O0livine

The olivines analyzed for Ul7B range in composition from Fogy , to Fog, 5
(Table 5.1) which is commdn for métamorphic olivines in ultrabasic rocks
(Trommsdorff and Evans 1969, 1974; Srikantappa, 1985), as well as for olivines

of igneous komatiitic affinity (e.g. Nisbet et al., 1977; Arndt et al., 1977).
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Similarly, the NiO contents of the olivines, for the given Fo compositions. are

similar to those of ‘other metamorphosed and unmetamorphosed ultrabasic rocks.

5.2.2 Orthopyroxene

Orthopyroxenes from samples UlOA and Ul7B are enstatitic in composition

(Xyg = 0.88 - 0.91) and even in samples containing green to brown spinel
(hercinitic spinel), have a low tschermak component (Al = 0.026 - 0.095 atoms
per formula unit) compared to high-grade metamorphic orthopyroxenes in rocks of
similar bulk chemistry from southern India (Srikantappa et al., 1984; 1985). The
Ti, Mn, Ca and Cr.contents of these orthopyroxenes are commonly low, in
agreement with those *observed for the orthopyroxenes from southern India. The
low Al-contents of the orthopyroxenes may be somewhat surprising; particularly
és the solubility of aluminium iﬁ orthopyroxene coexisting with olivine and
spinel is found to increase with increasing metamorphic grade (e.g. Wood, 1974;
Danckworth and Newton, 1978). Such Al-solubility is found to be suppressed by
increasing Ca, Fe and Cr contents (Lee and Ganguly, 1988). As the SMZ
orthopyroxenes are comparable to other high-grade orthopyroxenes in terms of Ca,
Fe and Cr, and as the whole rocks have similar A1203-contents, the low Al-
contents of the orthopyroxenes may be a function of the stabilization of Al-rich

chlorite in the SMZ rocks.
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5.2.3 Chlorite and Amphibole

Chlorite is typically sheranditic in composition with high A1203

(Alppia = 4.70 - 4.97), high MgO and Cr,0, (Table 5.3) conteﬁts. Frost

(1975) and Trommsdorff and Evans (1974) reported a maximum of 2.4 Al;, atoms

per 8 tetfahedral sites for chlorite at its breakdown temperature with lower
values at correspondingly lower grades. The Al'Y of the chlorite in Ul0A is

2.64 whereas those for Ul7B vary aﬁ around 2.43 (assuming only Si and Al in
tetrahedral sites). Chlorites thus show compositions interpreted to occur at
their breakdown temperature, which is in good agreement with reaction (3.2) (see

Chapter 3) and the textural interpretations for the breakdown of chlorite.

 The analyzed amphibole, with an Al!Y content of 1.201 atoms.per 8
tetrahedral sites and AlV+Fe3'+Ti > 0.6 (depending on the Fe3'/Fe?*
ratio, can be classified a hornblende or magnesio-hornblende.(Leake, 1978). This
is the amphibolité facies equivalent to tremolite, replacing the latter by

‘complex substitutions of the tschermakite and pargasite endmembers (Frost, 1975;

Evans, 1977; Srikantappa et al., 1985.)

5.3 Mafic Rocks

5.3.1 Plagiociase

Representative plagioclase analyses are given in Table 5.4. Compositionally, the

plagioclase is found to vary from oligoclase—andeéine in hornblende rich samples
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to labradorite in the two-pyroxene mafic rock (M27C), with a total range from
An,; to Ang,. The variation in anorthite content within single samples was
commonly'Igés than 10 mole% both for grain to grain and for core-rim variations,
excépt for sample M1A. This latter sample, collected from a xenolithic fragment
situated within a felsic, migmatitic host rock along the Hout River Transition
(Fig. 2.1 and Appendix A), showed plagioclase compositions ranging from An,g

to An,, (Table 5.4).

The overall rangé in An-content closely corresponds to trends reported from
other metamorphic terranes for amphibolite and granulite facies terranes
(e.g. Wenk and Keller, 1969; Raase et al., 1985), and has also been reported for
the Southern Marginal Zone by Van Reenen (1978, 1983). Ho&éver, the fairly large
variations in anorthite content within some of the samples may reflect variable
retrogression, particularly in cases of more albitic rims to some graiﬁs.
Alternatively it could suggest a lack of equilibrium within such sémples due to
local chemical gradients. "~ In sample M27C, a vein of retrogressive hornblende
after pyroxene cuts the rock (Appendix.A), yet the feldspar still indicates
similar An-contents to that analyzed well away from such a vein, implying thaﬁ
local retrogression of pyroxene has not significantly affected the plagioclase
composition. Only in intensely altered sections is the plagioclase found to be

sericitized to a considerable degree.

5.3.2 Amphibole

The amphiboles analyzed from the mafic rocks can be classified as hornblende or
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pargasitic hornblende (Table 5.5, Fig. 5.la; Leake, 1978). The change from
common hornblende tozpargasitic hornblende is related to the progressive
breakdown of amphibole and the resultant formation of pyroxene and plagioclase
according to reaction (3.3) (Chapter 3), with the plagioclase becoming ﬁore
anorthositic in composition. Such a coﬁpositional change of the amphiboles is
commonly found to occur with incre&sing grade of metamorphism (Raase, 1974;
Srikantappa et al., 1985; Raase et al., 1986) and is related to Si = Al (Na+K)
substitﬁtions. Raase (1974) determined that the Ti-contents of amphiboles also
increases with ﬁetamorphic grade. This relationship is illustrated in

Figure 5.1b. A positive correlation is found ﬁetween modal abundahces of
pyroxene and the TiO, content of the amphiboles. According to reaction (3.3)
(Chapter 3), this implies that the amphibole becomes more TiO, rich as the
foreward reaction proceeds, until the amphibole becomes Ti-saturated and
ilmenitevis precipitated. Small opaques (ilmenite?) have been identified along
cleavage pianes within some amphiboles (see Appendix A) and are taken to

indicate the presence of prograde Ti-saturated amphiboles.

A comparison of the amphibole compositioné of M27C, to that of the other
mafic rocks, indicates that it_has‘both low Al and (Na + K) content
(Fig. 5.1la), while still showing a fairly high Ti content (Fig. 5.1b). In view
of the above, this would appear to be contradictory as the low pargasite content
of the amphibole may indicate lower metamorphic grades while high Ti-content may
indicate relatively high metamorphic grade relative to the other amphibolites. A
_possible explanation for this observation is that the amphibole composition is

controlled by the bulk chemistry of the rock, particularly as both the whole
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rock and the amphiboles of M27C show low K,0 abundances. Alternatively, the
amphibole analyzed in:M27C may have beén of retrograde ofigin, replacing
pyroxenes, with the amphibole composition being cénﬁrblled by that of the
pyroxenes (i.e. low K-content and low TiO, content). If ;uch retfogression did
occur for sample M27C, then the plagioclase composition may have remained
unaffected by retrogression as its An-content is still fairly high. By analogy
to tﬁe studies of Wenk and keller (1969), this may suggest higher metamofphic

grades,

5.3.3 Pyroxene

The chemical variation.observed in the pyroxene compositions (Table 5.6) are
summarized in Figure 5.2, the latter illustrating that the clinopyroxenes can be
classified as diopside whereas the orthopyroxenes of sample M27C are enstatiﬁes
(Morimoto et al., 1988). Furthermore Figure 5.2 illustrates that tﬁe
‘clinopyroxenes analyzed from various mafic rocks show rather limited
compositional variation, with Mg (atomic) ranging from 0.69 to 0.80 and Al of

1 0.05 to 0.11 and low contents of Ti, Cr and Mn, comparing favourably wiéh other

high-grade pyroxenes (e.g. Raase et al, 1986).

Sample M27C is the only rock having orthgpyroxene,,toge;her with a
clinopyroxene of similar composition to that anaiyzed from the other mafic
members. Owing to a higher bulk rock MgO content wheﬁ compared to the otﬁer
pyroxene-rich rocks (e.g. M8A, M11C), the occufrence of both pyroxenes in M27C

is probably related to the bulk chemistry of this sample.
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From the core-rim analysis of single gréins (Table 5.6) it can be seen that
the pyroxenes may show weak compositional zoning, the compositional trends
differing from sample to sample and evénvfrom grain to grain within one sample.
In sample M27C, the clinopyroxene shows an increase in Mg-content towards the

rim, suggesting some retrogressive Fe/Mg exchange (Wells, 1979).

5.4 Pelitic Rocks

5.4.1 Plagioclase

In Table 5.7 thé plagioclase composition of the pelitic rocks can be seen ﬁo
.vary from An,, to Anaz..The lowest An content is observed in the biotite-

garnet gneisses (P17, P41C - for Pl7 see also Table 3.3, An-contents determined
optically), with values of around An,,, whéreas tﬁe'biotite-poor bu; FeO-rich

rocks of P5C and P42C have the highest An-contents of around An,,.

In the case of core-rim analyses of single plagioclase grains within the
pelitic rocks, the rims-are generally observed to.be more calcic than the cores,
with observed maximum shifts of up to 4 mole-percent An. Such increases are in
~ agreement with melting reactions involving thg albite component of the

plagioclase (Knabe, 1970b; Winkler, 1976; Sawyer, 1987).
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5.4.2 Biotite

Bioﬁite.compositions.are given in Table 5.8 and sommarized in an expanded
section of the."ideal biotite piane“ after Guidotti (1984), representing the
Mg/Fe exchange and the tschermak exchange (Mg, Fe?*) + SilV =

ALY + AIIQ and plotted as AlYY versus Mg/Mg+Fe in Figure 5.3. Group

denotatioos refer to the mineralogic classification of Chapter 3. The biotites
.anélyzed for this study show a range of (Mg/Mg+Fe)*100 from about 57 up to 77
and have Al contents between 0.25 and 0.76 atoms per six octahedral sites.
These compositional ranges are given for all the analyzed biotites, including
rim compositions of biotites in contact with othef ferromagnesian phases,
together with compositions of biotites occuring as inclusions in such phases.
As the biotites are .compositionally zoned (see below), the compositional ranges
quoted above can be expected to be reduced if only core compositions are
considered. However, this was noﬁ observed to be the‘oase‘as is illustrated in a
comparison of the (Mg/Mg+Fe) values in Figures 5.3a and 5.3b. In Figure 5.3a
only core compoéitions of matrix biotites have been plotted for clarity, while
in Figure 5.3b all analyzed biotites are plotted. From the comparison between
Figurev573a and b it can thus be seen that the M ranges are not significantly
changed,vwﬁether.conoidefing only core biotite compositions or ail the analyzeo
biotites.'Tho-same is also true for the A1V apd Ti ranges (Table 5.8).
Inspection of Figure'5.3 reveals that for a giﬁen Qaiue of Mg/Mg+fe.for the
biotite, there is a decreasing seqoence.in VAL from the garnet-biotite
gneisses, via the orthoamphibole gneisses, the cordierite-garnet granulites to

both the cordierite granulites and the garnet granulites. The Ti variations are
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complimentary to this in that they increase in the same sequence for a given

Mg/Mg+Fe in the biotite.

Most of the biotites analyied in thié study showed detectable F content (up
to 1.5wtX - P41C; Table 5.8), but only small amounts or no detectable Cl. A
closer inspection of the fluorine content for the orthoamphibole gneisses yields
an average of 0.19wtX (standard deviation (s.d.) = 0.06 for 22 analyses)
compared to values of 0.35 (s.d. = 0.06, n = 10) for the garnet granulite and

0.28wtX (s.d. = 0.06, n = 11) for the cordierite granulites.

While no detailed study of compositional zoning for the biotites was
undertaken, the core-rim relationships reported in Table 5.8 do indicate that
‘biotite zoning is of variable character. In terms of Mg/Fe compositions there
may be a weak‘increaée in Mg and an accompanying decrease in Fe towards the rim
(M values vary by ébout 2 only). In the orthoamphibole gneisses litﬁle or no
significant zoning of the biotite was observed. In contrast however, variations
in M values for different biotite gfains within the same rocks can be
considerably higher than core-rim variations within single grains (Tablev5.8).
This is particularly well exemplified by sample P17C where Qariations in M can
be as high as 15, with the highest Mg-biotite close to or in contact with garnet
while lower values are éhown with distance from the garnet (P17C-1C to P17C-6C;

Table 5.8).

5.4.2.1 Discussion of Biotite Compositions

In a recent review on metamorphic biotites, Guidotti (1984) observes that
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amphibolite facies biotites commonly show Al¥! values 1owér than 0.7 for rocks
lacking coexisting musovites, with Mg/Mg+Fé ranges of between 0.3 and 1. For
granulite facies biotites‘in rocks of simiiar ééﬁpoéitioh, the A1V is
" reported to be comménly less than 0.55. This deéreasing VAN coﬁtent in the
Ihigh grade biotites is described as being Accompanied by an increase in fi
content from about 0.25 atoms per 22 oxygens in the granulite-grade biotiteé. In
Figure 5.3 the range of Ti-conténtrfor the biotites'can be seen to extend from
-0.17 up to 0.65 atdms per 22 oxygens. Some of these differences in biotite
compositions may certainly be controlled by the bulk chemical composition of the
' rocks and/or thevmodal biotite abundances in the rocks. This was tested by
plotting the biotite Ti-contents ggainst the bulk rock TiO, content and the
biotite Ti/M ratio against the bulk rock TiOZ/(MgO/Mg0+FeO) (Fig. 5.4a and b).
Figure 5.4 illustrates that for a similar rénge in bulk rock TiOé contents,
the orthoamphibole gneisses. tend to show a lower Ti-content in biotites relative
to that forvthe other rock groups. As the modal abundance in biotite shown by
the orthoamphibole gneisses is similar to that of the other rock groups in
general, the lower Ti-content in the biotité'is either a function of the
orthoamphibole presence (as another Ti-bearing phase) or of different
‘metamorphic grades (e.g. Guidotti,_1984). An exception is thé orthoamphibole
.gnéiss P42C which shows a high biotite Ti-content and yet has low bulk rock
.TiOZ content‘(Fig. 5.4a). The most likely epran#tion'is its low modal biotite .
contents, with TiO, cbncentrating in residual biotite during its breakdown
reactions (Chapter 3). By analogy, the differénce in Ti-content bethen the

biotites of P21C and P1D may be explained by lower modal biotite abundance in

P21C relative to P1D (Fig. 5.4 and Table 3.3). In general though, by comparison
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to the review. study of Guidotti (1984),. the biotites of this study show typical
amphibolite facies to granulite facies compositions in terms of A1V, Mg/Fe

and Ti-contents.

In a recent study on the biotite compositions from charnockites and
metapelitiq rockﬁ in India (Madras), Bhattacharya‘and Sen (1986) revealed an
inverse relationship between a(Ti0,) (activity of TiO,) and a(H,0)

(activity of water). Exténding these ideas to the biotites of this study, the
variation in Ti contents between therorthoamphibole gneisses and the granulites
. - '

could be related to variations in a(H,0) and need not neCeésarily be a

function of metamorphic pressures and temperatures only.

From‘studies of F and Cl éontent in biotites (e.g. Munoz, 1984; Guidotti,
198&),(it has been determined that both F and Cl tend to concentrate in hydfous
Pphases such és biotite with increasing metamorphic grade. Such an enrichment

s, however, reported to be highly variable and depends on the amount of
chlorides in the bulk rock, the modal biotite abundances, as well as on the
activities of these coﬁponénts within the fluid. The lower F-content in the
orthoamﬁhibole gneisses is unlikely to be a function of modal % Biotite, as is
exemplified by a comparison of samples P50C and P14C, with these two saﬁples
showing similar modal abundances of biotite but different F-content (P50C-

orthoamphibole gheiss, Pl4C- cordierite-gérnet granulite)., In addition, the
lower F-content is unlikely to have been caused by retrogressive re-
equilibrationyof F in the biotite as this would require large fluid/rock ratios

Iof ~1000:1 according to Wood and Walther (1986), which are not indicated by the

oxygen'isotope compositions (see Chapter 7). Thus, using the above information,
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then the biotite compositions of the orthoamphibole gneisses suggest

significantly lower metamorphic grades relative to the other rock groups.

5.4.3 Garnet

Garnet compositions analyzed from the pelitic rocks arevgiﬁen in Table 5.9.
These garnets are iron-rich almandine-pyrope solid solutions containing 5; to 70
mole% almandine, 22 to 41% pyrope and qually less than 6% grossular and 2.5%
spessartine. While this range in garnet compositions overlaps with those

" observed in other high-grade Precambrian pelitic rocks (e.g. Reinhardt, 1968;
Dallmeyer, 1974; Stephenson 1979),'the garnets of this study tend to bé of
somewhat higher pyrope content, possibly being a reflection of tﬁe Mg-rich bulk

rock composition of these rocks.

The compoéitional variations within single rock samples are commonly less
than 4 mole% in terms of almandine or pyrope components, with core-rim
differences seldom exceeding 2 moleZ for these componeﬁts; Furthermore, a
comparison‘of garnet core compositions between the various groups of rocks does
not reveal any significant differences in garnet compositions. This is
illustrated in Figure.S.Sa where only some selected core compositions,
reﬁreSenting the extreme endmember compositions (for samples with 2 or more
analyses) were plotted for each sample. While the garnets from the cordierite-
garnet granulites and particularly from the garnet-granulite (groups 4 and 3
respectively) do show pyrope compositions extending to somewhat higher pyrope

mole% values (i.e; higher Mg in Fig. 5.5a), there is a considerable overlép in
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‘garnet éomposition between these groups and the orthoamphibole gneisses

(grbup 2). This overlap is likely to be caused by differences in bulk
chemistry, which in turn controls the garnet composition. A comparison of
chemically similar rocks (e.g. P7D and P1l4C of groups 2 and 4) does, however,
reveal a slight but significanﬁ difference in moleX pyrope of their garnets (P7D
- pyrope moleX = 31.8 s.d. = 1.7 n = 5 cores; Pl4C - pyrope

ﬁole% = 35.1 s.d. = 1.0 n =7 cores). Van Reenen (1978, 1986) observed
increasing pyrope contents from the orthoamphibole gneisses to the cordierite-
garnet gneisges, with this increase being ascribed to increasing metamorphic

grades.

From the core-rim analysis given in Table 5.9, it éan be seen that the
general zonation in garnets is a Mg-depletion and an accompanying Fe-enrichment
towards the rims. Such zonation, if pfesenf, is commoqu weak. No Mn zoning is
observed for most samples whereas Ca zoning is variable, with Ca contents both
increasing and decreasing towards the rim. Figure 5.5b, illustrates this weak
type of.éoning profile in a garnet analyzed from sample P21C. Note the absence
of significant zoning, particularly in the core sections. For P50C (a group 2
rock), garnet zonation was in reverse to the above, with an increase in Mg
~ content towards the rim (in contact with biotite) and a decrease in both Fe and
Mn; and in one profile also a decrease in Ca ;owards the rim. Sample P7D (also a
group 2 rock) showed variable garnet zonation, with profiles reversing for

different garnets within the rock.

The garnets analyzed in P42C show grossular contents of 7.7 to 12.1 mole%,

which are considerably higher than those of any other sample in this study.

95



These high values may be explained by the high bulk Ca0 content of this sample

relative to the other rocks.

The common zonation profile (higher Fe/Mg in rims) is best described by
some minor retrogressive Fe/Mg re-equilibration between garnet and, in
particular, biotite but also between garnet and orthopyroxene and/or cordierite.
This small scale re-equilibration is supported by the fact that matrix garnet
(i.e. those not surrounded by other mafic phases) commonly show no zonations in

terms of Fe/Mg, which is typical for high-grade garnets (e.g. Woodsworth, 1977).

5.4.4 Orthoamphibole-

The orthoamphiboles of the pelitic rocks (Table 5.10) can be classified as
gedrite A1V + Na > 1, for 23 oXygens) or as anthophyllite (A1YY + Na < 1)

and alumino-anthophyllite (A1"? > 0.5) using the nomenclature of Leake (1978).
The range in Al and A-site cation (i.e. Na) is shown in Figure 5.6, with the
orthoamphiboles from pelitic rocks forming a linear trend extrapolating from
anthophyllite through to gedrite compositions. For most minerals, the actual
position along this trend may be a function of bulk rock composition
(particularly Al,0, and Na,0; e.g. compare P38C and P32C or P50C in Table

4.5). However, for sémple fSOC coexisting gedrite and anthophyllite were
analyzed, with these orthoamphiboles being sepérated by the miscibility gap as
described by Spear (1980). Similarly, in samples P7D and P38C two

' orthoamphiboles could be identified by their different pleochroic schemes. For

sample P5C, the orthoamphibole shows AllY contents of 1.0 to 1.3 atoms per 8
Y
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tetrahedral sites and A-site occupancy of 0.2 to 0.3 atoms per site. These
ranges, when compared to Figure 14 of Spear (1980) would roﬁghly coincide with
compositional ranges expected to be found for orthoamphiboles close to the crest
Qf>fhe miscibility gap. If the temperature estimates of 600 + 25°C for the
crest of the miscibility gap as derived by'Spear (1980) are assumed correct,
then it would imply that the orthoamphiboles of sample P5C formed at
temperatures abéve 600 + 25°C, whereas those of sample P50C formed below

these temperatures.

5.4.5 Orthopyroxene

Orthopyroxene analyzed from the pelitic members can be classified as enstatite
according to their (Mg/Mg+Fe)*100 ratios (Table 5.11; Morimoto et al., 1988).
Orthopyroxene from the garnmet granulite (P25C) shows an average enstatite
component of 69.5 mole%, that of the cordierite-garnet granulites varies from
58.6 to 64.5 while in the cordierite granulites it varies from 66.2 to 71.3
mole?%. Thé enrichment in Mg-content of the orthopyroxene from the cordierite-
garnet granulites to the cordierite granulites parallels the bulk rock

compositional differences observed between these rock groups.

The Al,0, content in orthopyroxenes ranges from 3.4 to 6.0 weightX in
these rocks, and there does not seem to be a significant difference in Al,0,
content of orthopyroxenes between the various groups of rocks. Furthermore, the.
orthopyroxenes from within single rocks are homogeneous in cdmposition and in

only a few cases, when adjacent to garnet, did the orthopyroxene show
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significant zoning, with an increase in Mg-content and an accompanying decrease
in Fe-content towards the rim. There was also no significant compositional
difference between the small, fine-grained and finger-like orthopyroxene and the

coarse-grained orthopyroxene outside the cordierite-orthopyroxene intergrowths.

5.4.6 Cordierite

Cordierite analyses from the cordierite-garnet granulites and the cordierite
granulites are shown in Table 5.12. In'general, these cordierites are more Mg-
rich (X, range from 79.7 to 89.3) when compared to cordierite in pelitic

rocks from other high-grade metamorphic terranes (e.g. Ashworth and Chinner,
1978; Waters and Whales, 1984) and reflect the Mg-enriched character of the SMZ

rocks.

Comparing the (Mg/Mg+Fe)*100 ratios (M in Table 5.12) for cordierites in
the group 4 rocks to those in the group 5 rocks, then no significant difference
can be detected. A possible explanation for this is that the range of cordierite
compositions observed within one rock may vary by as much as 10% in terms of
(Mg/Mg=Fe)*100 (e.g. P19C - Table 5.12). Within one rock, the most Fe-rich
cordierites are found in conjunction with biotite while the most Mg-rich
cordierites are found replacing the garnets. This heterogeneity of the
cordierite may imply cordierite growth dufing two sepafate events, with no
chemical re-equilibration of the cordierite within the scale of a single rock
(even single thin section). Alternatively the cordierites grew during the same

event and the chemical heterogeneity is caused by the existence of local

N
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chemical gradients as evidenced by the occurrence of small inclusions of spinel
in some, but garnet inclusions in other cordierites (see Chapter 3; Fig. 3.15).
The zoning within individual cordierites was found to be insignificant,
regardless of the mineral (garnet, orthopyroxene, biotite) with which the

cordierite was found to be in contact.

5.5 Discussion and Conclusions

For both the mafic and ultramafic rocks the compositions of the constituent
minerals are consistent with upper amphibolite to granulite facies conditions.
In the case of the mafic rocks, the mineral chemistry of samples M8A, M11C and
‘M27C, all sampled north of the isograd (Fig. 2.1), suggests higher metamorphic
grades (higher P-T and/or lower a(H,0)) relative to the samples south of the
isograd. Evidence of retrogressive processes in the ultramafic and mafic rocks
is limited to éingle samples or even to only a single group of minerals adjacent

to veins within some rocks (e.g. M27C).

The pelitic rocks are chemically and mineralogically complex systems,
making interpretations in terms of metamorphic conditions difficult. The effects
of bulk chemistry on the mineralogy are illustrated in Figure 5.7. In terms of
the parameters chosen for Figure 5.7?’the group 2 rocks (excluding P5C, P6C and
P42C) can be seen to be chemically similar to the group 4 rocks. The difference
in mineralogy between these groups can therefore be explained in terms of

varying metamorphic conditions (P, T or a(H,0)). Mineralogical changes
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between these rock groups involve the breakdown of the biotite-garnet assemblage
to give orthoamphibole or orthéamphibole and cordierite in the group 2 rocks,

" but orthopyroxene and cordierite in the group 4 rocks (Fig. 5.7; see also
Chapter 3). In the Fe-rich orthoamphibole gneisses biotite has been removed as a
reactant, resulting in the stable coexistence of garnet and orthoamphibole (e.g.
P5G, P6C, P42C). In the Mg-rich rocks (group 5) garnet removal is complete

(Fig. 3.16). The replacement of orthoamphibole found in the group 2 rocks by
orthopyroxene in the granulites is considered prograde in origin (increasing P-T
and/or deéreasing a(H,0)). Because of the Fe-Mg exchange amongst the
ferromagnesian phases, the replacement reactions are continuous and the reactant
phases may change their composition to be stable over a wider P-T-a(H,0)

interval.

In the case of the group 3 rock (P25C), the low Al,0, content did not
stabilize cordierite (Fig. 5.7). Similarly in group 1 rocks the absence of

cordierite and/or orthopyroxene may be related to their bulk chemistry.

The chemistry of biotite in the pelitic rocks indicates typical amphibolite
facies conditions in the group 2 rocks compared to the granulite metamorphic
conditions in the group 3, 4 and 5 rocks. The fluorine variations in biotites of
these groups indicate that the lower metamorphic grade conditions are unlikely
to be the result of retrogressive fluid infiltration. If so, then large amounts

of fluid would be required.

In a detailed study on the orthoamphibole gneisses of the SMZ, van Reenen

(1986) concludes that the formation of orthoamphiboles is retrogressive in
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origin, but temperaturevestimates for this event are considerably higher than
the crest of the miscibility gap defined for the orthoamphibole by Spear (1980).
This disagreement ip terms of temperature is explained by van Reenen (1986) as
being cauéed by varying fluid compositions during f?rmation of the
orthoamphiboles of the SMZ relative to those considered by Spear (1980).
However, the calculations done by van Reenen (1986) were based on the reaction
anthophyllite = enstatite + quartz + water as experimentally determined in the
system MgO-Si0,-H,0 (Greenwood, 1963). This rather simple system may not be
applicable to the more complex chemistry shown by the pelitic rocks in this
study. The existence of at least three compositionally different orthoamphiboles
within the orthoamphibole gneisses, with the alumino-anthophyllite compositions
coinciding with the expected crest for the miscibility gap, can be taken to

suggest that orthoamphibole formation occured over a wide temperature interval.

The large Fe/Mg varigtion shown by different grains compared to small
variations in single grains of biotite and cordierite, indicates localized
chemically heterogeneous behaviour during retrogression. Garnet and
orthopyroxene, in contrast, do not show large compositional variations within
any one sample. The difference in behaviour of biotite and cordierite relative
to garnet and orthopyroxene may be a funétion of cation (Fe?*, Mg?*)

diffusivity variations for the different minerals.
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~ CHAPTER 6: CATION GEOBAROMETRY AND GEOTHERMOMETRY

6.1 Introduction

In the following sections, pressure (P) and temperature (T) conditions are
evaluated from the mineral chemistry of various coexisting minerals in the
Bandelierkop Formation members. The calculated P-T estimates will be compared to
the experimentally determined mineral reaction conditions (as described in the
petrograpﬁy section) and also form the basis for a cation-anion (oxygen isotope)

thermochemical comparison described later (Chapter 9).

Details on the terminology and the equations used for P-T determinations

are given in Appendix C.

6.2 Ultramafic Rocks

In the ultramafic rocks no detailed microprobe analysis was undertaken for
thermobarometric purposes. In respect of the limited analytical data, the only
analysis that renders itself to some further discussion is the alumina content
in the orthopyroxenes of rocks UlOA and P17B. From Table 5.2 it can be seen that
the alumina content of orthopyroxene ranges frdﬁ 1.39 to 2.32 weight% Al,0,

in sample Ul0A and from 0.63 to 1.54 weight% in P17B. If one aséumes the simple

Mg0-Al,0,-Si0, ternary system of Danckwerth and Newton (1978) to be
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applicable to the SMZ rocks, then a maximum Al,0, content of 2.32 wt% would
correspond to about 680°C (at 10kb’s) in the enstatite Al,0,-isopleth

diagram where enstatite coexists with forsterite and spinel (Danckwerth and
Newton, 1978 - Fig. 7). However, the stability of chlorite as an additional Al-
containing phase besides spinel in the SMZ rocks, together with the presence of
components such as FeO and Ca0 diluting for Al,0; in orthopyroxene, may

result in a low Al,0; content of the SMZ orthopyroxenes. As a result, the
temperature estimate of 680°C may represent a minimum temperaturé for peak

metamorphic conditions recorded by the ultramafic rocks.

6.3 Mafic Rocks

For tﬁe given mineral assemblages of the mafic members, only the Ca-Fe-Mg
distribution between ortho- and clinopyroxene has been calibrated as a
.geothermometer (Wood and Banno, 1973; Wells, 1977; Powell, 1978; Lindsley,
1983), which limits cation temperature estimates to sample M27C of this study.
HoWever,vdeﬁailed comparisons of the temperatures obtained from Wood and Banno
(1973) and from Wellsv(1977) to other thérmometers have commonly led to the
conclusion that the given two-pyroxene temperatures are too high and displayed
considerable scatter (e.g. Bohlen and Essene,.1979; Essene, 1982; Lindsley,
1983; Srikantappa.et al., 1985). Bohlen and Essene (1979) ascribe the high
two-pyroxene temperatures to factors such as a non-ideality of cation exchange,
uncertainties in extrapolations from experimental reversals on end-member

[

compositions at high temperatures down to metamorphic temperatures, analytical
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error and both an underestimation of and a lack of knowledge about thermodynamic
factors (e.g. activity coefficients, site allocations) at metamorphic

temperatures.

In an attempt t§ overcome assumptidns of ideal mixing in the pyroxenes,
Powell (1978) established a two-pyroxene geothermometer which makes allowance
for the interference of Ca and Na on M, sites of tbe pyroxenes. For the
grapﬁical thermometer of Lindsley (1983), the orthopyroxene-clinopyroxéne solvus
is represented in the Ca-Mg-Fe quadrilateral (see Fig C.1 in Appendix C).
Pyroxene components noﬁ represented in the quadrilateral are empirically
approximated and are suBtracted from the quadrilateral Ca-Mg-Fe components. This
process largely eliminates the effects of non-quadrilateral components on the

activities of wollastonite, enstatite and ferrosilite.

The average temperatﬁre derived for M27C by using. the thermometer of Powell
(1978) is 702 + 70°C. While the formulation of this thermometer still involves
the extrapolation of high temperature experimeqtal reversals to lower
metamorphic temperatures, the average temperature obtained is similar to
estimates of granulite metamorphic conditions for mafic rocks elsewhere (e.g.

. Bohlen and EsSene, 1979; Sfikantappa et al., 1985). The thermométer of Powell
(1978) was, however, found to be critically dependant on accgrate analysis of Ca
in orthopyroxene. Thus small variations of Ca content in orthopyroxene may lead

to large differences in calculated temperatures.

The graphical method of Lindsley (1983), results in temperature estimates

from clinopyroxene core compositions averaging 535 + 120°C while those
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estimated from coexisting orthopyroxene cores average 589 + 120°C

(Appendix C). These temperatures are considerably lower than temperatures
expected for granulite facies rocks (T > 680°C; Winkier, 1976). Such 10&
temperatures would be consistent wiﬁh retrograde Ca-Mg-Fe exchange (Essene,
1982). The wide range in temperatures obtained by this graphical thermometer is
. presumably a result of the slope of the pyroﬁene solvus at these temperatures,
-Only small errors in the wollastonife component result in large temperature

differences (Fig. C.1).

It is concluded that while the calibration of Powell (1978) yields average
temperatures expected for granulite metamorphic conditions, further information
is needed to establish whether this temperature represents a true metamorphic

temperature or not.

6.4 Pelitic Rocks

6.4.1 Geobarometry

By comparison to geothermometry, the choice of mineralogic geobarometers is
rather limited. This is caused by a combination of a lack of pressure sensitive
minefal exchange reactions.and, if present, by insufficient experimental and/or
‘thermodynamic informatioﬁ for such reactions (e.g. Essene, 1982; Newton and
Perkins, 1982; Bohlen, 198;). For the SMZ rocks promising gedbarometers are

provided by coexisting garnet and less dense aluminous minerals such as
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cordierite, plagioclase and aluminous pyroxene. The use of the garnet-
plagioclase-Al,Si0;-quartz geobarometer (Newton and Haselton, 1981) is

excluded on the basis of the absence of a free, prograde AiZSiO5 polymorph

(see Chapter 3). Furthermore, the lack of agreement between experimental énd
semi-empirical calibrations of the garnet-cordierite-Al,Si0s-quartz

assemblage (Currie, 1971; Hensen and Green, 1973; Thompson, 1976; Holdaway and
Lée, 1977; Martignole and Sisi, 1981) excludes this assemblage as an accurate
geobarometer until such discrepancies can be sblved. Available thermodynamic and
experimental data thus limits mineralogic geobarometry to the mineral assemblage
plagioclase-orthopyroxene-garnet-quartz (Newton and Perkins, 1982) and the
solubility of alumina in orthopyroxene coexisting with garnet (Harley and Green,
1982). These barometers are reported to give feasonably accurate pressures for
granulite facies rocks (Néwton, 1983; Bohlen et al.} 1985; Bohlen, 1987; Moecher
et al., 1988)..Pressures calculated from the latter two geobarometers are

presented in columns A and B of Table 6.1.

From Table 6.1 it can be seen that the range of pressures obtained by
‘either barometer is within the average quoted precision limits ( + 1500bars for
Newton and Perkins, 1982; + lkbar for Harley and Green, 1982). However, the
Harley and Green (1982) barometer tends to show somewhat lower pressures when
compared to those obtained by using Newton and Perkins (1982; aQerage pressures
of 5.2 and 6.1kbérs respectively). The range‘of pressufes.calculated from
several mineral analyses within one sample, were commbnly found to be within the
precision limits for the calibration of Newton and Perkins (1982), but not

necessarily for that of Harley and Green (1982). The existing differences in
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pressures, as observed particularly for sample P14C (see Appendix C), may be
explained by small compositional variations in the analyzed phases. Thus in the
cordierite-garnet granulites, fhebgarnet and orthopyroxene were commonly
analyzed in the vicinity of cbrdierite, as garnet is seen to be replaced by
orthopyroxene and cordierite (Chapter 3). In cases where the garnet and
‘orthopyroxene were analyzed distant from any cordieritg (e.g. Pl4C - T4 and
P19C - T2), the orthopyroxene showed a distinctly higher enstatite componeﬁt
(Xﬂg) and a somewhat lower Al-content, while garnet only showed a small
decrease in pyrope component (see Appendix C). These compositional differences
result in the derivation of lower pressures when the barometer of Newton and
Perkins (1982) is used but in higher pressures for .the Harley and Green (1982)
barometer. The latter barometer was found to be more sensitive to small
compositional changes in the orthopyroxene which resulted in a wider range of

calculated pressures within one sample.

Sample P25C (a garhet granulite) does not contain any cordierite. For this
sample_the observed rangevin calculated pressures is found to be well within the
expected precision range of either barometer. Analyses of orthopyroxene and

garnet in P25C showed a higher Xpg for both phases when compared.to these
minerals in the cordierite-garnet granulites. This results in the average
pressure for this sample being very similar to that of the cordierite-garnet.

granulites.
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6.4.1.1 Discussion of Geobarometry

- An average pressure of around 6.1 + 1.5kbars as obtained from the Newton and
Perkins (1982) baromefer is in agreement with the mineral paragenesis (see

‘Fig 3.19) as well as with pressures derived for other Archaean granulite
terranes (e.g. Phillips, 1980; Harris and Holland, 1984; Bohlen et al., 1985).
Such pressures disagree, however, with the pressures obtained for the SMZ-
pelitié rocks by van Reenen (1978; 1983) whi;h are in the rangévof 7.2.to
8.2kbars. ‘The pressures obtained by van Reenen (1978; 1983) are largely based
. on the cordierite-garnet geobarometers of Currie (1971) and Hensen and Green
(1973). When applied to the rocks of this study they yield similar temperatures
and preséures (T-range of 640 to 800°C” for Currie (1971); 400 to 720°C for
Hanson and Green (1973) and pressures of 6.3 to 8.7kbars for both calibrations;
not shown) to those obtained by van Reenen (1978; 1983;). .In the light of more
recent information on the stability of cordierite (e.g. Holdaway‘and Lee, 1977;
Newton and Wood, 1979; Martignole aﬂd Sisi, 1981) and because of the conflicting
expérimental results of Currie (1971) relative to the results of Hensen and
Green (1973) (i.e. disagreements in the change of K; values with temperature
for garnet-cordierite reactions as reflected by the different resultant
temperatures quoted above), the cordierite-garnet calibrations of Currie (}971)
and Hensen and Green (1973) are inherently su;pect. Wood (19735, Hold;Way aﬁd'
Lee (1977) and Mértignole and Sisi (1981) indicated thatvknowledge on the
hydration state of cordierite (or P(H,0)) is a necessary requirement before

attempting to use cordierite for geobarometric purposes.
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The lower pressure stability of cordierite relative to garnet + Al,SiO,
+ quartz may be taken to indicate that the breakdown of garnet to cordierite and
orthopyroxene (see equations 3.13 to 3.15, Chapter 3) proceeds with decreasing
pressureslin rocks of the appropriate composition (van Reenen, 1983). As the |
bgarnet and its breakdown broduct§ would be expected to re-equiiibrate during the
_ progress ofrthe contin;gus reaction, it is expected that the rocks not showing
any garnet breakdown‘a;vall, such as P25C, should show higher metamorphic
pressures. This does not seem to be the case though (Table 6.1). Alternatives
proposed by van Reenen (1983) for the continuous breakdown of garnet are an

increase in the partial pressures of water or increasing temperature. These

possibilities will be discussed in subsequerit sections.

6.4.2 Geothermometry

Cation Fe-Mg mineralogic exchange reéctions between coexisting ferro-magnesian
phases have been widely used for thermometry. Small volume éhanges involved in
most Fe-Mg exchange reactions make such exchange rgactions largely independant
of pressure. In high-grade pelitic rocks such thermometry has been used with
varying success (e.g. Ghent et al., 1982; Hodges énd Spear? 1982; ﬁartignole and
Nantel, 1982; Harris and Holland, 1984; Edwards and Essene, 1988; Battacharya et
al., 1988). Factors controlling the success are: (a) the accuracy of the
calibration used, which depends on whether or not additional components have
been accounted for in a sufficient manner and on the extrapolation in chemistry
needed to apply a given thermometer, (b) the extent to which peak metamorphic

conditions have equilibrated amongst coexisting phases, (c) the extent of
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retrogressive re-equilibration of phases (e.g. Es#ene, 1982). These factors will
be discussed in someyhat more detail in the 1ight of various experimentally and
natufallybcalibrated.geothermometers épplied to the minerals in this study. The
" results of the tﬁermometers used are summarized in Table 6.1 while more detailed

descriptions of each thermometer are given in Appendix C.

6.4.2.1 Garnet - Orthopyroxeﬁe Thermometry

Garnet-orthopyroxene thermometry is potentially attractive as it involves
intercrystalline Fe-Mg exchange amongst two phases that are commonly considered
to be fairly refractory phases (Freer et él., 1982; Cygan and Lasaga, 1985). In
addition, the simple chemistry of orthopyroxene allows it to be regarded as an
ideal Fe-Mg mixture (Newton and ferkins;.1982; Harley, 1984; Sen and
Bhattacharya, 1984). The low Mn-content in garnet justifies a ternary Ca-Fe-Mg

mixing model for the garnet.

The results‘of the orthopyroxene-garnet thermometry using the calibrations
of Harley (1984) and SenAand Bhattacharya (1984) are summarized in columns C and
D of_TéBle 6.1 respectively. While the two differept fhermometers.shdw :
temperatures that are largely within their accepted errors (~60°C), the:
calibration of Harley (1984) always yields temperatures lower than tﬁose for Sen
and Bhattacharya (1984). Nevertheiess, both thermometers indicate that sample
P25C (cordierite free garnet granulite) equilibrated at somewhat lower
temperatures when compared to the cordierite-garnet granulites. Peak temperature

estimates from contiguous garnet-orthopyroxene cores fall at around 675°C for
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P25C whereas temperatures‘of 780°C are estimated for P21C (cordierite-garnet

granulite; Sen and Bhattacharya, 1984).

6.4.2.1.1 Discussion of Garnet - Orthopyroxene Thermometry

The temperature difference betwgen the two garnet-orthopyroxene thermometers
(Table 6.1) is likely to be'related.tovthe different thermochemiéal parameters
vused for these caliﬁratioﬁs. In particular, the higher interference factor for
Ca in garnet in the Sen and Bhattacharya (1984) calibration relative to that of
Harley (1984; 3300 versus 1400 cal/mol.site - Appendix C) resﬁlts in higher
absolute temperatures and in a larger range in temperatures for small

differences in the grossular component of the garnet.

The lower temperature estimates for sample P25C relative to the
cordierite-garnet granulites is surprising, partiqularly as there did not appear
to be a significant difference in pressure between P25C and the cordierife
garnet granulites, where the barometers were based on similar thermochemical
parameters and activity-composition relationships as the garnet-orthopyroxene
thermometers u§ed. However, a closér inspection of the range in temperatures
obtained for the different mineral pairs in sample Pl4C reveals that the
garnet-orthopyroxene pair analyzed well away from any cordierite grains yields a
lower value for the equilibrium constant K, owing to a higher Mg-content in the
orthopyroxene and thus a resultant lower apparent equilibration temperature
(Pl&C-IA in Appendix C). Assuming that garnet has largely remained closed during

retrogression (Chapter 5, see also Woodsworth, 1977), then the preseﬁce of
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cordierite in garnet-orthopyroxene rocks provides a Fe-Mg phase with which the
orthopyroxene may re-equilibrate during retrogressive cooling. 1In terms of the
'gérnet-orthopyroxene geother@ometer.of Sen aﬁd Bhatracharya'(1984) a temperature
: of 675 + 60°C may rhﬁs represent the closesr estimate to a peak metamorphic |
equilibrium temperature preserved for the granulitésr Alternatively, if
cordierite has no adverse retrograde effects on.other Fe-Mg phases, then peak

temperatures could have been as high as 780°C.

'_Simple.Fe”'estimates,for orthopyroxene and garnet (Papike et al., 1974;
Esséne, 1982) indicate that Fe”’correcinns can only change témperatures by
.~30°C. In fact, in many cases lower temperatures are obtained as such éimple
calculations can give higher Fe®'/Fe?' ratios for orthopyroxene relative to
those”for garnetr This iélin reverse of what is generally expected for
orthopyroxene relative to garnet (Harley, 1984). Thé reason for this is unkno@n
but ﬁay be rélated to the re-equilibration of the orthopyrorene with phases such
aé cordierite and/or biotite or with a melt phase (Chapters 3 and 4) during

retrogression.

6.4.2.2 Garnet - Biotite Thermometry

Garnet-biotite. assemblages are common to many.metamorphic'rocks of various
mefamorphic»grades. Iﬁ the present study it is of particular interest as'this
éssemblage is present in rocks both north and south of the orthopyroxene
isograd, ideally allowiﬂg for a comparison of temperature conditions across the

'isograd.
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:The cation exchange reaction:

Fe-garnet +ng-biotite = Mg-gérnet +.fe~biotite A (6.1),
representing Fe-MgVexchange_amongst biotite and garnét has been calibrated on
- natural assemblages (Thompson, 1976) and also experimentally for a restricted
‘range of mineral compositions (Ferry and Spear, 1978). However, while the Ferry
apd Spear (1978) thérmometer has yielded results consistent with phase
equilibria in medium grade rocks (e.g. Ghent et al., 1982), it has been shown to
'give erratic temperatures in high-grade rocks. This is commonly attributed to
 the‘restricted &ompositional range ofvthe experimental calibration relativé to
natural high-grade assemblages, to non-ideal mixing of phése components and to
. ‘retrograde resetting (e.g. Harris and Holland, 1984; Indares and Martignole
\19853, b; Edwards and Essené, 1988); To overcome these pfobiems Indares and
3vMartignole (1985a, b) suggest the use of core garnet and matrix-biotite analysis
where the biotite is isolated from garnet (and other Fe-Hg phases) and therefore
not’affected by late Fe-Mg exchange (Tracy et al., 1976). Furthermore, they'
alsb extend the thermometer of Ferry and Spear (1978) to make allowance for
departures from ideality caused by the effects of Ca and Mn on Fe/Mg in garnet
and A1"! and Ti on Fe/Hg in biotite. Such corrections resulted in obtaining
- temperatures for granulitic rocks, cgmpatible with the semi?empirical

calibration of Thompson (1976) but lower than those of Ferry and Spear (1978).

In a recent study by Chipera and Perkins (1988), a series of garnet-biotite
thermometers were compared. It was found that the experimental calibration of
Perchuk and Lavrenteva (1983) yields the most precise and accurate results.

This calibration is derived from experiménts conducted both on synthetic and
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‘natural assemblageé corresponding to mixtures of garhet, biotite and cordierite.
The wider compositional range covered by this thermometer relative to that of
Ferfy and Spear (1978) andvthe.pfesenCe of cordierite in' the experimehtal.runs
made this thermometer pérticulariy attractive for use on the SMZ rocks. In this
study thé thermometers of Perchuk and Lavrenteva (1983) and Indares and
_Martignoie (1985b) were used. For comparative purpéses the results of Ferry aﬁd

Spear (1978) are also shown in Table 6.1 and Appendix C.

Columns E, G and H in Table‘6.1 summarize the average teﬁperatures obtained
from garnet and matrix-biotite‘cores. Temperatures from garnet and bioti;e
cores with phases in cohtact.are giveﬁ in column F for the Perchuk and
Lavreﬁteva (1983) thermometer only (Table 6.1). A close inspection of the
gérnet-biotite temperatures.given in Table 6.1 and Appendix C indicates the

following_generalvpatterns:

1. Garnet core and matrix-biotite compositions (biotite analyzed away from
any other Fe-Mg phase) generally yield higher temperatures than when the

two mineral phases are in mutual contact.

2. ‘Garnet rim and biotite rim compositions with both phases in contact always
yield lower temperatures than the respective core compositions. Exceptions
are samples P50C and P7D where the reverse can be the case or core and rim

temperatures are identical.

3. The temperatures derived by using Ferry and Spear (1978) can be up to
140°C higher than those derived by using Perchuk and Lavrenteva (1983)

or Indares and Martignole (1985b). The former also show a much wider
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scatter in temperature values within the same sample and within a separate

group of rocks.

Garﬁet and matrix-biotite temperatures in group 4 rocks are considerably
higher than those in group 2 rocks when the calibration of Ferry and Spear
(1978) is used. This temperature difference between these two rock groups
decreases considerably for the Perchuk and Lavrenteva (1983) calibration
and even mofe so for the calibration of Indares and Martignole (1985b).
The temperature difference is absent for garﬁet-biopite contact peirs

(column F in Table 6.1).

Ferry and Spear (1978) temperatures higher than ~770°C have
A1V4Ti/(A1*4Ti+Fe+Mg) ratios that fall outside the calibration range
of that thermometer (>0.15 - Appendix C). Most oﬁher rocks have values of

(A1VI4+Ti)/(ALV'4Ti+Fe+Mg) of ~0.15.

6.4.2.2.1 Discussion of Garnet - Biotite Thermometry

In Chapter 5 it was determined that Fe/Mg zonation within garnets was limited to

small increases in Fe/Mg in narrow rim zones of the,garnet (Fig. 5.5b). Such

compositional homogeneity of garnet is typical for high-grade garnet

(e.g. Woodsworth, 1977) and suggests the attainment of chemical equilibrium for

.the garnet at some stage during its metamorphic history. Because of the

refractory ionic diffusion style of garnet (Loomis, 1975; Cygan and Lasaga,

1982), this homogeneous character is commonly preserved. In contrast, the Fe/Mg

‘variations in biotite are more significant, in particular the variations shown

115



by different grains within the same thin section (e.g. P17C-1C to 6C -

.Chapter 5)5 Biotite is commonly coﬁsidered less refractory than garnet. If it is
assumed that equilibrium was attéined at some stage during prograde or at peak
metamorphism, then the zonatioﬁ style observed for biotite in garnet-biotite
pairs is generally attriButed to local re-equilibration of Fe/Mg during cooling
from peak ;emperaturesv(e.g. Tracy et al., 1976; Indares and Martignole, 1985).
The extent of.Fe-Hg re-equilibration within biotite is presumably a function of
its surface contact with adjacent Fe-Mg phases or even of its distance from such
phases. The latter is particularly well exemplified in sample P17C for garnet-
biotite pairs (Chapter 5). In the case éf the presence of other Fe-Mg
exchanging phases, the relative tendency of minerais to concentrate either Mg or
Fe with decreasing‘temperaturé, in addition to the ease of Fe-Mg exchange of the
ferromagnesian phases becomes important for thermometry considerations. For the
ferromagnesian phases in these rocks, the observed order of decreasing Mg/Fe
ratios is cordierite, biotite, orthopyroxene ~orthoamphibole and garnet.
Therefbre, if the matrix-biotite but not the garnet exchanges retrogressively
with cordieriﬁe, then the garnet and matrix-biotite temperature will be higher
- than the peak metamorphic temperature as the biotite is enriched in Fe during
retrogression. Garnet and biotite will then not represent an equilibfium |
assemblége. Thereffect on temperature will be reversed if‘biotite exchanges
with orthopyroxene or orthoamphibole,)thét is, the garnet and matrix-biotite
temperatures may undefestimate peak metémorphic temperatures., Similarly, minimum
‘peak temperature estimates will be obtained for garnet-biotite pairs where
biotite occurs in contact with garnet and where some parts of the garnet have

exchanged (e.g. rim parts).
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In this regard it is interesting to note that for both the group 2
(orthoamphibole gnelsses) and the group 1, 3 and 4 rocks the garnet.and
contact-biotite temperatures ére identical (point 4 above). This may be taken~to
suggest similér.closure-temperature§ for the minerals in the different groups of
‘rocks. For the average garnet and martix-biotite temperatures of compositionally
similar rocks such as groups 2 and 4, no significant differences (change in T
larger than ~50°C) exist for the Indares and Martignole (1985b) thermometer
which corrects for AlY! and Ti interference on Fe/Mg mixing in biotite. As
such, the difference in the'average peak temperature estimates between group 2
and group 4 rocks could be caused by a combination of different biotitev
chemistry and retrograde matrix-biotite - cordierite exchange in the group 4
rocks. Effects of matrix-blotite Fe/Mg exchange with cordierite wiil be

minimized for garnet-biotite contact pairs.

It ig therefore concluded that gafnet core and matrix-biotité core
compositions may, in the absence of any other Fe-Mg exchanging phases, represent
a close approximation to peak mepamorphic conditions (see also Tracy et al.,
1976; Indares and Martignole, 1985; Edwards and Essene, 1988). Using the
‘calibration of Perchuk and Lavrenteva (1983) then peak metamorphic equilibration
temperaturesrcan be estihated from the garnet-biotite gneisses to about 720 +
50°C. Average garnet and matrix-biotite core temperatures (Perchuk and
Lavrenteva, 1983) are sho&n next to the sample positions in Figure 6.1. While
the relétively small temperatﬁre population does not allow for any detailed
conclusions, it does seem to indicate that there is no significant temperature

gradient present. The large temperature difference between sample P1l7C (723°C;
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a garnet-biotite gneiss) and P1D (620°C; a cordierite-garnet granulite) which
was sampled close to it, illustrates the effect of retrograde re-equilibration
of biotite in the presence of other ferromagnesian phases such as orthopyroxene

and cordierite.

6.4.2.3 Garnet - Cordierite Thermometry

. Fe-Mg partitioning between coexisting garnet and cordierite is represented by

the following exchange reaction:
Mg-cordierite + Fe-garnet = Fe-cordierite + Mg-garnet (6.2).

The dependance of this Fe-Mg exchange on P-T-a(H,0) conditions has been
'subject to much debate. Experimental results of Currie (1971) and Hensen and
"Green (1973) provided contradicting results for the temperature dependance of

the Fe-Mg distribution amongst these phases. Subsequently, this contradiction

was explained by variations in P(H,0) during the different experiments (Wood,

o 1973), with P(H,0) affecting the Fe-Mg paftitioning and therefore also the

stability limits of the cordierite endmembers (Holdaway and Lee, 1977;
Martignole and Sisi, 1981). Studies based on natural samplesv(e.g.»Thompson,
1976; Holdaway and Lee, 1977, Bhattacharya et al., 1988) not only show an
agreement with the experiments of Hensen and Creen (1973) in terms of the T-
versus 1nkD slope, but also show temperatures which are similar to those of
Hensen and Green (1973) (e.g. Thompson, 1976; van Reenen, 1978, 1983; Ashworth
and Chinner, 1978). For the present study, the calibration of Bhattacharya et

al. (1988) is used as its data base includes naturally occuring garnet and
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cordierite of composition similar to those found in the SMZ rocks. In addition,
this thermometer does not assume ideal mixing of Fe-Mg in garnet and interfering
cations have been accounted for. For consistency, the experimental garnet-

cordierite calibration of Perchuk and Lavrenteva (1983) has also been used.

In columns J and K of Table 6.1, average temperatures derivedvfrom garnet
core and adjoining cordierite core compositions have been calculated from the
thermometers of Perchuk and Lavrenteva (1983) and Bhattacharya et al. (1988)
réspectivel&. The poor agreement in temperature between the two calibrations
could be related to a combination of assumed ideal mixing and non-equilibrium of
cbrdierite-garnet pairs in the experimental calibration of Perchuk and
Lavrenteva (1983). In the course of their experiments, Perchuk and Lavrenteva
(1983) observed large variations in the cordierite compositions and only
sluggish garnet-cordierite exchange, suggesting that equilibrium was not

attained during their experiments.

From Table 6.1 minimum estimates of peak metamorphic equilibrium
temperatures for garnet core and adjoining cordierite core compositions can be
placed at 685 + 65°C (Bhattacharya et al., 1988). Somewhat higher temperatures
(~730°C) can be estimated from garnet and matrix-cordierite core composiﬁions

(Appendix C, P14C-T7 and T8).

6.4.2.3.1 Discussion of Garnet - Cordierite Thermometry

In order to obtain best estimates on peak metamorphic temperatures, it is

[y

important to choose the correct K, values. It was argued above that the
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garnet, being of refractory character (Loomis, 1975), has largely preserved its
chemically homogeneous character. The cqrdierite,Ahowever, while being
‘compositionally hbmogéneous within siﬂgle grains, shows large compositional
changes from one grain to the next, even within a thin section. In this respect
cordierite is analogous to biotite. Thus, by analogy to the garnet-biotite
system, best temperature estimates Qould be given by garnet-matrix cordierite
pairs. Owing to the tendency of both cordierite and biotite to concentrate Mg
relative to garnet, then, in the absence of garnet and matrix cordierite pairs,
the garnet-cordierite pairs with cordierite adjacent to biotite should yield the
best estimate of peak metamorphic temperatures. This is indicated by the
garnet-cordierite temperaturés obtained for P1l4C, where temperatures of 730°C

are recorded for pairs T7 and T8.

Temperatures given in Table 6.1 are only somewhat higher (20-50°C) than
those calculated from the calibrations of Hensen and Green (1973) and Thompson
(1976) for garnet and édjoining cordierite cores (not shown; see also van

Reenen, 1983 for temperatures derived by the latter calibrations).

6.5 Conclusions to the Thermobarometry

The results of a careful choice of microprobe analysis for the Fe-Mg phases in
pelitic rocks allows for an estimate of peak metamorphic temperatures of 730 +
65°C for the group 1, 3, 4 (and 5?) rocks at pressures of 6.1 + 1.5kbars. Such

temperatures are deduced from core analysis of garnet-orthopyroxene, garnet-
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biotite and garnet-cordierite mineral pairs, where, if possible, thé minerals
were not in contact with each other, nor with any other Fe-Mg exchanging phase.
The temperatures derived from the cores of contiguous mineral pairs and from the
rims of contiguous mineral pairs are successively lower than for the non-
contiguous mineral pairs, and are interpreted as representing temperatures at
whichvsections of minerals attained their "closure" in terms of Fe/Mg exchange
during retrogression. The peak metamorphic temperature derived for the pelitic
rocks of groups 1, 3, 4 (and 5?), is also in agreement with a temperature of 702
+ 30°¢ for the mafic rock M27C, and with temperature estimates for the

ultramafic rocks.

For the groupv2 rocks (orthoamphibole gneisses) peak metamorphic.
temperatures are estimated at 620 + 50°C from the garnet-biotite thermometry
of Perchuk and Lavrenteva (1983). In samples P50C and P7D, the occurrence of
two separate orthoamphiboles (gedrite and anthophyllite) at predicted
temperatures of ~600°C is in good agreement with the result of Spear (1980),
who places the crest of the miscibility gap at 600 + 25°C. The orthoamphibole
gneiss P34C shows a distinctly higher temperatﬁre (658°C) when compared to the
other orthoamphibole gneisses and may therefore indicate that the mineral
assemblage represented by the orthoamphibole gneisses was stable over aAwide
range of temperatures. While these garnet-biotite temperatures of Perchuk and
Lavrentev; (1983) are lower than those for the.group 1, 3 and 4 rocks, this is
not the case if the calibration of Indares and Martignole (1985b) is used. As

1VI

the latter calibration corrects for A and Ti interference on Fe/Mg exchange

in biotite, this indicates that the difference in garnet-biotite temperatures is
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a function of the different biotite chemistry in the group 2 rocks relative to
the other rock groups. Such differences in biotite chemistry need not be related
to differences in metamorphic temperature only, but could be related to

variations in factors such as a(H,0) (see Chapter 5).

The resultant estimates of peak metamorphic conditions corresponding to 730
+ 65°C and 6.1 + 1.5kbars are shown in Figure 3.19. Before comparing this
estimate to the P-T estimates obtained from the.given phase relationships
(represented by curves A to G in Fig. 3.19) some points are worth noting.
Firstly, the curves representing the biotite breakdown to form garnet and
orthopyroxene (curves E and F respectively) are for an initially anhydrous
system. If a hydrous system is considered both curves are shifted towards lower
teméeratures (~SQ°C at 6kbars; e.g. Clemens and Wall, 1981). Hydrous melting
would be supported by the lack of R-feldspar from the product assemblages
(Chapter 3). For the ultramafic and mafic rocks the curves given in Figure 3.19
(curves A, B, C and D) are determined for P(H,0) = P(total), or for D at
X(H,0) = 0.45. If curves A and B, representing the breakdown of chlorite and
of olivine + tremolite (Yoder and Fawcett, 1966; Evans, 1977) show a similar
dependance on water content as the hornblende breakdown reaction (Curves C;
Wells; 1979), then in a system with 0 < P(H,0) < P(total) the position of
curves A and B would be at significantly lower temperatures. Thus, in view of
the fairly large errors involved for the positioning of curves A to G, caused by
a lack of knowledge on P(H,0) in natural systems, the P-T estimate obtained
from the cation geothermometry is considered to compare favourably with the P-T

estimates deduced from the mineral assemblages.
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From the foregoing discussion it becomes evident that the geothermometers
and geobarometer used in this study have, if the appropriate mineral K, values
are chosen, provided accurate'temperatures and pressures for compositionally
and mineralogically similar focks elsewhere in the world. In addition, the
various geothermometers and geobarometer used in this study show good agreement
with each other. Thus, while certain inaccuracies in the calibrations are
inherent from simplifying assumptions, the calculated temperatures and pressures

-are considered to be correct to within their quoted precisions. Similarly, the
choice of selected mineral pair distribution coefficients will largely gliminate
any errors in calculated pressures and temperatures which are introduced by

retrograde cation exchange.

Van Reenen (1983) s;égésted temperatures of 780 to 820°C at pressures of
7.2 to 8.2kbars for the second metamorphic event (M2) which is characterized by
the developﬁent of coronas of cordierite and hypersthene surrounding garnet in
the SMZ cordierite-garnet granulites. Furthermore, 1afge1y based on the upper
stability limit of coexisting cordierite + garnet together with the
interpretation of "relict" kyanite intergrown with biotite, van Reenen (1983)
suggests the existance of an initial (M1l) granulite event with T > 800°C and P
> 9.5kb. Such thermobarometric determinations by van Reenen (1983) were largely
based on the calibrations of Currie (1971), Hgnsenvand Green (1973), Wells
(1977) and Ferry and Spear (1978). In the light of the more recent developments
in thermobarometric calibrations (e.g. Holdaway and Lee, 1977, Martingnole and
Sisi, 1981; Powell, 1978; Srikantappa et al.,1985; Indareg and Martignole,‘

1985a, b; Newton and Perkins 1982; Perchuk and Lavrenteva, 1983) the
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temperatures and pressures derived by van Reenen (1983) cannot be supported

~ anymore. Furthermore, the possibility of kyanite intergrown with biotite being
retrograde in origin (refer to Chapter 3), together with the stabilization of
_cordierite by H,0 content (Newton, 1972; Holdaway and Lee, 1977; Martignole
and Sisi, 1981) may require a reassessment of the Ml event as proposed by van

Reenen (1983).

Support fbr a pressure decrease from Ml to M2 is , according to van Reenen
(1983), based upon the continuous reaction garnet + quartz =
cordierite + hyperstheng where the Fe-Mg phases involved in this reaction are
found to increase their Fe/Mg with continued procedure of the above reaction.
Possible causes of this shift are increasing temperature, decreasing pressure or
increasing P(H,0) (van Rgenen, 1983). The similarity of peak metamorphic
pressures and temperatures in P25C (garnet granulite) compared to the
cordiefite-garnet granulites (P14C, P19C, P21C) suggests that the cause of the
Fe/Mg increase in the Fe-Mg phases involved, may be an increase in the P(H,0).
A possible.mechanism for a local increase in P(H,0) is the retrograde
crystallization of partial melts produced within the pelites during prograde
processes (see Chapters 3 and 4). As such the garnet + quartz replacement by
cordierite and orthopyroxene would be retrograde in origin. An alternative
explanation for the Fe/Mg shift observed by van Reenen (1983) could be the
removal of some of the partial melts formed (see Chapter 4), that is,

metamorphism did not occur as a closed system process.

Both the extraction of a melt or the final crystallization thereof, will

effectively remove the media for ionic exchange and the mineral phases will
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cease to exchange, or diffusion of ions will only be controlled by solid-solid
exchange. The importance of fluids during metamorphism of these rocks will be

discussed in subsequent sections in the light of stable isotope data for the

ultramafic, mafic and pelitic rocks.
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CHAPTER 7: STABLE ISOTOPE GEOCHEMISTRY

7.1 Introduction

The importance of fluids during metamorphic processes is twofold. Firstly, the
presence or absence of fluids during-metamorphism critically controls the rates
of ionic diffusion, mineralogic recrystéllization (é.g. Carmichael, 1969;
Winkler, 1976) and the type of mineral assemblage (i.e. hydrous or anhydrous}).
‘Secondly, fluids may gradually leave, or enter rock systems subjected to
metamorphism, and can therefore serve as heat transporting media and as agents

for the transfer of numerous chemical components or elements.

In the previous sections it Qas shown that rocks from the Bandelierkop
Formations in the Southern Marginal Zone (SMZ) of the Limpopo Metamorphic
Complex were subjected to amphibolite and granulite facies metamorphism, and as
a result, some fluids must have been released during their prograde path. It is
the purpose of this Chapter to examine the stable isotope composition of tﬁe
high-grade rocks and minerals with a view to establishing the extent of isotopic
equilibrium among mineral phases, the fluid-rock interactions, and the nature

and extent of fluid flow in the systems under consideration.

In order to understand the significance of oxygen isotopic equilibration
amongst minerals, whole rocks and fluids during metamorphism, it is important to

define the type and scale of fluid migration that can occur within a metamorphic
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domain.

7.2 Principles of Fluid Flow in Metamorphic Rocks

An average pelitic rock during prograde metamorphism may produce about 2 moles
‘of fluid per kilogram of rock, which at 500°C and Skbar would occupy 12 voiume
percent of the rock (Walther and Orville, 1982). As the average porosity of
metamorphosed pelitic rocks is commonly only a fraction of this volume |

(e.g. Fyfe et al., 1978; Walther and Ofﬁille, 1982), and as retrograde hydration
or carbonation is rare, or only observed in some zones (e.g. Winkler, 1976),
these fluids must leave the system. Driven by density differences these fluids
may rise upward through interconnected pores or a fracture system and upon
cooling close to the surface, may return to depth establishing a circulation
system (Wooa and Walther, 1986). This can only occur if the rock is capable of
allowing a hydrostatic pressure gradient to be maintained and will stop if the
temperature gradient is too small to support density differences of the fluids.
Such systems are common in contact metamorphic environments (e.g. Forester and
Taylor, 1976). However, if the lithostatic pressure exerted on the rock is too
large, then the pores will collapse until the fluid becomes pressurized to the
extent that it exceeds lithostatic pressure. Hydrofracturing of the rock will °
result and may pr&vide a "single-pass flow" for fluid release (Wood and Walther,
1983). Fluid release is commonly confined to veins and fractures, the presence
of which is indicated by'quartz segregations andvquaftz veins (e.g. Walther and

Orville, 1982; Yardley, 1983) or carbonate veins (Rye and Bradbury, 1988) on the
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smaller scale and, on the larger scale, fluid migration can be concentrated in

shear .or fault zones (e.g. Kerrich et al,, 1984).

' The effects of each particular typé of fluid migration style mentioned
above on the isotopic composition of rocks and minerals may vary consider#bly.
Hence, it is important to consider two end-member cases to fluid flow. Pervasive
fluid flow is defined as a fluid that moves independently of structural or

lithologic boundaries, permeating equally all rocks and causing isotdpicrre-

. equilibration across lithologic boundaries in an open system environment

(Vailey, 1986). A channeiized fluid, in contrast, moves along veins, shear
zones, rock contacts and permeable lithologic units, thereby favouring chemical
and isotopic heterogeneity, allowing some rocks to remain unaffectea by the
fluids while others would be considerably altered with respect to their &0
compésitions. In nature there is abundant evidence for both types of fluid flow
on écales varying from millimetres to kilometers (e.g. Garlick and Epstein,
1967; Black, 1974; 0’Neil and Ghent, 1975; Margaritz and Taylor, 1976; Rumble
and Spear, 1983; Valley and O‘Neii, 1984; Ferry, 1987; Chamberlain and Rumble,
1988; Sharp et al., 1988). Some of the above aspects will be discussed further

in the sections to follow.

7.3 Oxygen Isotope Compositions of Whole Rocks and Minerals from the SMZ

The oxygen isotope data for various rock types are summarized in Tables 7.1 to
‘7.4 and Figure 7.1. For the analytical and experimental procedures used the

4

reader is referred to Chapter 2.
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7.3.1 Ultramafic Rocks

Whole rock oxygen isotopic studies on ultramafic igneous rocks in general have
indicated average §'%0 values of around 5.7%., that is values that are
indistinguishable from those of fresh tholeiitic rocks. These values represent
bulk mantle 6180 values (e.g. Kyser et al., 1982; Beaty and Taylor, 1982;

Smith et al., 1984). Wﬁile the average value of 5.6%. for the high-grade

tocks of this study is very similar to that quoted above, the range in 60
compositions for the six high-grade ultramafic rocks (all except U6B and UlOB -
see Appendix 1) is fairly large (3.7 to 8.9% ) when compared to §%0

ranges quoted by Smith et al. (1984) for ldw-grade ultramafic rocks and to those

of Hoffman et al., (1986).

Beaty an& Taylor (1982) nﬁfed that the Qhole rock 6§80 values of loﬁ
grade ultramafic rocks may be closely related to the abundance of secondary
minerals and therefore to thé degree of alteration. Textural interpretation of
the whole focks in this study indicates that the ultramafic rocks have been
variably altered after peak metamorphism. Such alteration is commonly reflected
by the growth of serpentine, opaques (magnetite?) and fibrous chlorite along .
fractures of coarse-grained metamorphic orthopyroxene and alivine (Appendix- A).
As some chlorite in the high-grade rocks is interpreted to be primary
(1.e. prograde), only the modal abundance of serpentine ( + magnetite) may be
taken as an index to the degree of alteration. Inspection of Table 3.1
(Chapter 3) indicates that the high serpentine content of sample U31lC is
reflected by a low §%0 value (3.7% ), whereas sample Ul17B, which

texturally indicated no alteration, shows a value of 5.9%Z.. This suggests
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that the values in §!%0 lower than 5.9%. may be caused by infiltration of
an alteration fluid which stabilized the hydrous secondary minerals. “To
determine the isotopic compositions of such an alteration fluid, the open system

equation of Taylor (1977) can be used:

§'H,0 + A - §'rock

W/R = In - (7.1)

§*H,0 - (&frock - A)

where W/R is the water:rock ratio in atom% oxygen, §'H,0 is the initial
oxygen isotopic composition of water, é!rock and 6frock are the initial
and final oxygen isotopic compositions of the rock and A = §frock -

5£H20. To determine SiHZO (=alteration fluid), W/R, A and §irock
and §frock must be known or estimated. In this study, it is of interest to
determine whether the above -mentioned alteration fluid is of metamorphi¢ origin
or not. As metamorphic fluids commonly have §*%0 values heavier than +3%.
(e.g. Sheppard, 1986), the maximum possible 8%50 will bevdetermined as
follows: W/R = 100 (an arbitrary but high value): 6'rock = 5.3% (average
of little-altered high-grade peridotites); §frock = 3.7%. (U31C) and A
estimated at temperatures of 500°C and 400°C from serpentine-water and
magnetite-water fractionations given by Wenner and Taylor <1971; see Appendix D)
for a serpentine:magnetite ratio of 10:1 (U31C); A = -1.43 and -0.59
respectively. The obtéined maximum 6%50 values are 5.1 (at T = 500°C)
and.4.3 (at T = 400°C). In reality, the W/R ratio was presumably not very
large as is evidenced by the partial retrogression of sample U31C which still

. /
shows about 50 modal percent orthopyroxene and olivine, and by the variable
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amounts of retrogression in the different high-grade peridotites. In addition, a
comparison of the 60 compositions of enstatite relative to thé whole rocks
in the high-grade peridotites (Table 7.l1) indicates that residual enstati;e
(+olivine?) must be heavier than the alteration minerals of

serpentine + magnetite and thus §'rock including some partially altered
samples is underestimated; temperatures in the range of 400 to 500°C represent
maximum stability temperatures for serpentine (Scaffe and Wyllie, 1967; Wenner
'and.Taylor, 1971) and lower temperature estimates would lower S‘HZO. Thus

- at temperatures of about 200°C with W/R ratios 6f around 5 and §®0frock
values’of around 3% the SiHZO value is 1.5% . In conclusion,

alteration of the ultramafic samples was probably not caused by metamorphic
fluids, nor magmatic fluids (§%0 > 5%., Sheppard, 1986) but presumably by
fluids approaching ~1.5% at geologically reasonable conditions of
serpentinization (Wenner and Taylor, 1971). Such low values of fluid 51%0
could imply a large seawater (6% ~0 + 1%., Sheppard, 1986) or meteoric

water (60 < 0%. ) component to the alteration fluid.

While alteration can suitably explain the low §1%0 valﬁes of the
ultramafic rocks'analyzed in this study, this. cannot account for the high value
shown by sample UlOA. Texturally, this sample indicates growth of enstatite
after chlorite. If this dehydration reaction is'accompénied by a loss of‘HZO
from the system as a whole, then such H,0 would, according to the chlorite-
H,0 fractionation factor of Wenner and Taylor (197]1; see also Appendix D) be
heavier than the residual chlorite, if the reaction occurs at temperatures above

300°C. If the breakdown reaction occurs in excess of about 350°C, which is
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likely, particularly as the upper thermal stability limit of chlorite is in

. excess of 700°C (e.g. Evans, 1977), then the H,0 will also be heavier than
the product enstatite (Friedman and O'Neil,71977; Appendix D). Thus loss of
H,0 from the high-grade ultramafic rocks because of the prograde breakdown of
chlorite can only lower the whole rock '%0/!%0 ratio. Such a decrease would
be limited to the stoichiometric H,0 éontent of chlorite with maximum shifts
of 0.2 to 0.5% at temperatures of 400 to 750°C (for 15 weightX H,0 in
chlorite). In conclusion the high §%0 values of UlOA cannot be explained by

metamorphic devolatization only.

Alternative explanations for the high §%0 value of this sample are that
the protolith of this rock wa$ already heavy, or that the sample exchanged
oxygen with an isotopically heavy source during metamorphism.ARetrograde
isotopic re-equiliﬁrgtion is supported by the indistinguishable isotopic
composition of orthopyroxene and hornblende relétive to chlorite. This suggests
that there is isotopic diéequilibration amongst fhé mineral phases caused by
kinetic differences in the mineral-fluid exchange, at temperatures exceeding
those of retrogressive chlorite and/or serpentine stabilization (>500°C). If
the anthophyllite in this sample is of fetrograde origin (See section 3.2), then
temperatures of retrogression were below 600°C (Evans, 1977). Using the
fractionation curves from Friedman and 0'Neil (1977), then a fluidAin
equilibriﬁm with the pyroxene at temﬁeratures of 500 to 730°C would have an
isotopic composition for water of between 10 and 11% . Such an 20 enriched
fluid is likely to be of metamorphic origin, that is, possibly derived from

metasediments or high §!®0 gneisses.
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Samples U6B and UlOB were collected from the amphibolite facies greenstone
sections of the Pietersburg and Rhenosterkoppies belts (Figures 1.3 and 2.1).
Both samples are heavily altered and only show relict orthopyroxene and/or
olivine. Assuming that these ultramafic rocks showed an initial igneous §%0
signatufe of ~5.7% , then their variable '80/%0 ratios as observed
currently, attest to the localized control of different alteration and/or

metamorphic processes.

7.3.1.1 Summary

The large range in whole rock oxygen isotopic compositions of the high-grade
ultramafics may be explained by the influence of two isotopically distinct

~ fluids: one a metamorphic fluid (8180(H20) of 10 to 11%. ), and the other

. an alteration fluid of possible seawater and/or meteofic origin. Both of these

fluids affected only some but not all the ultramafic samples.

7.3.2 Mafic Rocks -

7.3.2.1 Whole Rock 60 Values

Mantle derived thoieiitic rocks in general show 6§80 values of around

- 5.7% (Muéhlenbachs and Clayton, 1972a; Kyser et al., 1982; Kyser, 1986).

This limited range in values reflects a mantle of homogeneous '%0/%0

ratios. However, this limited compositional range can be extended to both higher

and lower values by processes of low and high temperature alteration
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respectively (e.g. Muehlenbachs and Clayton, 1972a, 1972b; Spooner et al.,
1974; Stakes and 0'Neil, 1982; Alt et al., 1986). In the case of continental
tholeiites}‘an extended range in isotopic compositions is commonly related to
source mantle compositional variations and/or crustal contamination (Kyser et

al., 1982; Kyser, 1986).

The range in oxygen isotope values shown by the mafic rocks of this study
is compared in Figure 7.1 to ﬁhat of the mafic granulites from Australia
(McNaughton and Wilson, 1983), and to the range shown by both oceanic and
, continentalrrocks of tholeiitic affinity as gioen by Kyser (1986). For the
mafic rocks of this study, Figure 7.1 illustrates that their stable isotope
values extend from around 6.4%. up to values of 8.6%. . From eaflier
discussions on the general geochepistry of the SMZ mafic rocks, it.is reasonable
to assume that these rocks were not extensively’alterod in terms of their major
element geochemistry. Furthermore, although the current position of samples as
shown in Figure 2.1 iskcertainly not the o;iginal disposition of samples, the
irregular distribution of mafic rocks with high §%0 and mafic rocks with low
6180 values (~6.0% ) within this terrane may suggest that this shift
towards %0 enrichment is caused by localized varilations in fluid conditions.
The comparison of the mafic rocks of this study to chemically similar mafic
granulites from Einaoleigh, Australia (D in Fig. 7.1; McNaoghton and Wilson,
1983), with the latter showing both §'80 and whole rock chémistry similar to
fresh oceanic tholeiites, suggests that the 6% enrichment of the SMZ mafics
is not an inherent feature of progressive metamorphism. This is also reflected

by the similarity in 180 /180 ratio between the greenschist facies sample
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M11C and some high-grade samples (e.g. M1A, MBA, M41C). An alternative
explanation for the §°0 enrichment of the SMZ mafics is an open system
behaviour, where the constituent minerals have exchanged oxygen with an 1%0-

enriched fluid.

7.3.2.2 Mineral 60 Values

The mineral §180 values of the mafic rocks given in Table 7.2 generally do

' not show gross disequilibrium, that is, the sequence of increasing %0
enrichment in the mafic samples is amphibole, pyroxene, plagioclase as would be
preaicted from thermodynamic calculations (e.g. Bottinga and Javoy, 1975;
Kieffer, 1982). Exceptions are samples M3C and M37C, where the plagioclase is
actually lighter or equivalent to the pyroxene and amphibole. Such reversals in
isotopic composition are similar to those observed iﬁ hydrothermally altered
rocks (e.g. Forester and Taylor, 1976; Gregory and Taylor, 1981; Gregory, 1986)
and may indicate the involvement of an externally derived fluid. Secondary
 quartz separated from samples M37C and M52C are isotopically heavy (11.9%. , .
Table 7.2) implying precipitation from a metamorphic fluid of |
§'®0(H,0) > 9.2% (Friedman and 0'Neil, 1977; Appendix D) if such

precipitation occured abové témpetatures of 500°C. Temperatures higher than
500°C are consistent with the absence of a greenschist facies assemblage in
sample M37C (Liou et al., 1974). By analogy, isotopic reversal in sample M3C may
also have been caused by infiltration of metamorphic fluids, particularly as
this sample was collected from a small mafic xenolith enclosed within granitic

gneisses of the Hout River Transition Zone (see also Fig. 3.2).
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Other mafic samples collected from xenolith fragments within the Hout River
Transition Zone inclqde M2A, M3A and M5A, the former two also shpwing §1%0
values heavier than 8.0% (M5A = 6.4%.). HoweQer, nonevof theée samples
show reversals for their mineral isotopic compositions. In samples M3A and M5A
the plagioclase-hornblende fractionations are very similar, even though the
isotopic compositions of the minerals in M3A are about 2% heavier when
compared to those in M5A. If this is taken to indicate that these two samples
equilibrated at about the same temperature, then it would-suggest that the
isotopic fluid compositions with which these samples equilibrated, differed by
about 2%. . As the sampled xenoliths are laterally separated by only about 100
metres, this would imply considerable fluid heterogeneity over the scale of
about 100 metres. Alternatively, the degree to which an infiltrating fluid may
affect such xenoliths can depend critically on the size of the xenolith and the
fluid:rock ratio in the immediate vicinity, that is, a relatively large sized
xenolith (such as M5A?) may remain unaffected by an infiltrating fluid. A
similar dependence of mineral-mineral fractionations on the proximity of a
surroundiﬁg gneiss for an iron formation xenolith has been desceibed by Sharp et

al., (1988).

In Figure 7.2 the §'%0(plagioclase) values are-shown next to the sample
positioné. The relatively large compositional differences for plagioclase (range
from 7.2 to 9.5% ), particularly that for the samples collected from the Hout
River Transition (Fig. 2.1) argue against a pervasive oxygen exchange between
different rock types via a single infiltrating fluid homogeneous in oxygen

isotopic composition. It is interesting to note though, that the heaviest
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§180 values for plagioclase were found close to a banded iron formation
(cross in Fig. 7.2). Large-scale oxygen isotopic re-equilibration between these
mafic rocks and -the banded iron formation is, however, precluded by the
preservation of high §'%0 values for the minerals in the banded iron

formation (Table 7.4).

7.3.2.3 Summary

The mafic rocks from the SMZ show oxygen isotope values that range from about
6.4%. up to about 8.6% . Compared to unaltered rocks of mafic igneous
composition and to mafic granulites from elsewhere, the SMZ rocks are variably
enriched in 6%0. Such variable enrichment is best explained by the
infiltration of an externally derived fluid. Existing mineral and whole réck
oxygen isotopic heterogeneity suggests that this fluid was not necessarily of a
Lerrane-wide pervasive character. Fluids calculated to be in equilibrium with
veins within these rocks are enriched in 189 (6180(H20) > 9% ). This

coula suggest the derivation of fluid from the metasediments and will be

discussed further in the subsequent section.

7.3.3 Pelitic Rocks

7.3.3.1 Whole Rock §'%0 Values

For metasedimentary rocks a reconstruction of the pre-metamorphic isotopic

signatures is complicated by the variations in the §!%0 of primary sediments.

'
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Sediments generally represent a mixture of detritus obtained from eroded
igneous, metamorphic and sedimentary rocks,_combined with clays, authigenic
duartz and some matrix carbonates formed during diagenesis of the sediment.
Thus, the isotopic compositions of sediments can be expressed in terms of a clay
end-member {15-30%. ; Savin and Epstein, 1970) and an igneous rock end-member
(5-10%. ; Taylor, 1968; Longstaffe and Schwarcz, 1977). Earlier it has been

. established (Chapter 4) that the metaﬁediments from the Southern Marginal Zone
show geochemical features which were similar to both Archaean shales and
greywackes. The SMZ metasediments are therefore compared to othef greywacke-
type clastic sediments as shown in Figure 7.1 (A - Margaritz and Taylor, 1976;
B - Longstaffe and Schwarcz, 1977). In their study on the oxygeﬁ isotopic
composition of Archaean metasediments and gneisses, Longstaffe and Schwarcz
(1977) noted lower §1%0 values in Afchaean metasediments when compared to
younger metasediments (e.g. Margaritz and Taylor, 1976)..These lower values
were ascribed to an immaturity of the Archaean sediments as reflected by a high
content of volcanic rock fragments. From Figure 7.1 it becomes apparent that
this could also hold for the metapelific members of this study. Foucarde and
Javoy (1973) reported §'%0 values from Archaean metasedimentary granulites
which were as 1ow as 5.5 to 7.8% . Similarly Shieh and Schwarcz (1974)"
reported §'0 values of 5.0 to 8.9% for amphibolite to granulite grade
paragneisses, migmatites and granites in the Grenville province of Canada. In
both cases the low §%0 values are ascribed to oxygen isotope hoﬁogenization
and exchange with a mafic-ultramafic reservoir. A similar explanation could
also account for the low §%0 values of the pelitic members. The major and

trace element geochemistry of the SMZ pelitic members would, however, suggest
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the first alternative, that is a sedimentary protolith low in §%0 prior to

metamorphism, owing to a large mafic-ultramafic volcanic input to the sediment.

TQo‘pelitic schists of typical greenschist facies grade collected from the
Pietersburg greenstone beit are also shown in Figure 7.1 (analysis of these
samples are given in Table 7.4). Chemically, these two samples are considerably
richer in Si0,, Al,0,, but poorer in MgO, FeO, when compared to the
metasediments from the Southern Marginal Zone, suggesting that these rocks may
not represent low-grade equivalents to the SMZ pelites. Nevertbeless, the
$i0,- and Al,0;-rich character of these samples (see Appendix B) indicates
a clay-rich precursor, and yet their oxygen isotope compositions are not

significantly heavier than those of some of the SMZ pelites. If these samples
are of similar age to the protoliths for the SMZ pelitic rocks, then this may.
reflect an immaturity of clastic material, that is, a high content of volcanic

rock input (Longstaffe and Schwarcz, 1977).

7.3.3.2 Mineral 6§'%0 Values

Thermodynamic considerations for stable isotope fractionations amongst the
minerals of this study imply the following order of increasing enrichment in
180; biotite < garnet < orthoamphibole < orthopyroxene < cordierite <
piagioclase < quartz (Bottinga and Javoy, 1973; 1975; Kieffer, 1982). 1In
general, #his relative order of %0 enrichment among coexisting minerais in
individual samples is well preserved in the pelitic members, pointing to general

isotopic equilibrium (Table 7.3; Garlick and Epstein, 1967). However, isotopic
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reversals do exist in some samples. In sample P45C, the garnet was found ﬁovbe
isotopically heavier than the plagioclase, while in samples P25C, P19C, P21C,
hypersthene was found to be somewhat lighter than garnet. In view of the fact
that ;uch reversals only occur in some samples, coupled with the close
similarity in terms of §'%0 values for phases such as garnet and hypersthene
when these phases are in equilibrium at high temperatures, they are considered
.relatively minﬁr. In terms of geologic implications, such reversals are
important though and will be discussed ip more detail in a subsequent section
(8.3.2). It is interesting to note, that for samples P5C and P6C, both collected
from xenolithic fragments within the Hout River Transition Zone, no isotopic
‘reversals are observed for the minerals analyzed. These samples were collected
only about 50 metres away from the mafic sample of M3C which shows gross
disequilibration and mineral isotopic reversals indicative of infiltration of a
fluid and a kipetically controlled oxygen exchange between the constituent
minerals and the fluid ke.g. Foresfer and Taylor, 1976). The general order of
the oxygen isotopic enrichment shown by coexisting minerals in the pelitic rocks
does not support the influx of and variable equilibration with an extraneous

fluid.

In Figure 7.3 the 6150(quartz) values are shown next to the sample
positions. §'%0(quartz) values for the pelitic rocks show a maximum variation
of ;3.11.. As there is no simple correlation between the whole rock §!%0
values and modal%'quarté, this range in quartz values is unlikely to be the
result of a simple change in modal abundances of the constituent minerals in

these rocks. In addition Figure 7.3 indicates that there does not appear to be
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ansthift in §'%0(quartz) values with changing meﬁamorphic grade. Of

particular interest are the §'°0(quartz) values analyzed from the two mafic
rocks M37C and M52C, as ﬁheir valges fall well within those for the.pelitic
rocks. In the previous section it was suggested that some of the mafic rocks
re-equilibrated with a fluid that was derived from the metasediments. This is
in agfeement with the similarity in quartz isotopic compositions. Plagioclase,
a common mineral to both lithologies, also provides a good opportunity to test
isotopic equilibratioh between rocks that are thought to have had dissimilar

isotopic compositions prior to metamorphism.

If the 18O/laO‘ratios of minerals within different rock types are
controlled by the same fluid, or if there is a pervasive equilibration of oxygen
isotopes between disparate rock groups, then it would be expected that minerals
common to different 1ithblogies would show similar values éf §'%0. This is
true as long as there is no difference in equilibration temperature between the
different rocks. Figure 7.4 compares the §'%0(plagioclase) Qalues analyzed
from the mafic rocks (An 30 to 59molZ) t; those analyzed from the pelitic rocks
(An 21 to 42mol%). The comparison reveals that, while most of the mafic
plagidclgses have lower §%0 values thgn.the pelitic plégioclases, some rocks
contain plagioclase of identical §'®%0 values to the pelitic piagioclases
(e.g. M3C and M3A, M2A). It could, therefore,'be argued that the plagioclase in
some of the mafic rocks is in isotopic equiliﬁrium wifh a fluid which was also
in isotopic equilibrium with plagioclase in pelitic lithologies. Such a fluid
could have precipitated the secondary quaftz found in some of the mafic rocks.

However, this appears to be a local phenomena as it is not necessarily true for

141



all the mafic rocks. Similarly the banded iron formation still shows
§%0(quartz) values significantly higher than those observed for any other

rock typevanalyzed.

$7.3.3.3 _61%0 Relationships for Vein Mimerals in the Pelites

vvFor two of the rocks (P7D and PlD), concordant felsic vein materiél was analyzed
: separately, the results for each sample are‘given'in Table 7.3 (V-P7D and

. .
V-P1D). For both analyses, the given vein-minerals were found to be identical to
the rock-minerals (to within + 0.1% of the mean). Hoernes and Héffér (1979)
observed changes of up to -1.4% between rock-quartz and vein-quartz pairs
for metapelitic rocks from the Melrose formation, Namibia. This disequilibrium
in rock-quartz and vein-qﬁartz compositions has beén explained by Hoernes and
'Hofferi(l979) as equilibration with isotopically different fluids, where the
vein-quartz was in equilibrium with a mixture of deep-seated magmatic‘water and .
locally_deflved metamorphic fluids. The felsic veins were thus considered to
represent a channelway for fluids. In contrast, the similarity in oxygen
isotopic composition between rock-quartz and vein-quértz in this study is

consistent with these veins representing melt segregations which were in

isotopic equilibrium with the rock-quartz and hence with the whole rock,

While the above data are consistent with the occurrence of partial melting
processes within these rocks, no significant correlation between MgO (or FeO,
Ni, Cr, etc.) and 6% exists fof the pelitic rock suite. Similarly, the

various groups of pelites could not be grouped according to their !80/160
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ratios. If MgO (or any related element or oxide) is taken to represent an index
of the extent of par;ial melting (see Chapter 4), then this lack of correlation
Between MgO and %0 suggests that the extraction of a felsic melt (if any?)

did not significantly affect the whole rock §'%0 compositions. Simple

modeling can be done using fhe équation for Rayleigh fractionation (e.g. Taylor

and Sheppard, 1986):
R/R, = F@D (7.2)

‘where R and R, refer to the final and initial isotope ratios (*80/%%0) of .

the rock system, F corresponds to the mole-fraction of melt formed and a is the
fractionation factor betwéen melt and rock. Using P1D as an example, then
. assuming that at 70% partial meltingdthe melt will have a composition similar to
fhat of the model melt in Chapter 4_(4.4.2.2), theﬁ its 60 value Qill be
~10.6% (for approximate normative proportions similar to the model melt -
 plg/qtz/gar = 57/40/3). The initial rock will only be ~0.2% heavier than

P1D. Even if the amount of partial melting was as low as‘3OZ; then the change in
bulk rock composition will only be ~0.7% . As a change in bulk rock

composition of about 0.2%. is considerably smaller than the expected
sedimentological variability in bulk rock oxygen iSotopic composition of the -
protoliths, changes in §!%0 caused by ~70% partial melting will go

undetected. Thus, §%%0 valugs are generally not‘sensitive'to processes of

partial melting.
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7.3.3.4 Summary

The peiitic rocks show whole rock §!%0 values consistent with a large
mafic/ultramafic input to the original profolith sediment. Infiltration of a
fegionally pervasive fluid low in 60 is not consistent with the general
order of %0 enrichment for the constituent minerals to these rocks nor with
the heterogeneity shown by the 6“O(quartz) values for the metasediments. The
similarity between the §}®0(plagioclase) and 6“0(quartz) values between

some mafic rocks and pelitic rocks in general, suggests some isotopic
communication across lithologic boundaries. In the case of the pelitic rocks,
the veins are consistent with being internally derived By processes such as

partial melt segregation.

7.3.4 Other Rocks

This "category" of rocks includes a banded iron fofmétion sample (B4A), two

charnockites (C4D, C8D), a basement gneiss (G9C), an intrusive and undeformed
granodiorite (GD49C) and two pegmatitic rocks (V6D, V28C), all sampled from the
high-grade terrane (see Figure 2.1). Their oxygen isotopic compositions are

given in Table 7.4.

The banded iron formation B4A, was collected from a xenolioh enclosed by
the gronitic gneisses of the Hout River Transition. This xenolith outcropped
only ~20 metres away from the mafic xenoliths of M2A and M3A. When compared to
the Archaean iron formations of Greenland (Perry et al., 1978) or to the early

Proterozoic iron formations of the Hamersley Range (Becker and Clayton, 1976),
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the quartz of B4A is found to be similar in stable isotopicrcompositibn.
Magnetite, however, is somewhat heavier in composition (9.7Z.kcoﬁpared to

values commonly less than 7% ). A combination of a high quartz/magnetite

ratio and higher metamorphic grades can account for this relatively heavy
signature of magnetite §'%0, a situation which is similar to the contact
metamorphosed Biwabik/Gunflint iron formations (Perry et al., 1973). In ; recent
study on granulite iron formatibns, Sharp et al. (1988) repofted 5180 whole

rock values for iron formation xenoliths of around 8.0 + 0.6% with an

identical range for the enclosing orthogneiss. The observed isotopic
equilibration occuring over tens of metres was ascribed to 1érge scale fluid
exchange. As sample B4A was collected close ﬁo the xenoliths of M2A and M3A, the
preservance of high'8180(quart2) values in B4A suggests isotopic

- heterogeneity over the scale of ~20 metres.

Thin section examination and major and trace elemént geochemistry for
sample G9C indicatedAthat this sample could be a trondhjemitic gneiss (c.f. du
Toit et al., 1983). 1If this is true, then its heavy 189 /150 ratio relative
to Archaean orthogneisses (Barker et al., 1976; Longstaffe and Schwarcz, 1977)>
indicates that this sample 1s a paragneiss (S-type or sedimentary origin), or
‘alternatively that this sample has exchanged oXyéen with nearby metasediments
- (e.g. P8C). Because of the uncertain origin, ;his sample will not be Eonsidered

further.

The charnockites (C4D and C8D) were originally considered to be a mafic
phase of the Matok pluton (du Toit et al., 1983), but were subsequently

classified as charnockites by van Reenen et al. (1987, 1988). For the Southern
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Marginal Zone; van Reenen (1986), van Reenen and Hollister (1988) and van Reenen
et al. (1988) proposed that the introduction of late metamorphic CO,-rich
fluids, derived from an underthrust greenstone succession resulted in extensive
retrogression in the south of the terrane (south of the proposed orthoﬁyroxene
isograd) as well as in the formation of charnockites just north of the isograd.
Such a metamorphic fluid would presumably derive its CO, from decarbonation of
subducted carbonate sequences (680 ~20%. e.g. Valley and 0’'Neil, 1984)
with only minor contributions from regionally met;morﬁhosed lavas (6% ~8 to
14%. e.g. Smith, 1986). However, the value‘of 7.7% for the charnockites
Vof this study falls into the range of !%0/%0 ratios commohly quoted for
Archaean granitoid piutons, which have 60 values of 7-9% (Barker et
al., 1976; Longstaffe and Schwarcz, 1977; Baadsgaard et al., 1986). The
charnockites of this study, therefore do not indicate extensive CO, streaming
of an isotopically heavy fluid as the’cause of charnockite formation as
proposed by van Reenen (1988). In the Indian granulite facies terrane, Jiang et
al. (1588) proposed that charnockitization occured ﬁnder the influence of a
‘mantle derived CO,-rich fluid. A similar isotopic re-equilibration with a
deep-seated magmatic fluid was proposed for the oxygenvisotope compositions
observed in the paragneisses of the Grenville province. However, the
infiltration of a CO,-rich fluid is not compatible with‘the general oxygen
isotopic character observed for the othgr lithologies in the SMZ terrane and
thus, is unlikely to have resulted in the charnockitization of samples C4D -and
C8D. Another possibility could be incipient charnockitization due to the

 formation of partial melts (e.g. Lamb and Valley, 1984).
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V6D and V28C are pegmatitic rdcks sampled close to the pelites of P5D and
pP29C reépectively. Earlier (see section 4.4.2.2) it was argued that these
" pegmatitic rocks could represent partial melts derived from the pélitic rocks.
This argument is further suﬁported by their heavy isotopic signature (seeV
Table 7.4). Coﬁsidering that thesé coarse-grained granitic récks largely consist
of feldspar and quartz with minor amounts of garhet, and comparing the isotopic
~ values to those obtained for the vein separates (V-P1D; V-P7D), then the near
identical compositions suggest that these pegmatitic rocks were derived from
partial melting of the metasediments. Both of these pegmatites were sampledAonly
abdut 5 metres away from pelitic rocks (P29C and P5D). 'In the case of V28C and
P29C, the pegmatite was found to be about 1.5% heavier, while in the case of
V6D and PSD, thé pegmatite’is actually 1.1%. lighter. If the simple modeling
giveh above is appropriate, the.7OZ partial melting of a sediment wiil only
result in a shift of about 0.2%. . Thus both pegmatitic rocks are out of
. isotopic equilibrium with the adjacent pelitic rocks, indicating that they were
presumably derived by partial melting from metasediments elsewhere in the
sequence. This isotopic disequilibrium, together with the absence of isotopic
reversals in samble P5D, indicates isotopic heterogeneity on the scale of

several metres.

7.4 Graphite §'°C Analysis

Small flakes of graphite are present as trace amounts in several pelitic rocks

and in the pegmatite V6D. In metasediments, the occurrence of graphite is often
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regarded as syngenetic organic detritus that was converted to gfaphite during
metamorphism (Grew, 1974; Hoefs and Frey, 1976; Weis et al., 198l1). Based on

textural relationships of the graphite within pelitic rocks (see Appendix A)

" such an interpretation is also true for the samples of this study.

The presence of graphite flakes within metamorphic rocks has an important
control on the chemistry of the fluid phase present during metamorphism. French
7(1966) and Eugster and Skippen (1967) have demonstrated the presence of-fluid
species such as 0,, C0,, CO, H, and CH, in equilibrium wifh both |
graphite and HZO:at various préssures and temperatures. The relative amounts
of these species during'the metamorphic history of rocks not only has imporéant
implications for the petrogenesis of granulite facies rocks (e.g. Newton et al.,
1980; Lamb and Valley, 1984; Frost and Frost, 1987), but also for the stable
isotope fractionations occuring in metamorphosed rocks (e.g. Stahl, 1974;
“Andreae, 1974; Hoefs and Frey, 1976; Vry et al., 1988; Jiang et al., 1988), In
the folldwing discﬁssion, both of thesé implications will be illustrated by the
graphite analysis of this study. Table 7.5 summarizes the §!3C analysis for
the rocks from this study. It also lists the expected §'°C values of co,
that would be in equilibrium with graphite at the relevant peak metamorphic

' temperatures. For analytical procedures the reader is referred to Chapter 2.

From Table 7.5 it can be seen that the §!3C values of graphite separated
from the metasediments (préfixed P in Table 7.5) range from -9.1 to -15.2%. ,
relative to PDB. These values are much heavier than would be expected if the
graphite was of biogenic origin (~-25% ; e.g. Valley, 1986). However, Barker

and Friedman (1969), Andreae (1974) and Hoefs and Frey (1976) also reported
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shifts towards heavier §3C values with increasing metamorﬁhic grades of the
metasediments. The study of Hoefs and Frey (1976) showed that values of §3C
ranged from about -25%. in unmetahorphosed sediments up to values of around
-11%. in.pelitic rocks metamorphosed at temperatures of 500 to 550°C. These
latter values are similér to those observed for the SMZ rocks (peak temperatures
> 600°C). The enrichment observed in high-grade rocks may be caused by the
loss of volatile hydrocarbons (e.g. Stahl, 1974). Eugster and Skippen_(1967)
calculated the mole percent compositions of gas species coexisting with both
graphite and H,0 at quartz-fayalite-magnetite buffering. They determined that
fpr temperatures up to about 500°C, CH, is the dominant carbon species,
Degassing of CH, during prograde metamorphism would therefore result in B¢
enrichments in residual graphites (see Friedman and 0'Neil, 1977). The above
information can be extended to explain the heavy §'°C value observed for the
graphite in the pegmatite, if it is accepted that thé pegmatite is a partial

melt derived from pelitic rocks at temperatures higher than 500°C.

An alternative explanation for isotopically heavy graphite in granulite
facies rocks is the influx of mantle derived CO, with §'°C values of around
-7%. (e.g. Katé, 1987; Jackson et al., 1988). Such pervasive flooding of
CO, has also been proposed to cause granulite facies metamorphism
(e.g. Newton et al., 1980; Jackson et al., 1988; Jiang et al., 1988). While .
C0,, having §13C values of around -7% could be in equilibrium with the
graphite in some of these sediments, a large scale influx of CO, is discounted
as the cause of granulitization in the SMZ rocks for the following reasons;

Firstly, the graphite in sample P50C, which is an orthoamphibole gneiss, has a
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similar composition to the graphite in the granulites (Table 7.5). Secondly, the
graphites of P-A and P-B werekhand;picked in the field from a pelitic rock
occuring only about 30 metres away from sample P5D, yet their graphite is 5 to
6%. heavier than that of P5D. Such small-scale isotopic heterogeneity would
not be expected for pervasive infiltration of mantle derived CO,. Even if only
small amounts of €O, were int;oduced, then these would s;ill be expected to be
in equilibrium with the graphite, as the graphite is only a trace component in
most of the rocks. Lastly, valueé of 61%C for C0, in equilibrium with the
graphite as shown in Table 7.5 range from -7.6% wup to 1.9%., a range that
would not be consistent with mantle §3C values for CO, (commonly Between

-5 to -10%. ; Kyser, 1986)

As a corollary to the above, the presence of the isotopically heavy,
syngenetic graphite may be interpreted as indicating that metamorphism of the
SMZ rocks occured under conditions that weie more reducing than quartz-
fayalite-magnetite buffering. Similar conditions have been proposed for

gfanulite facies terranes elsewhere (e.g. Lamb and Valley,V1984).

7.5 Conclusions

From the previous discussions on the whole rock and mineral stable isotopic
compositions, the following conclusions can be made.
1. The increasing sequence in average §%0 values for the different

lithologies of the Southern Marginal Zone as analyzed in this study can be
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given as ultramafics < mafics < pelitic rocks (Figure 7.1). This sequence
is similar to that expected for unmetamorphosed ultramafic to mafic

igneous rocks and sedimentary rocks.

While 1 ébove is true in generél, certain samples from both the ultramafic
and mafic rock groups indicate the influx, and in some cases the
equilibration with, isotopically heavy fluids (8180(H20) ~9-112.).
The similarity in '%0/!%0 ratios between plagioclase and secondary
quartz in some mafic rocks and those in pelitic rocks suggests a

metasedimentary origin of these fluids.

In contrast to the mineral §!%0 reversals in some mafic and ultramafic
rocks, the general absence of mineral isotopic reversals in the pélitic
rocks, does not support the influx of, and partial equilibration with a

fluid extraneous to these rocks.

§'80 values for concordant vein minerals separated from the pelitic
rocks are consistent with these veins representing partial melts derived

from the immediate surrounding sediment.

Pegmatitic rocks analyzed have §'%0 signatures consistent with those
expected for partial melts derived from metasediments, but they can be out

of isotopic equilibrium with the immediately adjacent metasediment.

Preservation of the isotopic composition of a banded iron formation,
occuring only several metres from mafic lithologies, indicates isotopic

heterogeneity over the scale of ~20 metres.
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7. Charnockitic rocks indicate §'°0 signatures similar to those of
plutonic igneous rocks. If charnockitization was caused by an influx of
CO,-rich fluids, then these fluids were isotopically distinct from those
mentioned in 2 above, as well as to fluids derived from the decarbonation

of underthrust greenstone successions (e.g. van Reenen, 1988).

8. A large scale influx of a CO0,-rich mantle derived fluid is not
consistent with the 613C signatures of graﬁhites in pelitic and
pegmatitic rocks. Furthermore Sncbanalysis of graphites suggests
isotopic heterégeneity(over the gcale‘of ~30 metres.

From points 1 to 8 above one can conclude that the SMZ rocks are not
characterized by the presence of one fluid which pervasively exchanged with the
various different lithologies. Instead, closed system metamofphism, where
minerals, melts and possible fluid phases were in isotopic equilibrium is
indicated. However; in some iocalized sections, mafic and ultramafic rocks may
have equilibrated with a fluid of metasedimentafy origin, The mechanism probosed
for such localized re-equilibration is the extraction of a partial melt from the
metasediments and crystallization of this melt elsewhere in the metamorphic
pile. Upon crystallization,kthé fldids incorporated into such melts during the
melting sgages, will be releasedkinto immediately adjacent rocks. Isotopic re-
equilibratiﬁn in the infiltrated rocks will then be a function of the fluid/rockb
ratio, the temperature of infiltration and the‘isotopic difference between the

initial rock and the infiltrating fluid.

An alternative possibility is that the SMZ lithologies have equilibrated

with the surrounding Baviaanskloof gneisses. However, the contrasting behaviour
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between the metasedimentary rocks (including the banded iron formation) and the
mafic and ultramafic rocks, in addition to the localized phenomena of oxygen

isotopic re-equilibration would argue against such an equilibration.
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CHAPTER 8: STABLE ISOTOPE MINERAL FRACTIONATIONS AND THERMOMETRY

8.1 Introduction

The subject of stable isotope geothermometry was first introduced by Urey
(1947), who realizgd that isotope fractionations amongst chemical phases are
temperature dependant. Since then, many attempts have been made to calibrate’
isotopic fractionations betweén mineral phases relative to temperature in
various experimental and/br natural systems (e.g. McCrea, 1950; Anderson et al,,
1971; Matthews et al., 1983; Matsuhisia et al., 1979; Clayton et al., 1989). The
great potential of oxygén isotope thermomefry lies in the fact that analysis of
three or more cogenetic minerals can provide two or more independent temperature
estimates if their calibration curves are known. This fact, cpupled with- the
relatively small analytical errors involved in the determination of
fractionation factoré (seé Appendix D for definition) amongst most minerals, and
the sﬁall bressure effects on oxygen isotopic fractionations (evén at high
pressures effeqts’are less than analytical uncértainty - GClayton, 1981; Matthews
et al., 1983; Ewald, 1985), allows for the application of oxygen isotope
thermometry even in high-grade,metamorphic and igneous rocks. However,
- considerable disagreements exist betweén the temperature calibrations based on
experimental mineral equilibrations in hydrous systems (e.g. Matsuhisia et al.,
1979; Matthews et al., 1983) and the empirical calibrations of Bottinga and

Javoy (1973, 1975) where theoretical considerations were extended to
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fractionation factors measured in natural assemblages. A problem with the
empirical calibrations is‘that the mineral fractionations as measured may not
reflect true isotopic equilibration at peak temperatures, but, because of some
retrograde re-equilibration, may reflect temperatures lowef than peak
temperatures (e.g. Deines, 1977, Matthews et al., 1983)., More recent
experimental mineral equilibratioﬁs have been performed in anhydrous systems
where calcite is used as an exchange phase (Mayeda et al., 1986; Clayton et al.,
1989). The results of these experiments in the quartz-albite-anorthite-calcite
system give silicate-pair fractionations which are in good agreement with those
given by Botﬁinga and Javoy (1973; 1975), but show significant differences to
the experiments performed in hydrous systems. It is suggeeted that this
discrepancy is related to a lack of knowledge regarding the oxygen partitioning
factors in water (Clayton et 51., 1989). However, even though the absolute
temperatures predicted by the Qarious temperature calibrations may vary, general
agreement exists in terms of relative %0 enrichment in coexisting minerals,

and in the inverse relationship of the magnitude of the fractionation factor to
incfeasing temperatures (see Appendix D). Therefore, regardless of the absolute
temperatures obtained from isotopie fractionations of coexisting minerals, some
meaningful geological interpretations may be obtained from these mineral

fractionations.

The existence of isotopic equilibrium amongst coexisting mineral and fluid
phases is of critical importance to the interpretations relating to the
petrogenesis of rocks. In this Chapter oxygen isotope equilibration amongst

phases will be discussed in the light of both open system and closed system
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isotopic exchange (see also Gregory and Criss, 1986). A closed system is here
defined as a system where isotopic interactions may occur between minerals and
static fluid phases, all of which occur in constant relative proportions until
fiﬁal isotopic closures of all phases. An open system may be defined as a system
where isotopic interactions occur between coexisting minerals and an
infiltrating fluid.vThe extent of such interactions is a complex function of the
timescales of infiltration relative to kinetic diffusion rates within and

amongst minerals, the temperatures involved and the fluid/rock ratios.

3

8.2 Oxygen Isotope Geothermometry for the SMZ Rocks

A criteria commonly used to establish whether or not a system has attéined
isotopic equilibrium is the feméerature concordancy of at least two independent.
mineral pairs within a rock (e.g. Bottinga and Javoy, 1975; Deines, 1977). If
’such concofdancy occﬁrs, and if the resultant temperature is in égfeement with
both the mineral paragenesis and cation mineral geothermometers in the rocks,
‘then the given stable isotope temperature may be geologically meaningful. In
view of the disagreements between the existing oxygen isotopic calibrations, the
temperatures obtained from one mineral pair may differ significantly from those
calculated for another»mineral pair. For the rocks under consideration, both the
empirical calibrations of Bottinga and Ja#oy (1975) and, where possible, the
experimental calibrations of Matthews et al. (1983) were used. Temperatures
calculated from the recent anhydrous calibrations by Clayton et al., (1989) were

found to be consistently 7-10°C lower than those calculated using Bottinga and
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Javoy (1975) for the quartz-plagioclase pairs considered. As this is well within
the errors quoted for the quartz-plagioclase pair by Bottinga and Javoy (1975; +
36°C at 500°C; Appendix D), the temperatures calculated by using Clayton et

al., (1989) are not discussed further. For a definition of the terminology, the
equations used and the approximate analytical errors for the thermometry, the
reader is referred to Appendix D. Oxygen isotope temperatures calculated are

given in Tables 8.1 to 8.3.

An inspection of Tables 8.1 to 8.3 reveals that the experimental
calibrations of Matthews et al. (1983)vgive temperatures that are consistently
lower than those of Bottinga and Javoy (1975), exceﬁt for the quartz-magnetite
pairs where temperatures are somewhat higher. Thus, for the quértz-pyroxene pair
temperatures are lower by about 110°C, for the quartz-plagioclase pairs by/
about 160°C, for the plagioclase-pyroxene by about 50 to 80°C, while about
35°C higher for quartz—magﬁetite. Similar temperature differences between the
experimental and empirical methods have been reported by other workers
(e.g. Clayton, 1981; Huebner et al., 1986; Sharp'et al., 1988). A possible
explanation is that this disagreement is caused by the different effects of

water on the kinetic exchange rates and behaviour of minerals (compare "wet"™ and

Jdry“ systems of Giletti et al. (1978) and Elphick et al. (1988) respectively
for anorthite). Thus.the hydrothermal experiments of Matthews et al. (1983) may
not be applicable to essentially anhydrous, high-grade metamorphic or igneous

rocks (Clayton et al., 1989; Bottinga and Javoy, 1988; Matthews, 1988). Owing

to the lack of any other experimental calibration for the range of minerals

constituting the rocks of this study, the empirical calibrations of Bottinga and
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Javoy (1975) are used in fhe subsequent discussions. It is important to note
though, that the temperature discordancy as shown by quartz-pyroxene relative to
the quartz-plagioclase pairs is present for both the émpiricai calibration of
Bottinga and Javoy (1975) and the experimental calibration of Matthews et

~al. (1983). The following interpretations on relative mineral-pair temperatures

are thus not affected by the choice of calibration.

8.2.1 Oxygen Isotope Thermometry of the Pelitic Rocks

The quartz-mineral temperatures of the pelitic rocks (Table 8.1) are summarized
vin a temperature histogram in Figure 8.1. From Table 8.1 and Figure 8.1 it can
be deduced that for most of the rockskanalyzed, the quartz-plagioclase, quartz-
biotite and plagioclase-biotiteVequilibfatioﬁ temperafures are conéordant to
within their estimated relative errors (see also Appendix D). Exceptioms are
P34C and P3D where the quarti—plagioclase temperatures are significantly lower
than the quartz-biotite temperatureé, which‘iq turn are significantly lower than
the plagiociase-biotite temperatures. Using temperature concordancy as a test of
‘equilibration amongst the mineral species, it éould be stated that quartz,r

plagioclase and biotite are generally in isotopic equilibrium,

The quartz-orthopyroxene, quartz-amphibole and guartz-garnet temperatures
are consecutively higher than the quartz-plagioclase or quartz-biotite
temperatures. In the case of the quartz—amphibblekand quartz-garnet péirs the
equilibration temperatures are indistinguishable for the three rocks in which

quartz, amphibole and garnet were analyzed. The gquartz-orthopyroxene pair,
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however, is significantly different to the quartz-garnet pair in three out of
the four rocks that were analyzed for coexisting quartz, garnet and
orthopyroxene. Furthermore, the quartz-orthopyroxene temperatures are also
significantly different to the quartz-biotite or quartz-plagioclase
temperatures. Thus, for the.duartz-mineral fractionations, the following

sequence of increasing apparent equilibration temperatures are observed:

quartz-plagioclase < quartz-biotite < quartz-orthopyroxene < quartz-amphibole -~

quartz-garnet.

As it is practically impossible for the quartz to be in isotopic equilibrium
with garnet and orthoamphibole at high temperatures, as well as being in
isotopic equilibrium with plagioclase and biotite at lower temperatures,

disequilibrium of at least some of the mineral phases is indicated.

In addition to the above, it can be seen (Table 8.1) that no significaﬁt
temperature differences exist between aﬁy of the different pelitic rock groups.
This\is illustrated in Figuré 8.2 where the quartz-garpet temperatures are shown
next to the sample positions. In agfeement with the results from the garnet-
biotite cation geothermometry (Section 6.4.2.2.1 - Fig. 6.1), no significant
temperature gradient appears to be present. The same is also true for the
quartz-biotite or quarfz-plagioclase oxygen isotope thermometry of these rocks
(Table 8.1). ‘It is 'interesting to note'though, that the quartz-garnet (and
quartz'orthoamphiBole) apparent oxygen isotope equilibration temperature shows
:an identical value to the peak metamorphic temperatures derived from the cation

geothermometry of group 1, 2, 3 and 4 rocks (c.f. 736 + 52°C for oxygen

-
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isotope thermbhetry with 730 + 65°C for cation geothermometry - Chapter 6).

If the cation temperature is taken to represent peak metamorphic conditions,
then the apparent isotope equilibration temperatures of the quartz-garnet {and
quartz-orthoamphibole) pairs may represent a true metamorphic temperature. The
validity of this will be discussed in more detail in a later section (Section
9.2) where the cation and anion temperatures will be compared in the light of

ionic diffusion processes.

8.2.2 Oxjgen Isotope Thermometry of the Mafic Rocks

Apparent isotope equilibration temperatures of the plagioclase-pyroxene and
plagioclase-amphibole pairs in the mafic roéks are found to scatter more widely
when compared to the quartz-mineral isotope equilibration temperatures in theu
pelitic rocks. In paft, this scattering of temperature'values could be a
function of theAsmaller fractionation between the minerals in each pair. Ihus
relatively small errors in 6% ( + 0.1) lead to considerable differences in
temperatures (see Appendix D). The range in oxygen isotope temperatures obtained
for the plagioclase-amphibole mineral pair is found to vary considerably (526 to
832°C, Table 8.2), which is in contrast to the temperature ranges for any one

of the quartz-mineral pairs in the pelitic rocks. However, the temperatures
obtained for the plagioclase-pyroxene pairs in the pelitic rocks (not shown)
werevfound to range from 628 to 914°C, which may suggest that the plagioclase

in both the mafic and the pelitic rocks has changed its isotopic composition to
varying degrees. Thus, in general, oxygen isétope disequilibration is indicated

for the minerals in the mafic rocks.
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8.2.3 Oxygen Isotope Thermometry of Various Other Rocks

By analogy to the apparent isotope equilibration temperatures in the pelitic and
mafic rocks, the isotope temperatures listed for the various other rocks in
Table 8.3 may reflect preferential isotopic re-equilibration of some phases
relative to others. A sample of particular interest is the coarse-grained,
pegmatitic rock of V6D, which yields a fairly high quartz-garnet temperature and
a significantly lower quartz-plagioclase temperature. While the difference
between thg two mineral pairs in this rock is similér to that observed for the
pelitic rocks above, the temperatures are both lower when compared to equivalent
pairs in the pelitic rocks. Assuming that this sample may represent a paréial
melt derived from the pelites, then the low oxygen isotope temperatures in V6D
may be a function of the cooling rate. Andersen et al. (1971) reported similar
differences in apparent oxygen isotope equilibratibn temperatures between

volcanic and plutonic igneous rocks.

In summary, the range of temperatures obtained for various mineral-mineral
pairs in the rocks analyzed, irrespective of the temperature calibration used,
suggests that at least some of the minerals are not in isotopic equilibrium.

Possible causes for this will be considered below.

8.3 Factors Affecting Mineral Fractionations

The oxygen isotope disequilibrium which is implied by the low apparent isotope
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temperatures could have been caused by any of the following:

1. . The temperature calibrations used are incorrect and, even though the
observed mineral fractionations are actually representative of peak

metamorphic conditions, some lower temperatures are calculated.

2. Open system isotopic exchange where a fluid or melt phase infiltrated the
rocks and exchanged isotopically with some but not all the phases. In this
case, the relative oxygen diffusion rates within the minerals become

important.

" 3. Closed system isotopic diffusion amongst the phases present and the
recorded temperatures are a function of the relative isotopic closure (for

a definition thereof see below) of the minerals con;ernéd.

In view of the more recent calibration experiments (Clayton et al., 1989)
point 1 above is possibly correct in the sense that the calculated temperaturés
may not be representative of absolute metamorphic temperatures. However, as
discussed abovej irrespective of the temperature calibration used (Bottinga and
Javoy, 1975.or Matthews et al., 1983), the mineral-mineral fractionation factors
do not appear to be in equilibrium. This is also true if the theoretical scale -
of Kieffer (1982) is used, where the averagé quartz-garnet fractionation of
2.92. yields temperatures in ekcess of ~630°C, whereas the quartz- |
plagioclase average fractionétion of 1.9% yields significantly lower
temperatures (~230 to 530°C for albite and anorthite respectively - Kieffer,
1982 - Figure 8 p.840). For the more recent experimental calibration Clayton et

al. (1989) reported a general agreement with the theoretical calculations by
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Kieffer (1982) as well as with the empirical calibrations of Bottinga and Javoy
(1973, 1975),’indicating that the observed disequilibrium mineral-pair
fractionation differences will not be eliminated by the choice of a new set of
calibrations. Furthermore; the range in temperatures indicated by one mineral-
-pair in the mafic rocks (e.g. plagioclase-hornblende), in combination with the
isotopic reversals shown by some of the mafic rocks (see previous section) imply

that some disequilibrium must be caused by factors other than incorrect

" calibrations. Points 2 and 3 above will be discussed below.

In the following sections, the isotopic disequilibration will be ascribed
to retrogressive processes. In view of the fact that isotopic diffusion
increases with increasing temperature, and that diffusion is enhanced by fluid
presence (e.g. Cole and Ohmoto, 1986), all prograde isotopic chahges to the rock
system will tend to be equilibrated at peak metaﬁorphic conditions. Observations
such as those by Hoernes and Hoffer (1979) wherevbiotite (or any other minerdl)
is considered to have isotopically closea.upon its prograde crystallization, is
not supported in this study. Microprobe studies of some mineral phases in these
rocks (see Chapters 5, 6) indicate that chemical equilibrium has generally been
attained at peak metamorphic conditions. Unless oxygen shows diffusion rates
that are considerably slower than those of cations, oxygen isotope equilibrium

was also attained at peak metamorphism.

8.3.1 Open System versus Closed System Isotopic Exchange

Open system exchange could involve the introduction of a fluid or melt phase
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during metamorphism. In the case ofAthé pelitic rocks, the involvement of melt
and/or fluid phases is indicated by the migmatitic character‘of the rocks. The
concordant nature of most of these small felsic bands and lenticles suggests
that these melt segregations were locally derived prior to or during peak
.deformatioﬁ_(du Toit et al., 1983). However, some larger felsic bodies and veins
can also be found crosscutting the general foliation and thus such bodies were
presumabiy introduced after deformation. In the case of the mafic rocks,
discordant felsic veins, and enclosing felsic material (Fig. 3.2) provide
evidence for post peak;defbrmation intrpductioﬁ of melts. According toydu Toit
et al. (1983), the intense fabric forming deformation occured prior to or coeval
with peak metamorphism. Concordant felsic segregatioﬂs may therefore be expected
to equilibrate with the surrounding ;ock. Such equilibration was reported
earlierkfrom an analysis of the 1sot6pic composition of veins separated from P1D
and P7D. The larger felsic bodies (e.g. pegmatites V6D and V28C) indicated
isotopic compositions that were significantly different from those of the
adjacent (~5 metres) pelites, suggesting that such pégmatites did not
significantly influence the isotopic composition of the peiites over the scale
of 5 metrées or more. In contrast, some of the mafic rocks (e.g. M3C, M37C)
showed isotopic reversals where pyroxene and hornblende were of similar isotopic
composition as the plagioclase. For these rocks, the analysis of quartz from
separated veins suggests the involvement of isotopically heavy fluids (>9% ).
Other mafic rocks such as M2A, M3A and M5A, whicﬁ are xenoliths found enclosed
by felsic segregation material or grey migmatized gneisses may also suggest

influence of fluids on their isotopic mineral compositions.
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To test the importance of open versus.closed system isotopic exchange some
§-6 plots for the rocks under consideration are shown in Figure 8.3. Also
shown in these diagrams are lines of constant isotopic fractionation and hence
constant temperature (see also Gregory and Criss, 1986). If rbcks were subjected
to identical temperature conditions, then the same mineral-pairs in different
sampleé of these rocks should theoretically show the same isotopic fractionation
(A) and therefore should all fall on the same isotherm. The position of
mineral pairs along this line is controlled by the whole rock 680 and the
modal proportions of minerals in the rock. If trends formed by the minerals in
a §-6 plot are found to deviate from the isothermal lines of slope 45°, then
open system behaviour is indicated (Gregory and Criss, 1986). In such
circumstances, the slope of the trend lines are a function of the mineral-fluid
exchange rates, the fluid iéotopic composition, fluid-rock ratios and

temperature of exchange.

For the rocks of this study, the most prominent features from Figure 8.3

are as follows:

1. 'In the §-6 plots for the pelitic rocks, the trends formed by the high-

grade rocks (groups 3, 4 and 5; see Chapter 3) approximate 45° slopes.

2. The group 2 rocks also approximate 45° slopes in the quartz-garnet and
quartz-plagioclase plots, but minor deviations can be recognized in

quartz-biotite and plagioclase-biotite plots.

3. In the quartz-garnet and quartz-plagioclase plots, the trend formed by
group 3, 4 and 5 rocks coincides with that for the group 2 rocks,

1
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suggesting the same mineral fractionations (i.e. temperatures).

4., For the mafic rocks a large scatter in values occurs and no correlation
exists;

For tﬁe pelitic rocks, the 1inearity in trends in combination with a parallelism
of trends to lines of constant fractionation (isotherms), suggests closed systém
behaviour. The alternative explanation, that such trends indicate open system
behaviour, but where thé exchange rates of the minerals with a fluid are
identical, can be discounted on experimental grounds. Experiments have shown
that the isotope diffusion rates of various minerals in the presence of fluids
differ significantly (e.g. Giletti and Anderson, 1977; Giletti et al., 1978;

Freer and Dennis, 1982; Matthews et al., 1983; Farver and Giletti, 1985).

Thé minor deviation from paralielism as shown by grqupv2 rocks iﬁ quartz-
biotite and plagioclase-biotite plots, could be a function of the small sample
population, particularly as the orientation of the trend is largely controlled
by sample P34C'which shows considerably heavier §%0 values compared to other
group 2 rocks. This sample alsb shows discordancy of quartz-biotite, quartz-
plagioclase and plagioclase-biotite equilibrium temperatures implying that at
least one of the three mineral phases is not in equilibrium with the others.
From the §-§ plots, the most likely phase'to be out of equilibrium in this

sample is biotite.

The coincidence of the quartz-garnet trends and of the quartz-plagioclase
trends for the group 3, 4 and 5 rocks relative to group 2 rocks is surprising,

as it would suggest similar equilibrium temperatures for both rock groups.
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The §-6 plot of hornblende versus plagioclase for the mafic rocks shows a
considerable scatter, even if the samples with isotopic reversals are omitted
(i.e. M3C and M37C). If all the rocks were of siﬁilar isotopic composition
(e.g. ~GZ.) prior to metamorphism and if a fluid of homogeneous isotopic
composition infiltrated these rocks, then, by analogy with the hydrothermal
alteration of other naturél rock systems, a nearly linear array of points would
be expected (Gregory, 1986; Gregory and Criss, 1986). Such a linear array of
positive slope is produced by changes in fluid/rock ratio only. The slope of the
array is not 45° unless the exchange rates of the minerals plotted are
identical. The wide scatter of data for the SMZ mafics may thus be related to

any of the following:

a) the isotopic composition of the infiltrating fluid was not constant, b)
different events of fluid-rock interactions, c¢) the rocks were not of the same
isotopic composition prior to metamorphism, d) it is a fuhction of the proximity
of rocks to major conduits of fluid floy, that is some rocks remained unaffected

- while others were flooded by the fluid, e) a combination of any of the above.

‘Samples such as M3C and M37C suggest large fluid/rock ratios and exchange with a
fluid of similar isotopic composition (8180(H20) ~ 9 to 10% ). Such a

fluid composition was also indicated by quartz separated from sample M52C.
Tﬁerefore,.if.it'is assumed that the isotopic composition of the infiltrating
fluid is similar for all the rocks in genefal then a) above appears unlikely.
The wide range in apparent isotopic equilibration temperatures in combination
with the range in whole rock isotopic composition does not allow for any further

refinement of the effects of factors b) to e) above.
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In summary, while open system behaviour is indicated by at least some of
the mafic rocks, pelitic rocks indicate an apparent closed system behaviour. As
a corollary, the range in apparent_isotopic equilibration temperatures for the
mafic rocks may be explained by open system behaviour for some mafic rocks.
However,.this is not the case for the pelitic rocks and aﬁ alternative
explanation is needed to explain the temperature discordancy in the pelitic

rocks.

8.3.2 Closed-SyStém Isotopic Re-equilibration for SMZ Rocks

The oxygen isotopic fractionations of the quartz-mineral pairs suggested the
following decreasing apparent temperature sequence: quartz-garnet =~ quartz-
émpﬁibole > quartz-orthopyroxene > quartz-biotite > quartz-plagioclase. This
implies isotopic disequiiibration between at least some of the minerals
coekﬁsting in these rocks. Two possible closed-system mechanisms could account

for the observed isotopic disequilibration:

1. Recrystallization of some of the minerals during retrogression, where
isotopic fractionations between the recrystallized minerals record the

final crystallization temperature.

2. Contemporaneous crystallization of all minerals, but isotopic re-setting
occurs by intercrystal diffusion of oxygen amongst the minerals during
retrogression. The recorded mineral fractionation between minerals is then
a function of relative oxygen isotopic closure between the phases.

In outcrop, the pelitic rocks are characterized by a coarse-grained gneissic to
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migmatitic appearance (see Chopter 3). This character is defined by the presence
of felsic pods, lenses and veins'both of concordant and discordan; nature. On
thin section scale, felsic lenses are recognized by relatively large, unstrained
quartz and plagioclase crystals (Appendix A), occasionally surrounding garnet.
These textures support the occurrence of melting reactions as described in
Chapter 3, where the breakdown of biotite, quartz and plagioclase produces
garnet, orthopyroxene, cordierite and orthoamphibole together with some melt.
The melt consists predominantly of quartz and feldspar components (see also

' Chapter 4) and uponvretrogressive cooling; these phases would crystallize. The
quartz-plagioclase isotopio fractionation could then, theoretioally, reflect
crystallization temperatures of the melts produced during prograde metamorphism,
in accordance with 1 above. If the product phases of melting such as garnet,
orohoamphibolo and‘orthopyroxene are'assumed to retain their isotopic
compositions at the time of their formation at peak conditions, then the
quartz-garnet, quartz-orthoamphibole and quartz-orthopyroxeme fractionations
would certainly not represent peak metamorphic tempergtures. By analogy to the
product phases, the §%0 values of the biotite may have been fixed during the

" melting reaction. The quartz-biotite fractionation would then also not reflect

-

peak metamorphic conditions.

The oxygen isotopo analysis of quartz ano plagioclase separated from veins
~occuring within the pelites P1D and P7D (see Table 7.3), revealed that they were
‘of identical composition to the quartz and plagioclase within the host rocks. |

Implications of this are twofold. Firstly, it implies that the quartz and

plagioclase from the rock is in isotopic equilibrium with that from the veins.
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Conversely, it suggests that the melt, whose major components are quartz and
plagioclase (see Chapter 4), is isotopically equivalent to the quartz and
plagioclase froﬁ which it Qas derived.AImportant poin;s emerging ;re théﬁ either
all the quartz and plagioclase in these rocks have crystallized from é melt,  or
the quartz and blagioclase now forming the veins and larger felsic lenses, were
derived from melts, but re-equilibrated isotopically with the rock-quartz and
rock-plagioclase during retrograde cooling. Such re-equilibration may occur via
intercrystal diffusion. In this regard it is interesting to note the good
agreement between the quartz-biqtite aﬁd the quartz-plagioclase temperatures.
Texturally, there is no indication of either retrogressive biofite growthkgr of
crystallization of biotite from a melt phase. Therefore, the above agreement in
quartz-biotite and quartz-plagioclase temperatures points towérds
intercrystalline diffusion amongst quartz; biotite and plagioclase, bossiﬁlj via
fluids released from the melts during crystallization. Conversely, the
disagreement between‘the quartz-garnet, quartz-orthoamphibole and quartz-
orthopyroxene temperatures implies ﬁhat the gérnet, orthoamphibole and

orthopyroxene did not exchange retrogressively with the quartz. This will be

examined further below.
8.3.2.1 Closed System Oxygen Diffusion

8.3.2.1.1 Exchange Mechaniéms in Wet and Dry Systems

Most of the experimental studies of oxygen diffusion in minerals have been
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performed in the presence of water (e.g. Giletti and Anderson, 1975; Giletti et
al., 1978; Freer and Dennis, 1982; Matthews et al., 1983; Dennis 1984; Giletti
and Yund, 1984; Farver and Giletti, 1985; Elphick et al., 1986; Giletti and
Hess, '1988; Farver, 1989). Diffusion in the hydrothermal systems is
characterized by low activation energles and comparatively high diffusion rates
(Freer and Dennis, 1982; Cole and Ohmoto, 1986) both of which will result in
relatively fast isotopic re-equilibration. In contrast, experiments performed
under essentially dry conditions, where 0, or CO, are used as exchange media

for oxygen (e.g. Haul and Dumbgen, 1962; Muehlenbachs and Kushiro, 1974; Elphick
et al., 1988), are charactérized by high activation energies and low diffusion
rates (Freer and Dennis, 1982; Cole and Ohmoto, 1986), which would tend to.
inhibit oxygen isotope equilibration. In hydrothermal s&stems oxygen isotope
exchange between minerals and water can essentially occur via ﬁhree

mechanisms: 1) by chemical reaction where an alteration assemblage is produced,
2) by solution - pfecipitation mechanisms where small amounts of fluids may
progress along a dissolution front within the mineral and 3) by volume diffusion
where the crystal remains completely solidified during oxygen exchange (Matthews
et al., 1983; Cole et él., 1983; Giletti, 1985). The third alternative is the
dominant process for isotopic exchange in anhydrous syStems and is also the |

mechanism showing the slowest isotopic exchange rate (Matthews et al., 1983;

’Cole et al., 1983).

For the rocks of this‘study the first of these exchange mechanisms may be
discounted as the mineral phases in the pelitic rocks are generally unaltered

(Appendix A). The textural appearance of quartz and plagioclase either as small
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clustered aggregates or as large unstrained grains is indicative of
recrystallization processes (Hobbs, 1968). According to the results of Hobbs
(1981) the presence of OH*moléculgs>in quartz will greatly enhance both the
recrystallization and the oxygen diffusivity in such crystals (see also Kerrich
et al., 1977). The oxygen isotope exchange in quartz and feldspar can therefore
be approximated by a mechanism‘similar to 2‘above and, if diffusion is
~sufficiently fasﬁ, particularly,if small amounts of fluid are present, it may
explain the low quartz-plagioclase apparent equilibration temperatures. Biotite,
however, still preserves pre- to synmetamorphic deformation kinks and texturally
does.not indicate any recrystallization. This would argue in favour of volume
’diffusion processes for the biotite. By analogy to the biotite, the textural

appearance of the garnet, orthopyroxene and orthoamphibole suggests volume

diffusion processes, if any diffusion has occured at all for these minerals.

8.3.2.1.2 Pressure Effects on Diffusion

The effect of pressure on the diffusion rates of oxygen in mineralskis somevwhat
debatable. While Yund and Anderson (1978) observed a large increase of oxygen
‘diffusivity in feldspar with increasing pressure, subsequent work by Freer and
Dennis (1982), also on feldspar, negated any pressure effect on diffusivity.
Similar inconsistencies relating to pressure éffects in tﬁe quartz-water systems
have been reported by Giletti and Yund (1984) and Dennis (1984). This
discrepancy has subsequently been explained by Ewald (1985) and Cole and Ohmoto
(1986) as being a functionbof reaction mechanism, that is, surface reaction or

volume diffusion, which in turn critically depends on the grain size and
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crystallography of the chosen mineral grains. The surface reaction mechanism can
be equated té a combination of mechanisms 1 and 2 above (Cole et al., 1983). It
can be concluded that while preséure effects may be important during surface
reactioﬁ mechanisms, this is not the case for volume diffusion. As volume
diffusion may represent the most important exchange mechanism for garnet,
orthopyroxene, orthoamphibole and biotite, pressure effects are not considered

" important for these high-grade rocks.

8.3.2.1.3 Temperature and Crystallographic Effects on Diffusion

Temperature effects on oxygen diffusion in minerals are shown in Figure 8.4.
Good experimental agreement exists for both dry and wet systems, which show that
the oxygen diffusion rate of minerals is dependant on temperature according'to

the Arrhenius equation :
D = Do e(E/RT) (8.1)

where D is the diffusion coefficient (m%/sec), D, is fhe pre-exponential-
‘facto;,.E is the activétion energy (kJ/mol of oxygen), R is the gés constant and
T is the absolute temperéturé'(e.g. Cole and Ohmoto, 1986). Tﬁus experimentél
determination of E and D, for a mineral (see references in Fig. 8.4), allows

the calculation of the diffusion coefficient at a given temperature. Figufé 8.4
predicts oxygen diffusion ratés for hydrothermal systems in the follbwing

increasing order:

garnet < diopside < hornblende < phlogopite (-magnetite) < quartz < feldspar.
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Experiments by Farver and Giletti (1985) on the‘oxygen diffusion in three
compositionally different amphiboles indicated that diffusion rates vary greatly
for different crystallographic directions. In all cases diffusion parallel to
the c»cfystallographic direction was found to be an order of magnitude faster
than for other crystallographic directions. However, for the same
crystallographic direction in the three chemically different amphibolés, little
or no significant differences in diffusion rates were noticed. Due to the
-similarity in the crystallographic structure between the orthorhombic and
monoclinic amphiboles, particularly in the c§crysta110graphic direction (Deer et
al., 1966), the diffusion rates of.the monoclinic amphiboles are here used as an
estimate to those for the orthorhombic amphiboles. Extending siﬁilar arguments
to pyroxenes, then oxygen diffusion in diopside could be taken as an estimate to
that for orthopyroxeﬁe. A crystallographic control on oxjgen diffusion is also
shown by quartz and diopside, where éiletti and Yund (1984) and Farver (1989)
respectively observed diffusion rates parallel to the c-axis to be aboutv2
orders of‘magnitude faster than those nofmal to the c-axis (Fig. 8.4). In
addition the change in log D versus T slope between alpha and beta quartz

(Fig. 8.4) is also a crystallographic control. In amphibole, diopside and
quartz the dominant crystallographic direction for oxygen diffusion would be

parallel to the c-axis.

The diffusion rate for phlogopite by analogy to the above observations,vcan
be used as an approximation for biotite. While the technique used to determine
the oxygen diffusion rate in phlogopite was that of bulk isotopic-exchange

between the crystal and an '®0 enriched fluid, subsequent results on the
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oxygen diffusion rates in several micas using both the ion microprobe and the
bulk exchange techniques (Fortier and Giletti, 1987)Vconfirmed the earlier
results (Giletti and Anderson, 1975) for temperatures of around 700°C. For

' temperaturés lower than this a divergence of activation eﬁergies between tﬁe
micas is observed and, in increasing order, these are biotite, muscovite,
phlogopite (Fortier and Giletti, 1987). Below 700°C the oxygen diffusion rate

in biotite would thus be faster tﬁan that in phlogopite, that is, approaching
the diffusional values observed for quartz parallel to the c-axis. Thus, the use

of oxygen diffusion rates from phlogopite will provide a minimum diffusion rate

estimate for the biotite only.

Taking the determinations of oxygen diffusion rates for monoclinic
amphiboles, diopside and phlogopite as rough estimates for ;he orthorhombic
amphiboles, orthopyroxene and biotite respectively, then the ordef of increasing
diffusion rates for the minerals in ﬁhe pelitic rocks bécomes garnet,

orthopyroxene, orthoamphibole, biotite, quartz, feldspar.

8.3.2.1.4 Closure to Isotopic Exchange

In theory, given enough time, all the minerals will eventually re-equilibrate
with each other chemicélly and isotopically. ;n natural systems however, this is
not thé case as, upon cooling, tﬁe mobility of elements is greatly reduced until
such time where the element becomes physically immobile. Ideally, this
represents a point in time where the mineral may'be considered to be closed to

subsequent diffusion. Using the definition of Dodson (1973), then such an
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- idealized point occurs where the time constant involved for diffusion becomes
infinitely large compared to the diffusion rate. As the diffusion rate of

minerals is expoéentially dependant on température, the temperature range at
which minerals become closed is small and may be calculated by the following

iterative equation (Dodson, 1973):
- T, = E/R * 1/[1n (- ART.?D, / a’E dT/dt)] _ (8.2),

where T, is the closure temperature; A is the diffusional anisotropy parameter
(A = 55 for a sphere (feldspars, magnetite); A = 8.7 for a slab (quartz,
hornblende, diopside and phlogopite); where ’sphefe' indicates that oxygen
diffusion rates are the same, no matter which crystallographic direction.is
considered while 'slab’ shows diffusional anisotropy with different
crystallographic difections); a is the size of the minerél graiﬁ (radius for
sphere, half-thickness for a slab; in meters) and dT/dt is the cooling rate
(°C/sec). E, R and D, are as for equation 8.1 above. Thus if one caﬁ

estimate the éooling rate, then the closure temperatures of minerals for which E
and D, are known can be célculated.‘Conversely, knowledge of the isotopic
eﬁuilibration factor between minerals, together with information on grain sizes
‘and diffusionvrates in minerals may be used for déterminations of cooling rates

(e.g. Giletti, 1985; Sharp et al., 1988; Farver, 1989).

8.3.2.1.4.1 Cooling Rate (°C/My) ‘and Closure Temperature (T.)

Determinations

For cooling rate determinations equation 8.2 can be rearranged:
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-ART D,
dT/dt = ——8— : (8.3)

a2Ee (E/RT,)

-Calculations on cooling rates are based on two assumptions. Firstly; over a
limited range of temperature, that is, the range over which closure takes place,
a linear variation of 1/T is assumed. Secondly, it is assumed that isotopic
equilibrium has been attained for 511 minerals at peak metamorphism and that the
rock, on the handspecimen scale, has remained a closed system. On the
centimeter-scale, open system isotopic exchange with rapid intercrystalline
(mineral to mineral) diffusion relative to intracrystalline (within a mineral)
diffusion as measured for the minerals in experiments, is assumed. That is,
minerals re-equilibrate rapidly with eachvother until their closure temperatures
are reached. In a simple binary system of phases "x" and "y", once phase "x"
closes to exchange, phase "y" also closes as there is no other phase left to
exchange with and the oxygen isotope temperature givén by "x-y" represents the

closure temperature (T.).

The relationship of cooiing rate to closure temperature is illustrated in
Figure 8.5 for several minerals of intgrest to this study. Given the appropriate
information on oxygen diffusivity in minerals (see Fig. 8.4), then from equatioh
8.3 and Figure 8.5 it is clear that in order to constrain the cooling rate,
accurate determinations of the closure temperature and grain size of minerals
within the rocks are requifed. Rocks suited to such determinaﬁions would be
those that are mineralogically simple, where each constituent mineral is of a

homogeneous grain size, and those that show textural equilibrium. In addition,
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the oxygen isotope mineral fractionations should be large in order to allow for

an accurate determination of T,.

The currently available data on oxygen diffusion in minerals, in
combination with the above requifemeﬁts, limits the choice of rocks in this
study to rocks such as B4A, M41C and MllC. The data for these rocks, together
with the cooling rate determinations are given in Table 8.4. By analogy to the
experimental data for hornblende and pyroxene (Farver and Giletti, 1985{ Farver,
1989), it is reasonable to assume that grunerite and pigeonite in B4A are closed
to isotopic exchange prior to quartz and magnetite. At temperatures below the
closure for grunerite and pigeonite, the quartz-magnetite system, in the absence
of significant quantities of oxygen-beafing fluid, may therefore be considered
as a binary system. As such, one can take the quartz-magﬁetite oxygen isotope
equilibration temperature as T, for this binary system. Using the calibration
of Bottinga and Javoy (1975}, then quartz-magnetite temperatures of 479°C
correspond to cooling rates of -24°C/My. However, if tﬁe Matthews et gl.

(1983) calibration is used, then temperatures of 515°C correspond to a cooling
rate of ~208°C/My, illustra;ing the strong’control of T, on calculated

.éooling rates. Samples M41C and, below the diopside closure temperatures, M11C
can also be considered as binary systems, consisting of plagioclase and
hornblende. In these rocks the wide range in qooling rate estimates, that is -12
and 618°C/My respectively, is not a function of different thermometry
calibrations, but rather of the relative hornblende (and therefore also
plagiéclase) closures, as recorded by their respective plagioclase-hornblende

oxygen isotope temperatures.
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In other granulite terranes cooling rates have been estimated to be -around
1 to 20°C/My at temperatures between 150 to 600°C (e.g. Berger and York,
~ 1981; Cosca et al., 1987), in agreement with the estimates given by B4A and M41C
at temperatures of 480 to 600°C. If the temperatures calculated by the
calibration of Bottinga and Javoy (1975) are essentially correct (c.f. Clayton
et al., 1989), then the most likely cause for the high plagioclase-hornblende
closure temperature in M11C (see Also M8A and M27C) could be lower water
activifies in this sample. Under essentially dry conditions oxygen diffusion
rates are considerably slower than in water-rich systems such as those
represented by the hydrothermal diffusion experiments (compare curves 1 and 9 in
Fig. 8.4; Sharp et al., 1988). If this is indeed the case, then an interesting
implication of it is the existence of a water-activity gradient during
meﬁamorphism between the mafic rocks to the north and fhose to the south of the

orthopyroxene isograd (Fig. 2.1).

Assuming that cooling rates of ~1 to 20°C/My are applicable to the SMZ
terrane, then the closure temperature for quartz and feidspar in the pelitic
rocks of this study, with an average grain size corresponding to "a" ~ lmm, are
around 500°C and 220°C respectively. If the phlogopite curve is used as an
approximation for biotite, then its closure temperatures would also fall around
500°C. These closure témperatures for quartz apd biotite are in good agreement
with the temperatures calculated from their respective oxygen isotope
co;éositions. Values for hornblende and diopside as approximations for the
coarse-grained orthoamphibole and orthopyroxene, provide closure temperatures

approaching 625°C to 650°C and 800°C respectively. For the orthopyroxene
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closure temperatures of around 800°C are thought‘to represent maximum

estimates as orthopyroxene is commonly fiﬁer grained with "a" <0.5mm. While no
calculations were performed for the garnet closure temperatures because of a
lack in sufficient iﬁformation (Freer and Dennis, 1982), from the sparse
diffusion information available, it appears reasonﬁble to assume that garnet
closure temperatures are in excess of 600°C and may even approach peak
temperatures for cooling rates of around 10°C/My and an average observed
grainsize of larger than 2mm (Fig. 8.4). This is in good agreement with the lack
of éation zonation observed for the garnet (Figure 5.5; see also Cygan and

Lasaga, 1985).

8.3.2.2 Discussion

In view of the large number of uncertainties involved (e.g. the fluid contents
in the natural system, crystallographic diffusional variationﬁ, phlogopite-
biotite, hornblende-orthoamphibole and diopside-orthopyroxene approximations,
grain size distributions, etc.) the above estimated values for closure

" temperatures are merely taken as rough guides for the relative sequence of
closure of minerals. In spite of ﬁhis; some geologiéally meaningful information

can be summarized as follows:

1. A more or less simultaneous closure of quartz and biotite is suggested from.
the above information (see also Fortier and Giletti, 1987). The preservation
of quartz-plagioclase, quartz-biotite and plagioclase-biotite fractionations,

all corresponding to temberatures of -550°C, would suggest that the fluid
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component present in the pelitic rocks during retrogression wasvvery small or
absent. Therefore, once the quartz and biotite were closed to oxygen
diffusion, no oxygen bearing phase was left for rhe plagioclase to exchange
with and the plagioclase is effectively closed. On the other hand, it could
be argued that if the closed system isotopic re-equilibration occured in the
absence of fluids, then the experimental data for the dry diffusion systems
should be used. If the experimental results for quartz from Haul and Dumbgenb
(1962) and that of Elphick et al. (1988) for anorthite are used to calculate
closure temperatures, then the values obtained will be considerably higher
than peak metamorphic temperatures (see Fig. 8.4). In such a case no oxygen
diffusion and retrograde re-equilibration is allowed for the rocks of this
study. The quartz-plagioclase mineral fractionation could then be taken as
representing crystallization temperatures, where these two phases
crystallizedkfrom a melt that was produced from the pelites during prograde
metamorphism (see above). This would not explain the quartz-biotite

fractionation though, necessitating some volume diffusion, which may have

been enhanced by small amounts of fluids released from the melts.

It was suggested above that the high closure temperatures recorded for
hornblende in mafic rocks found north of tﬁe orthopyroxene isograd (Fig. 2.1)
relative to those.fcund south of it, is caused by decreasing water activities
(a(H,0)) from south to north. A decrease in a(H,0) is also consistent

with the mineralogic chenges observed both in the mafic and the pelitic rocks
(Chapter 3). However, no -such differences in mineral closure temperatures

appear to exist in the pelitic rocks as suggested by the similarity in all
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mineral-mineral oxygen isotope temperatures. A likely explanation for this is
that the a(H,0) in the pelitic rocks is buffered by the presence of partial
Vmelts within these rocks. Upon crystallization of these melts, the previously
adsorbed H,0 will be released and, as melt crystallization occurs at
temperatures above the closure temperatures for biotite, résidual quartz and

plagioclase, these minerals will re-equilibrate with these fluids.

. The sequence ofrquartz-mineral temperatures observed for the pelitic rocks
may best be explained by closed system diffusion of oxygen amongst coexisting
minerals, where the minerals show a successive closure ;equence of garnet, +
orthoamphibole, + orthopyroxene, biotite, + quartz, plagioclase with
decreasing femperature in a system with a low fluid/rock ratio. The closure
sequence is schematically represented in Figure 8.6 where the relati§e
mineral isotopic values are illustrated as a function of time (and
temperature) during retrogression. In this simplistic representation; garnet
and orthoamphibole ére considered to close at peak metamorphic conditibns
(closure indicated by solid lines). Orthopyroxene is considered to exchange
down to soﬁewhat lower temperatures ('Mid T' in Fig. 8.6) than garnet or
orthoamphibole, poSsibly because of its smaller grain size. During the time
interval between 'Peak T’ and ‘Mid T', the exchanging phases 1ef£ are'quartz,
plagioclase (—cordiérite), orthopyroxene and biotite. In terms of modal.
abundance, quartz and plagioclase make up the bulk of the oxygen reservoir
with which orthopyroxene and biotite (+cordierite?) may exchange. It is
therefore expected that small increases in 6§80 of quartz aﬁd plagioclase

will be balanced by somewhat larger decreases in §%0 of orthopyroxene and
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biotite. This may result in orthopyroxene Becoming lighter in oxygen isotope
composition relative to garnmet as is observed for P25C, P19C and P21C. In
sample P25C, the high quarrz-garnet temﬁerature but average quartz-biotite
‘and quartz-plagioclase temperatures relative to these temperatures in other
pelitic rocks, may be explained By a low biotite/(quartz+plagioclase) modal
ratio during 'Mid T' to ‘Close T' isotopic exchange (see also Table 3.3),
That is, in sample P25C the oxygen reservoir available for quartz is smaller
compared to the ether pelitic rocks because of the low biotite abundance.
Similar arguments may be used to explain the cordierite-plagioclase
relationship. Theoretical considerations would'predict that plagioclase is
somewhat heavier than cordierite. However, in one rock out of the four in
which both cordierite and plagioclase were analysed, the cordierite is
aetually heavier than the plagioclase (P1D). Thus cordierite closure to
oxygen diffusion prior to that of plagioclase may account for the reversed

isotopic fractionation between these two phases.

The only other oxygen 1sotope reversal amongst the minerals of the
pelitic rocks is found in sample P45C. For this sample garnet was actually
observed to be richer in '%0 than plagioclase. Thls sample also shows a
large quartz-plagioclase fractionation, significantly larger than that for
any other quartz-plagioclase pair in the pelitic rocks. The quartz-garnet
fractionatian though compares well with that for the other pelites,
suggesting that the plagioclase isotopic composition may have been altered.
The possibility that plagioclase is a minor phase compared to quartz is

discounted by the modal proportions given in Table 3.3. An alternative closed
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system explanation could be that the fluid/rock ratio in this sample was high
enough so that the fluid phase provided an oxygen exchanging reservoir for
the plagioclase, subsequent to quartz closure. In contrast, the high
quartz-biotite temperatures relative to the quartz-plagioclase temperatures
in samples P34C and P1D may be explained by relatively low fluid/rock ratios
where the biotite, in the absence of sufficient fluid as a catalyst for

oxygen exchange, closed prior to quartz and plagioclase.

. An interesting corollary to the above is that while quartz has
retrogressively exchanged with plagioclase and biotite, the relatively high
modal abundance of quartz suggests that %0 enrichment in quartz was
relatively minor. As such, the quartz-garnet temperatures may represent

minimum estimates of peak metamorphic temperatures.

. The discussion on closed system behaviour so far largely concentrated on
quartz-mineral and plagioclase-biotite isotopic fractionations. It remains to
be seen whether the above-mentioned closed system interpretation is also
internally consistent with other mineral-pair fractionations. Temperatures
(using Bottinga and Javoy, 1975) derived from plagioclase-orthopyroxene
oxygeﬁ isotope fractionations average around 773°C (Ra;ge 628 to 914°C),
those for plagioclése-garnet average 1053°C (Range 725-1635°C) while
those - for garnet-biotite average 304°C.(Raﬁge 235-403°C). Examination of
Figure 8.6 reveals that the closed system behaviour outlined above is also

consistent with the temperatures obtained for the plagioclase-orthopyroxene,

plagioclase-garnet, and garnet-biotite oxygen isotope fractionations.
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8.4 Conclusions

From the foregoing discussions, the following points arise:

1. Temperatures calculated from the oxygén isotope mineral fractionations
using the experimentélly derived calibrations of Matthews et al. (1983)
are significantly lower .in absolute value than those determined from the
empirical calibrations of Bottinga and Javoy (1975) or the calibration of

Clayton et al. (1989).

2. The quartz-mineral fractionations in the pelitic rocks imply the following
étder of decreasing temperatures:
quartz-garnet ~ quartz-orthoamphibole > quartz-orthopyroxene >
quartz-biotite ~ quartz-plagioclase. |
This ;equence appears to be true irrespective of whether the empirical
(Bottinga and‘Javoy, 1975), the experimental (Matthews et al., 1983) or

even the theoretical (Kieffer, 1982) temperature calibrations are used.

3. In §-§ plots for the minerals from the pelitic rocks, linear trends with
45° slopes are indicative of closed system behaviour. For the mafic
rocks such linearity is not observed and may suggest open system behaviour

for at least some of the mafic rocks and minerals.

4. No significant difference in oxygen isotope temperatures is evident, for

any mineral-mineral pair, between the various pelitic rock groups.

5. Mineral oxygen isotope fractionations for the mafic rocks are difficult to

185



interpret (see above). For some mafic rocks consideréd to haQe remained
closed systems since peak metamorphism, differences in the plagioclase-

_ hornblende temperatures between rocks sampled from bothvsideskof the
orthopyroxene isograd are observed. Such differences are Interpreted to be
the result of differences in a(H,0) between these rocks, with lower

é(HzO) suggested for the rocks north of the isograd.

6; If the oxygen diffusion experiments performed in hydrothermal systems are
appropriaté for the SMZ rocks, then cooling rates can be estimated at -~12
to 25°C/My over a temperature range of 480 to 600°C.

The involvement oan partial melt phase produced during the p?ograde
metamorphism of the pelitic rocks, in combination with intercrystalline
diffusion of oxygen amongst cogenetic minerals is the mechanism that can bést
account for the above observations. Implications of this mechanism ﬁan be

summarized as follows:

. Prograde partial melting may effectively dehydrate the surrounding rock as water
is partitioned into the melt phase. Removal of water will reduce the oxygen
diffusion rates considerably and thgrefore allow for the preservation of oxygen
iéotope compositions of the product phéses to the partial meltiﬁg processes -
(e.g. garnet and orthopyroxene). Retrograde cooling will eventually result in
the crystallization of partial melts consisting predominantly of quartz and
plagioclase.rIf fhe fluid/rock ratios are.small enough so that the fluids are
not a significant oxygen reservoir relative to the mineral phaseé, then the
qﬁartZ*plagioclase fractionation may reflect crystallization temperatures. The

fluids expelled from thevcfystallizing melts may serve as catalysts for
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intercrystalline diffusion amongst mineral phases. The oxygen isotope effects of
such diffusion amongst minerals in the vicinitybof crystallizing melts will be a
function of their respective oxygen diffusion rates, their modal abundances and
fluid/rock ratios. Thus a mineral sucﬁ as biotite; allowing for relativeiy fast
diffusion rates, may be easily affected as is shown by the agreement in quartz-
feldspar, qﬁartz-biotite and plagioclase-biotite isotope equlibration
temperatures, These temperatures indicate final closure temperatures to oxygen
isotope exchange and thus could represent minimum estimates to crystallization
temperatures. As quartz is generally the most abundant oxygen-bearing phase, the
180 enrichment in quartz may only be small. The quartz-garnet‘temperatures,
therefore, represent minimum estimates to peak-temperature conditions. The
agreement iﬁ temperatures for the quartz, plagioclase, biotite mineral triplet
also.points to small fluid/rock ratios during retrogression. Large fluid/rock‘
rétios, where the fluid becomes an oxygen exchanging réservoir, would tend to
isotopically exchange with the feldspar down to temperatures below thé quartz
and biotite closures, resulting in isotopic disequilibration in the quartz,

plagioclase and biotite mineral triplet,

Removal of some of the partial melts and crystallization of such melts in
the vicinity of mafic rocks elsewhere in the metamorphic pile may cause isotopic
disequilibration in thé immediately adjacent mafic rocks. Isotopic
disequiliﬁration in these rocks is a function of the fluid/rock ratio, the
temperature of fluid infiltration and the isotopic composition of the

infiltrating fluid.
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CHAPTER 9: TOWARDS A METAMORPHIC MODEL

9.1 Amphibolite - Granulite Facies Metamorphism

The ultramafic, mafic and pelitic rocks of this study were largely collected
from a crustal section of the northern Kaapvaal Craton that is characterized by
a transition from amphibolite to granulite facies metamorphic conditions. This
transition is represented by the orthopyroxene isograd (Fig.'s 1.3 and 2.1) and
is defined by thé first appearance of orthopyroxene in pelitic rocks (van
Reenen, 1983). In contrast to the studies of van Reenen (1978, 1983, 1986), the
orthopyroxene isograd is here interpreted to be of a prograde nature (see
Section 3.5, Section 5.5 and 6.5). According to van Reenen (1978; 1986), and
van Reenen et al. (1987, 1988) the high-grade granulite terrane was thrust
southwards onto adjacent lower grade rocks along E-W trending shear zones.
Subsequently, the southern portion of the granulite terrane was subjected to a
C0,-H,0 fluid streaming (van Reenen, 1986; van Reenen et al., 1988) which
resulted in the retrogression of granulites to form the orthoamphibole gneisses
.found south of the orthopyroxene isograd. In the light of the results from this
study, this retrogression by fluid streaming ;s considered incorrect as

explained below (see also Chapter 3).

Upon progressive metamorphism, the fluid release is accompanied by a
reduction in both the porosity and permeability of rocks due to the

recrystallization of the constituent minerals in a rock (e.g. Fyfe et al., 1978;
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Walther and Orville, 1982). Such porosity decreases will, therefore, largely
inhibit retrograde reactions unless fluid access is continuous and voluminous as
is commonly the case along fractures and shear zones. If the orthoamphibole
gneisses were formed by an influx of retrograde CO,-rich fluids into precursor
granulite rocks, then.the complete absence of orthopyroxene ffom the
orthoamphibole gneisses would suggest large fluid-rock ratios and pervasive
fluid flbw. However, the stéble isotope heterogeneity over the scale of 5 to 20
metres, even for samples collected from 51arge scale crustal shear zones" (see
Fig.'s 1.3 and 2.1; also van Reenen et al., 1987) neg&tes large fluid/rock
ratios and pervasive fluid flow. Besides tﬁe oxygen and carbon isotope evidence
for fluid hetérogenéity, large fluid/rock ratios are also discounted on the

basis of fluorine contents in biotite (section 5.4.2).

In a‘recént study on fluid inclusions of the pelitic rocks across the
isograd, van Reenen and Hollister (1988) observed that b;th north and south of
the orthopyroxene isograd, carbonic and aqueous fluid inclusions of similar
éomposition and densities are.found. From this observation they concluded that
the rocks north and south of the isograd were infiltrated by the same fluids,
but only thé rocks in the south were rehydrated by the CO,-rich fluids as they
were coolef compared to the rocks in the north. The cooling of the southern
rocks is bélieved to be conductive cooling as'thesé rocks were thrust over cold
greenstone material, Differential thermal contraction of coexisting mineral
grains in these rocks allowed for the influx of retrograde fluids. However, the
high-density CO, inclusions, the fluids of which are considered to have caused

the retrogression, were found to be more abundant in the rocks north of the

t
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isograd. This suggests that the rocks north'of the isograd must have experienced
a similar or even higher degree of thermal contraction anﬁ therefore cooling.

In addition, the entrapment of the postulated retrogressive fluid as fluid
inclusions within quartz grains wquld suggest that quartz isotopically re-
equilibrated with this fluid, particularly as the P-T conditions implied by the
fluid inclusion data (~640°C; 6kbars; van Reenen and Hollister, 1988) fall

well aBove the closure temperatures for quartz (c.f. Fig. 8.5). Oxygen diffusion
data for feldspars indicates that the feldspar should also have equilibrated
with the retrogressive fiuid. For the rocks north and ﬁouth of the isograd,
however, no significant difference in quartz-feldspaf fractionation was
observed, implyiné that no significant temperature gradient existed between the
rocks on either side of the isograd; This similarity in temperature is also
consistent with the similarity in fluid densities of the fluid inclusions both

north and south of the isograd (van Reenen and Hollister, 1988).

9.1.1 Cation Versus Anion Thermometry

At this st&ge it is interesting to note that the cation geothermometry (see
Chapter 6) does appear to record a temperature gradient between rocks to the
north (peak temperatures of ~730 + 65°C) and the rocks to the south (620 +
50°C) of the orthopyroxene isograd, if the garnet-biotite thermometer of
Perchuk ana Lavrenteva (1983) is used. This is in direct contrast to the
similarity in oxygen isotope fractiomation factors and hence alsorin apparent
isotopic equilibration temperatures, for the same mineral pairs in rocks bqth

north and south of the orthopyroxene isograd. Some possible explanations that
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could account for the discrepancy are the following:

1. The temperature calibrations used for the cation and/or anion thermometry
are either incorrect, or not applicable to the rocks of this study due to
retrograde exchange effects, or variations in factors such as water

activity.

2. The discrepancy is solely a function of the relative diffusion rates of

cations relative to anions.

3. The temperature difference between the peak temperatures for the rocks to
the north and the rocks to the south of the isograd is less than the

average error for the oxygen isotope thermometry.

These will be considered in more detail below.

It is well known that oxygen isotope fractionation amongst coexistiﬁg
minerals is a direct function of temperature and even at high pressures, the
equilibrium fractionation is largely independent of pressure (e.g. Javoy, 1977;
Clayton, 1981; Ewald, 1985). Furthermore, the isotope fractionation factor of a
given mineral pair is generally independent of the bulk rock chemistry and on
the mineralogic constituents~in a rock (e.g. Deines, 1977; Clayton, 1981). In
addition, while the oxygen diffusion rates are critically dependent on the
presence or absence of water, the actual equilibrium mineral-pair fractionatioﬁ
factor at a given temperature is pot dependent on the water content
(e.g. Hatthews et al., 1983). These observations apply irrespective of the
temperature calibration used. Thus\ while different calibrations may provide

different absolute temperatures, the fact remains that both north and south of
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the isograd, fractionation factors for a given mineral pair are the same

(Section 8.2.1).

In contrast, accurate cation geothermometry is critically dependant on a
detailed knowledge of elements that could interfere with the ideal exchange of
cations amongst coexisting phases (e.g. Wood and Fraser, 1977; Essene, 1982).
This is exemplified by a comparison of the different garnet-biotite thermometers
used in this study. Inaccuracies in this thermometer are largely caused by Al
and Ti substitutions for Fe/Mg in biotite and by Ca, Mn substitutions for Fe/Mg
in garnet (Ferry and Spear 1978; Indares and Martignole, 1985). While the Ca and
Mn contents of gérnet in this study are low, the higher A1"! and lower Ti
contents of biotite from the orthoamphibole gneisses may certainly contribute
towards lower garnet-biotite temperatures in these rocks relative to the
granulites (Section 5.4.2 and 6.4.2.2.1). Thus for the garnet-biotite
thermometer of Indares ana’Martignole (1985b), which corrects for Al and Ti
interference on Fe/Mg exchange in biotite, no significant temperature difference
was observed between the orthoamphibole gneisses and the granulites
(Section 6.5). In addition, as described in Section 6.4.2, retrograde Fe/Mg
exchange between biotite and cordierite (or biotite + cordierite and
orthopyroxene) with an observed Mg-enrichment sequence of
cordierite > biotite Siorthopyroxene (~orthoamphibole) > garnet, may cause
retrogfessive Fe-enrichment of biotite in cordierite-bearing rock samples,

resulting in higher apparent garnet-biotite equilibration temperatures in the

cordierite-bearing rocks.
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A more critical evaluation of retrogressive exchange of Fe/Mg requires
knowledge on diffusivities of cation species. The scarce experimental
information avaiiable on cation diffusionvin the phases relevant to this study
is illustrated relative to temperature in Figure 9.1. For both cation and anion
diffusion, the diffusion rates were found to be significantly faster in hydrous
systems. In general, Figure 9.1 suggests that the relative diffusion rates of
‘different ions in the same mineral are a function of their ionic radii. Thus,
faster diffusion rates for relatiﬁely small ions such as Na*, Mg?* and
Fe?* are commonly observed relative to diffusion rates for 0%°, K' and
Rb* ions. By analogy to the relative diffusion rates shown in Figure 9.1,

-Fe/Mg exchange during retrogression amongst ferromagnesian phases such as
biotite and cordierite can then be expected to be faster than the 62' exchange
amdngst biotite, quartz and/or feldspar. For garnet, while Fe/Mg diffusion is
observed to be faster than that of oxygen diffusion (Cygan and Lasaga, 1985;
Freer and Dennis, 1982), in both cases the garnet crystallization temperature is
probably lower than its closure temperatures. This is in agreement with the
absence of retrograde chemical profiles for the garnets of this study -

(Fig. 5.5b). The large compositional variations %hown by both biotite and
cordierite in the rocks of this study (Sectioms 5.4.2 and 5.4.6) can be
explaineﬁ.by crystallization temperatures of these minerals falling above their
diffusional closure temperatures and retrograde centimeter-scale diffusion éf

cations.
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The above diffusion data has some important implications to the

geothermometry of the SMZ rocks:

1. From the presently available diffusion data for both cations and anions,
it Qould appear that the quartz-gafnet temperatufes derived from the
oxygen isotope thermometry may represent the closest estimate of peak
metamorphic temperatures. As it has been shown that quartz has
retrogressively exchanged oxygen with phases such as plagioclase and
biotite, the average quartz-garnet temperature (~736 + 52°C) will
.represent a minimum estimate oniy. However, as quartz is the dominaﬁt
oxygen-bearing species in the pelitic rocks in general, retrograde %0
enrichment in quartz is expected to be relatively small. Thus peak
metamorphic temperatures would not be expected to be significantly higher

than ~736 + 52°C.

2. A.combination of Al and Tivsubstitution for Fe/Mg in biotite and the ease
of retrograde Fe/Mg exchange amongst ferromagnesian phases such as biotite.
and cordierite; could account for the lower garnet-biotite temperatures in
the orthoamphibole gnéisses relative to tﬁe granulitic rocks. Thus if peak
temperature differences did exist between these gneisses and the
granulites, then such differences were probébly less than the average

error on the oxygen isotope thermometry.
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9.2 A Proposed Metamorphic Model

The p:opose&‘métamorphic model for the rocks of the Southern Marginal Zonevis
shown in simplified form in Figure 9.2. Little is known about the low grade
history of the terrane now represented by the SMZ rocks. However, from the
general geochemistry of the various members, it is likely that the SMZ-terrane
may have formed a sequence of deep-water argillaceous sediments and/or
greywackes, overlying an ophio;itic-type mafic-ultramafic crust, similar to that
proposed for other Archaean greenstone belts (Chapter 4; e.g. Hoffman et al.,
1986; de Wit et al., 1987). 1If this is the case, then prograde metamorphic
conditions could have been fluid-rich. The high-grade data from the SMZ récks
support a model where the transition from amphibolite facies rqcks, as
represented by the orthoamphibole gneisses, to the granulite facies focks was
formed in response to lower water activities at similar peak temperature |
c&nditions (~736 + 52°C at 6.1 i 1.5kbars; temperatures at least within error
of the oxygen isotope thermometry). Such‘a lowering is considered to reflect
buffering of H,0 by partial melting’processes similar to those described by
Touret (1971), Phillips (1980), Corbett and Phillips (1981) and Waters and
.Whales (1984). 1In melting experiments performed on starting assemblages of
quartz-plagioclase-biotite, Knabe (1970a, b) and Hoschek (1976) observed the
formation of product phases'such as garnet, orthopyroxene, orthoamphibole and
cordierite. The formation qf each particul#f product mineral phase, or mineral
assemblage, was ascribed to being a critical function of the biotite chemistry,
the oxygen fugacity and small variations in the partial pressures of H,0.

High-grade metamorphism, and therefore the initial melting in the pelitic rocks,
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presumably occured under fluid-present conditions as suggested above. Fluid-
present melting is also consistent with the complete absence of free K-feldspar
froﬁ the pelitic rocks. Under such conditions the e}periments of Knabe ° |
(1970a, b) at P(H,0) = 2kbars, predict that initial melts may be as high as
50% by weight. As H,0 is preferentially partitioned into the granitic melts
fofmed (e.g. Kadik and Eggler, 1975; Mysen; 1976), the fluid phase in
equilibrium with the melt will get enriched in CO, (van Reenen and Hollister,
1988). In addition, subseduent melting may best be described as fluid-absent
‘melting (e.g. Thompson, 1982; Grant,‘i985; Clemens and Vielzeuf, 1987; Waters,
1988). Such melting may explain the small amounts of K-feldspar occuring as
antiperthite in the cordierite-bearing, high MgO rbcks. Partial extraction of
the melts formed will result in the occurrence of some disequilibrium tektures
and incomplete mineral reactions (Chapter 3), as well as in the formation of a
residual rock enriched in FeO+MgO (Chapter 4). Accumulation of a number of
extracted melt pockets can then result in the formation of pegmatitic bodies
with 60 signatures similar to those of the pelitic rocks (Chapters 4 and

7).

Upon retrograde crystallization of melts, the previously adsorbed fluids
will be feleased; Minim@m temperatures of 550 + 56°C for the crystallization
are given by the quartz-plagioclase oxygen isotope temperatures. On.;ﬁe
handspecimen scale, crystallization of small, residual melt pockets within the
pelitic rocks can account for the incipient hydration of cordierite, the
retrogressive growth of an Al,5i0, polymorph and, in the high-Mg rocks,’the

resultant P(H,0) increase may cause the replacement of garnet by orthopyroxene
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and cordierite (van Reenen, 1983). Iﬁ addition, the presencevof such small
amqunts of fluids will greatly énhance the diffusivity of ions, resulting in
cation and oxygen isotopic re-equilibration amongst coexisting minerals that
have not yet reached their closure temperatures (Chapters 6 aﬁd 7). The small
retrograde aluminosilicate crystals were identified by van Reenen (1978) as
kyanite which, together with the.position of the granite solidus (Fig. 9.2), may
suggest nearly isobaric cooling. If the garnet breakdown reaction to form an
orthopyroxene and cordierite is also related to retrogressive fluid release by
the melts, then the similarity in calculated pressures between the cordierite-
garnet granulites and the garnet granulite is also consistent with isobaric

retrogression (Chapter 6).

Removal of some larger-sized melt pockets and crystallization of the melts
in the vicinity of mafic lithologies may theﬁ account for the isotopic
disequilibration among;t mafic mineral phases. Terrane-wide, penetrative
retrogression is, however, inhibited as the bulk of the melts formed were
presumably removed fo higher crustal levels before crystallization. The large
"shear zones" found cross-cutting the high-grade terrane may thus répresent

zones of partial melt accumulation and migration (e.g. Thompson, 1983).

The above proposed P-T-time path for the SMZ rocks is common to many
granulite facies terranes and is suggestive of an underplating by large volumes
of magma (e.g. Bohlen, 1987). Proposed melts for other granulite terranes vary
in composition from being tonalitic-trondhjemitic (e.g. Tarney and Windley,
1977; Waters, 1986), to mafic-ultramafic (e.g. Frost and Frost, 1987; Cohen et

al., 1988). However, unlike the model proposed by Frost and Frost (1987), no
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extensive CO, infiltration is implied by the stable isotope data for the SMZ
rocks. Indeed, the contrasting behaviour observed between the pelitic and the
mafic/ultramafic rocks of this study (Chapters 7 and 8) suggests that there was
no extraneous fluid-infiltration during the high-grade metamorphism of the SMZ
rocks. This implies that the sequence of rocks represented by the Bandelierkop
Formation was deposited on, or intruded into essentially dry "basement rocks",
now represented by the Baviaanskloof gneisses. These gneisses could have
experienced an earlier event of dehydration metamorphism prior to the deposition

of the Bandelierkop Formation.
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CHAPTER 10: HIGH-GRADE METAMORPHISM AND GOLD MINERALIZATION PROCESSES

10.1 Introduction

Currently two models for the origin of Archaean lode gold deposits exist. The
magmatic model (e.g. Burrows et al., 1986; Burrows and Spooner, 1987) is based
upon the close spatial association between plutonic igneous rocks and gold
depositional environments. In this model both gold. and the fluids are derived
from the magmatic intrusive as evidénced by mineralogic, fluid inclusion and
stable isotope information., The metamorphic model (e.g. Kerrich and Fyfe, 1981;
Groves et al., 1985) postulates that metamorphically degassed fluids leach a
sufficient amount of gold from source rocks and precipitate it by reaction with
suitable country rocks. The ore fluid and ore components are derived by
devolatization of a metamorphic pile with no significant bartial meiting taking
place. For the latter model, the fluids are commonly considered to be derived
from greenschist-amphibolite facies devolatization. Recent work in the Superior
" Province of Canada, has led to a thifd model which largely combines magmatic and
high-gradé.metamorphic processes (Colvine et al.; 1988; Fyon et alp, 1988). In
the latter model it is suggested that the introduction of goid , C0,, H,0

and other incompatible elements (K, S - e.g. Phillips et al., 1987) into
specific structural sites was part of a complexksequence of events involving
mantle diépirism coupled with crustal melting, granulitization and tectonism.
While no constraints are placed on the mode of transport for the gold and

associated incompatibles and volatiles, it is suggested in this latter model
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that gold is partitioned into anatectic magmas derived from crustal and/or
mantle material. Crystallization of these magmas in the mantle and in the crust
wili release the magmatic fluid in which gold and the accompanying elements are
dissolved. This fluid, in tﬁrn, gets focussed into large scale structures. It is
also suggested that the lower crust, particularly the zone of granulitization,
presents a large enough source reservoir to satisfy the gold budget (Fyoﬁ et
al., 1988). Studies by Sighinolfi and Santos (1976) and Cameron (1989) showed
.that granulite facies rocks are significantly depleted in gold with respect to

lower metamorphic grade equivalents and other crustal rocks (Crocket, 1974),

The granulitization model for the SMZ rocks As represented in this study
would be in good agreement with the above proposed "lower crustal maturation .
processes" (Fyon et al., 1988; Colvine et al.,v1988). The relevance of the
metamorphic model proposed for the SMZ rocks to gold mineralization processes,
is therefore worth examining further, particularly as various gold
mineralization occurrences exist both in the high-grade area (e.g. on the farm
Borkum 143 LS and the Harlequin Mine on farm Goedgenoeg 185 LS - Hammerbeck,
1976) and in the adjacent granite-greenstoné terranes (e.g. goldmines of the

Pietersburg, Murchison and Sutherland greenstone belts - Hammerbeck, 1976).
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10.2 Composition of Hypothetical High-Grade Mineraiizing Fluids

10.2.1 Fluid Species and CO,/H,0 Ratios

The metamorphic model proposed for the SMZ rocks in Chapter 9 suggests the
internal derivation of fluids under conditions of low fluid/rock ratios. This
imposes constraints on the isotopic composition ;f the fluids. Furthermore, in
section 7.4 it was argued that the presence of graphite flakes within the
'pelitic rocké has important controls on the chemistry of the fluid phase
present. Thus while CH, is'commonly described to be the predominant carbon-
bearing phase for temperatures up to 500°C, for temperatures exceeding

500°C, Co, predomina;és. At temperatures of around 700°C to 800°C

(i.e. approximate peak metamorphic temperatures), the CH, content is
‘negligible compared to CO, and, in addition, the mole-fraction of H,0 may be

as small as 0.25 at fluid pressures of 2kbars and quartz-fayalite-magnetite
buffering (Eugster and Skippen, 1967;.Ohmoto and Kerrick, 1977). At the onset of
‘granite minimum melting, and therefore migmatization, Ohmoto and Kerrick (1977)

célculated minimum X(H,0) values of 0.1 to 0.2 for a fluid phase coexisting

with the melt.

It is well known that anatectic melts, or granitic melts in gengral,
 disSo1ve”more H,0 tﬁan C0, as the solubility of CO, is less than H,0 in
such melts (Kadik and Eggler, 1975; Mysen, 1976). Mysen (1976), for example,
estimates maximum X(CO,) values of 0.48 in silicate melts (i.e. CO,/H,0

ratio ~ 1.0). Because of the lower CO, solubility in granitic melts, such
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melts also become more easily saturated in CO, relative to H,0 (e.g. Cameron
and Hattori, 1987).-Iherefore, upon crystallization, the first fluid released
from the melt can be highly enriched in CO, while fluids released during
subsequent crystallization become more H,0-rich. The C0,/H,0 ratios of the
fluids released from melts may therefore be variable, but on average are
'estimatéd at around 1.0 or less. The implications of variable C0,/H,0 ratios

will be discussed below.

10.2.2 Oxygen Isotope Compositions of Fluids

In Figure 10.1, the approximate average range for §%0 values compositions of
carbonate and quartz are given as analyzed from mineralized Archaean lode gold
deposits in the Murchison and Pietersburg greenstone belts (Smith, 1986; 1987),
and from various Canadian gold deposits (Kerrich, 1986 a, b). Temperatures of
deposition are commonly estimated to be in the range of 250°C to about 400°C
(e.g. Pretorius et al., 1986; Kerricﬁ and Fyfe, 1981; Smith et al., 1984; Ho et
al., 1985). The shaded curves in the diagram represent the oxygen isotppe values
of carbonate and quartz precipitated from CO, and H,0 respectively, where

thege fluids were in isotopic equilibrium with the high-grade minerals. The
H,0 oxygen isotope value was calculated from the quartz-water fractionation
curves given in Friedman and Q'Neil (1977) resulting in an average §1%0 value
of 9.7% and a standard deviation of 0.9%Z. (range 8.5 to 11.7% ) at

560°. The CO, oxygen isotope value was calculated by combining the CO,-
'calcite and calcite-}hb fractionation curves given in Friedman and 0'Neil

(1977) at temperatures of 560°C to obtain both a C0,-H,0 fractionation
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curve and a C0O,-quartz fractionation curve at high temperatures (see

Appendix D). The average §'% for €0, in equilibrium with thé pelitic

quartz is 18.1% (s.d. = 0.9%. and range 17.0 to 20.1%. ). The

temperature of 560°C represents the approximate quartz-plagioclase-biotite
closurevtemperature after crystallization and therefore the final equilibration
of the fluids with the anatectic melts in the high-grade terrane. Fluid
isotopic compositions were considered to remain constant during the
precipitation of quar£z and carbonate as depositional env;ronments are
characterized by high fluid/rock ratios (e.g. Kerrich and Fyfe, 1981; Phillips

et al., 1987).

From Figure 10.1 it can cleariy Se recognized that neither H,0 nor CO,
have the appropriate isotope characteristic to be able to precipitate quartz or
carbonate with the isotope values that are observed for these minerals in the
mineralized greenschist facies shear zones. However, fluid inciusion evidence
from Archaean léde gold deposits indicate mineralizing fluids of varying
C0,/H,0 ratios, low salinitieg (<4wtZ equivalent NaCl) and only in‘some
special cases the presence of minor CH, (e.g. Kerrich and Fyfe, 1981; Smith et
al., 1984; Ho et al., 1985; Pretoriu#het‘al., 1986). While some fluid inclusion
work suggests nearly pure CO, fluids (e.g. Burrows and Spooner, 1987; Brown, '
1986), more common}y COZ/HZO moie ragios of 0.03 to 0.5 are quoted (Kerrich
and Fyfe, 198l; Smith et al., 1984; Ho et al., 1985; Pretorius et al., 1986).
From the ubiquitous presence of CO, in mineralizing fluids, it seems
reasonable to suggest that the minerals precipitating from the ore fluids

(i.e. quartz and carbonate) may derive their’oxygen both from the CO,- and the
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H,0-component in the fluid. In Table 10.1 the fluid 60 compositions have
been calculated for various C0,/H,0 mole ratios using the averége high-grade
(560°C) 60 values of 9.7% for H,0 and 18.1%Z for CO,. Given
- the CO,/H,0 mole ratio and the corresponding bulk fluid §'%0 value, then

the relevant 61BO(HZO) and SIBO(COZ) values at temperatures lower than

560°C can be calculated from C0,-H,0 fractionation curves (see Appendix D
for derivation of a higﬁ temperature C0,-H,0 fractionation curve). The
values of §®0(quartz) and 6§'®0(carbonate) precipitating from such mixed
C0,-H,0 fluids can then be computed, and as CO, and H,0 were calculated

to be in equilibfium with each other, the quartz and carbonate will be in
equilibrium with both the H,0 and the CO, in the mineralizing fluid. The
recent oxygen isotope calibration of Clayton et al. (1989) for the quartz-
calcite fractionation predicts A(quartz-carbonate) values of about 1.1%Z. at
350°C. This is in reasonable agreement with the 1.5% fractionation
obtained via the above described method (Table 10.1). For the purpose of the
following discussion, the derivation of §'%0 values for quartz and carbonate
in mineralized zones as outlined above, is therefore considered to be

acceptable.

The results given in Table 10.1 for 350°C are summarized in Figure 10.2.
In this Figure, the observed 680 values for quartz and carbonate, as also
shown in Figure 10.1, are represented by the horizontal lines, whereas the
§%0(quartz) and §'%0(carbonate) values, calculated for varying values of
CO,/H,0 at 350°C, are given by the lines shown at an angle to the

horizontal lines. A temperature of 350°C was chosen as representing an
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eétimated average temperature of mineralization (Kerrich and Fyfe, 1981; Smith
et al., 1984; Ho et al., 1985; Pretorius et al., 1986). For decreasing
temperatures the quartz aﬁd carbonate ﬁrecipitation cur§es will rotate towards
steeper slopes in a clockwise fashion. The results of these calculations can be

summarized as follows:

1. At precipitation temperatures of 350°C the minimum CO,/H,0 mole
" ratios that can precipitate carbonate and quartz of equivalent isotopié
compositions to those found for these minerals in lode gold deposits can
be estimated to be 0.1 and 0.3 respectively. Maximum CO,/H,0 mole

ratios for carbonate and quartz are 3.5 and 8.5 respectively.

2. At correspondingly lower temperatures of precipitation, the minimum values

- will be increased, while the maximum values will be decreased.

3. Average CO,/H,0 ratios expected from fluids in equilibrium with the
high-grade pelitic rocks can range from very low values up to maximum
values of about 10 (section 10.2) and would therefore appear‘to be in good

agreement with the ranges indicated by Figure 10.2 (see 1 above).

4. 1If anatectic melts are involved during fluid'transfers, then the average
maximum range of CO,/H,0 of 1 (section 10.2) would also appear to be

in reasonable agreement with the ranges 'indicated by 1 above.

5. The range in C0,/H,0 ratios from ~0.1 to 10 is also in agreement with
C0,/H,0 mole ratios of up to about 0.5 as deduced from fluid inclusion

studies elsewhere.
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10.2.3 Carbon Isotope Compositions of Fluids

It was suggested earlier that, if the mineralizing fluids are derived from the
high-grade terrane at temperatures of 560°C, tﬁen CO? will be the major
carbon-bearing phase. This is most certainly the case if the release of fluid
is related to the crystallization of anatectic meits formed close to peak
metamorphic temperature conditions (~730°C; Eugster and Skippen, 1967; Ohmoto
and Kerrick, 1977). The CO,-rich character of the high-grade fiuid is also
evidenced by fluid inclusion work on the SMZ high-grade terrane and granulite
facies terranes in general (e.g. Touret, 1971; van Reenen and Hollister, 1988),
€O, in equilibrium with graphite both Qithin the metasediments and thé
pegmatites shows a range in §°C values at 560°C of -5.9 to +3.0%

(Friedman énd 0'Neil, 1977).‘This range in calculated 613C values for fluid

CO, is in excellent agreement with tho#e calculated for carbonates from the
Murchison greenstone belt, as well asbthose calculated from carbonates in other
Archaean lode gold deposits, which commonly show 613C(C02) values ranging |
from +4 to -6%=‘(Smith, 1986; Golding and Wilson, 1983; Burrows et al., 1986;

Burrows and Spooner, 1987; Groves et al., 1988).

10.3 Discussion and Conclusions

In view of the large number of uncertainties involved, such as source-rock
CO;/H,0 estimates, temperatures of ore deposition, molar CO,/H,0
variations during deposition of quartz and carbonate, late stage alteration of

mineral compositions during secondary fluid infiltrations, etc., the above
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agreement is promising and may be taken to indicate that CO0,/H,0 mixed

fluids derived from the high-grade terrane are possible candidates for Archaean
lode gold deposits. Furthermore, the importance of considering both CO, and

H,0 when calculating "mineralization fluid" isotopic compositions is clearly

emphasized.

During the prograde métémorphism of a sequence of rocks such as may be
represen;ed by a greenstone belt sequence, ﬁost of the fluid release will occur
during the greenschist to amphibolite facies transition (e.g. Winkler, 1976). It
is therefore commonly argued, that gold-mineralization fluids are predominantly
derived from metamorphic devolatization at greenschist to amphibolite facies
transitions (e.g. Kerrich and Fyfe, 1981; Phillips et al., 1987). However, there
are several advantages of fluid derivation from a high-grade source,
particularly if hydrous melting is involved. In a recent study‘onvfluid flow in
metamorphic rocks, Ferry (1987) concluded that, with increasing metamorphic
grade, the fluid flow becomes less channelized and more pervasive. If this is
the case, then the pgrtial melts formed at high-grade metamorphism effectively
absorb large amounts of fluid from the adjacent high-grade lithologies, thereby
dehydrating the terrane (e.g. Lamb and Valley, 1984). In addition, sucﬁ
anatecticrmelts could incorporate potassium and sulphur provided by the
breakdown of phases such as biotite and sulphide. Extraction of these melts from
the high-grade tefrane and emplacement into upper-crustal zones of structural
weakness (e.g. shear zones), could then provide an:optimal transporting medium
for the fluids, gold and associated elements., Crystallization of these melts

will then release the fluids and associated elements more effectively, that is

- 207



in a more concentrated manner, than greenschist to amphibolite transition
dehydration. The level of crystallization of the melts within the crust will be

a function of their composition, in particular their H,0 contents.

To conclude, a "lower crustal maturation" model similar to that proposed by
Colvine et al. (1988), presents a viable model for the interpretation of gold
deposits in-greenstone belts adjacent to the SMZ, and also for the small scale
gold occurrences within the high-grade terrane (i.e. residual melt
crystallization). Future work should focus on geochemical, stable isotopic and
fluid inclusion studies both on the high-grade deposi£ and on several deposits

immediately adjacent to the high-grade terrane.
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CHAPTER 11: SUGGESTED FUTURE WORK

Although this study is certainly not intended to represent a comprehensive

account of the metamorphism in the Southern Marginal Zone of the Limpopo belt,

the conclusions presented point towards some new ideas regarding the high-grade

metamorphism of the Bandelierkop Formation rocks. Future work may aid in

refining the proposed metamorphic model. Such a model can then provide a good

background for future studies on mineralizations occuring within the high grade

terrane and also adjacent to this terrane. The following are some points which

are considered to be important guidelines for future work:

1.

The importance of partial melting processes both on a small scale

(e.g. mineralogic scale) and on a large scale (e.g. shear éones or terrane
scale). Not only may the crystallization of small melt pockets left withiﬁ
the pelites result in the breakdown of garnet to cordierite and
orthopyroxene, but the removal of larger amounts of melts may cause bulk
compositional shifts paralleling the shifts observed for the Fe/Mg
relationships in constituent mineral phases (see van‘Reenen, 1983). On a
larger scale the "shear zones“‘as given by van Reenen et al. (1987) may
represent zones of partial melt accumulation and migration (e.g. Thoﬁpson,
1983). Further geochemical and stable isofope ﬁork on the migmatites,
pegmatites and the shear zone components (melts, xenoliths, etc.) may help

to establish the importance of melting pfocésses (e.g. Sawyer, 1987).

Detailed work on the structural, metamorphic and geochemical relationships
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of the Baviaanskloof gneisses (basement gneisses?) to the members of the
Bandelierkop Formation is important before any large metamorphic model can
be established (e.g. Watkeys, 1986). In addition, detéiied geochemical
studies on the mafic, ultramafic and pelitic rock suites are needed in
order to test whether the former two rock suites were of briginally
intrusive or extrusive origin and whether the Bandelierkop Formation as a

whole may represent an ophiolitic-type sequence.

Independent de;erminations on water activities (a(H,0)) across the
amphibolite-granulite transition may help in establishing whether this
transition is related to initial a(H,0) differences only (e.g.

Glassley, 1980; Valley and 0’Neil, 1984; Waters and Whales, 1984), or is
temperature related only, or both temperature and é(HZO) related (e.g.
Phillips, 1980). A promising method could involve mineral solid solutions

(e.g. Rumble, 1976; Bhattacharya and Sen, 1986; Lamb and‘Valley, 1988).

With the aid of more qualitative information on diffusion for cations and
énions in various mineral phases, retrograde ion or element exchange in
various systems can be re-evaluated. This not only has important
consequences on interpretations of pressure-temperature conditions, or on
oxygen isotope exchange, but méy also prove useful for geochronological.
work (e.g. Hopgood et al., 1983; Cliff, 1985). In this regard the garnet-
biotite gneisses, garnet granulites and pegmatites could be of particular
interest as these rocks have a relatively simple mineralogy and are not
complicated by retrograde gérnet breakdown. Rb/Sr techniques on pelitic

biotites and plagioclases may provide retrograde crystallization/closure
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ages whereas Sm/Nd techniques on garnet, orthopyroxene and orthoamphibole
may provide peak metamorphic formation ages. These rocks may also prove

important for peak pressure-temperature determinations.

5. Further precise graphite and possibly ultramafic, metamorphic carbonate
§13C determinations in addition to D/H stable isotope work should prove
useful for discussions on the importance of carbon-bearing and hydrogen-
bearing fluid speciés during metamorphism. In addition such work, combined
with detailed geochemical studies in ﬁineralized lode deposits both within
and adjacent to the high grade terrane (e.g. stable isotope work on fluid
inclusions and their host minerals) could contribute towards resolving the
controyersies regarding metamorphic versus igneous gold mineralization
models (e.g. Groves et al., 1985; Burrows et al., 1986; Colvine et al.,
1988). Implicit to such a resolution are detailed geochronological

studies (e.g. Marmont and Corfu, 1988).

In summary, the Southern Marginal Zone provides a good terrane for a number
of detailed studies that are of current interest to the larger scientific and

industrial communities.
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