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Thesis abstract

The alternation between summertime nitrate drawdown and wintertime nitrate recharge is
central to the role of the Southern Ocean in setting atmospheric CO2. However, active cycling of
nitrogen (N) in the seasonally-varying mixed layer — including the production of ammonium and
its subsequent removal via phytoplankton uptake and nitrification (i.e., the oxidation of
ammonium to nitrite and then nitrate) — remains poorly understood. Following the “new
production paradigm”, phytoplankton production fueled by ammonium (“regenerated
production”) results in no net drawdown of CO: to the deep ocean, while growth supported by
nitrate (“new production”) can be equated to CO2 removal provided that mixed-layer nitrification
is negligible. While non-zero mixed-layer nitrification has been measured in many ocean regions,
very few data exist for the Southern Ocean. This thesis presents new N cycle data collected across
the Southern Ocean south of Africa in winter and summer that emphasize the integral role of
mixed-layer N transformations in Southern Ocean productivity and biological CO2 drawdown.

To evaluate the new production paradigm as a framework for quantifying Southern Ocean
carbon export potential, rates of net primary production (NPP), N uptake (as ammonium and
nitrate) and nitrification (ammonium and nitrite oxidation) were measured across the Atlantic
sector in winter and summer. Winter mixed-layer NPP and total N (i.e., ammonium + nitrate)
uptake were strongly decoupled, likely due to elevated heterotrophic bacterial consumption of
ammonium. In summer, NPP and total N were generally well-coupled, although dissolved organic
N apparently supported more than a third of NPP at some stations. Nitrification accounted for
>100% of the nitrate consumed by phytoplankton in winter, rendering the new production
paradigm ill-suited for quantifying carbon export in this season. By contrast, of the >50% of
summertime NPP fueled by nitrate, <4% on average derived from mixed-layer nitrification. While
the near-zero mixed-layer nitrification rates measured in summer could be taken as confirmation
that nitrate uptake is a good proxy for Southern Ocean carbon export potential, a portion of the
nitrate consumed in the summertime euphotic zone was produced in the winter mixed layer and
will thus not support net carbon dioxide removal on an annual basis.

Despite the high rates of ammonium uptake and oxidation measured in winter Southern
Ocean surface waters, mixed-layer ammonium concentrations remain fairly high, indicating an
imbalance between ammonium production and consumption. Kinetics experiments conducted
across the Indian sector (37-62°S) reveal a seasonal switch from a phytoplankton community with
a high affinity for ammonium in summer to one with a lower affinity in winter, even though

phytoplankton at similar latitudes achieved a comparable maximum specific ammonium uptake

XV



rate in summer and winter. Rates of ammonium oxidation showed a Michaelis-Menten response
to substrate availability only when the ambient ammonium concentration was <90 nM. This,
coupled with half-saturation constants (Km values) of 28-137 nM (i.e., indicating a very high
affinity for ammonium) suggest a dominant role for ammonia oxidizing archaea in mixed-layer
nitrification. The maximum rate of ammonium oxidation was near-constant across the transect
(37-62°S), despite a significant gradient in sea surface temperature, light availability and
ammonium concentration, perhaps due to iron limitation of ammonium oxidation, which has been
hypothesized from culture experiments but not yet shown in the environment. It is possible that
iron depletion in the surface Southern Ocean may limit the role of winter mixed-layer nitrification
in offsetting phytoplankton CO. drawdown annually.

To better understand the controls on nitrifier ecology in the surface Southern Ocean, a
series of nitrite oxidation kinetics experiments were conducted across the Indian sector (37- 62°S)
in winter. All experiments yielded a Michaelis-Menten relationship with substrate concentration,
yet the nitrite oxidation rates only increased significantly at nitrite concentrations >115-245 nM,
suggesting that nitrite oxidizers require a minimum (i.e., “threshold”) nitrite concentration to
produce nitrate. Low derived Kn values (134-403 nM) that increased with increasing ambient
nitrite indicate a high affinity of nitrite oxidizers for substrate, in contrast to results from culture
experiments. Throughout the Southern Ocean mixed layer, ambient nitrite concentrations are
rarely less than 150 nM, regardless of season. Coincident measurements of ammonium and nitrite
oxidation in the mixed layer suggest that nitrite oxidation is the rate-limiting step for nitrification
in the winter Southern Ocean. This, combined with a possible nitrite concentration threshold for
nitrite oxidation, may explain the perennial non-zero mixed-layer nitrite. A possible explanation
for the apparent threshold nitrite requirement of nitrite oxidizers is undersaturation of the heme-
rich nitrite oxidoreductase enzyme, perhaps driven by the limited availability of iron in Southern
Ocean surface waters.

The findings described in this thesis yield new insights into the active cycling of N within
the Southern Ocean’s mixed layer, and particularly emphasize the need for seasonally-resolved
parallel N- and iron cycle investigations to fully understand the role of nitrification in biological
CO2 removal and N supply. Climate change-driven warming and acidification of Southern Ocean
surface waters is already driving changes in microbial community composition, nutrient supply,
and primary productivity. If we are to better predict the Southern Ocean’s future role in CO2
sequestration and global ocean fertility, an improved understanding of the controls on mixed layer

N cycling, particularly nitrification, is essential.

XVi



Chapter 1: General introduction and thesis overview
1.1 Marine productivity and the biological carbon pump

The ocean is the largest active reservoir of carbon on Earth (Emerson and Hedges 2008), and
absorbs and stores large amounts of anthropogenic carbon dioxide (CO.) (Takahashi et al.
2002). The biological removal of carbon from the surface waters is made possible by the
ocean’s biological carbon pump (Volk and Hoffert 1985). This mechanism involves the
fixation of atmospheric CO2 during photosynthesis by phytoplankton, the microscopic plants
that inhabit the sunlit upper layer of the ocean (the “euphotic zone) and are responsible for
~50% of global primary productivity (Field et al. 1998). Photosynthesis by phytoplankton,
supported by nutrients such as nitrogen (N), phosphorus (P; mainly as phosphate, PO4+%) and
iron, results in the production of particulate organic matter (POM; including particulate organic
carbon and N) that supports higher trophic levels. A small percentage of the POM escapes
recycling in the euphotic zone to sink into the deep ocean, where it remains for decades to
centuries, with a tiny fraction eventually buried in the sediments (Volk and Hoffert 1985). The
biological pump links the carbon cycle with other biogeochemical processes such the uptake
of inorganic N (and P) by phytoplankton (which decreases CO2) and the remineralization of

organic N (and P) back to its inorganic forms (which increases COy).

The “new production paradigm” is a useful framework for examining the potential for
phytoplankton-produced carbon to be exported from the euphotic zone. First proposed by
Dugdale and Goering (1967), the new production paradigm defines the growth of
phytoplankton on nitrate (NOz") originating below the euphotic zone, augmented by N>
fixation, as “new production”, while growth on ammonium (NH4") and other recycled N forms
is termed “regenerated production”. Over sufficient time and space scales, new production
must be balanced by the flux of POM out of the euphotic zone (i.e., “export production”), which
maintains the sequestration of CO: in the ocean interior (Dugdale and Goering 1967; Eppley
and Peterson 1979). NOs™ assimilation by phytoplankton is thus a key determinant of the
ocean’s biological carbon sink, and exclusively so in high-latitude regions where N fixation

is not favoured (Gonzélez et al. 2014; Raes et al. 2020; Horstmann et al. 2021).

The f-ratio (shorthand for “flux ratio”) is a metric commonly employed to evaluate the
contribution of new production to total production (i.e., new + regenerated production), and

thus the fraction of primary production exported from the euphotic zone (Eppley and Peterson
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1979). Oceanic regions that are dominated by regenerated production contribute little to the
export of carbon from surface waters and hence, are characterized by low f-ratios, while the
opposite is true for regions where new production dominates. The application of the new
production paradigm as first defined, where new production is equated to NOz™ uptake and
regenerated production to NH4" uptake, relies on certain assumptions, such as negligible N2
fixation and atmospheric N deposition (both new N sources), no uptake of dissolved organic
nitrogen (DON; a complex mixture of regenerated N forms), and negligible euphotic zone
nitrification (which results in the production of regenerated NO3") (Dugdale and Goering 1967).
When euphotic zone nitrification and/or DON uptake overlap with NO3™ and NH4* assimilation,
the application of the new production paradigm as a framework for estimating export
production becomes complicated (e.g., Bronk et al. 1994; Yool et al. 2007). For example,
failing to account for regenerated NO3™ produced by euphotic zone nitrification has been shown
to cause an overestimation of new (and thus export) production by >50% (Yool et al. 2007),
while not measuring DON uptake may result in regenerated production being underestimated
by up to 70% (Bronk et al. 1994).

1.2 Research location: The Southern Ocean

1.2.1 Southern Ocean hydrography

The regional focus of this thesis is the open Southern Ocean, defined here as the waters south
of the Subtropical Front and north of the Continental Zone, where seasonal variations in light
and temperature coincide with large oscillations in primary productivity (Arrigo et al. 2008).
The large-scale circulation of the Southern Ocean is dominated by the eastward-flowing
Antarctic Circumpolar Current (ACC), which fully encircles Antarctica. The ACC divides the
Southern Ocean into frontal zones (the Subantarctic Zone (SAZ), Polar Frontal Zone (PFZ)
and Antarctic Zone (AZ)) via its associated hydrographic fronts (the Subantarctic Front (SAF),
Polar Front (PF) and Southern ACC Front (SACCF)) (Figure 1.1; Whitworth and Nowlin 1987;
Orsi et al. 1995). The northern boundary of the SAZ is demarcated by the Subtropical Front
(STF), while south of the SACCF is the Southern Boundary (SB), which is defined as the
southernmost extent of Upper Circumpolar Deep Water (UCDW), although it is not a
dynamical front (Talley et al. 2011).
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Figure 1. 1: Schematic showing the climatological positions of the Southern Ocean fronts; STF, SAF, PF, SACCF
ASF (Antarctic Slope Front) and SB (Southern Boundary), and their respective frontal zones (Orsi et al. 1995a).
The focus of this thesis are the waters south of South Africa between 36°S and 62°S and 8.7°E and 30°E. Figure
taken from Talley et al. (2011).

The STF divides the STZ and SAZ and is considered the northern boundary of the SAF (Deacon
1982; Orsi et al. 1995a). The currents associated with the STF can be thought of as extensions
of the western boundary currents in each basin (Graham and De Boer 2013); in the case of the
African sector, the STF is associated with the Agulhas Return Current (Lutjeharms and
Ansorge 2001). The STF is a region of high temperatures and salinity, which contribute equally
to the formation of the mixed layer (Pollard et al. 2002). This region has low surface nutrient
(i.e., NOg3) concentrations, with nutrients supplied to the STF via northward-flowing
Subantarctic Surface Water (SASW), which is underlaid by Subantarctic Mode Water
(SAMW) that can be penetrated by the thick wintertime mixed layers of the STZ (Talley et al.



2011). Nutrient-poor Subtropical Surface Water (STSW) is also entrained into the STF from
the north (Smythe-Wright et al. 1998).

The SAF forms the southern boundary of the SAZ, which is considered the largest frontal zone
of the ACC (Orsi et al. 1995a; Pollard et al. 2002). The upper SAZ water masses include
Subantarctic Surface Water (SASW), which can extend as deep as 500 m, and Subantarctic
Mode Water (SAMW), which forms near the SAF due to wintertime cooling and mixing of
SASW and STSW (Hanawa and Talley 2001). SAMW appears as a thick layer of near-uniform
properties (Talley et al. 2011) that subducts in the SAZ and flows northwards to become part
of the permanent pycnocline, ultimately enriching the surface waters of the subtropical gyres
with nutrients(Toggweiler et al. 1991; Sarmiento et al. 2004; Marinov et al. 2006; Downes et
al. 2011; Talley et al. 2011) Beneath SASW and SAMW flows Antarctic Intermediate Water
(AAIW), which is thought to form from the sinking of Antarctic Surface Water (AASW) across
the SAF. AAIW is an unusually low-salinity water mass that can still be observed as far as 10-
20°N in the Atlantic and ~5°S in the Indian Ocean (Talley et al. 2011). AAIW is underlaid by
Upper and Lower Circumpolar Deep Water (UCDW and LCDW, respectively) and Antarctic
Bottom Water (AABW), the latter formed in the Weddell and Ross Seas (Orsi et al. 1999). In
the SAZ, temperature plays a dominant role in the formation of the mixed layer compared to
salinity (Pollard et al. 2002), and nutrients are supplied through vertical mixing with the
underlying thermocline and large-scale Ekman transport of surface waters (AASW) originating
in the AZ (McCartney 1975; Gordon et al. 1977; Sigman et al. 1999; Sarmiento et al. 2004;
Swart et al. 2015).

The PF forms the boundary between the PFZ and the AZ and is located centrally within the
ACC. The PFZ between the PF and the SAF is a highly dynamic region characterized by a
sharp transition from near-isothermal SASW to the warmer, saltier waters of the SAF (Gordon
etal. 1977; Talley et al. 2011). The PFZ hosts numerous strong eddies formed from meanders
of the PF and SAF (Savchenko et al. 1978) that contribute to heat exchange between the north
and the south (Talley et al. 2011). The water masses of the PFZ include AASW, UCDW,
LCDW and AABW. Surface nutrients are advected northwards from the AZ and into the PFZ
through Ekman transport of AASW (Sigman et al. 1999; Sarmiento et al. 2004). Additionally,
the PF is characterized by Ekman upwelling that brings nutrients to the surface (Hense et al.
2003; Meskhidze et al. 2007). This upwelling of nutrients is due to strong winds that drive the
upwelling of UCDW (Whitworth and Nowlin 1987).



The AZ is located south of the PF and is divided by the SACCF into a northern and southern
domain, the Open AZ and Polar AZ, respectively (Talley et al. 2011). The OAZ is permanently
ice-free while the PAZ is characterized by seasonal ice cover (Whitworth 1980; Orsi et al.
1995a). The AZ has similar water masses to the PFZ, although the SACCF denotes the southern
extent of UCDW (Talley et al. 2011) such that while UCDW underlies the OAZ surface, this
water mass is largely absent from the PAZ, the surface layer of which is underlain by LCDW
(Whitworth and Nowlin 1987; Sigman et al. 1999; Difiore et al. 2010). LCDW is higher in
salinity and oxygen and lower in NO3z™ than UCDW because it incorporates some North Atlantic
Deep Water (Whitworth and Nowlin 1987). The formation of a temperature minimum (T min)
layer in the summertime AZ is a common phenomenon whereby the wintertime low-
temperature surface layer becomes the subsurface water mass beneath the summer mixed layer
(Gordon et al. 1977; Toole 1981). The Tmin is sometimes described as a summertime record of
winter conditions, reflecting the initial state from which the surface AZ evolves over the course
of the summer (Altabet and Francois 2001; Difiore et al. 2010). Nutrients are supplied to the
AZ surface from depth through UCDW upwelling driven by Ekman divergence, as well as
winter cooling and sea-ice formation (the latter in the PAZ) that cause the mixed layer to deepen
(Orsi et al. 1995a; Pollard et al. 2002; Talley et al. 2011). Seasonal mixing-driven trace metal
dynamics are enhanced in the AZ, with increased iron concentrations observed during
spring/summer due to the melting of sea ice and migrating icebergs (Cefarelli et al. 2011; Lin
et al. 2011; Vernet et al. 2011; Lannuzel et al. 2016).

The marginal ice zone (MI1Z), which includes the PAZ (Orsi et al. 1995a), is a biologically-
active zone of unconsolidated sea-ice cover (e.g. Squire, 1998). The MIZ is a hydrodynamically
and biogeochemically complex region in the Southern Ocean and is extremely variable
throughout the seasons, showing seasonal waning and waxing in terms of area of hundreds of
thousands of square kilometres (Parkinson 2014). The MIZ extent reaches minimum values in
summer (~1.8 million km?) (Turner et al. 2017; Meehl et al. 2019), while in late winter, sea-
ice extent reaches a maximum (~12 million km?) (Parkinson 2014; Massonnet et al. 2015;
Turner et al. 2017). The melting of sea ice in spring and summer has been reported to be
accompanied by phytoplankton blooms due to freshening that stratifies the upper layer and an

enhanced supply of iron (Lancelot et al. 1993; Lannuzel et al. 2016; Tedesco et al. 2019).



1.2.2. Southern Ocean carbon and nutrient cycling

The absorption and storage of CO; in the ocean is facilitated by two processes: 1) the solubility
pump and 2) the biological pump (Volk and Hoffert 1985). The solubility pump is the physico-
chemical mechanism that transports dissolved inorganic carbon (DIC) into the deep ocean from
the surface, helping to maintain the ocean’s vertical gradient of DIC and facilitating the storage
of CO; at depth (Volk and Hoffert 1985). The solubility pump is driven by the solubility of
CO- in seawater, with more CO> dissolving at colder temperatures, combined with the ocean’s
thermohaline circulation, which involves deep-water formation at high latitudes and the
subsequent transfer of surface CO- to depth in these waters. In the open ocean, about 35% of
the surface DIC transport to depth occurs by the solubility pump (Toggweiler et al. 2003), with

the remainder due to the biological pump.

In the Southern Ocean, the contribution of the solubility pump to CO. uptake differs with
season and region (Metzl 2009; Lenton et al. 2013). The solubility pump in the SAZ is
dominated by winter CO. uptake driven by low sea-surface temperatures, while summer is
characterized by slight outgassing of CO> due to increased temperature (Mongwe et al. 2016;
2018). By contrast, south of the PF, most of the year is dominated by the outgassing of CO>
because of the upwelling of deep waters rich in CO2 (Metzl et al. 2006; Mongwe et al. 2016;
2018). The action of the solubility pump is overprinted by that of the biological pump, however,
and it is the combination of the two that yields the seasonal cycle in air-sea CO2 exchange. The
biological pump is most effective in the Southern Ocean during the spring and summer seasons
as compared to winter. During the growing season (spring/summer), both the SAZ and AZ are
strong net sinks for CO>, with the biological pump dominating over the solubility pump (Gruber
et al. 2009; Takahashi et al. 2009; Majkut et al. 2014; Mongwe et al. 2016; 2018). In winter,
the SAZ remains a CO: sink because of the dominant influence of the solubility pump (i.e., the
cold surface temperatures), while the AZ becomes a CO2 source due to the combination of a
weak biological pump and the upwelling of CO»-rich deep waters (Gruber et al. 2009;
Takahashi et al. 2009; Mongwe et al. 2018). Over an annual cycle, both the SAZ and AZ appear
to be CO2 sinks (of ~0.64 Pg C yr! and <0.1 Pg C yr?, respectively), although the SAZ is a
much stronger sink than the AZ (Gruber et al. 2009; Takahashi et al. 2009; Landschiitzer et al.
2015; Mongwe et al. 2018).

In the Southern Ocean, constituting ~20% of the ocean’s surface area, is one of the most

important carbon sinks globally (Schlitzer 2002; Takahashi et al. 2002), and plays a



disproportionate role in regulating the global ocean’s biological pump and Earth’s climate
(Knox and McElroy 1984; Sarmiento and Toggweiler 1984; Siegenthaler and Wenk 1984;
Sigman and Boyle 2000; Sigman et al. 2010). Annually, the global ocean takes up ~30% of
anthropogenic CO; emissions, of which about 40% is absorbed by Southern Ocean waters
south of the STF (Takahashi et al. 2009; Devries 2014; Siegel et al. 2014; Frélicher et al. 2015;
Gruber et al. 2019b). It has been estimated that without the Southern Ocean’s biological pump,
atmospheric CO> concentrations could be 50% higher than present levels (Cox et al. 2000;
Siegel et al. 2014). However, despite the significant role of the Southern Ocean’s in CO2
drawdown, this region actually constitutes a “leak™ in the global ocean’s biological pump
because the macronutrients (i.e., NOs”and PO4*) supplied from depth are never fully consumed
in the mixed layer (Broecker 1982; Weber and El-sayed 1987; Priddle et al. 1998; Sigman and
Boyle 2000).

Southern Ocean nutrient cycling shows a strong seasonal cycle (Henley et al. 2020 and
references therein) that is both physically and biologically mediated. Winter is characterized
by deep mixed layers that entrain nutrients from depth into surface waters. The lack of available
light in this season, driven by both the deep mixed layers and low solar radiation (Sallée et al.
2010; du Plessis et al. 2017a), means that the nutrients are not immediately consumed. Physical
nutrient recharge in winter is accompanied by high rates of in situ biological NOs™ production
(Smart et al. 2015; Mdutyana et al. 2020) and high NH4* concentrations (Mdutyana et al. 2020;
Henley et al. 2020), the latter presumably deriving from elevated remineralisation in late
summer through winter. In other words, the winter season is dominated by mixing and by
biological processes that produce recycled nutrients (i.e., remineralisation and nitrification) and
not by photoautotrophic nutrient consumption, causing the biological pump to be weak (e.g.,
Philibert et al. 2015; Smart et al. 2015; Mongwe et al. 2018; Mdutyana et al. 2020). By contrast,
shallow mixed layers in summer driven by increased temperatures, combined with high
incident solar radiation and in the most southern waters, by an input of freshwater due to sea-
ice melt, provide sufficient light for photosynthesis. The shallow summer mixed-layer depths
coincide with high rates of net primary production, which, at least in early summer, is
predominantly supported by NOs™ uptake (Joubert et al. 2011; Peng et al. 2018; Mdutyana et
al. 2020)(e.g., Joubert et al. 2011; Johnson et al. 2017; Mdutyana et al. 2020). Additionally,
rates of euphotic zone nitrification are negligible in summer (Trull et al. 2008; DiFiore et al.
2009; Kemeny et al. 2016; Fripiat et al. 2019; Mdutyana et al. 2020), such that the potential for
carbon export is high.



The Southern Ocean is well-known for the incomplete removal of euphotic zone nutrients
during the growing season and is thus referred to as a high-nutrient, low-chlorophyl (HNLC)
region. The inability of phytoplankton to completely consume surface nutrients is broadly
thought to be due to a combination of iron and light limitation (Martin 1990; Nelson and Smith
1991; Sunda and Huntsman 1997), although other drivers of phytoplankton productivity have
been considered and are discussed below. Winter mixing is the dominant mechanism of
nutrient supply to Southern Ocean surface waters, yet it supplies unequal quantities of
macronutrients and iron, resulting in iron-limited conditions (Croot et al. 2007; Ellwood et al.
2008; Bowie et al. 2009; Janssen et al. 2020). This is because the depth of ferricline (i.e., the
maximum derivative of iron concentration with depth) is typically considerably deeper than
the winter mixed layer and the nutricline (Tagliabue et al. 2014; Janssen et al. 2020). Iron is
thus limiting to productivity across the open Southern Ocean year-round, and dominantly
responsible for its HNLC status (Banse 1996; Boyd et al. 2001, 2007; Hiscock et al. 2008;
Moore et al. 2013; Janssen et al. 2020). While there are other mechanisms of iron supply to the
Southern Ocean, including aeolian deposition, resuspension of shelf sediments, ice melt, and
possibly also a contribution from hydrothermal vent systems, these inputs are typically small
and/or localized, particularly at the scale of the open Southern Ocean (Blain et al. 2007; Cassar
et al. 2007; Salter et al. 2007; Pollard et al. 2009; Boyd and Ellwood 2010; Tagliabue et al.
2010; Ardyna et al. 2019).

1.3 Drivers of phytoplankton productivity in the Southern Ocean

Phytoplankton productivity in the Southern Ocean is regulated by several environmental
factors characterized as either bottom-up (light availability, temperature, resource availability
— 1.e., macro- and micronutrients) or top-down controls (grazing by zooplankton, viral
infection) (e.g., Martin et al. 1990; Nelson and Smith 1991; Banse 1996; Sunda and Huntsman
1997; Smith and Lancelot 2004; Cochlan 2008; Boyd et al. 2012). The relative importance of
these factors varies with Southern Ocean sector (i.e., longitude), zone (i.e., latitude), and
season, resulting in spatial and seasonal variations in phytoplankton biomass, productivity,
community composition, and nutrient uptake regime (i.e., new versus recycled nutrient
dependence) (Arrigo and McClain 1994; Mengesha et al. 1998; Thomalla et al. 2011b;
Shadwick et al. 2015; Mdutyana et al. 2020). Productivity in the Southern Ocean is often
discussed in the context of the “Antarctic Paradox” (Priddle et al. 1992; Tréguer and Jacques



1992), which refers to the fact that mixed-layer macronutrients are never fully consumed by
phytoplankton, rendering productivity (i.e., biomass accumulation and export) lower than the
available macronutrients suggest it should be. In the subsections below, the potential influence
of various biogeochemical and environmental factors on phytoplankton productivity in the
Southern Ocean is discussed, with a view to better understanding the role of phytoplankton in

carbon production and export.

1.3.1 Macronutrients

In general, phytoplankton productivity in the open Southern Ocean is not limited by the
macronutrients NOs” and PO4¥, the concentrations of which remain elevated in the mixed layer
throughout the growing season (Sarmiento and Toggweiler 1984; Priddle et al. 1995; Sarmiento
et al. 2004; Mdutyana et al. 2020), as is characteristic of an HNLC ecosystem (Minas et al.
1986; Moore and Abbott 2000). However, the macronutrient silicate (Si(OH)a4) is limiting to
some phytoplankton between the STF (perennially) and the northern PF (seasonally) (Boyd
2002; Pollard et al. 2002; Brzezinski et al. 2003b; Sarmiento et al. 2004) where its
concentration averages <5 uM (Henley et al. 2020; Weir et al. 2020). By contrast, Si(OH)4
limitation does not occur south of the PF where mixed-layer ambient Si(OH)4 concentrations
of 24-78 uM are typically observed (Franck et al. 2000; Tagliabue et al. 2012; Le Moigne et
al. 2013; Henley et al. 2020; Weir et al. 2020). These high Si(OH)4 concentrations are supplied
in CDW that upwells in the vicinity of the ACC. Si(OH)4 limitation particularly affects the
growth of diatoms (Boyd 2002), an ecologically-significant group of phytoplankton that
require dissolved Si(OH)4 to biomineralize their opal (i.e., amorphous biogenic silica) frustules.
Because the opal shells of diatoms are relatively dense, they effectively facilitate carbon export
from surface waters, rendering diatoms an important direct driver of the biological pump (in
the Southern Ocean and globally; Buesseler 1998; Ducklow et al. 2001a). One caveat to this is
that large, heavily-silicified diatoms in the iron-limited Southern Ocean have been observed to
decouple carbon and Si(OH)s drawdown, removing Si(OH)s more effectively than carbon,
while smaller diatom species are more effective carbon exporters (Assmy et al. 2013). Diatoms
are also considered NOs™ specialists (Litchman et al. 2006; Fawcett and Ward 2011; Glibert et
al. 2016), such that in the framework of the new production paradigm, this phytoplankton group

contributes significantly to export production (Tréguer and Pondaven 2000).



The Subantarctic region of the Southern Ocean (i.e., the combined SAZ and PFZ between the
STF and PF) experiences Si(OH)4 limitation because diatoms preferentially utilise Si(OH)4
over NOs™ in AASW (i.e., in a ratio >1:1, which is the ratio expected for optimally-growing
diatoms; Hutchins and Bruland 1998; Takeda 1998; Ragueneau et al. 2000; Mosseri et al.
2008). This preferential Si(OH)4 uptake happens under iron-limited conditions (Franck et al.
2000; Pondaven et al. 2000; Smith et al. 2000; Brzezinski et al. 2003), largely in the AZ. As a
result, northward-flowing AASW is high in NO3™and PO4*> but very low in Si(OH)4 (Sarmiento
et al. 2004; Henley et al. 2020), which favours the growth of non-diatom phytoplankton such
as dinoflagellates, prymnesiophytes, and cryptophytes (Balch et al. 2011; Quéguiner 2013;
Deppeler and Davidson 2017 and references therein). The dominance of non-siliceous
phytoplankton north of the AZ has implications for the biological pump since these species
tend to sink more slowly than opal-ballasted diatoms (Buesseler 1998a; Ducklow et al. 2001a;
Armstrong et al. 2009). Therefore, Si(OH)4 limitation of diatoms in the Southern Ocean may
represent a missed opportunity for carbon drawdown (Armstrong et al. 2001; Brzezinski et al.
2003). Additionally, the preferentially removal of Si(OH)a relative to NOs™ and PO+ south of
the PF results in northward-flowing SAMW and AAIW that are Si(OH)4-deplete (Sarmiento et
al. 2004; Freeman et al. 2018). These waters (SAMW in particular) supply the thermocline of
the low-latitude ocean with nutrients (Toggweiler et al. 1991) in a ratio that is set when they
subduct at their formation regions (Sarmiento et al. 2004). Iron-limited diatoms in the polar
Southern Ocean thus play a major role in determining phytoplankton community composition
in the low latitudes and North Atlantic, as well as influencing the potential for N2 fixation
(Weber and Deutsch 2010). That is, when SAMW upwells in the subtropical ocean, the fact
that it is Si(OH)s-deplete means that it cannot support the growth of high abundances of
diatoms. The subsequent consumption of NO3™ and PO+ by non-diatom phytoplankton, which
apparently tends towards a ratio of 20:1, suggests that low-latitude phytoplankton may be more
strongly N limited than previously recognized (Karl et al. 1997; Weber and Deutsch 2010),

thus expanding the requirement (i.e., the environmental selection pressure) for N> fixation.

Another macronutrient that is of nutritional value to phytoplankton is NH4", the most reduced
form of N that is far less energetically-expensive than NOsz™ to assimilate (Dortch 1990). One
might thus expect NH4" to be the preferred N nutrient for phytoplankton growth (Thompson et
al. 1989), and in most regions, mixed-layer NH4* is consumed as rapidly as it is produced
(Glibert et al. 1982; La Roche 1983), yielding ambient concentrations <200 nM (Brzezinski
1988; Paulot et al. 2015; Henley et al. 2020). In the Southern Ocean, NH4" displays a seasonal
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gradient, with summer mixed layers characterized by NH4" concentrations below detection
while winter mixed-layer NH4* concentrations appear to be elevated, particularly in the PFZ
and AZ (Sambrotto and Mace 2000; Daly et al. 2001; Savoye et al. 2004; Philibert et al. 2015;
Henley et al. 2020; Mdutyana et al. 2020). It is not surprising to observe low NHs*
concentrations in the summer given how rapidly this nutrient is consumed by phytoplankton
(Glibert et al. 1982; La Roche 1983), but the high concentrations observed in winter are perhaps
unexpected given that NH4" removal processes are expected to dominate the mixed-layer N
cycle in this season (Koike et al. 1986; Serebrennikova and Fanning 2004; Philibert et al. 2015;
Smart et al. 2015; Mdutyana et al. 2020; Raes et al. 2020) given that the environmental factors
(e.g., deep mixed layers and low light availability; Dortch 1990; du Plessis et al. 2017) should
favour NH4* uptake (over NO3") and NH4" oxidation (Koike et al. 1986; Mdutyana et al. 2020).
The seasonal dynamics of the mixed-layer NH4" cycle have not been investigated in the
Southern Ocean to-date, despite the implications for the export of carbon (Yool et al. 2007;
Mdutyana et al. 2020; Raes et al. 2020). For instance, the shift to a winter phytoplankton
community dominated by smaller cells that have a preference for NH4" (Mulholland and Lomas
2008) will not lead to export production in both a direct (i.e., smaller cells are less likely to
sink and will instead enter the microbial loop; Fenchel 2008) and indirect (i.e., new production

paradigm; Dugdale and Goering 1967; Eppley and Peterson 1979) sense.

Elevated concentrations of NHs" can have an inhibitory effect on the uptake of NO3™ by
phytoplankton, although this effect appears to be highly variable (e.g., McCarthy 1981; Dortch
1990; Wheeler and Kokkinakis 1990; Varela and Harrison 1999). Indeed, the available culture
and field studies report NO3™ uptake inhibition by NH4* ranging from near-zero to 100%,
depending on a variety of factors such as light, nutrient history (including the ambient NH4"
concentration) and species composition (e.g., Kokkinakis and Wheeler 1987; Booth 1988;
Dortch 1990 and references therein; Wheeler and Kokkinakis 1990; Bagwell 2009). In certain
regions, NH4" inhibition of NO3™ uptake has been observed at NH4* concentrations as low as
~100-200 nM (Varela and Harrison 1999; Cochlan and Bronk 2011), while elsewhere, NH4*
concentrations >1 pM were not fully inhibitory (McCarthy 1981; Dortch 1990). NH4"
inhibition of NO3z™ uptake complicates application of the new production paradigm (Jacques
1991a) and amounts to an inefficiency in the biological pump because allochthonous NO3" left
unconsumed in surface waters represents a missed opportunity for carbon drawdown (Flynn et
al. 2018).
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In the Southern Ocean, the role of NH4" inhibition of NO3 uptake has not been widely studied,
but the available observations suggest an inhibitory effect at NH4" concentrations >1 uM
(occasionally between 0.5 uM and 1 pM; Cochlan 1986; Kristiansen and Fabrot 1991; Reay et
al. 2001; Cochlan et al. 2002). General consensus thus seems to be that NH4" inhibition of
NOs™ uptake is minor in the open Southern Ocean mixed layer, but may occur near fronts and/or
in coastal waters where NH4" accumulates to concentrations >>1 uM (Koike et al. 1986;
Goeyens et al. 1995; Krell et al. 2005; Henley et al. 2017). It is important to note that in coastal
waters, impediment of the biological pump by NH4* inhibition is only relevant if the NHa"
derives from in situ regeneration rather than being supplied from land as in the latter case, the
NH." constitutes a new- rather than a regenerated N source to phytoplankton. That said, it has
been suggested based on observations from the open Southern Ocean that the late-summer
increase in NHa4" concentrations and coincident decline in NO3™ uptake rates could indicate
NH.4" inhibition of NOs™ drawdown (Mengesha et al. 1998). However, such a decline in NO3"
consumption and increase in reliance on regenerated N forms more likely reflects iron-
limitation of phytoplankton growth (see below; Morel et al. 1991; Price et al. 1994;
Timmermans et al. 1998; Lourey et al. 2003). In total, very little work has focused on NHa*
cycling in the Southern Ocean, such that our knowledge of the potential for NH4" inhibition of

NOs" uptake and the implications thereof remains limited.

1.3.2 Iron and other micronutrients

Phytoplankton require the micronutrient iron for various enzymatic functions and electron
transport systems including photosynthesis and N acquisition (Geider and La Roche 1994;
Raven et al. 1999; Morel and Price 2003). Iron is also the main component of ferredoxin, which
facilitates the intracellular storage of photosynthetically-incorporated energy, and is found in
both the NOs™ and nitrite (NO2") reductase enzymes (Verstreate et al. 1980; de Baar et al. 1990).
These enzymes reduce NOz  through NO.  to NH4*, which is readily incorporated by
phytoplankton and used for the production of amino acids and proteins (Raven 1988; 1990).
Phytoplankton that use NOs™ as their primary N source have a higher iron requirement than
those that depend mainly on regenerated N (Morel et al. 1991; Price et al. 1994), and under
iron-deplete conditions, phytoplankton have been observed to down-regulate iron-containing
enzymes involved in NOs™ assimilation (Timmermans et al. 1994) and turn to enhanced reliance

on NH4* (Timmermans et al. 1998).

12



The Southern Ocean presents two broadly different environments in terms of mixed-layer iron
conditions: 1) the open Southern Ocean, where mixed-layer iron concentrations are perennially
low (i.e., <0.2 nM; Tagliabue et al. 2012 and references therein) and 2) naturally iron-fertilized
regions, predominantly encountered near the Subantarctic islands (e.g., Kerguelen, Crozet,
South Georgia; Korb et al. 2005; Blain et al. 2007; Seeyave et al. 2007; Cavagna et al. 2015).
Here, shoaling bathymetry drives regular upwelling of deeper waters (e.g., Schallenberg et al.
2018), the iron reservoir of which is often augmented by interaction with iron-rich basaltic
sediments (e.g., Zhang et al. 2008), and retention zones are created overlying shallow plateaus,
also yielding an enhanced supply of recycled iron (e.g., Planquette et al. 2007). These regions
are commonly known for persistent, large phytoplankton blooms, a phenomenon that is
referred to as the Island Mass Effect (IME). The IME tends to be associated with elevated rates
of net primary production (NPP), NO3™ uptake and carbon export (e.g., Korb et al. 2005; Blain
et al. 2007; Seeyave et al. 2007; Lourantou and Metzl 2011; Jones et al. 2012; 2015; Cavagna
et al. 2015; Planchon et al. 2015). By contrast, iron is supplied to surface waters in the open
Southern Ocean by ice melting, upwelling, diapycnal diffusion and mixed layer entrainment
(Grotti et al. 2001; Moore et al. 2002; Law et al. 2003; Alderkamp et al. 2012; Tagliabue et al.
2014).

Iron concentrations in open Southern Ocean surface waters are low (<0.2 nM), and a north to
south gradient has been suggested, with the highest concentrations occurring further south
(Tagliabue et al. 2014; Mtshali et al. 2019; Viljoen et al. 2019); this trend is not always
observed, however (Tagliabue et al. 2012). Within the open Southern Ocean are regions of
slightly higher iron concentrations, such as at frontal features, melting sea ice and icebergs, and
near active hydrothermal vents (Aguilar-Islas et al. 2008; Herraiz-Borrenguero et al. 2016;
Ardyna et al. 2019). Additionally, iron concentrations are generally higher in the winter season
due to the deep mixed layers that entrain subsurface iron into the shallows (Tagliabue et al.
2014; Mtshali et al. 2019). Surface iron replenishment is quite difficult, however (Tagliabue et
al. 2014; Janssen et al. 2020), because the depth at which iron concentrations begin to rise
(ferricline depth) is much greater than the nutricline depth (Croot et al. 2007). The existence of
this deep ferricline has been suggested to be due to the disproportionately high demand for iron
by phytoplankton (particularly diatoms), which results in extremely low concentrations of iron
in shallow waters (Christian et al. 2001), as well as the fact that iron adsorbs onto particles
sinking out of the euphotic zone (Boyd et al. 2012a).
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The role of iron in phytoplankton utilisation of N has been recognized since the early 1900s
(Gran 1931; Hart 1934). Gran (1931) surmised based on experiments with temperate
phytoplankton that diatoms in the Southern Ocean may be iron-limited since NOs™ and PO4*
were always high, while Hart (1934) proposed that iron was one of the factors limiting primary
production in the Weddell Sea, Bransfield Strait and Bellingshausen Sea. However, shipboard
iron-enrichment experiments conducted under trace metal-clean conditions and displaying
enhanced phytoplankton growth in response to iron additions were not performed until the late
1980s and early 1990s (de Baar et al. 1990; Martin et al. 1990; 1991; Buma et al. 1991). Indeed,
in perhaps the most famous study of iron and phytoplankton in HNLC regions, including the
Southern Ocean, Martin et al. (1991) showed that phytoplankton grown in bottles with added
iron quickly bloomed, increasing their growth rates to near-optimum values, and strongly
removing NOs". Since then, the importance of iron for phytoplankton growth in the Southern
Ocean has been repeatedly demonstrated, both through small- and large-scale iron-enrichment
experiments and in naturally iron-fertilized environments such as Kerguelen Island and the
Crozet Plateau (e.g., Nelson and Smith 1991; Sunda and Huntsman 1997; Boyd et al. 1999,
2007; Korb et al. 2005; Blain et al. 2007; Seeyave et al. 2007; Cavagna et al. 2015). Iron has a
potential to change phytoplankton community structure, with a shift from smaller
phytoplankton cells to dominance by diatoms often observed when phytoplankton are
incubated in seawater spiked with iron (Boyd et al. 2000). Such a shift is good for export
production as diatoms generally sink faster than other phytoplankton groups (Buesseler 1998a;
Ducklow et al. 2001b; Armstrong et al. 2009). On the other hand, increased iron concentrations
do not always stimulate diatom growth. Indeed, a shift from a diatom-dominated phytoplankton
community to one dominated by smaller Phaeocystis spp was observed in response to iron
enrichment in the Ross Sea and interpreted as indicating that Phaeocystis spp may need more
iron to bloom than diatoms (Coale et al. 2003). While a phytoplankton community dominated
by smaller cells could imply a negative effect on carbon export, Phaeocystis spp fixes far more
carbon per POs* consumed than diatoms (Arrigo et al. 1999, 2000), making them important

contributors to carbon export.

Other trace metals such as copper, zinc, and manganese are also essential to phytoplankton
growth and nutrient uptake (Bruland 1980; Rueter and Morel 1981; De La Rocha et al. 2000;
Twining and Baines 2013;Cloete et al. 2019) and so have the potential to limit productivity.
For example, zinc is required in carbonic anhydrase, responsible for CO hydration during

photosynthesis (Twining and Baines 2013), and during the uptake of Si(OH)4 by diatoms
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(Rueter and Morel 1981; De La Rocha et al. 2000), manganese is necessary for water oxidation
during photosynthesis, and copper is required for photosynthetic electron transport (da Silva
and Williams 2001). Recently, phytoplankton activity was shown to be co-limited by
manganese and iron in the central Drake Passage (Browning et al. 2021) and Phaeocystis
antarctica in culture and the Ross Sea were found to experience co-limitation of manganese
and iron (Wu et al. 2019).

1.3.3 Light availability

Light is necessary for phytoplankton primary production because during photosynthesis, it is
absorbed as photons and converted to chemical energy in the form of ATP (adenosine
triphosphate) (Behrenfeld and Milligan 2013). This chemical energy is then used to reduce
water and CO- to produce three-carbon sugars. The dependence of phytoplankton uptake of N
(NOsz", NH4" and urea) on light availability often follows a rectangular hyperbolic relationship
that can be mathematically fit by a Michaelis-Menten-type equation (e.g., Maclsaac and
Dugdale 1972; Slawyk 1979; Paasche et al. 1984; Cochlan et al. 1991; Priscu et al. 1991;
Muggli and Smith 1993; Kudela et al. 1997; Hu and Smith 1998; Kudela and Cochlan 2000;
Lim et al. 2006). That said, growth on NOs" requires far more energy than NH4™ and urea
(Dortch 1990; Lomas 2004), leading to the expectation that NOs™ uptake rates should decrease
with depth in the euphotic zone while reduced N uptake rates remain fairly constant or even
increase (e.g., Peng et al. 2018; Kim et al. 2020; Mdutyana et al. 2020). In the Southern Ocean,
the reliance of N uptake on irradiance has not received much attention and the research that
exists reports unclear and/or contradictory observations (Glibert et al. 1982; Collos and Slawyk
1986). There is, however, agreement in that NH4* requires less irradiance while NO3™ requires
more (Slawyk 1979; Nelson and Smith 1986; Hu and Smith 1998). Photoinhibition of N uptake
has also been observed (e.g., Maclsaac and Dugdale 1972; Hu and Smith 1998; Planas et al.
1999), but it appears to be unusual. Overall, the relationship of NOs™ uptake to light availability
is unclear in the Southern Ocean during summer when maximum rates have been observed
throughout the euphotic zone in some cases (Joubert et al. 2011; Thomalla et al. 2011b;
Philibert et al. 2015), while in others, maximum rates were measured only at the surface
(Mdutyana et al. 2020). One explanation for this contrasting response is that the studies cited
above occurred at different times during the summer growing season, as well as in different

years. The phytoplankton assemblage changes over the course of a growing season, which is
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near-certain to affect the community-level response (in terms of N uptake and productivity) to
light availability (Hu and Smith 1998).

In the Southern Ocean, phytoplankton are exposed to light conditions that are controlled by
three factors: 1) the time of year, 2) the degree of ice cover, and 3) the depth of vertical mixing,
(Smith and Sakshaug 1990; Cochlan 2008). In general, it appears that Southern Ocean
phytoplankton are well-adapted to their in situ light conditions, altering their maximum
photosynthetic rates and efficiencies as the ambient light field changes (Harrison and Platt
1986). The amount of photosynthetically active radiation (PAR) available at the surface is
dependent on the latitude and seasonal and diurnal effects, while at-depth irradiance depends
on the light attenuation coefficient of a particular column of seawater. Light penetration
decreases exponentially with depth, and light attenuation is strongly controlled by the
abundance of phytoplankton and their detrital products (particulate and dissolved), which alter
light absorption and scattering (Morel 1988). Light is considered insufficient for phytoplankton
growth at the depth by which it has attenuated to between 1 and 0.1% of its surface value (i.e.,
the euphotic zone depth; Kirk 1984). However, more important than whether phytoplankton
are at times located below the euphotic zone is the relationship between the euphotic zone and
mixed layer depths, as this determines whether phytoplankton receive sufficient light energy
for total photosynthesis to exceed total respiration. The “critical depth”, first articulated by
Sverdrup (1953) for the North Atlantic, refers to the mixed layer depth required for water
column-integrated phytoplankton production to exceed respiration, resulting in the initiation of
a bloom. While a number of other hypotheses have since been put forward to explain bloom
development (e.g., the changes in mixing intensity rather than mixing depth (“critical
turbulence hypothesis”; Huisman et al. 1999); the balance between phytoplankton growth and
grazing (“dilution-recoupling hypothesis”; Behrenfeld 2010), the seasonality of the mixed
layer depth and its positioning relative to the critical depth remains key to bloom initiation in
the Southern Ocean (e.g., Swart et al. 2015).

Mixed layer depths in the Southern Ocean display strong seasonality and zonal gradients, with
winter characterized by deeper mixed layer depths than spring and summer (Dong et al. 2008;
Sallée et al. 2010; Du Plessis et al. 2019). The different sectors of the Southern Ocean also vary
in their maximum winter mixed layer depths with the Indian and Pacific sectors characterized
by deeper mixed layers (160-400 m) than the Atlantic sector (100-180 m; Dong et al. 2008),
and the AZ experiencing shallower winter mixed layers (80-250 m) than the SAZ (160-320 m;
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Dong et al. 2008; Sallée et al. 2010; Du Plessis et al. 2019). The timing of phytoplankton bloom
formation in the Southern Ocean can be affected by transient events of mixed-layer deepening
and re-stratification, which can both delay the start of the bloom and sustain productivity
throughout the summer (Thomalla et al. 2011a; Carranza and Gille 2015; Swart et al. 2015).
Phytoplankton growing in a shoaled mixed layer depth are exposed to light for longer periods,
which results in production exceeding respiration (Sverdrup 1953), leading to the formation of
a phytoplankton bloom provided that growth is not nutrient (i.e., iron) limited. In other words,
phytoplankton growth is strongly affected by the shoaling and deepening of the mixed layer
(Nelson and Smith 1991), which affects not only light availability but also nutrient supply.

1.3.4 Temperature

Temperature is expected to play a role in controlling phytoplankton growth rates,
photosynthesis, uptake of N, and community composition and succession (e.g., Eppley 1972;
Neori and Holm-Hansen 1982; Tilzer et al. 1986; Raven and Geider 1988; Davidson 1991;
Lomas and Glibert 1999a; b; Berges et al. 2002) given the effect of this variable on enzyme
function (Tilzer and Dubinsky 1987). Across the Southern Ocean, the mixed-layer temperature
gradient is large, with sea surface temperatures ranging from -1.8°C near Antarctica to ~17°C
at the STF. Seasonally, the change in temperature is far smaller, on the order of 1°C to 2°C.
While considerable work has been done investigating the influence of temperature on
photosynthesis and N uptake (e.g., Davidson 1991 and references therein; Thompson et al.
1992a; b), most of the available data are for experiments conducted at temperatures far higher
than those applicable to the polar Southern Ocean. An additional complication is that the
natural gradient in temperature with latitude in the Southern Ocean coincides with a gradient
in light and nutrient availability, such that disentangling the effect of temperature from other
drivers is complex (e.g., Slawyk 1979; Chapter 3 of this thesis).

Phytoplankton consumption rates of NOs  and NH4" appear to display different responses to
temperature changes, although in the field, it is difficult to separate the temperature effect from
that of phytoplankton assemblage changes and nutrient availability (Slawyk 1979; Olson 1980;
Kanda et al. 1985; Harrison et al. 1996). There is also some evidence that the negative effect
of temperature on phytoplankton growth is enhanced under high-nutrient and low-light
conditions (Baird et al. 2001). Additionally, polar Southern Ocean phytoplankton appear to be

psychrotolerant rather than psychrophilic, which means that their optimal temperatures for
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growth and photosynthesis are higher than the in situ temperatures that they experience (Tilzer
et al. 1986; Smith and Harrison 1991; Reay et al. 2001). Nonetheless, Southern Ocean species
achieve their maximum growth rates at temperatures that are considerably lower than the
optimal growth temperatures of temperate and tropical species (2-9°C versus >>10°C), with a
sharp decline in Southern Ocean phytoplankton growth observed for temperatures outside this
range (Fiala and Oriol 1990; Boyd et al. 2013; Coello-Camba and Agusti 2017). Temperature
has been shown to exert a control on NH4* uptake, especially in winter (Olson 1980; Glibert et
al. 1982; Reay et al. 2001), although to a lesser extent than on NOs™ uptake (Reay et al., 2001).
On the other hand, in Antarctic sea-ice when phytoplankton were examined for their specific
uptake (i.e., N uptake normalised by biomass; a proxy for growth rate) capabilities in relation
to temperature, specific NO3™ uptake increased with increasing temperature while specific NH4*
uptake did not show any temperature dependence (Priscu et al. 1989). In the Arctic Ocean, by
contrast, NH4" uptake has been observed to be affected by changes in temperature (Baer et al.
2014).

While the fairly small, seasonal temperature changes may present unique challenges to
phytoplankton growth in the Southern Ocean, temperature might be more important in one
season while in another season, phytoplankton growth and ecology might be dominantly
controlled by other environmental factors such as light and/or macronutrient- and iron
availability (Boyd 2002; Smith and Lancelot 2004; Viljoen et al. 2019).

1.3.5 Grazing

Prior to the recognition of iron limitation in Southern Ocean surface waters, many researchers
believed that the summertime bloom was terminated by increased grazing pressure (Hart 1942;
Chisholm and Morel 1991), which both reduced the capacity for rapid phytoplankton growth
and provided a competing N source to phytoplankton in the form of regenerated NH4" (e.qg.,
El-Sayed 1984). It remains possible that this dynamic is important, and it may be strongly
related to the onset of iron limitation (Tagliabue et al. 2014). The relationship between
phytoplankton and zooplankton strongly controls the quantity of exportable carbon in Southern
Ocean (Banse 1996; Smetacek et al. 2004). Larger phytoplankton are predominantly grazed
upon by meso- and microzooplankton, which contribute to carbon sinking out of the euphotic
zone through faecal pellet production (Banse 1996; Irigoien et al. 2005). By contrast, when the

ambient conditions promote the growth of small phytoplankton, they are grazed upon by
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microzooplankton that channel carbon into the microbial loop within the euphotic zone,
resulting in enhanced carbon and nutrient recycling and minimal carbon removal (Banse 1996;

Froneman and Perissinotto 1996; Fielding et al. 2007).

While it is broadly recognized that iron availability exerts the dominant control on
phytoplankton growth rates in the open Southern Ocean (e.g., Martin 1990; Nelson and Smith
1991; Sunda and Huntsman 1997), grazing nonetheless plays an important role in
biogeochemical cycling and the structure and function of phytoplankton communities. Indeed,
grazing represents a mechanism by which iron is recycled in surface waters (Rafter et al. 2017,
Ratnarajah et al. 2018; Richon et al. 2020). For example, under iron replete conditions,
Phaeocystis and small and/or weakly-silicified diatoms grow fast and develop into blooms that
fuel upper trophic levels and export carbon below the euphotic zone, while under iron-
limitation, grazing pressure exerted by copepods on microzooplankton can result in bloom
formation of large and heavily-silicified diatoms because their predators are feeding elsewhere
(Smetacek et al. 2004). Viral lysis — the breakdown of plankton cell membranes following viral
infection — has been shown to be important in structuring phytoplankton communities in other
oceanic regions (e.g., Evans et al. 2003; Baudoux et al. 2006; Lara et al. 2017; Mateus 2017;
Zhang et al. 2020a), while in the Southern Ocean, some studies have found to be less important,
with grazing playing the dominant role (Brussaard et al. 2008; Evans and Brussaard 2012).
However, recent work from the Southern Ocean and Antarctic coastal waters indicate that viral
lysis might be more important than previously thought, especially in controlling phytoplankton

community composition in different seasons (Biggs et al. 2021; Evans et al. 2021).

The bottom-up and top-down controls on phytoplankton growth described above do not operate
in isolation. Instead, it is the interaction of these controls, along with the composition of the
phytoplankton community, that determines the extent of phytoplankton growth and N uptake
in the Southern Ocean. For example, mixed layer depth (light availability) in combination with
iron availability should have different effects on the activity of different phytoplankton groups.
Diatoms under replete iron conditions perform better when the mixed layer is shallow, meaning
that in summer when iron concentrations are relatively high, diatoms become most important
in the uptake of NOz™ (Viljoen et al. 2018). In winter, even with the elevated iron concentrations
(Tagliabue et al. 2014), diatom growth becomes hampered by the deep mixed layers (Viljoen
et al. 2018). As a further example, high iron and low light conditions (such as in early spring)

favour the growth of smaller phytoplankton like Phaeocystis spp (Tozzi and Smith 2017;
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Woijtasiewicz et al. 2019). Additionally, both light and temperature may influence the extent
to which NH4" inhibits NOs™ uptake, with diatoms and dinoflagellates in temperate waters
experiencing a decrease in the extent of NH4" inhibition with a decline in temperature (Lomas
and Glibert 1999a; b), while cultures of the diatom, Thalassiosira pseudonana, experienced no
inhibition under low light, whereas at moderate and high light, NO3™ uptake was inhibited by
60-70% (Yin et al. 1998).

1.4 Nitrification and its environmental controls

Nitrification is a two-step biological process facilitated by distinct groups of microorganisms
(bacteria and archaea) that results in the oxidation of NH4" (actually, ammonia (NHs), which
exists in equilibrium with NH4") via NO> to NO3s". NH4" oxidation is performed by two separate
groups of microorganisms: ammonia oxidizing archaea (AOA) (Francis et al. 2005; Kdnneke
et al. 2005; Hallam et al. 2006b; Wuchter et al. 2006) and ammonia oxidizing bacteria (AOB)
(Rotthauwe et al. 1997; Purkhold et al. 2000), with AOA being relatively more abundant
shallower in the water column (Newell et al. 2013; Peng et al. 2016; Shiozaki et al. 2016).
NH4" oxidation was previously thought to occur in two steps, the oxidation of NH4" to
hydroxylamine (NH2OH) and the subsequent oxidation of NH,OH to NO2’, while NOy
oxidation is a single-step process. Recently, however, NH4* oxidation was found to be a three-
step process, whereby the NH>OH resulting from the NH4"™ oxidation is first converted to nitric
oxide (NO) and then to NO2™ (Kozlowski et al. 2016a; Caranto and Lancaster 2017). For
decades it was also believed that no microorganism could catalyse both steps of the nitrification
pathway until a complete nitrifying organism (i.e., capable of concomitant NH4* and NO2
oxidation) belonging to the nitrite oxidizing bacteria (NOB) Nitrospira genus and referred to
as “comammox” was discovered in a biofilm and cultivated in the laboratory (Daims et al.

2015; van Kessel et al. 2015). To date, however, comammox has not been found in the ocean.

Nitrification is an important pathway in N cycle, linking its most oxidized and reduced
components, contributing to their distribution in the ocean, and exerting a control on carbon
export potential. It is therefore necessary to understand the constraints imposed on nitrification
by environmental factors, which are additionally important for parameterizing nitrification in
biogeochemical models. In the open ocean, nitrification may be controlled to a greater- or lesser
extent by several environmental factors (light, temperature, salinity, and oxygen) and micro-

and macronutrient availabilities (copper, iron, NH4" and NO>"), each discussed below.
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1.4.1 Substrate availability

NO2" and NH4" concentrations in the mixed layer of most of the open ocean are near-zero
(Lomas and Lipschultz 2006; Paulot et al. 2015; Zakem et al. 2018); therefore, assuming
nitrification is not limited by some other factor (e.g., light; see below), there is an expectation
that increased substrate availability should result in higher rates of substrate oxidation. NO2
oxidation rates at the base of the mixed layer have been shown to increase as ambient NO2
concentrations rise (Olson 1981a; Peng et al. 2018; Mdutyana et al. 2020), yet it has historically
proven difficult to experimentally show the dependence of NH." oxidation on substrate
availability by natural assemblages in the open ocean (Olson 1981a; Ward and Kilpatrick
1990). The lack of a successful demonstration of substrate dependence by NH4* oxidizers has
been interpreted as indicative of a very high affinity for NH4* (Olson 1981a; Ward and
Kilpatrick 1990); this was later confirmed by Martens-Habbena et al. (2009) who found a high
affinity (low Ky =134 nM) for NH4" in the AOA, Nitrosomopumilus maritimus SCM1, in a
culture study. Later studies conducted in situ using natural assemblages confirmed the high
affinity of AOA for NH4", reporting an even lower Ky, (of between 27 and 98 nM) than was
derived in culture (Horak et al. 2013; Newell et al. 2013; Peng et al. 2016). In situ kinetics
associated with NO2™ oxidation are limited compared to those derived from culture studies,
with NO2 affinity by NOB in culture proving extremely low, with very high Kn values (from
9-544 uM; Nowka et al. 2015; Ushiki et al. 2017). By contrast, the affinity of NOB for NO2
from the limited in situ marine studies is orders of magnitude higher, evinced by the low Kn
values (ranging from 0.07-0.51 uM; Olson 1981; Sun et al. 2017; Zhang et al. 2020).

It is generally easier to demonstrate substrate dependence of a biogeochemical pathway when
the ambient nutrient of interest occurs at low concentrations, except in special cases where the
organisms are adapted to high concentrations (e.g., NOB in high-NO> (1.8 + 0.2 uM) waters
of oxygen deficient zones have been reported to have a Km of 8.0 + 2.4 uM; Sun et al. 2021).
The Southern Ocean has seasons of replete mixed-layer NH4* concentrations (e.g., Henley et
al. 2020; Mdutyana et al. 2020) and NO2" concentrations are perennially elevated within the
mixed layer compared to the lower latitudes (200-400 nM; Cavagna et al. 2015; Zakem et al.
2018; Fripiat et al. 2019; Mdutyana et al. 2020). It is thus possible that these higher substrate
concentrations will stimulate elevated rates of nitrification. Indeed, a few studies have observed
increasing rates of oxidation coincident with higher NH4" and NO>" concentrations in the mixed
layer (Olson 1981; Bianchi et al. 1997; Mdutyana et al. 2020). However, prior to the work
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presented in this thesis, no substrate-addition experiments had been conducted for NH4" or

NO-" oxidation in the open Southern Ocean.

1.4.2 Light availability

Light availability is thought to regulate nitrification in two ways: First, via direct light
inhibition of nitrifying organisms (Schon and Engel, 1962; Hooper and Terry, 1974; Horrigan
et al. 1981; Vanzella et al. 1989; Olson 1981) and second, by phytoplankton outcompeting
nitrifiers for N substrate in the euphotic zone because of the replete light conditions (Ward
1985, 2005a; Smith et al. 2014; Zakem et al. 2018). The net effect is that nitrifiers are generally
more active around the base of the mixed layer than at the surface (e.g., Ward et al. 1989; Yool
etal. 2007; Beman et al. 2012; Peng et al. 2015; 2018; Shiozaki et al. 2019), although a number
of studies have observed rates of nitrification throughout the euphotic zone that are high
relative to the upward supply and consumption of subsurface NO3™ (e.g., Dore and Karl 1996;
Wankel et al. 2007; Yool et al. 2007; Cavagna et al. 2015; Mdutyana et al. 2020). That
nitrification is generally higher at-depth in the euphotic zone/mixed layer (i.e., under conditions
of low light availability) might be taken as an indication that direct light inhibition of nitrifiers
exerts a dominant control on the distribution of nitrification. However, several studies have
demonstrated that phytoplankton growth on NH4* in the euphotic zone most strongly controls
the activity of nitrifiers by rapidly depleting the NH4" substrate (Ward 2005b; Smith et al. 2014;
Zakem et al. 2018). In other words, once phytoplankton NH4* consumption becomes light-
limited, nitrifiers can maximise their uptake of the available substrate, resulting in a peak in

the nitrification rates around the base of the mixed layer/euphotic zone.

Different nitrifying organisms also seem to experience light inhibition differently, with NOB
apparently more sensitive to light than AOB in both culture and various marine environments
(Bock 1965; Olson 1981b; Vanzella et al. 1989; Guerrero and Jones 1996). Additionally, AOA
appear to be less light-inhibited than NOB, but have been reported to be more photosensitive
than AOB, particularly at lower light intensities (Merbt et al. 2012a; Qin et al. 2014). In the
case of AOA, this sensitivity has been shown to vary with strain, with SCM1 observed to be
significantly less photosensitive than two other isolates (HCAL and SP0) at both low and high
light (Qin et al. 2014). Additionally, there appear to be two broad ecotypes of AOA that occupy
two different parts of the water column (Francis et al. 2005; Hallam et al. 2006a; Mincer et al.
2007; Beman et al. 2008; Santoro et al. 2010; Sintes et al. 2013; Luo et al. 2014). The shallow-
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ecotype may have adaptive mechanisms to reduce light induced-damage (Sintes et al. 2013;
Luo et al. 2014; Santoro et al. 2017), although other variables such as substrate (Sintes et al.
2013; Smith et al. 2016) and micronutrient availability (Amin et al. 2013) have also been
hypothesized to drive the depth-preference of AOA ecotypes. The putative light tolerance of
the shallow AOA ecotype may help to explain elevated rates of nitrification within the euphotic

zone in some ocean regions, although this is unlikely the only reason.

1.4.3 Temperature

Temperature is broadly important for bacterial activities (Delille 2004), yet nitrifying
organisms are not known to be strongly affected by temperature (Bianchi et al. 1997; Horak et
al. 2013; Baer et al. 2014). Instead nitrifiers appear to be well-adapted to the environmental
conditions in which they are found (Ward 2008 and references therein). This notion is
supported by the observation that nitrifying organisms occur in environments characterized by
a broad range of temperatures (-5 to 97°C; Jones et al. 1988; Thamdrup and Fleischer 1998;
Erguder et al. 2009; Ngugi et al. 2016; Rani et al. 2017), with nitrifiers adapted to warm
environments achieving comparable rates of nitrification at elevated temperatures as cold-
temperature-adapted nitrifiers living in cold environments. For example, Arctic sediment
nitrifiers show a range of optimal temperatures of 14 to 40°C (Thamdrup and Fleischer 1998),
while deep-sea brine nitrifiers can function at temperatures as high as 65°C (Ngugi et al. 2015;
2016). Additionally, a broad range of temperatures is thought to be important for regulating the
distribution of ammonia oxidizing organisms in various environments including the water
column (Mosier and Francis 2008; Dang et al. 2010; Cardoso et al. 2013; He et al. 2018). In
sum, while temperature is important for all biological rates, the regulatory effect of this
parameter on nitrification seems to be weaker than that of a number of other variables (Ward

2008 and references therein).

1.4.4 Salinity

Salinity exerts an important (potentially dominant) control on nitrification in rivers (Pakulski
etal. 1995, 2000) and estuaries (Somville 1984; De Bie et al. 2001; Bernhard et al. 2010; Santos

et al. 2020) where this parameter can be highly variable. The activity, abundance, and diversity
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of ammonia oxidizers have been shown to be highly impacted by changes in salinity in estuaries
(Francis et al. 2003; Li et al. 2015; Zhang et al. 2015; Santos et al. 2018). For instance, although
some ammonia oxidizers are halotolerant (Bernhard et al. 2007; Wang and Gu 2014), high
salinity appears to decrease estuarine AOB populations (Bernhard et al. 2005; 2010).
Additionally, short-term fluctuations in salinity (daily fluctuations) in estuarine sediments have
recently been shown to negatively affect both AOA and AOB, decreasing nitrification rates
compared to conditions of constant salinity (Santos et al. 2020). NOB communities are also
affected by high salinity, declining in abundance relative to AOA (Monteiro et al. 2017). While
there is evidence of the role of salinity in estuaries, salinity does not fluctuate much in the open
ocean and is thus not expected to affect the rates of nitrification in the Southern Ocean.
However, while ice melt should cause a change in salinity, whether it impacts the rates of

nitrification is currently unknown.

1.4.5 Oxygen

Nitrifiers are traditionally considered obligate aerobes, requiring molecular oxygen for
respiration and for N oxidation reactions (Ward 2011). However, nitrifiers have also been
found under microaerophilic conditions (Bristow et al. 2016; Penn et al. 2016), leading to
suggestions that they thrive at fairly low-oxygen concentrations and in interface environments
(e.g., sediment-water interface, across sharp oxygen gradients; Ward 2008 and references
therein). While the majority of the open ocean is oxygenated, there are a few oceanic regions
with low- to zero-oxygen concentrations in the water column, known as oxygen deficient zones
(ODZs). Curiously, these zones appear to support high rates of NO>™ oxidation, including under
anoxic conditions (Lam et al. 2009; Zehr 2009; Fussel et al. 2012; Sun et al. 2021), although
there is always the danger that oxygen may have been introduced into experiments during

sampling and/or incubation processing.

Nonetheless, the fact that nitrification is possible in the ODZs suggests the existence of a
group(s) of nitrifiers with a high affinity for low concentrations of oxygen (Fussel et al. 2012;
Bristow et al. 2016; Sun et al. 2017). Sun et al. (2017) observed the inhibition of NOB in the
Eastern Tropical North Pacific (ETNP) ODZ by the addition of incremental quantities of
oxygen, resulting in a decrease in NO2 oxidation rates with increasing oxygen. By contrast,
Bristow et al. (2016) observed a rise in both NH4" and NO," oxidation rates in the ODZ off
Chile in response to oxygen additions, although both processes were still detectable under
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conditions of virtually zero oxygen. In the case of NO>™ oxidation, there appeared to be two
main groups of NOB — one adapted to extremely low oxygen conditions (i.e., with a Ky of <5
nM Oz when the experimental NO,™ oxidation rates were plotted against oxygen concentration)
and the other adapted to higher oxygen (Km of ~2 uM O3), while NH4" oxidation was best
described by a single-component Michaelis-Menten model, yielding a Km of ~330 nM O
(Bristow et al. 2016). The implication of these findings, strongly supported by molecular
analyses (i.e., DNA sequencing, metagenomics and metatranscriptomics; Sun et al. 2019,
2021), is that some NOB are especially adapted for lower oxygen environments, with marine
NOB more broadly having different oxygen sensitivities and affinities (Watson and Waterbury
1971; Bristow et al. 2016; Ngugi et al. 2016; Fussel et al. 2017; Sun et al. 2017). Indeed, Sun
et al. (2021) recently showed niche differentiation of NOB along an oxygen gradient in the
ETNP ODZ, with novel clades of NOB present in high abundances in zero-oxygen waters. It
is worth saying however, that oxygen may not be important for nitrification in the Southern

Ocean as the entire region is well oxygenated.

1.4.6 Trace metal availability

In the Southern Ocean, iron is the major micronutrient that limits primary production and N
uptake by phytoplankton (e.g., de Baar et al. 1990; Moore et al. 2013). In nitrifying organisms,
the enzymes that facilitate the oxidation of NH4" to NOs™ via NO>™ require trace metals (iron
and copper) as cofactors and as part of their electron transport chain complexes (Morel and
Price 2003; Walker et al. 2010). Iron is an important cofactor in the enzymes that are
responsible for NHs* and NO> oxidation by nitrifying bacteria (Sundermeyer-Klinger et al.
1984; Meincke et al. 1992; Arp et al. 2002; Wei et al. 2006; Lucker et al. 2010; Walker et al.
2010). AOB possess iron-rich cytochrome c proteins that they use for the oxidation of
hydroxylamine to NO, catalysed by the iron-rich hydroxylamine oxidoreductase (HAO)
complex (Arp et al. 2002; Walker et al. 2010). NOB also contain iron-rich enzymes, such as
nitrite oxidoreductase, which is responsible for the conversion of NO2™ to NOs™ (Meincke et al.
1992; Spieck et al. 1998). While no genes have yet been discovered in the open ocean that
encode an iron-containing HAO in AOA analogous to that of AOB (e.g., Hallam et al. 20064;
Wei et al. 2006; Walker et al. 2010; Blainey et al. 2011; Mosier et al. 2012; Amin et al. 2013),
some AOA species (N. maritimus SCM1 and Candidatus Nitrosopelagicus brevis) possess

iron-sulphur ferredoxin (Santoro et al. 2015; Carini et al. 2018; Qin et al. 2018), hypothesized
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to be important for AOA electron transport (Shafiee et al. 2019). Recently, a culture study
examining NH4" oxidation by the globally-abundant AOA, N. maritimus SCM1, indicated that
iron is necessary for AOA NH4" oxidation and that these nitrifiers may have both a high iron
requirement and a low affinity for iron (Shafiee et al. 2019). To-date, however, no open ocean
study has directly tested the dependence of N oxidation on iron availability. Anecdotal
evidence of the role played by iron during nitrification in the Southern Ocean is that naturally
iron-fertilized regions (e.g., Kerguelen Island, South Georgia Island and others) have been
observed to support high rates of nitrification compared to nearby HNLC waters (Cavagna et
al. 2015; Dehairs et al. 2015; Fripiat et al. 2015; Mdutyana et al. 2020).

Copper is not thought to dominantly limit primary production across most of the Southern
Ocean because its concentrations are fairly high (Monteiro and Orren 1985; Ellwood 2008;
Heller and Croot 2015; Cloete et al. 2019). This element plays an important role in the oxidation
of NHs" to NO2 by both AOA and AOB as the cofactor of the enzyme, ammonia
monooxygenase (AMO) (Lieberman and Rosenzweig 2005), and is thought to be involved in
electron transport in AOA (Hallam et al. 2006a; Wei et al. 2006; Walker et al. 2010; Blainey
et al. 2011; Amin et al. 2013; Santoro et al. 2015). The requirement of AOA for copper has
been tested in culture, and it was found that NH4" oxidation can be limited by copper (Amin et
al. 2013). A wastewater study evaluating the role of copper in NH4" oxidation observed
stimulated NH4" oxidation rates when copper was added, although AOB appeared unaffected
by the addition of copper, meaning that the enhancement was due to AOA (Gwak et al. 2020).
As with iron, the influence of copper availability on nitrification has not been investigated in
the Southern Ocean — it is possible that copper may be limiting in the northern regions of the
Southern Ocean where ambient copper concentrations are much lower than to the south (0.5
versus 2.0 nM; Ellwood et al. 2008; Heller and Croot 2015; Cloete et al. 2019).

1.5 Distribution and composition of nitrifier communities in the open ocean

Nitrification is conducted by distinctly different groups of microorganisms, with AOA and
AOB facilitating NH4* oxidation and NOB catalysing NO2™ oxidation. AOA were discovered
in the early 2000s when genes encoding for AMO were detected from a 1.2 Gb fosmid library
of a sandy soil ecosystem (Treusch et al. 2005), which eventually led to the isolation of the first
ammonia-oxidizing MG-1 archaeon, Nitrosopumilus maritimus, from a seawater aquarium

(Konneke et al. 2005). The composition and distribution of nitrifier communities, which varies
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with depth in the water column and spatially across most of the open ocean, will influence the
cycling of N and its implications for carbon (e.g., Beman et al. 2008; Newell et al. 2011; Fissel
et al. 2012; Pachiadaki et al. 2017; Pajares and Ramos 2019; Sun et al. 2021). However, in the
Southern Ocean there is little data on nitrifier community composition, with only a single study

to-date from the Pacific sector (Raes et al. 2020).

Overall, AOA outnumber AOB in the global ocean (e.g., Beman et al. 2008; Newell et al. 2011,
Pajares et al. 2019) and while the mesopelagic water column can be dominated by either NH4*
oxidizing group (Church et al. 2010; Newell et al. 2013; Shiozaki et al. 2016), AOA appear to
dominate the upper layer, including the euphotic zone (Beman et al. 2012; Newell et al. 2013;
Shiozaki et al. 2016). It has been hypothesized that the dominance of AOA is due to the fact
that 1) they have an extremely high affinity for NH4* (Martens-Habbena et al. 2009; Horak et
al. 2013; Newell et al. 2013; Peng et al. 2016; Zhang et al. 2020b); 2) at depth where NH4*
concentrations are depleted, AOA can get their nutrition by oxidizing other N forms such as
urea (Sintes et al. 2013; Santoro et al. 2017; Laperriere et al. 2021); and 3) there are two broad
AOA ecotypes that occupy different depth ranges in the water column (Francis et al. 2005;
Hallam et al. 2006; Mincer et al. 2007; Beman et al. 2008; Santoro et al. 2010; Sintes et al.
2013; Luo et al. 2014), including a shallow-ecotype that appears to be photo-tolerant (Sintes et
al. 2013; Luo et al. 2014, Santoro et al. 2017).

NOB have historically received less attention than ammonia oxidizers, likely because of 1) the
difficulty in growing them in the laboratory (Lebedeva et al. 2008; Vekeman et al. 2013,;
Nowka et al. 2015), although it is worth noting that AOA are also extremely challenging to
cultivate ((Kénneke et al. 2005; Martens-Habbena et al. 2009; Santoro and Casciotti 2011;
Santoro et al. 2011); 2) the discovery of AOA (Konneke et al. 2005) that re-energized research
into NH4" oxidation (Daims et al. 2016); 3) the fact that NH4* oxidation has long been
considered the rate-limiting step in the nitrification pathway (Kendall 1998; Kowalchuk and
Stephen 2001 and references therein); and 4) the idea that NOB possess little in the way of
physiological flexibility (Daims et al. 2016). However, NOB play a critical role in the marine
N cycle, counteracting N loss by producing NO3z™ from NO2™ and removing a potentially toxic
form of N from the environment (Castellani and Niven 1955; Lewis and Morris 1986).
Additionally, NOB are quite diverse and belong to seven genera that occupy different
environments (Daims et al. 2016). The majority of marine NOB belong to the Nitrospina and
Nitrospira genera (Fussel et al. 2012; Jorgensen et al. 2013; Beman et al. 2013; Levipan et al.
2014; Nunoura et al. 2015; Ngugi et al. 2016; Sun et al. 2019; 2021), the latter being the most
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diverse and ubiquitous (Daims et al. 2001; Lebedeva et al. 2008; 2011). Nitrite oxidoreductase
(NXR), the enzyme possessed by NOB that is responsible for oxidizing NO2 to NOs’, belongs
to the group of molybdopterin-binding enzymes and has three substrate-binding subunits,
NxrA, NxrB and NxrC (Lcker et al. 2010; 2013). The positioning of subunit NxrA within the
cell is different in the different genera of NOB, which may have implications for energy
allocation during NO2 oxidation (Lucker et al. 2010; Daims et al. 2016). Some NOB
(Nitrospira and Nitrospina) have a periplasmic subunit NxrA, and the protons produced in the
periplasm during NO>™ oxidation contribute to the energy budget of the cell (Licker et al. 2010,
2013; Koch et al. 2015). By contrast, the NxrA subunit is located in the cytoplasm of
Nitrococcus and Nitrobacter (Spieck et al. 1996; Starkenburg et al. 2006), which means that
these NOB have to transport NO2" and NOz™ across the cytoplasmic membrane and that the
protons generated during NO2™ oxidation do not contribute to their cellular energy budget. This
difference has been hypothesized to influence the economy of NO. oxidation in the

environment (Daims et al. 2016).

+

Until recently, it was believed that no single nitrifying organism could perform complete NH4
oxidation to NOz", despite the fact that complete nitrification (i.e., “comammox”) theoretically
yields more energy than either of the two steps (Costa et al. 2006). Comammox was discovered
via enrichment from an aquaculture system and biofilm, and was found to belong to the
Nitrospira genus (Daims et al. 2015; van Kessel et al. 2015). Comammox Nitrospira has since
been hypothesized to be widespread in freshwater and terrestrial systems (Daims et al. 2015;
van Kessel et al. 2015; Pinto et al. 2015; Palomo et al. 2016; Xia et al. 2018), as well as present
in coastal waters (Xia et al. 2018). While there are no currently known open ocean comammox
(Daims et al. 2015; Xia et al. 2018), this organism appears to be adapted to an oligotrophic
lifestyle (Kits et al. 2017), such that it may yet be discovered in the open ocean. That said, this
organism is unlikely to exist in the Southern Ocean given observations of a decoupling between

the two steps of the nitrification pathway (Bianchi et al. 1997; Mdutyana et al. 2020).

1.6 Methodological approaches for investigating the upper ocean nitrogen cycle

Direct measurements of N cycle rates are most commonly made via the addition of a stable N
isotope tracer (i.e., 1°N), an approach that has greatly advanced our understanding of N
transport, uptake, assimilation, and regeneration in the ocean (see Lipschultz 2008 for a review;
Mulholland and Lomas 2008; Ward 2008). The basic principle is that 1°N added to a source N
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pool is transferred to the product N pool at the same rate as the naturally occurring **N and **N
source; measurement of the extent of N enrichment in the product pool over time allows for
the rate of N transformation to be determined. This approach was initially focused on tracing
5N from the dissolved nutrient pool (e.g., NOs) to the particle pool (i.e., phytoplankton
biomass, or particulate organic N; PON), largely because of the relative ease with which PON
can be filtered from seawater (Dugdale and Wilkerson 1986; Knap et al. 1996; Lipschultz 2008
and references therein). Since then, an increasing awareness of the complexity of the N cycle,
coupled with improvements in the analytical instrumentation and methods used for °N analysis
and measurement of low concentrations of inorganic and organic N species, means that

virtually all N cycle processes are amenable to investigation using the *°N tracer approach.

One of the widest applications of the *°N tracer method is in experiments designed to quantify
phytoplankton N uptake rates in the ocean. Here, °N-labelled substrate (most often, °NH4* or
15NO3") is added to natural seawater samples (ideally at <10% of the ambient concentration)
that are then incubated for a period (hours) under simulated in situ temperature and light
conditions. The added °N tracer that is incorporated into the biomass (PON) is then analysed
using an elemental analyser (EA) coupled to an isotope ratio mass spectrometer (IRMS) that
measures the atom percent (at%) enrichment of *N in the filtered PON. A similar approach
can be used to measure net primary production (NPP; the fixation of inorganic carbon into
particulate organic carbon (POC) biomass) via the addition of H3CO3 and the subsequent
measurement of *3C enrichment in the filtered POC (Cullen 2001). In order to precisely
calculate the export production from NOs  and NH4* uptake, measuring simultaneous N uptake
and NPP is necessary (see Chapter 2 of this thesis; Peng et al. 2018; Mdutyana et al. 2020).

Nitrification rate measurements have come a long way from the days of monitoring changes in
the concentrations of NH4*, NO2™ or NOs™ over the course of lengthy incubations (Rakestraw
1936; Von Brand et al. 1937), although this approach can still be useful for demonstrating net
nitrification or modelling the combined net rate of nitrate production and consumption (Ward
2011). The most effective way of measuring nitrification is via the addition of °N isotope
tracers and the subsequent tracking of either the enrichment or dilution of the unlabelled or
labelled N pool, respectively (e.g., Olson 1981a; Ward et al. 1984; Ward 2011). The
development of methods allowing for the conversion of NO2™ and NO3z™ to N2O gas (via the
addition of azide in the case of NO2" (Mcllvin and Altabet 2005) and using denitrifying bacteria
that under anaerobic conditions convert NOz™ to N2O (Sigman et al. 2001), and the subsequent
analysis of the ®N-enriched N2O via IRMS (Sigman et al. 2001; Mcllvin and Casciotti 2011;
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Weigand et al. 2016) has vastly improved our ability to accurately, precisely, and easily
measure the rates of both NH4" and NO>™ oxidation in seawater (e.g., Santoro et al. 2010, 2020;
Newell et al. 2011; 2013; Buchwald et al. 2015; Peng et al. 2015; 2018; Sun et al. 2017; 2019;
2021; Mdutyana et al. 2020; Raes et al. 2020).

N transformation kinetics experiments that focus on deriving kinetic parameters are incredibly
rare as they are difficult and time-consuming to conduct and analyse. For example, in the
Southern Ocean, only one study has investigated N uptake kinetics (Cochlan and Bronk 2001b),
with none of the experiments conducted in the open ocean. Additionally, prior to the work
detailed in this thesis, no nitrification kinetics experiments had been undertaken in the Southern
Ocean. The basic idea behind a kinetic experiment is that the dependence of a biogeochemical
process (e.g., N uptake or oxidation) on the availability of a particular substrate can be
examined via the incremental addition of that substrate (labelled with °N) and the subsequent
analysis of the rate of its transfer to or from the product pool, as outlined above. These
experiments should yield a hyperbolic Michaelis-Menten relationship of N transformation rate
to N substrate concentration provided that the rate of the transformation is limited by the
substrate under investigation (e.g., Maclsaac and Dugdale, 1969; Ward and Kilpatrick, 1990;
Harrison et al. 1996; Cochlan & Bronk, 2001; Horak et al. 2013; Newell et al., 2013; Peng et
al. 2016). This means, for example, that it is not possible to conduct NOs™ uptake Kinetics
experiments across most of the Southern Ocean given that NOs™ is not limiting to
phytoplankton. The Kinetic parameters derived from the resultant Michaelis-Menten function
— the maximum rate of substrate transformation (Vmax) and the half-saturation constant (Km),
which is the substrate concentration at which the reaction rate (V) = Vmax/2 — reveal important
information about the physiological capabilities of, and constraints upon, the organisms
consuming the substrate. The advent of the denitrifier method and the capacity to analyse N.O
via IRMS (Sigman et al. 2001; Mcllvin and Casciotti 2011; Weigand et al. 2016) has greatly
enhanced our ability to precisely measure very low additions of °N tracer, a requirement for
accurate determination of the lower N transformation rates, necessary for the derivation of Kn,

in particular.

The ®N methods have some negative, sometimes unavoidable, shortcomings. When
phytoplankton communities growing under low N concentrations in situ are exposed to *N
tracer additions that are high compared to the ambient concentrations, uptake rates become
stimulated (Lipschultz 2008 and references therein). In this case, the rates should be considered

potential rates. Also, nitrification can be influenced by isotope dilution resulting from the
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production of newly-remineralized *NH4* that can then also be nitrified to NOs. The
stimulation of rates by °N tracer added to phytoplankton uptake experiments can lead to
overestimation of the transport rates, while isotopic dilution during nitrification experiments

by NH." can result in underestimation of the rates.

Throughout my thesis, | have employed °N isotope approaches to measure both N (NH4* and
NO3") uptake and nitrification (NH4* and NO2™ oxidation), as well as quantifying NPP via *C-
labeled carbon uptake. N uptake and NPP are seldom measured concurrently even though
phytoplankton are responsible for both. The work described in chapter 2 exemplifies how
considering these two elemental cycles together provides more information than can be gleaned
from examining either one alone, and as a result, the work places additional important
constraints on the functioning of the upper-ocean ecosystem. Nitrification measurements made
using the N isotope approach are discussed at length throughout the thesis; in all chapters,
care has been taken to consider the implications of, and correct for, isotope dilution and/or

stimulation of the N transformation rates due to *N-tracer addition.

1.7 Thesis Outline

This thesis is focused on characterizing N uptake and nitrification in the mixed layer of the
Southern Ocean, and investigating the environmental factors influencing these processes. The
work described herein was conducted across all the major frontal zones of two sectors of the
Southern Ocean, the east Atlantic and west Indian sectors, referred to collectively in Chapter 3
as the “African sector”. Broadly, the research presented here has enhanced the community’s
understanding of the complex relationship between upper-ocean N cycling and the biological

pump in the vastly understudied Southern Ocean.

In the literature review above (Chapter 1: General introduction and thesis overview), I have
introduced key concepts important for the entirety of the thesis, including the links between N
and carbon cycling, and the known drivers of phytoplankton N uptake and nitrification by NH4*
and NO>" oxidizing organisms. | have also described the relevant analytical methods used for

N cycle measurements. Below, | briefly summarize the contents of the remaining chapters.
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Chapter 2: The seasonal cycle of nitrogen uptake and nitrification in the Atlantic sector of the

Southern Ocean

N uptake by phytoplankton in the Southern Ocean has been widely studied, but with
measurements concentrated in the summer season. In particular, wintertime rates of N uptake
are limited, with no simultaneous measurements of NPP and N uptake in this season.
Additionally, prior to the work described in this chapter, there existed no measurements of
nitrification in the open Southern Ocean in summer or winter. Rates of NPP, N uptake (in the
form of NH4™ and NOg3"), and nitrification (both NH4s" and NO; oxidation) were measured
throughout the upper 200 m during two cruises, in winter (July 2015) and summer (Dec 2015-
Feb 2016). The results demonstrate the importance of measuring N uptake concurrently with
NPP, from which phytoplankton reliance on N sources other than NH4" and NOs™ can be
inferred, and of simultaneously measuring nitrification and NOs™ uptake, particularly in winter.
Broadly, the data suggest that export production can be equated to NO3™ uptake in summer (i.e.,
in the framework of the new production paradigm; Dugdale and Goering 1967), with a few
exceptions where organic N uptake appeared to support significant (unmeasured) rates of
regenerated production. Summer was characterized by a low- to undetectable contribution of
nitrification to NOs™ uptake by phytoplankton in the mixed layer, while in winter, regenerated
NOs  constituted >100% of that assimilated by phytoplankton. Despite the negligible
nitrification rates measured in summer, on an annual basis, the Southern Ocean does not suit
the application of the new production paradigm as a framework for quantifying export
production. This is because the NOz™ utilised by phytoplankton in summer is partly regenerated
in the deep winter mixed layer that has become the Tmin layer that lies just below, and constantly

exchanges with, the summer mixed layer.

Chapter 3: The kinetics of ammonium uptake and oxidation across the African sector of the

Southern Ocean

In the winter season, the open Southern Ocean hosts elevated NH4* concentrations (0.5-1.5
uM) throughout the mixed layer, particularly south of the Subantarctic Front. As reported in
Chapter 2 of this thesis, high rates of NHs" uptake and oxidation have been measured in the
winter mixed layer across the Southern Ocean, yet mixed-layer NH4* concentrations remain
high (Mdutyana et al. 2020). The goal of the present chapter was thus to better understand the

controls on the persistently elevated winter mixed-layer NH4* concentrations by examining the
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physiological capacity of phytoplankton in winter and summer and ammonia oxidizers in
winter for NH4* consumption. The kinetic parameters reported here are the first such data for
the open Southern Ocean. The Vmax associated with NHs* uptake by phytoplankton was
dominantly controlled by light in winter and temperature in summer, while the K increased
with increasing ambient NH4" concentrations and was three-fold higher in winter (150-405
nM) than in summer (41-115 nM). Wintertime NH4* oxidation rates adhered to a Michaelis-
Menten relationship with NH4" substrate only at stations where the ambient NH4" concentration
was <100 nM. This, coupled with K, estimates of <130 nM, indicates a dominant role for AOA
(over AOB) in facilitating NH4* oxidation in the Southern Ocean mixed layer. Curiously, Vmax
was nearly invariant across the transect despite large gradients in temperature, light, and NH4*
concentration. It is thus possible that NH4™ oxidation was iron-limited, which is consistent with
1) an observed positive correlation between vertical profiles of NH4" oxidation rates and iron
concentrations measured on the same cruise and 2) recent findings from a culture study of the
ubiquitous AOA, N. maritimus SCM1 (Shafiee et al. 2019). If verified, iron limitation of AOA
in situ may explain the lack of complete consumption of NH4" in the Southern Ocean mixed
layer in winter. An important implication of this notion is that iron depletion may limit the role
of mixed-layer nitrification, which is significant relative to NO3™ uptake in winter (Mdutyana
et al. 2020), in offsetting biological CO. drawdown annually. The results described in this
chapter thus raise important new questions about parallel N and iron cycling in the Southern
Ocean that warrant future research.

Chapter 4: Controls on nitrite oxidation in the upper Southern Ocean: insights from winter

kinetics experiments across the Indian sector

NOz" oxidation measurements are limited in the open ocean, especially the Southern Ocean,
and no kinetics experiments have to-date been conducted in Southern Ocean waters. While
most of the oxygenated ocean is characterized by near-negligible NO2  concentrations
throughout the mixed layer, it is noteworthy that the Southern Ocean hosts perennially elevated
mixed-layer NO2™ (>100 nM; Mdutyana et al. 2020; Smart et al. 2020). The goal of the work
presented in this chapter was to determine the physiological constraints imposed on NOB (and
thus on NO3™ production) across the upper layer of the Southern Ocean through measurements
of NO> oxidation Kkinetics in winter, with implications for understanding the cause(s) of the
elevated NO2™ concentrations in the mixed layer. The derived values of Vmax increased with

decreasing light and increasing ambient NO2", indicating a role for photoinhibition and
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substrate availability in controlling the distribution of NO>™ oxidation in the winter mixed layer
across the Southern Ocean. The derived K values were very strongly correlated with the
ambient NO2™ concentrations, a trend that holds for other oceanic regions too. Interestingly,
while the affinity of Southern Ocean NOB for NO2™ was high (Km < 403 £ 24 nM), at least
compared to values derived from culture studies, there seemed to be an ambient NO2
concentration threshold (of >100 nM) that was required before NO2™ oxidation rates increased
substantially. Possible explanations for this threshold requirement are explored in this chapter,
including iron limitation of NOB and undersaturation of the nitrite oxidoreductase enzyme
(NXR) associated with the dominant genera of NOB. The findings reported herein have
implications for the production of NO3z™ and its role in moderating new production in the

Southern Ocean.
Chapter 5: Knowledge gaps and future directions

All three data chapters of this thesis (Chapters 2 through 4) include extensive and detailed
concluding sections. Therefore, in this final chapter, | have chosen not to repeat those
conclusion and implications, but to instead outline some of the knowledge gaps that my work
has highlighted, suggest some future research directions, and consider the implications of
climate change for Southern Ocean mixed-layer N cycling given the results of my

investigations.
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Chapter 2: The seasonal cycle of nitrogen uptake and nitrification
in the Atlantic sector of the Southern Ocean

This chapter has been published as:

Mdutyana M., Thomalla S.J, Philibert R., Ward B.B. and Fawcett S.E. (2020). The seasonal
cycle of nitrogen uptake and nitrification in the Atlantic sector of the Southern Ocean. Global
Biogeochemical Cycles 34, e2019GB006363. https://doi.org/ 10.1029/2019GB006363

Abstract

Net primary production (NPP) fuelled by nitrate is often equated with carbon export, providing
a metric for CO2 removal to the deep ocean. This “new production paradigm” assumes that
nitrification, the oxidation of regenerated ammonium to nitrate, is negligible in the sunlit upper
ocean. While surface layer nitrification has been measured in other oceanic regions, very few
data exist for the Southern Ocean. Rates of NPP, nitrogen (N) uptake, and nitrification were
measured in the upper 200 m across the Atlantic Southern Ocean in winter and summer. Rates
of winter mixed-layer nitrate uptake were low, while ammonium uptake was surprisingly high.
NPP was also low, such that NPP and total N (nitrate+ammonium) uptake were decoupled; we
attribute this to ammonium consumption by heterotrophic bacteria. By contrast, NPP and total
N uptake were strongly coupled in summer except at two stations where an additional
regenerated N source, likely dissolved organic N, apparently supported 30-45% of NPP.
Summertime nitrate uptake rates were fairly high and nitrate fuelled >50% of NPP, indicating
the potential for significant carbon export. Nitrification supplied <10% of the nitrate consumed
in summertime surface waters, while in winter, mixed-layer nitrification was on average 16-
times higher than nitrate uptake. Despite the near-zero nitrification rates measured in the
summer mixed layer, the classically-defined f-ratio does not well-represent Southern Ocean
carbon export potential annually. This is because some fraction of the nitrate regenerated in the
winter mixed layer is likely supplied to phytoplankton in summer; its consumption cannot,

therefore, be equated with export.
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2.1 Introduction

Biological carbon production in oceanic surface waters followed by organic carbon export to
the deep ocean (i.e., via the “biological pump”) is a major contributor to the Southern Ocean’s
carbon dioxide (CO) sink, removing an estimated 3 Pg of carbon from surface waters south of
30°S annually (~33% of the global ocean’s organic carbon flux) (Schlitzer, 2002; Takahashi et
al. 2002). This mechanism, combined with physico-chemical processes, makes the Southern
Ocean the most important oceanic region for natural and anthropogenic CO, removal (Caldeira
and Duffy, 2000; Sabine et al. 2004; DeVries, 2014; Frolicher et al. 2015; DeVries et al. 2017;
Gruber et al. 2019). Much uncertainty remains in our ability to quantify the Southern Ocean
COz: sink, however (e.g., Takahashi et al. 2009; Landschitzer et al. 2015; Gray et al. 2018), in
part due to a poor understanding of the role of primary production. Phytoplankton never fully
consume the macronutrients (nitrate and phosphate) available in Southern Ocean surface waters
due to a combination of light and iron (and at times, silicate) limitation (Martin 1990; Nelson
and Smith 1991; Sunda and Huntaman 1997; Brzezinski et al. 2003). This amounts to a “leak”
in the global ocean’s biological pump, since more complete consumption of Southern Ocean
surface nutrients could theoretically lower atmospheric CO2 (Sarmiento and Toggweiler, 1984;
Sigman and Boyle, 2000).

In the open ocean, carbon export can be estimated by quantifying key processes in the nitrogen
(N) cycle. The “new production paradigm” defines nitrate (NO3") as a “new” nutrient source to
phytoplankton because it is mainly transported into the euphotic zone from depth through
physical processes such as upward vertical mixing (Dugdale and Goering, 1967). Ammonium
(NH4"), by contrast, is considered a “regenerated” nutrient as it is produced in the euphotic
zone through recycling (e.g., as a by-product of heterotrophic metabolism or a consequence of
grazing). At an ecosystem level, the relative importance of new versus regenerated N uptake
can be quantified by the f-ratio, a measure of the proportion of phytoplankton growth supported
by deep NOs" relative to that fuelled by NO3™ + NH4* (Eppley and Peterson, 1979). Over
appropriate timescales (i.e., annually), the upward flux of N into surface waters must be
balanced by an equivalent N loss, such that the consumption of NO3z™ by phytoplankton can be
used to estimate the downward flux of organic carbon (“export production’), assuming that
carbon and N are incorporated into biomass in a known ratio (Dugdale and Goering, 1967,

Eppley and Peterson, 1979).
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Using the new production paradigm as originally defined to infer export production relies on
the following assumptions: 1) the oceanic system is in steady state, meaning that any N loss
from the euphotic zone through grazing and/or organic matter sinking is balanced by the input
of new N; 2) there is no long-term storage of N in the euphotic zone; 3) there is little to no
contribution of N> fixation, atmospheric N deposition or dissolved organic N (DON) to N
uptake; and 4) the rate of nitrification (the oxidation of NH4" to nitrite (NO2") and then NOs’;
see below) is low compared to NO3™ uptake in the euphotic zone. Violation of one or more of
these assumptions can render the new production paradigm an inadequate framework for
understanding and/or quantifying biological carbon export (Dugdale and Goering, 1967,
Eppley and Peterson, 1979; Bronk et al. 1994; Fernandez and Raimbault, 2007; Yool et al.
2007).

Nitrification is the chemoautotrophic process by which heterotrophically-regenerated NH4* is
oxidized to NO2" and NOs". NH4* oxidation is performed by ammonia-oxidizing archaea and
bacteria (AOA and AOB) while NO, oxidation is conducted by nitrite-oxidizing bacteria
(NOB). Nitrification was long considered insignificant in euphotic zone waters due to nitrifier
light inhibition (Schon and Engel, 1962; Hooper and Terry, 1974; Horrigan et al. 1981; Olson,
1981b) and competition with phytoplankton for NH4s* (Ward, 1985; 2005; Smith et al. 2014;
Zakem et al. 2018). However, numerous studies have demonstrated that significant rates of
nitrification can occur in the euphotic zone, particularly near its base (e.g., Ward et al. 1989;
Dore and Karl, 1996; Yool et al. 2007; Beman et al. 2012; Peng et al. 2015). In these cases,
some fraction of the NO3z™ consumed by phytoplankton constitutes a regenerated rather than a
new N source and should thus be subtracted from estimates of new production to avoid
overestimating carbon export potential.

Direct measurements of euphotic zone nitrification are extremely limited in the Southern Ocean
(Olson, 1981a; Bianchi et al. 1997; Cavagna et al. 2015; Raes et al. 2020). The only two studies
that have directly measured nitrification in the open Southern Ocean were conducted in early
spring (Olson 1981a) and autumn (Bianchi et al. 1997), with no data available for the winter
or summer. In the winter, a role for surface water nitrification in replenishing nutrients has been
hypothesized (Sanders et al. 2007) given the low light levels and deep mixed layers (Sverdrup
1953; Mitchell and Holm-Hansen, 1991; Nardelli et al. 2017). NOs" isotope measurements from
the polar Southern Ocean support this hypothesis, suggesting significant rates of mixed-layer
nitrification in winter (Smart et al. 2015). In addition, most Southern Ocean N uptake studies
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were conducted during spring and summer (e.g., Waldron et al. 1995; Mengesha et al. 1998;
Sambrotto and Mace 2000; Savoye et al. 2004; Lucas et al. 2007; Joubert et al. 2011; Thomalla
etal. 2011; Cavagna et al. 2015; Tripathy et al. 2017) with very few in winter (Cota et al. 1992;
Philibert et al. 2015). Since it is the proportion of nitrification relative to autotrophic NOs
uptake that matters for estimates of carbon export potential, this paucity of data prevents us
from fully understanding the seasonality of the upper Southern Ocean N cycle and its

implications for atmospheric CO2 drawdown.

Multiple physical processes supply NOs™ to the Southern Ocean euphotic zone, including
vertical mixing, Ekman upwelling, lateral advection, and enhanced advection and mixing
associated with small-scale dynamics (Hense et al. 2003; Moore et al. 2004; Meskhidze et al.
2007; Carranza and Gille, 2015; Swart et al. 2015). In the Antarctic Zone (AZ) south of the
Polar Front (PF), surface cooling and brine rejection during sea ice formation in winter deepen
the mixed layer, importing subsurface NOz™ into surface waters. This is augmented by perennial
Ekman upwelling of NO3™-rich deep waters driven by the circumpolar westerly winds (Gordon
et al. 1977). During spring and summer, sea ice melt and surface warming shoal the mixed
layer, and phytoplankton encounter sufficient light to begin consuming the available NOs™. The
water underlying this spring/summer mixed layer, which was part of the preceding winter
mixed layer, retains the low temperatures (<1.2°C) of the winter AZ surface, forming the
summer subsurface temperature minimum layer (Tmin layer) (Gordon et al. 1977; Toole, 1981).
The Tmin layer, taken to represent the initial state from which the surface ocean evolves in
spring/summer (Altabet and Francois, 2001), exchanges water with both the overlying summer
mixed layer and the high-NOs~ Circumpolar Deep Water (CDW) below (Whitworth and
Nowlin, 1987; DiFiore et al. 2010). In the more northerly Polar Frontal and Subantarctic Zones
(PFZ and SAZ, respectively), winter heat loss and summer heat gain drive seasonal changes in
mixed layer depth that drive upward vertical mixing of thermocline NOs" into surface waters
(McCartney, 1975). In addition, large-scale Ekman circulation drives net equatorward surface
flow into the PFZ and SAZ, transporting AZ NOgz™ northwards (Gordon et al. 1977). Seasonal
N cycling in the upper AZ may thus be important for the chemistry of surface waters north of
the PF.

To evaluate the new production paradigm as a framework for quantifying the cycling of N and

carbon in the Southern Ocean during winter and summer, | directly measured carbon fixation,
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N uptake, and nitrification across the Atlantic sector in both seasons. Rates of net primary
production (NPP), NH4" and NOs™ uptake, and NH4" and NO>™ oxidation were quantified along
the GoodHope repeat hydrographic line between South Africa and Antarctica, which traverses
all the major zones of the Southern Ocean (Ansorge et al. 2005). With the resultant data, |
attempt to address the following questions: 1) How do the rates of NPP, N uptake, and
nitrification differ between seasons? 2) Are NPP and N uptake coupled, and if not, why not?
3) How important is mixed-layer NO3™ regeneration (i.e., nitrification) relative to autotrophic
NOz" assimilation in both seasons and annually? 4) What are the implications of the above for

estimates of Southern Ocean carbon export?

2.2 Materials and Methods

2.2.1 Sampling location

Sampling was conducted aboard the R/ SA Agulhas Il along the GoodHope line, with four
stations (stations 1-4) sampled on a winter cruise (W15; July-August 2015) between Cape
Town and 56°S (the northern extent of the winter sea ice) and six stations (stations 1-4, a station
near South Georgia island (SG), and an Ice Shelf station (1S)) sampled during a summer cruise
(SANAES5; December 2015-February 2016) between Cape Town and Antarctica (Figure 2.1).
On both cruises, stations 1-4 were sampled within a two-week period, in July 2015 and January
2016, respectively, while SG was sampled at the end of December 2015 and IS was sampled

at the end of January 2016.
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Figure 2.1: Map showing the location of the stations sampled between Cape Town and Antarctica along the
GoodHope line overlain on summertime surface nitrate concentration ([NO3—]) climatology (WOA18). Stations
1-4 were sampled in winter and summer while the South Georgia (SG) and Ice Shelf (IS) stations were sampled
only in summer. The mean positions of the major fronts, identified according to Orsi et al. (1995), are indicated
by the horizontal black lines (STF, Subtropical Front; SAF, Subantarctic Front; PF, Polar Front; SACCF, Southern
Antarctic Circumpolar Current Front) and the major Southern Ocean zones relevant to this study are labeled (SAZ,
Subantarctic Zone; PFZ, Polar Frontal Zone; AZ, Antarctic Zone). The dashed white line indicates the northern
extent of the sea ice encountered during the winter cruise. Figure made using Ocean Data View (Schlitzer 2015).

2.2.2 Shipboard incubation experiments

Seawater was collected using a CTD-rosette equipped with 24 x 12 L Niskin bottles and
transferred into acid-washed polycarbonate Nalgene bottles following 200 um pre-filtration to
remove large grazers. Samples were collected from depths representing 55%, 30%, 10%, and
1% of the available photosynthetically active radiation (PAR), as well as from 200 m (hereafter,
“dark”). In winter, samples were also collected at the mixed layer depth (MLD), approximated
from the CTD temperature profiles measured on the down-casts as the shallowest depth at
which temperature changed by 0.2°C relative to a reference depth of 10 m (de Boyer Montégut

et al. 2004). MLDs calculated from potential density after the cruise yielded similar values to
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Depth (m)

those estimated during sampling. Hereafter, the temperature-derived MLDs are used because
these are the depths from which samples were collected in winter. The winter temperature-
derived MLDs were always deeper than 1% PAR but shallower than 200 m (Figure 2.2; Table
2.1). A separate MLD sample was not collected in summer because the mixed layer was either
shallower than the base of the euphotic zone (stations 1, 4, SG and IS) or fairly similar to it
(stations 2 and 3). The dark and MLD incubation bottles were covered with opaque black

plastic prior to filling to prevent light penetration.
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Figure 2.2: CTD-derived temperature profiles for all stations sampled in (a) winter and (b) summer. The
horizontal black lines represent the temperature-derived MLDs.

From each depth, duplicate bottles were amended with ®NOs™ to measure NO3~ uptake (final
tracer concentration of 2.05 uM). An additional set of duplicate bottles was amended with
1®NIH,4* to measure NH4" uptake and oxidation (final tracer concentration of 0.2 uM). The NH4*
bottles from the 1% light depth, MLD and 200 m were also amended with *NO; (0.2 uM) to
act as an “isotope trap” for the NH4" oxidation experiments given the low ambient NO2
concentrations. Duplicate bottles from four light depths (55%, 10%, 1% and dark) were
amended with **NO;" in order to measure NO2™ oxidation. From all NH4* and NO," incubation
bottles, initial (To) subsamples (50 mL) were collected immediately after the addition of

BNH; +*NO, and °NO;’, and final (Tr) subsamples were taken upon incubation termination.

41



Subsamples were stored frozen at -20°C until analysis. All incubation bottles were also
amended with H*3COs" (final tracer concentration of 100 puM) so that NPP could be measured

concurrently with N uptake.

Sample bottles were incubated in custom-built on-deck incubators equipped with neutral
density screens and supplied with running surface seawater to simulate in situ light and
temperature conditions. Incubations lasted 24 hours to ensure sufficient transfer of the isotope
tracer to the product pool that was ultimately measured; this is particularly relevant for the
NHs" and NO>" oxidation experiments and possibly for N uptake in winter, which are expected
to be slow. However, the long incubation period means that our N uptake rates may be
underestimated due to the potential loss of °N through its release by phytoplankton into the
dissolved organic N (DON) pool (Bronk et al. 1994) and/or the dilution of the **NH4* pool by
the ammonification of unlabelled particulate organic N (Glibert et al. 1982) (see section 3.3
and Appendix A2.1 for a discussion of NH4" isotope dilution). The uptake experiments were
terminated by filtering the incubated water through pre-combusted 0.7 um Whatman glass fibre
(GF/F) filters to collect the particulate organic biomass. The GF/Fs were oven-dried shipboard
at 45°C for 24 hours, fumed with hydrochloric acid for 24 hours inside a desiccator to remove
inorganic carbon, further oven-dried for 3 hours, then pelletized into tin cups and stored in a

desiccator for less than a month until analysis.
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Table 2. 1: Winter and Summer Surface Layer-Integrated Rates Measured at All Stations Station

South Georgia Ice Shelf (1S)

Station1  Station2  Station3  Station 4 (SG) station station
Winter
Sampling date 28/07/2015 29/07/2015 01/08/2015 03/08/2015
Latitude 42°S 45°S 50°S 55°S 55°8 70°S
Longitude 8.7°S 6.6°S 1.1°s 0.0°s -34°S -7.8°S
MLD (m) 140 140 150 130
1% PAR (m) 83 83 115 115
NPP (mmol C m2d1) 7.08 5.93 6.49 4.38
pNOz (mmol N m2 d%) 0.39 0.54 0.21 0.13
pNHs* (mmol N m2 d?) 4.34 6.46 9.47 3.50
f-ratio 0.10 0.11 0.03 0.04
NH4%ox (mmol N m2 d-1) 1.96 3.20 9.87 1.61
NOz ox (Mmol N m2 d*) * 5.56 6.90 6.53
NHa*ox/pNO3 5.07 5.98 46.6 12.7
NO2 ox/pNO3z° 25.2 2.80 12.6 15.8
f-ratiocorrectedy (NH4"ox) -0.33 -0.38 -1.00 -0.41
f-ratiocorrected) (NO27ox) * -0.72 -0.69 -1.77
NHs*ox/pNH4* 0.45 0.50 1.04 0.46
Summer
Sampling date 05/01/2016 07/01/2016 08/01/2016 09/01/2016 29/12/2015 26/01/2016
Latitude 42°S 45°S 50°S 55°S 55°S 70°S
Longitude 8.7°S 6.6°S 2.0°S 0.0°S -34°S -7.8°S
MLD (m) 50 108 67 30 42 40
1% PAR (m) 83 80 48 55 55 70
NPP (mmol C m? d%) 31.4 44.8 57.3 40.8 48.0 20.7
pNOs (mmol N m2d1) 1.70 2.30 3.46 3.89 6.95 2.85
pNHs* (mmol N m2 d?) 1.57 5.60 1.34 1.15 1.07 0.81
f-ratio 0.52 0.29 0.72 0.77 0.87 0.78
NHs*ox (mmol N m2 d-1) 0.08 0.12 0.03 0.04 0.16 0.08
NO2ox (mmol N m2d?) 0.16 0.18 0.05 0.03 0.50 0.03
NH4*ox/pNO3° 0.05 0.05 0.01 0.01 0.02 0.03
NO2 ox/pNO3" 0.10 0.08 0.01 0.01 0.07 0.01
f-ratiocorrectety (DON) 0.52 0.29 0.40 0.55 0.87 0.78
f-ratiocorrected) (NH4"ox) 0.50 0.28 0.72 0.76 0.85 0.76
f-ratiocorrectedy (NO2'ox) 0.47 0.27 0.71 0.77 0.80 0.77
NH4"ox/pNH4* 0.05 0.02 0.02 0.04 0.15 0.10

Note. In winter, rates were integrated to the MLD, while in summer, rates were integrated to the base of the euphotic zone (1% PAR) at Stations 1, 4, SG, and IS and to the MLD
at Stations 2 and 3 (see section 2.7 for details). For the “MLD” and “1% PAR” rows, the bold text indicates the surface layer over which the rates were integrated. The asterisk
(*) symbol indicates that no data are available. In summer, the value of the “f ratio(corrected)” shown in bold text indicates the most conservative estimate of the seasonal f ratio
after urea assimilation and nitrification (using the higher of the NH,* ox versus NO,™ ox rate) have been accounted for. We note that pNH4* does not take into account possible
isotope dilution due to NH," regeneration. Experiments were not conducted at the SG or IS stations in winter. 43



2.2.3 Nutrient concentrations

Seawater samples were collected at regular intervals through the upper 200 m for analysis of
nutrient concentrations. In winter, nutrient samples were analysed shipboard for NO3+NO2"
and NO> concentrations, while samples for NH4* concentrations and all summer nutrient
samples were immediately frozen at -20°C until analysis on shore directly after the cruises.
The concentration of NOs+NO>" was determined using a Lachat QuickChem® flow-injection
autoanalyzer in a configuration optimized for high concentrations (detection limit of 1.3 uM
and precision of £0.26 uM). Ambient NO>™ concentrations were measured manually using the
colorimetric method of Grasshoff et al. (1983) (detection limit of 0.004 uM and precision of
+0.002 uM). NH4" concentrations were analysed using the fluorometric method of Holmes et

al. (1999) (detection limit of 0.05 uM and precision of +0.02 uM).

2.2.4 Carbon and N biomass concentrations and NPP and N uptake rates

The concentration and isotopic composition of particulate organic carbon (POC) and N (PON)
on the GF/F filters was analyzed using a Delta V Plus isotope ratio mass spectrometer (IRMS)
coupled to a Flash 2000 elemental analyser, with a detection limit of 2 ng C and 1 ug N and
precision of £0.005 At% for both C and N. The rates of carbon fixation (i.e., NPP) and NOs"
and NH4" uptake were calculated according to the equations of Dugdale & Wilkerson (1986)

as follows:
_ ([PM]XAt%¢inal)
pM_Ao..._Ao - T (213.)
( t/01n1t1a\1 t/Onatural abundance) X
where
At%final = (At%measured - At%’natural abundance) (2-1b)
and
At%initial — (IM]ambientX (At%natural abundance) * [Mltracer X99%) (21C)

(Mlinitial)

Here, M refers to the species of interest: C, NOs or NH4*; pM is the transport rate of that
species (uM d1); [PM] is the concentration of POC or PON (uM) collected at the end of each
incubation; At%natural abundance 1S 1.07% for 3C and 0.365% for °N; [M]ambient is the water

column concentration of dissolved inorganic carbon (DIC), NO3™ or NH4™ (uM) at the time of

44



sampling, measured at the surface for DIC (Bakker et al. 2016) and at all experiment depths
for NOs™ and NH4* (Figure 2.3a-d); At%measured refers to the % 3C or °N measured in the PM
by IRMS while At%rina corrects this value for the % 3C or °N initially present (taken to be
At%natural abundance); At%initial refers to the % 3C or N in the incubation seawater directly

following tracer addition; [M]wacer is the concentration of *3C or °N tracer added; [M]initial

[M]ambient + [M]tracer; and T refers to incubation length (days).

Specific uptake rates (Vm) were calculated by normalizing pM to the ambient [PM] (i.e., Vm

pM/PM) and used to calculate the f-ratio according to Eppley and Peterson (1979) as:

. VNoO3
fratio = ———— 2.2
VNo3+ VNH4 ( )

2.2.5 Ammonium oxidation

Using the azide method of Mcllvin and Altabet (2005) as amended by Peng et al. (2015), NO2>
produced from NH4" oxidation was converted to N2O gas that was then measured by IRMS. In
brief, a 1:1 fresh mixture of 2 M sodium azide and 20% acetic acid buffer was prepared daily
and purged with helium gas (He) for 20 minutes to remove any N2O produced from NO2" in
the reagents. Samples were aliquoted into gas-tight vials that were purged with He for 10
minutes, after which 0.4 mL of sodium azide/acetic acid buffer was added to each vial. Vials
were incubated for 1 hour at room temperature, and sample pH was then adjusted to >12 via
the addition of 0.3 mL of 10 M sodium hydroxide (NaOH).

The concentration of N2O and ratio of “°*N2O/**N.O (where °*N,O derives from *NO;", the
latter produced from the oxidation of ©°NH,*) were measured using a Delta V Plus IRMS with
a custom-built purge-and-trap front end (Mcllvin and Casciotti, 2011). This configuration
yields a detection limit of 0.2 nmol of N with a precision in 8N of 0.1%o (8*°N, in %o vs. air,
= (>N/*Nsample/>N/¥*Nair — 1) x 1000). The §'°N of NO,” was calculated from “°N2O/*N,0
according to Peng et al. (2015).
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The rate of NH4" oxidation (NHa4*ox; nM dt) was calculated following Peng et al. (2015) as:

_ A[SNO7]

NHi = (2.3)

fll\lSHIx T
Where A[*®NO;7] is the change in the concentration of *®NO, (nM) between the start and end
of the incubation due to ®NH,* oxidation, calculated as the difference in the measured 5*°N of
NO2 between the Tr and To samples, f§%4 is the fraction of the NH4" substrate labelled with
15N at the start of the incubation, and T is the incubation length (days). All **NO produced
during the incubations was assumed to derive from ®NH4* oxidation. The detection limits for
winter and summer NHa*ox rates ranged from 0.02 to 1.87 nM d* and 0.02 to 4.61 nM d*,
respectively. While not discussed here, specific NH4* oxidation rates (AnHa_ox = NHa*ox/[NH4™])

are included in the data product associated with this study.

2.2.6 Nitrite oxidation

The denitrifier-IRMS method (Sigman et al. 2001; Mcllvin and Casciotti, 2011) was used to
measure the §!°N of NOs™ produced from ®NO>™ oxidation. Prior to isotope analysis, samples
were treated with sulfamic acid (15 mM) for 1 hour to remove any NO,™ remaining at the end
of the experiments, after which sample pH was adjusted to ~7-8 via the addition of 2 M NaOH.
To account for inefficiencies in NO2" removal, both T and To samples were treated with
sulfamic acid and analysed for 8'°N-NOsz  (more accurately, 8°N-NOz+NO2), with the
difference between them taken as the ®NOs™ enrichment due to NO™ oxidation (Peng et al.
2015). International reference materials (IAEA-N3, USGS 34, USGS 32) were used for

calibration of the measured 8'°N-NOs".

The rate of NO2 oxidation (NO2ox; NM d) was calculated following Peng et al. (2015) as:

A[**NO3]
15
fNogx T

NO;_, = (2.4)

Where A[*°NOs7 is the change in the concentration of ®NOs™ (M) between the start and end
of the incubation due to NO," oxidation, calculated as the difference in the measured §°N of
NOs™ between the Tt and To samples, fﬁ,%z is the fraction of the NO;™ substrate labelled with
15N at the start of the incubation, and T is the incubation length (days). Detection limits for
NO2 ox rates ranged from 0.1 to 2.17 nM d* and 0.24 to 2.68 nM d* for winter and summer,
respectively. While not discussed here, specific NO2™ oxidation rates (Ano2 ox = NO2/[NO271)

are included in the data product associated with this study.
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2.2.7 Choice of upper layer integration depth

Summertime rates (NPP, pNOs", pNH4*, NHs%ox and NO2'ox) were typically trapezoidally-
integrated to the base of the euphotic zone, assuming that phytoplankton would have been
active wherever the light levels were >1% PAR. Exceptions to this were stations 2 and 3, at
which the mixed layer was deeper than the base of the euphotic zone (Table 2.1). Here,
phytoplankton would have been regularly mixed out of the euphotic zone, such that a more
appropriate integration depth is the base of the mixed layer. Incubation experiments were not
conducted at the MLD at stations 2 and 3, however, so MLD rates were approximated by
linearly interpolating between the rates measured at 1% PAR and 200 m (Peng et al., 2018).
The wintertime rates were integrated to the MLD, which was always deeper than the euphotic
zone (Table 2.1). Hereafter, “surface layer-integrated” is used to refer to either euphotic zone-

or MLD-integrated rates, depending on which surface-layer boundary was deeper.

2.3 Results

2.3.1 Hydrography and nutrient concentrations

Temperatures over the upper 200 m were generally lower in winter than summer, with deeper
mixed layers computed for the winter (average of 140 m) than the summer (average of 56 m)
and deeper MLDs in the SAZ than the AZ in both seasons (Figure 2.2). The winter MLDs were
similar to the maximum values expected for the Atlantic sector (typically <200 m in the SAZ
and <150 m in the PFZ and AZ; Sallée et al. 2010; Du Plessis et al. 2017). Below the mixed
layer, the Tmin Was evident at the PFZ/AZ stations (3, 4 and SG) in summer and a Tmax layer
was apparent at the SAZ stations (1 and 2) in winter. Underlying the Tmin/Tmax, the temperatures
(and nutrient concentrations; see below) were characteristic of Circumpolar Deep Water
(CDW) in the AZ, Antarctic Intermediate Water (AAIW) in the PFZ, and Subantarctic Mode
Water (SAMW) in the SAZ (Orsi et al. 1995).

The winter stations were characterized by mixed layers that were deeper than the base of the
euphotic zone (average depth of 99 m; Table 2.1), yielding an almost homogenous vertical
distribution of NO3™ in euphotic zone waters (Figure 2.3a). In summer, most stations were
characterized by MLDs shallower than 1% PAR (average depth of 65 m) and NO3s™ showed a

more nutrient-like profile (Figure 2.3b). There was almost no winter-to-summer difference in

48



the average mixed-layer NO3z™ concentration at each station, possibly because the winter
sampling occurred before the period of maximum NOs" recharge and/or the summer sampling
before the period of maximum NOs  drawdown (Johnson et al. 2017). Surface layer NOs
concentrations increased with increasing latitude, with the exception of the southernmost 1S
station in summer where the intermediate NOz™ concentration of Lower CDW (LCDW) was
observed (Figure 2.3b). In winter, NH4* concentrations in the upper 200 m ranged from below
detection to 1.63 uM (Figure 2.3c), showed no robust trend with depth, and were significantly
higher at station 3 (average of 1.00 = 0.40 uM) than at the other stations (average of 0.57
0.25 uM). Summertime NH4* concentrations were lower than in winter (average of 0.13 £ 0.03
KUM; range from below detection to 0.84 uM) and generally reached a maximum near the base
of the euphotic zone (Figure 2.3d). NO2>" was present throughout the upper 200 m at similar
concentrations in both seasons, averaging 0.16 + 0.02 uM in winter and 0.23 + 0.01 pM in

summer (Figure 2.3e and f).

2.3.2 Particulate organic carbon concentrations and rates of NPP

In winter, all the stations were characterized by a low and roughly homogenous vertical
distribution of POC in the mixed layer (ranging from 1.41 to 6.69 pM; average of 3.06 + 0.24
uM) (Figure 2.3g), and no robust relationship was observed between latitude and POC. The
wintertime biomass C:N ratios varied from 1.4 to 6.6 over the upper 200 m (seasonal average
of 8.4 £ 0.6) (Figure 2.3i). Summertime surface layer POC concentrations at stations 1-4 were
on average higher than in winter, ranging from 3.16 to 10.65 uM (seasonal average of 7.85 *
0.58 uM) (Figure 2.3h). The vertical POC distribution appeared to follow the light curve, with
higher concentrations in surface waters that decreased with depth to a minimum below the
euphotic zone. Stations 1-4 and SG were characterized by similar levels of biomass
accumulation (surface layer averages ranging from 5.70 £ 0.40 uM to 8.57 £ 1.45 uM), while
maximum concentrations were observed at the IS station (euphotic zone average of 11.96 +
1.82 uM). The summertime C:N ratios were fairly constant throughout the surface layer at each
station (range of 4.8 to 8.8; seasonal average of 6.9 * 0.2), with slightly higher C:N ratios at
station 1 and IS (average of 8.3+ 0.3 and 8.1 £ 0.6, respectively) (Figure 2.3j).

Rates of NPP measured during winter were extremely low and roughly invariant throughout
the mixed layer at all stations, with a seasonal average of 44 + 1.6 nM d* (mixed-layer averages

of 40 + 2.2 to 47 + 3.5 nM d!). Summertime rates were much higher, with a seasonal average
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of 674 + 260 nM d* (surface layer averages of 320 + 20 to 1064 + 187 nM d), and generally
decreased with depth as light levels declined. NPP in summer was higher to the south (stations
3, 4, and SG), with the highest rates observed at station 3 (surface layer average of 1044 + 205
nMd?) (Figures 2.4a, 2.4f, 2.5a, 2.6a, 2.7a and 2.7d).
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Figure 2.4: Upper water column (0-200 m) rate measurements at Stations 1 (SAZ; 42°S) and 2 (SAZ; 45°S) in winter and summer. Station 1: (a) NPP, (b) pNH4" (¢) pNOs",
(d) nitrification (NH." ox and NOy" ox) in winter and (e) nitrification (NH4* ox and NO2™ 0x) in summer. Station 2: (f) NPP, (g) pNH4*, (h) pNOs’, (i) nitrification (NH, ox and
NOy ox) in winter, and (j) nitrification (NH4* ox and NO2 0x) in summer. For panels (d) and (i), the x axis to the left of the dashed gray vertical line has been expanded to
better show the rates lower than 100 nM d™. Blue and red symbols represent winter and summer, respectively. On all panels, the MLD is shown by the dotted horizontal line
and the euphotic zone depth by the solid horizontal line, in blue for winter and red for summer. Error bars indicate the standard error of replicate experiments, each measured

at least twice. Where error bars are not visible, they are smaller than the data markers. Note that pNH4* does not take into account possible isotope dilution due to NH4*
regeneration.
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Figure 2.5: Upper water column (0—200 m) rate measurements at Station 3 (PFZ; 50°S) in winter and summer. Panels and symbols are the same as in Figure 2.4.
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Figure 2.6: Upper water column (0-200 m) rate measurements at Station 4 (AZ; 55°S) in winter and summer. Panels and symbols are the same as in Figure 2.4.
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2.3.3 Nitrogen uptake rates

The winter stations were characterized by low euphotic zone NOs™ uptake rates (pNO3")
averaging 1.52 + 0.24 t0 9.02 + 2.42 nM d! (seasonal average of 4.81 + 1.49 nM d?) (Figures
2.4c, 2.4h, 2.5¢, 2.6¢). The rates tended to decrease slightly with depth and were two- to three-
fold higher in the SAZ than the PFZ and AZ. No relationship was observed between pNOz™ and
NOs™ concentration (Figure 2.8a). The NH4" uptake rates (pPNHa4") were about 10-fold higher
than pNOs", with mixed-layer averages of 45.7 + 24.4 to 115.8 + 70.1 nM d* (seasonal average
of 66.6 + 14.4 nM d?) (Figures 2.4b, 2.4g, 2.5b, 2.6b). These elevated pNH4" rates were
generally higher in the surface than at depth and appeared to co-vary with the ambient NH4*
concentration (Figure 2.8b). No relationship was apparent with latitude.

In summer, surface layer-averaged pNOs™ at stations 1-4 was an order of magnitude higher than
in winter, ranging from 30.3 + 7.5 to 61.9 + 8.8 nM d* (seasonal average of 45.6 + 6.8 nM d?)
(Figures 2.4c, 2.4h, 2.5c¢, 2.6¢). The rates decreased with depth along with the decline in light
availability. Integrated pNOg3™ increased from north to south, as did the contribution of pNOs
to total N uptake (Table 2.1). The IS station was characterized by similar pNO3" to stations 1-
4 (Figure 2.7¢) while pNO3™ at the SG station was significantly higher (surface layer average
of 81.3 + 30.7 nM d! and euphotic zone-integrated rate of 7.0 mmol m d; Figure 2.7b). In
general, all the summer stations were characterized by lower pNH4" than pNOsz’, except station
2 where pNH4" was twice pNO3". The maximum surface layer-integrated pNH4" was observed
at this station (5.6 mmol N m? d*; Table 2.1).

Note that the estimates of pNH4" were not corrected for possible NH4* regeneration in the
incubation bottles, which can dilute the ®N-NH4" substrate pool during tracer experiments,
potentially yielding underestimates of pNH4" if not accounted for (Glibert et al. 1982) (see
Appendix A2.1). However, the ambient euphotic zone NH4* concentrations were relatively high
(Figure 2.3c and d), which buffers pNH4" against isotope dilution to some extent. In addition,
using the only available estimate of NH4* regeneration for the open Southern Ocean (50 nM d
1. Goeyens et al. 1991), | calculate that pPNH4* may have been underestimated by a factor of
1.09 to 1.24 (1.19 on average). Such underestimation, while not insignificant, does not change
the general observed trends. For example, the ratio of pNO3™ to pNH4* remains >1 (i.e., pNO3

dominates) in all cases where it was >1 when NH4" regeneration was assumed to be zero.
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Figure 2.7: Summertime upper water column (0-200 m) rates measured at the SG station (55°S) of (a) NPP, (b)
PN (i.e., pNOs~ and pNH4"), and (c) nitrification (NH4*ox and NO2ox), and at the IS station (70°S) of (d) NPP, (e)
pN, and (f) nitrification. The MLD is shown by the dotted horizontal line and the euphotic zone depth by the solid
horizontal line. Error bars indicate the standard error of replicate experiments, each measured at least twice. Where
error bars are not visible, they are smaller than the data markers. Note that pNH4* does not take into account
possible isotope dilution due to NH4* regeneration.
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Finally, the *C-enrichment of the DIC pool will not be altered by regeneration rates on the
order of 50 nM d* (~330 nM d* equivalent assuming Redfield stoichiometry) because of the
high ambient DIC concentrations (>2000 uM). Thus, if pNH4* were greatly underestimated,
V¢ should be higher than Vnrat+Vnos (Where Vv = pM/PM,; see section 2.4). In other words, if
the specific rates of carbon fixation and N uptake are balanced, Vc:(VnHat+Vno3) = 1:1, so if
VnHa Were underestimated, Ve:(VinatVios) >1:1. This is the case only at station 3 and possibly
station 4, where other factors could explain the carbon and N decoupling (see section 2.4.1.3).
| conclude that ignoring NH4* regeneration had a fairly minor effect in this case; however, the

estimates of pNH4" should nonetheless be considered potential rates.

2.3.4 Nitrification rates
2.3.4.1 Ammonium oxidation

In winter, the average mixed-layer NH4" oxidation rates (NH4"ox) at stations 1-4 ranged from
10.7 + 4.0 to 92.6 + 54.0 nM d* (seasonal average of 38.9 + 15.9 nM d) and NH4*ox was
measurable in euphotic zone waters at all stations (Figures 2.4d, 2.4i, 2.5d, 2.6d). The rates
roughly co-varied with ambient NH4" concentrations <0.7 uM, above which there appeared to
be no relationship of NH4 ox with NH4™ concentration (Figure 2.8c).

In summer, stations 1-4 were characterized by NH4"ox rates that were ten- to one hundred-fold

lower than those measured in winter. NH4"ox was low or below detection in the surface layer
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(seasonal average of 1.1 + 0.3 nM d?), increasing slightly at 200 m (Figure 2.4e, 2.4j, 2.5e,
2.6e). Similar NHa4"ox rates were observed at the IS station (range of below detection to 6.0 nM
d1), with the highest rate at the base of the euphotic zone (Figure 2.7f). The SG station was
characterized by the highest summertime rates, three- to twelve-fold higher than those
measured at the other stations (range of 0.7 to 30.1 nM d*; Figure 2.7c). The SG station also

showed a clear increase in NH4"ox with depth, with the maximum rate observed at 200 m.

2.3.4.2 Nitrite oxidation

Wintertime mixed-layer NO>™ oxidation rates (NO2 ox) at stations 1-4 averaged 54.8 £ 17.0 to
98.4 + 69.8 nM d* (seasonal average of 81.7 + 19.2 nM d) and were highest near the base of
the mixed layer (Figures 2.4d, 2.4i, 2.5d, 2.6d). In summer, the NO2 ox rates at stations 1-4 were
low in the surface layer (station average of 0.7 + 0.1 to 2.6 £ 0.8; seasonal average of 1.3 + 0.4
nM d?) and reached a maximum at 200 m (range of 8.7 to 32.0 nM d!; seasonal average of
18.3 + 4.4 nM d!) (Figures 2.4e, 2.4j, 5e, 6e). While the IS station showed similar NO o rates
to stations 1-4 (Figure 2.7f), the SG station was characterized by relatively high rates, both
within the euphotic zone (range of 10.9 to 24.0 nM d) and at 200 m (36.8 nM d*) (Figure
2.7¢); these were the highest NO2ox rates measured for the summer.

2.3.5 f-ratio estimates

The surface layer depth-weighted average f-ratios, calculated using equation 2.2, were very
low in winter (range of 0.03 to 0.11; seasonal average of 0.07) and generally decreased from
north to south (Table 2.1). In summer, the f-ratios were much higher (range of 0.29 to 0.87,
seasonal average of 0.66) and increased southwards, with the highest f-ratio computed for the
SG station.
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2.4 Discussion

2.4.1 Seasonal trends in NPP and N uptake across the Atlantic Southern Ocean

2.4.1.1 Rates of carbon production in the context of earlier measurements

The summertime surface-integrated rates of NPP, ranging from 31 to 58 mmol C m? d, are
similar to rates measured previously in the PFZ near South Georgia Island (34 to 45 mmol C
m2d?) (Gilpin et al. 2002) where productivity is expected to be high due to an enhanced input
of iron (Korb et al. 2005) and possibly silicate (Whitehouse et al. 2000). In a late summer study
conducted along the GoodHope line, Joubert et al. (2011) did not measure NPP directly, but
the total carbon production implied by their N uptake rates is consistent with our measurements
(approximately 44 + 19 mmol C m d* assuming an NPP:N uptake ratio of 106:16; Redfield
1934). Our rates are double those measured in the open Atlantic Southern Ocean during spring
(17-25 mmol C m? d*; Jochem et al. 1995) and late summer (4-22 mmol C m d*; Froneman
et al. 2001), possibly because our sampling occurred after the mixed layer had shoaled
sufficiently to relieve phytoplankton from light limitation (as might have been experienced in
spring) but before the onset of extreme iron deficiency (as likely occurred in late summer). No
clear latitudinal gradient is observed in summertime NPP, with the maximum rate occurring in
the PFZ (station 3). This, too, is consistent with earlier work from the Atlantic sector showing
similar rates of NPP across the SAZ and AZ and elevated production in the PFZ (Froneman et
al. 1995; 2001). Station 3 was located very close to the PF where surface divergence drives the
upward supply of nutrient-rich (including iron and silicate) waters to the euphotic zone (Hense

et al. 2000; Tremblay et al. 2002), which likely explains the higher productivity of this station.
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Figure 2.9: Summertime surface layer-integrated rates of nitrate uptake (pNOg3; black symbols) as a function of
(a) mixed layer or euphotic zone depth (1% PAR) and (b) latitude. In panel (b), the measured surface layer-
integrated silicate (Si (OH)4) concentration is also shown (gray symbols). “Surface layer” is the euphotic zone at
Stations 1, 4, SG, and IS and the mixed layer at Stations 2 and 3 (Table 2.1; see section 2.2.7 for details).

MLD-integrated NPP (4 to 7 mmol C m d?) is significantly lower in the winter and similar
to the lone existing measurement from the wintertime Southern Ocean south of Africa (~11
mmol C m?2d? in the SAZ; Froneman et al. 1999), as well as to winter data from the AZ off
the West Antarctic Peninsula (1 + 0.4 mmol C m d*; Kottmeier and Sullivan, 1987). Our NPP
data are thus consistent with previous characterizations of the Southern Ocean as productive in
summer and largely biologically-dormant in winter (Heywood and Whitaker 1984; Smith and
Nelson 1986). This is supported by the higher biomass C:N ratios observed in winter (8.4
1.2) versus summer (6.7 = 0.6), which suggest a role for heterotrophic degradation in
autumn/early winter, driving the preferential remineralization of organic N over C (Schneider
et al. 2003), and the dominance of balanced phytoplankton growth in summer that yields
biomass with a C:N ratio similar to the Redfield ratio of 6.63:1 (Redfield 1934; Martiny et al.
2013). However, it is worth mentioning that the C:N ratio depends on a number of biological
parameters like phytoplankton community composition, growth rates and environmental

conditions; the assumption of Redfield C:N is made in the context of this understanding.
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2.4.1.2 Potential drivers of nitrate versus ammonium uptake

On average across the transect, summer is characterized by higher depth-integrated pNO3" than
pNH4" (except at station 2), yielding f-ratios >0.5 (Table 2.1). I note that while pPNH4" may be
underestimated due to NH4" isotope dilution (Glibert et al. 1982) leading to overestimates of
the f-ratio, accounting for a realistic rate of NH4* regeneration (~50 nM d; Goeyens et al.
1991) does not change this general trend (see section 2.3.3. and Appendix A2.1). The apparent
preference of phytoplankton for NOs  over NHs" may be due to the >10-fold higher
concentration of NOs™ than NH.*, as well as the higher light availability characteristic of the
summer. While surface NO3s™ concentrations are perennially high across the summertime
Southern Ocean, phytoplankton need a great deal of energy to reduce NOs™ during assimilation
(Syrett 1956, 1981; reviewed by Glibert et al. 2016); thus, pNO3 will decrease under low light
conditions regardless of NOs™ availability (Dorch, 1990) (Figure 2.8a). By contrast, NH4" is
less energetically expensive to assimilate but is present in summertime surface waters at
relatively low concentrations, such that NH4" availability likely constrains pNH4" (Figure
2.8b). Plotting surface layer-integrated pNOs" as a function of MLD/euphotic zone depth shows
that pNOs" increases as the surface layer shoals (Figure 2.9a), confirming an important role for
light in driving phytoplankton reliance on NOs". A light-related control on NOs™ versus NH4*
uptake is further supported by the observation that at all summer stations, pNO3™ decreases with
depth while pNH4" is often constant or even higher towards the base of the euphotic zone/mixed

layer.

While light availability seems to exert a dominant control on the seasonal cycle of NOs
assimilation in the Southern Ocean (Olson 1980; Hu and Smith 1998; Sambrotto and Mace
2000), it is unlikely to be the only explanation for the summertime variability in pNOgz", with
iron and silicate availability, as well as phytoplankton community composition, also playing a
role (Hutchins et al. 2001; Tagliabue et al. 2012; Ganghi et al. 2012). Intracellular NO3"
reduction has a high iron requirement (Sunda 1989) such that pNOz" is reduced under low iron
conditions. In a compilation of thousands of dissolved iron measurements from the Southern
Ocean, Tagliabue et al. (2012) found that surface waters in the Atlantic SAZ/PFZ and AZ in
summer are characterized by similar iron concentrations (averages of 0.30 £ 0.55 nM and 0.47
+ 0.69 nM, respectively), which suggests that latitudinal differences in iron availability do not
explain the tendency for higher NOs™ drawdown to the south (Figure 2.9b). That said, whether

the iron concentrations varied across the different zones at the time of sampling is unknown.
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In the PFZ and AZ, high surface silicate concentrations favour the growth of diatoms (Franck
et al. 2000; Le Moigne et al. 2013), a group of phytoplankton considered NO3z™ specialists
(Litchman et al. 2006; Fawcett and Ward 2011); the generally higher silicate availability in the
AZ may thus favour higher pNO3™ (Figure 2.9b). Given the relationship of upper Southern
Ocean silicate concentrations to latitude, however (Read et al. 2002; Sarmiento et al. 2004;
Demuynck et al. 2019), which also affects light (and perhaps iron) availability, it is impossible

to disentangle a potential silicate control on pNO3'.
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Table 2. 2: A selection of previously measured N uptake rates (pNOs~, pNH4", and pUrea) and f ratios for the Indian,
Atlantic, and Pacific sectors of the open Southern Ocean

Incubation
Region and Season pNO; pNH,* pUrea pN f-ratio (hrs) Reference
Atlantic Sector (winter, July 2015 GoodHope line) 24 This study
SAZ (42-45°S) 0.47 5.40 5.87 0.11
PFZ (50°S) 0.21 9.47 9.68 0.03
AZ (55°S) 0.13 3.50 3.63 0.04
2Atlantic Sector (winter, July 2012 GoodHope line) 24 Philibert et al.
SAZ (42-45°S) 1.02 32.9 33.92 0.03 (2015)
PFZ (50°S) 1.92 10.02 11.94 0.16
AZ (55°S) 5.08 12.46 17.54 0.29
Atlantic Sector (summer, January 2016 GoodHope line) 24 This study
PSAZ (42-45°S) 2.00 3.59 5.59 041
°PFZ (50°S) 3.46 1.34 4.80 0.72
2AZ (55°S) 3.89 1.15 5.04 0.77
aSouth Georgia (PFZ; 50°S; 33°W) 6.95 1.07 8.02 0.87
%Ice shelf (70°S; 07°E) 2.85 0.81 3.66 0.78
Atlantic Sector (summer, March 2012 GoodHope line) 24 Joubert et al.
SAZ (42-44°S) 5.11 0.92 431 10.34 0.49 (2011)
PFZ (45-50°S) 197 1.16 2.13 5.26 0.41
AZ (51-57°S) 3.39 1.27 2.86 7.51 0.45
Atlantic Sector (summer, March 2013 GoodHope line) 12 Philibert et al.
SAZ (43°S) 0.27 6.02 6.29 0.04 (2015)
°Indian Sector (late summer, April/May 1999) 10-24 Thomalla et al.
SAZ (41-46°S) 0.94 5.26 6.48 12.67 0.09 (2011)
°Indian Sector (late summer, February-March 2006) 4-6 Prakash et al.
SP4_SAZ (43°S) 1.58 0.99 0.48 3.05 0.52 (2015)
SP3_PFZ (58°S) 0.92 0.58 0.22 1.72 0.53
°Indian Sector (summer, February-April 2009) 4 Gandhi et al.
Transect A (35-66°S) 0('3';;)4 08-16(L1%  09-1.8 (1.3% 0.2-05 (2012)
Transect B (35-65°S) O(f_';'d')l 08-15(11%  09-22(L3% 0.1-0.7
¢Indian Sector (spring, October-December 2001) 12 Savoye etal.
SAZISTF (49-51°S) 4.40 0.53 (2004)
PFZ (54-57°S) 5.60 0.56
AZ 9.60 0.61
°Pacific sector (summer, December/February 1997) 3-24 Sambrotto and
PFZ (57-61°S) 2-5 (2.39) 0.05-0.48 Mace (2000)

2 Integrated over the MLD. P Average of two stations, 42°S integrated to MLD, 45°S integrated to euphotic zone depth (see text for details). ¢ Integrated over

the euphotic zone. 9 Averages of ranges. ¢ Integrated over upper 70 m of the water column.
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The general preference for NOs™ over NH4" across the summertime Southern Ocean is
attributed to the alleviation of light and iron limitation of phytoplankton since sampling took
place late enough in the season for stratification to have set in but prior to the exhaustion of
iron. This should favour the proliferation of larger NOs™-consuming phytoplankton including
diatoms in regions with adequate surface silicate. In addition, the north-south increase in both
pNOs™ and the f-ratio can be explained by the combined influence of light, iron, and silicate,
and possibly also phytoplankton community composition. Finally, | note that surface layer-
integrated pNH4" is both proportionally and absolutely higher at the SAZ stations, particularly
at station 2, even though the ambient NH4* concentration is low. This may indicate enhanced
recycling and a phytoplankton community dominated by smaller cells in the SAZ (Froneman
et al. 2001) where mixed layers are deeper (i.e., potentially driving some degree of light
limitation; Sallée et al. 2010; du Plessis et al. 2017) and silicate concentrations are lower
(Sarmiento et al. 2004). Our summertime rates of NO3s and NH4* uptake are broadly consistent
with previous work in all sectors of the Southern Ocean (Table 2.2; Savoye et al. 2004; Joubert
et al. 2011; Gandhi et al. 2012; Prakash et al. 2015), although higher rates of NH4" than NO3
uptake have also been observed. For example, Philibert et al. (2015) measured rates of NH4"
uptake >10-times higher than coincident pNOs3" in the SAZ along the GoodHope line. However,
they sampled in late summer (late February/early March) when iron and silicate limitation are
expected to be highest (Hutchins et al. 2001; smith and bue et al. 2012), N recycling should be
enhanced (Timmermans et al. 1998; Hutchings et al. 2001), and the phytoplankton community
is more likely to be dominated by smaller cells (Gandhi et al. 2012).

2.4.1.3 Additional sources of N to phytoplankton

Above and in the f-ratio calculations (equation 2.2), pNH4" is equated with regenerated
production, which may underestimate this flux because it does not consider the possibility of
DON uptake by phytoplankton (i.e., compounds such as urea and cyanate; Bronk 2002; Widner
etal. 2016). Urea is a highly labile form of DON with a turnover time of minutes to days (Bronk
et al. 1998) that has been shown to contribute significantly to regenerated production in the
Southern Ocean in late summer (Joubert et al. 2011; Gandhi et al. 2012; Prakash et al. 2015)
and early autumn (Thomalla et al. 2011). Additionally, while measurements of cyanate uptake
are scarce, this N species has been estimated to support as much as 10% of total N uptake in
the oligotrophic North Atlantic (Widner et al. 2016), with lower contributions measured in

coastal waters (Widner and Mulholland 2017) and the eastern tropical north Pacific (Widner et
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al. 2018). To our knowledge, there are no measurements of cyanate uptake from the Southern
Ocean, although a gene encoding cyanate acquisition (the transporter cynA), typically
associated with surface cyanobacteria, has been found in the Amundsen and Bellinghausen
Seas (Kamennaya and Post 2013). Ignoring phytoplankton consumption of urea and possibly
cyanate (or indeed, any form of labile DON) during mid-summer may thus lead to an
overestimation of carbon export potential (Bronk et al. 1994; Fernandez and Raimbault 2007;
Peng et al. 2018). To address this the specific rates of N uptake versus C fixation (i.e., VN _total
(= Vno3t+VnH4) VS. V) are plotted (Figure 2.10a). In theory, if all surface layer productivity is
supported only by NO3z" and NH4*, then Vn_tota and V¢, averaged over the MLD/euphotic zone,
should fall along a 1:1 line. This proves to be the case for stations 1, 2, SG, and IS. The
implication is that, at least at the time of our sampling, summertime NPP was supported near-
exclusively by NOs™ and NH4" at these stations, while at stations 3 and 4, 45 + 28% and 30 +
16% of carbon production was fuelled by an alternative N source (i.e., V¢ is 45 + 28% and 30

+ 16% higher than Vn total, indicating a decoupling between these two variables).
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Figure 2.10: Specific uptake rates of carbon (Vc = NPP/POC) versus nitrogen (Vn_total = Vnos + Vnna) for (a)
summer and (b) winter. Coloured symbols show the rates at the individual incubation depths, and the
corresponding black symbols represent the 0-200 m-weighted average rates at each station. Integrating to the base
of the mixed layer or euphotic zone rather than 200 m makes little difference to the averages because the specific
rates at 200 m are very low. The solid black line represents Vc:Vn o = 1:1, which is expected for balanced
phytoplankton growth assuming that the only N forms being assimilated are NOs™ and NH4*.
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The most obvious candidate for this “missing” N is some form of regenerated DON, which, if
it fueled all the NPP not accounted for by pNO3™ and pNH4", would significantly decrease
carbon export potential at stations 3 and 4. Alternatively, the “missing” N source could have
been new rather than regenerated, which would increase carbon export potential. The only
available N> fixation data from the open Southern Ocean (measured southwest of the Kerguelen
Plateau) suggest an average mixed-layer rate of <0.005 d* (Gonzalez et al. 2014), which is an
order of magnitude too low to account for the “missing” N consumption implied by Figure
2.10a (0.044 + 0.012 d* and 0.022 + 0.004 d* at stations 3 and 4, respectively). Moreover,
given the evidence that low temperature (Staal et al. 2003; Moore et al. 2004), low iron (Paerl
etal. 1994; Berman-Frank et al. 2001; Kustka et al. 2003), and/or high NO3 (Holl and Montoya
2005; Knapp et al. 2012) are unfavourable for N> fixation, this process is unlikely to ever be
significant in Southern Ocean surface waters. In addition, modeling studies suggest virtually
no atmospheric N deposition to the Atlantic Southern Ocean, particularly south of 50°S where
stations 3 and 4 are located (Kanakidou et al. 2012; Jickells et al. 2017). Thus, it is most likely
that the “missing” N source was regenerated, implying that regenerated production may have

been underestimated and the f-ratio overestimated at these two stations.

2.4.1.4 Evidence for heterotrophic bacterial ammonium uptake in winter

Winter is characterized by a MLD-integrated pNH4" that is 10- to 70-fold higher than pNO3".
This trend has been observed previously in the winter Southern Ocean, with similar findings
reported for the Weddell/Scotia Sea (Cota et al. 1992) and GoodHope line (Philibert et al.
2015). One possibility is that the low light available to phytoplankton during winter driven by
the deep MLDs and low insolation favor NH4" over NO3z™ consumption (Syrett, 1981; Dortch,
1990). Indeed, previous observations of the apparent preference of Southern Ocean
phytoplankton for NH4" in winter have been explained thus (Cota et al. 1992; Philibert et al.
2015). However, our concurrent measurements of NPP and N uptake show that a significant
fraction of the NH4" consumption occurs without the rate of carbon fixation expected if the
NH4* were consumed by phytoplankton. Instead, a comparison of Vn_ttal and V¢ reveals that
NPP and N uptake are strongly decoupled during winter (Figure 2.10b), with as much as ten
times more N consumed (mainly in the form of NH4*; Table 2.1) than carbon fixed. | note that
pNH4" can be overestimated from isotope tracer experiments when ambient NH4*
concentrations are so low that the addition of **N-NH,* stimulates uptake (Lipschultz 2008).

However, in part due to the relatively high winter mixed-layer NH4* concentrations, our °N-
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NH4" additions were always <10% of the ambient pool. The high measured pNH4" is thus
attributed to high rates of NH4" assimilation by heterotrophic bacteria, which would yield no

carbon fixation.

There are very few direct measurements of heterotrophic bacterial N uptake in the Southern
Ocean, with no studies conducted in winter. For summer, the only available data are from
coastal waters near the Antarctic Peninsula where the bacterial NH4" demand was ~17% of the
total community NH4" uptake rate (Tupas and Koike 1990; 1991). Cochlan and Bronk (2001)
report similar potential pNH4" by heterotrophic bacteria in the summertime Ross Sea. The
paucity of Southern Ocean data notwithstanding, marine heterotrophic bacterial uptake of
inorganic N is well documented, with bacteria showing a strong preference for NH4" over urea
and NOz™ (Kirchman et al. 1991; 1994; Allen et al. 2002; Bradley et al. 2010). For example, a
study conducted in the Arctic during autumn measured rates of NH4* uptake by heterotrophic
bacteria that were 43-80% higher than those attributed to phytoplankton (Fouilland et al. 2007).
The low light availability that characterizes the wintertime Southern Ocean makes it difficult
for phytoplankton to thrive (Smith and Sakshaug, 1990). This, coupled with the relatively high
ambient NH4* concentrations that appear to typify the winter mixed layer, may favour bacterial
NH4* consumption. For the AZ south of Africa, Smart et al. (2015) hypothesize that
autumn/early winter surface waters are characterized by intense N recycling. Heterotrophic
bacteria must play a central role in such recycling, possibly in both the production and

consumption of NH4".

One implication of heterotrophic bacterial NH4" consumption is that previous winter (and
possibly even summer) studies of N uptake that did not include synchronous measurements of
NPP may have overestimated autotrophic productivity. For example, if the high winter mixed
layer-integrated pNH4" reported by Philibert et al. (2015) were solely due to phytoplankton,
NPP would need to be higher than is typically measured in summer (i.e., >60 mmol C m™ d?,
assuming a C:N uptake ratio of 106:16). For the Atlantic Southern Ocean during late
summer/early autumn, Probyn and Painting (1985) attributed 75% of the measured NH4*
assimilation to “picoplankton”. Some portion of that NH4s* may have been consumed by
heterotrophic bacteria given that they overlap in size with picophytoplankton (<1 pum). Without
co-occurring measurements of NPP and pNH.4", the heterotrophic contribution to NH4* uptake

cannot be quantified.
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2.4.1.5 Carbon and nitrogen cycling in potentially naturally iron-fertilized regions

Southern Ocean NPP is not limited by N but by a combination of iron (Martin, 1990; Smetacek
et al. 2012) and light availability (Nelson and Smith, 1991), with Si(OH). playing a role in
SAZ waters (Hutchins et al. 2001; Pollard et al. 2002). However, there are naturally iron-
fertilised regions of the Southern Ocean (Ardyna et al. 2019 and references therein) that have
been shown to support high rates of NPP and NOz™ uptake (yielding high estimates of carbon
export potential), such as the waters near Subantarctic islands (Korb et al. 2005; Seeyave et al.
2007; Blain et al. 2007; Cavagna et al. 2015) and associated with melting sea ice and ice shelves
(Wang et al. 2014; St Laurent et al., 2019; Twelves et al., 2020) (see Appendix A2.2). lron
concentrations were not measured in this study so iron limitation of phytoplankton (or the
extent of its alleviation) cannot be directly evaluated. However, two of the summer stations are
located in regions that may experience less iron-limited conditions — near the island of South
Georgia (55°S; 33°W) and at the Fimbul Ice Shelf (70°S; 07°E) (SG and IS; Figure 2.1).

The SG station is characterized by a higher pNOs™ and f-ratio than all the other stations, and a
higher rate of NPP than all but station 3 (Table 2.1). In addition, the NO3™ concentration
gradient between the Tmin and the surface is steeper at SG (8.6 (M) than at the other stations at
a similar latitude (1.5 puM at station 4; 1.1 uM at station 3), indicating a higher degree of
seasonal NOs™ drawdown at SG. Likewise, the Tmin-to-surface gradient in silicate concentration
is 17.9 uM at SG and only 4.2 uM at station 4 (not shown). Thus, silicate also suggests higher
seasonal productivity at SG, and further implies that NPP is driven largely by diatoms, a group
considered disproportionately important for carbon export (Buesseler 1998b). Our observations
can be explained by the alleviation of phytoplankton iron limitation, which enhances NO3z
reductase activity (Timmermans et al. 1994) and may increase the affinity of diatoms for
silicate (Brzezinski et al. 2005; Mosseri et al. 2008). Indeed, elevated dissolved iron
concentrations have been measured in the upper 200 m around South Georgia in summer (as
high as 7.70 nM, versus <0.4 nM in the open Atlantic sector; Nielsdottir et al. 2012; Tagliabue
et al. 2012; Schlosser et al. 2018) and large, long-lasting phytoplankton blooms are regularly
observed downstream of the plateau (Atkinson et al. 2001; Korb et al. 2004; Borrione and
Schlizer, 2013).

In contrast to SG, there appears to be no stimulation of productivity at the IS station where low

rates of NPP and N uptake were measured (Table 2.1). Interestingly, the f-ratio at IS was higher
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than at all the other summer stations except SG. Numerous studies have observed elevated
biological activity near ice shelves, which is typically attributed to the alleviation of iron
limitation due to local iron inputs associated with melting sea ice (Aguilar-Islas et al. 2008;
Tovar-Sanchez et al. 2010; Gerringa et al. 2012; 2015; Herraiz-Borrenguero et al. 2016). That
this was not the case at IS is probably because sampling occurred too late in the season to
capture the period of intense sea-ice melt. In other words, by the time of our sampling in late
January, any iron supplied from melting sea ice to the waters near the ice shelf had already
been consumed by an earlier phytoplankton bloom. This is consistent with the observation that
POC concentrations were highest at 1S while NPP was lowest. The high f-ratio at IS can be
attributed to the fact that the MLD was significantly shallower than the euphotic zone, allowing
enough light into the mixed layer to favour NO3™ consumption even though total N uptake was
low. The implication is that iron (rather than light) exerted the dominant control on productivity
at the Fimble Ice Shelf at the time of our sampling, but by limiting rather than stimulating

phytoplankton growth.

In sum, the data show that, unsurprisingly, the Southern Ocean is more productive in summer
than winter in terms of NPP and carbon export potential (the latter inferred from pNO3).
However, the new production paradigm as a framework for computing the potential for export
production is ill-suited for the wintertime Southern Ocean because of the high proportion of
NH.4" uptake that occurs in the absence of carbon fixation. The new production paradigm may
adequately describe new and regenerated N uptake and carbon export potential in summer, with
the caveats that 1) regenerated DON consumption cannot be ignored and 2) the rate of euphotic
zone nitrification must be low relative to pNOs". This latter requirement is examined in detail

below.

2.4.2 The seasonal cycle of nitrification in the Southern Ocean surface layer

Rates of surface layer nitrification were low in summer and high in winter, consistent with
expectations for a region governed by high hydrographic seasonality. In winter, the mixed layer
is deep (up to 150-200 m) relative to the base of the euphotic zone (<100 m; Table 2.1) and
incident radiation is low. This means that light inhibition of nitrifying microorganisms
(Horrigan et al. 1981; Olson 1981b; Guerrero and Jones 1996; Merbt et al. 2012; Qin et al.
2014) is alleviated and phytoplankton spend long periods in the dark, rendering them far less
competitive for NH4* (Ward 1985; 2005; Smith et al. 2014; Wan et al. 2018). Despite our
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observation of elevated NH.* oxidation in winter, NH4* uptake (likely by heterotrophic
bacteria) occurs at double the NH4"ox rate at three out of four stations (Table 2.1). This suggests
that the NH4" regeneration flux must be high in autumn following the period of high NPP
and/or high in winter (i.e., at the time of our sampling) in order to support significant rates of
NH." uptake and oxidation and still yield a relatively high mixed-layer NH4" concentration.
When the mixed layer shoals in summer, surface layer nitrification is no longer favorable
because nitrifiers are more likely to experience light inhibition and phytoplankton, now
released from light limitation, will outcompete the slow-growing nitrifiers for NH4". Indeed,
the surface layer-integrated NH4* uptake rates are 6-50 times higher than the concurrently-

measured NH4* oxidation rates in summer.

Direct measurements of nitrification south of 40°S are limited, with only two studies focused
on the open Southern Ocean (Olson, 1981a; Bianchi et al. 1997). Nonetheless, our summer
rates (0.7 to 30.1 nM d* for NH4*ox and 0.3 to 36.8 nM d for NO2ox) fall within the range
reported previously for the open and coastal Southern Ocean and other high latitude regions.
For example, Olson (1981a) measured low rates of NH4* oxidation (6 to 8.9 nM d* and 0 to
12.9 nM d?) during mid-summer and spring in the Ross and Scotia Seas, respectively, and
Tolar et al. (2016) report average summertime mixed-layer NH4* oxidation rates of 13 + 3 nM
d? for experiments conducted on the continental shelf and slope west of the Antarctic
Peninsula. Similarly, low summertime NH4* oxidation rates (0-30 nM d) have been measured
throughout the euphotic zone of the Pacific Arctic Ocean (55°N to 68°N) (Shiozaki et al. 2016)
and in the surface of the Chukchi and Beaufort Seas (0-11 nM dt) (Christman et al. 2011; Baer
et al. 2014). In contrast, Cavagna et al. (2015) measured mixed-layer nitrification rates of 0-
3000 nM d* in the spring on the Kerguelen Plateau (although most values were <1000 nM d*
and almost all the higher rates occurred below the euphotic zone). However, given that this
region is highly iron (and silicate) fertilized and characterized by elevated productivity (de Baar
et al. 1995; Blain et al. 2001; 2007), the high rates of NOs™ production are unlikely to be
representative of the open Southern Ocean.

There are no direct measurements of nitrification from the open Southern Ocean in winter with
which to compare my data (0.7 to 334 nM d* for NH4"ox and 0 to 342 nM d* for NO2ox). Tolar
etal. (2016) report NH4" oxidation rates from the upper 150 m off the West Antarctic Peninsula
in late winter (September) of 62 + 16 nM d*, but given the coastal nature of this sampling site,
the rates cannot be taken to reflect the open Southern Ocean. Bianchi et al. (1997) measured
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NH4* and NO2" oxidation across the Indian open Southern Ocean in autumn (April and May)
and report rates over the upper 100 m of 24-84 nM d* and 9.6-72 nM d%, respectively. These
are within the range of the winter rates measured here, albeit at the low end. The lower rates
may in part derive from the fact that Bianchi et al. (1997) only sampled the upper 100 m of the
water column, yet the mixed layer would have been deeper than this at many of their stations
(Dong et al. 2008; Sallée et al. 2010) and nitrification rates tend to be higher towards the base
of the mixed layer. Another possibility is that in autumn, phytoplankton, now iron-limited and
unable to efficiently consume NO3™ (Hutchins et al. 2001; Tagliabue et al. 2012) but still
experiencing sufficient light levels to photosynthesize, assimilate predominantly NH4* (El-
Sayed, 1987; Jacques 1991; Goeyens et al. 1995; Priddle et al. 1998), largely outcompeting
nitrifiers for this substrate. In any case, the available data (including those reported here)
suggest that low light and reduced competition for NH4" create conditions in the Southern
Ocean’s winter mixed layer that favor nitrification. In the summer by contrast, light inhibition
and rapidly growing phytoplankton allow for rates of surface nitrification that are insignificant
relative to both wintertime nitrification and summertime autotrophic NOs™ consumption. This
seasonal pattern is also evident in the available Southern Ocean NOs" isotope data that show
assimilation to be the major biological process acting on the surface NO3™ pool in summer
(DiFiore et al. 2009; Kemeny et al. 2016; Fripiat et al. 2019) with nitrification dominating in
winter (Smart et al. 2015).

The NO2 concentrations over the upper ~200 m of the water column showed no trend with
depth and are similar in summer and winter (~0.2 uM) despite the large seasonal differences
in NH4"ox and NO2"ox (see Appendix A2.3). This has been observed previously in high-latitude
surface waters (Fripiat et al. 2019; Zakem et al. 2018) and is in contrast to the oxygenated
oligotrophic ocean where NO>™ builds up at the base of the euphotic zone as a primary NO2
maximum (Lomas and Lipschultz 2006; Ward 2008). The accumulation of NO2™ throughout
the upper water column poleward of 45° has been explained as deriving from the upward
mixing in winter of NO3+NO>" that cannot be depleted by phytoplankton due to iron and/or
light limitation and that is then available to nitrifying organisms (Zakem et al. 2018). In other
words, NHz* and NO- oxidizing organisms should coexist in Southern Ocean surface waters
with iron/light-limited phytoplankton. Our data suggest that the situation is more nuanced than
this. Open Southern Ocean phytoplankton always experience some degree of iron limitation
(Moore et al. 2007; Tagliabue et al. 2012), which becomes more pronounced over the growing
season (Tagliabue et al. 2014; Ryan-Keogh et al. 2018; Mtshali et al. 2019). Despite this,
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nitrification is insignificant relative to autotrophic NOs  and NH4" uptake in the euphotic zone
in summer, with higher rates observed only in the dark sub-euphotic zone waters. By contrast,
in winter when the mixed layer deepens below the base of the euphotic zone, phytoplankton
growth is minimal despite the entrainment of iron from the subsurface (Tagliabue et al. 2014,
Mtshali et al. 2019) and nitrification rates are high. These observations suggest that light exerts
a stronger control than iron on potential phytoplankton-nitrifier co-existence in Southern Ocean

surface waters.

2.4.3 Estimates of the f-ratio and implications for the new production paradigm

Southern Ocean f-ratios calculated previously from °N uptake experiments range from 0.03 to
0.70, with similar values reported for the Indian, Atlantic and Pacific sectors, and most of the
available data generated for the summer (Table 2.2). Using equation 2.2, relatively high
summertime surface layer-integrated f-ratios are calculated (range of 0.29 to 0.87, average of
0.66 if all stations are considered and 0.58 if only stations 1-4 are considered). Taken at face
value, these f-ratios imply that ~60% of summertime NPP is available for export into the ocean
interior. However, the AZ rate data suggest that a form of regenerated DON may support as
much as 30-45% of NPP. Accounting for this decreases the station 3 and 4 f-ratios to 0.40
0.24 and 0.55 £ 0.28, respectively (f-ratio(corrected) (DON) in Table 2.1), significantly reducing

the carbon export potential implied by the AZ measurements of NOs™ and NH4* uptake alone.

Very low wintertime f-ratios are calculated (0.03-0.11), driven by NH4" uptake rates that are
11 to 45 times higher than the coincident pNOgz’, in line with previous winter estimates for the
same region (0.03-0.29; Table 2.2). These latter values were interpreted as indicating that most
wintertime NPP in the Southern Ocean is regenerated. However, as discussed above, our winter
rates of NH4" uptake (and those of Cota et al. (1992) and Philibert et al. (2015)) are anomalously
high and almost entirely decoupled from concurrently-measured rates of NPP, which is best
explained as reflecting high rates of heterotrophic bacterial NH4" uptake. Given the available
data, it is not possible to disentangle the relative contribution of heterotrophs versus autotrophs
to NH4" assimilation in the winter Southern Ocean. Even if NPP and autotrophic N uptake are
assumed to be tightly coupled such that any NH4* consumption in excess of the stoichiometric
quantity required to support NPP (minus the contribution from NO3 uptake) is due to
heterotrophic bacteria, it is unknown whether phytoplankton consume some quantity of DON

during the winter and/or heterotrophic bacteria are responsible for some portion of the
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measured NOsz™ uptake (Kirchman 1994; Kirchman and Wheeler 1998; Fouilland et al. 2007).
The implication of these uncertainties is that wintertime NH4* consumption in the Southern
Ocean cannot be equated to regenerated production, and any calculation of the f-ratio
predicated on this assumption will be inaccurate.

Euphotic zone nitrification represents an additional complication to calculations of the f-ratio,
and not accounting for it can yield significant overestimates of this parameter and the carbon
export flux (Yool et al. 2007). Unlike in the case of DON, the in situ production of NOz™ in
surface waters would not be detectable as a “missing” N source because phytoplankton do not
distinguish between new and regenerated NO3™ during assimilation. However, our concurrent
measurements of N uptake and NH4* and NO>" oxidation can be used to estimate the fraction
of NO3z™ consumption deriving from surface nitrification, and the f-ratio (equation 2.2) can be

corrected for nitrification following (Fernandez et al., 2005):

VN03—Vhitrification (2 5)
VNo3+ VNH4

f ratio(corrected) =
One might assume that the best approximation of Vitification (i.€., the rate of nitrification) is
NO2ox, as this is the step in the nitrification pathway that actually produces NOs". However,
since the pathway that is rate-limiting for nitrification is not clear, NH4*ox may be an equally
good indicator of the in situ nitrification rate (Yool et al. 2007). The f-ratio is thus corrected
using both NH4"ox and NO2 o« in order to yield the broadest possible range of corrected values.
Subtracting measured nitrification from nitrate uptake may not yield the most accurate
estimates of the f-ratiocorrected), particularly at high rates of nitrification (Yool et al. 2007).
However, it is the best option available given the data I have in hand. Moreover, high rates of
surface-layer nitrification were measured in winter only, leading me to conclude that the f-ratio
cannot be computed with any confidence for this season (see below), regardless of how one

corrects for nitrification.

In summer, surface-integrated NH4"ox and NO2'ox are low at all stations, but they are not zero.
The f-ratios decline by 0.9-5.2% (average of 2.8 + 1.8%) using NH4"ox and 0.8-9.4% (average
of 4.6 = 3.9%) using NOz ox as a proxy for nitrification. This is in keeping with Southern Ocean
NOgz" isotope studies that have estimated surface layer nitrification to account for <10% of the
NOs" consumed by phytoplankton during summer (Trull et al. 2008; DiFiore et al. 2009). To a
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first approximation, therefore, equating NOs™ uptake to new (and export) production appears to
be reasonable for the Southern Ocean in summer, although regenerated DON assimilation
requires consideration. Indeed, accounting for the possibility of DON uptake in summer
decreases the f-ratio far more than in situ nitrification at stations 3 and 4. The combined effect
of DON consumption and surface nitrification is to decrease the fraction of NPP potentially
available for export in the summer from 66 £+ 21% to 54 + 21% if all stations are considered,
and from 58 + 22% to 42 + 12% if only stations 1-4 are included.

For winter, a comparison of mixed layer-integrated NH4"ox and NO2ox with pNO3™ suggests
that on average, 16 + 14 times more NOz" is regenerated than is consumed by phytoplankton
(18 + 14 times if NHs"ox and 14 £ 9 times if NO2ox is used as a proxy for nitrification; Table
2.1). This suggests that, from a mass balance perspective, none of the carbon produced in
Southern Ocean surface waters in winter is exported into the ocean interior (Dugdale and
Goering, 1967; Eppley and Peterson, 1979). Moreover, that nitrification can account for >100%
of pNOs™ at all stations, coupled with the evidence for heterotrophic bacterial assimilation of
NH.", renders wintertime calculations of the f-ratio meaningless. In Table 2.1, f-ratios that have
been “corrected” for nitrification according to equation 2.5 (f-ratiocorrectedy (NH4"ox) and f-
ratiocorrected) (NO270x)) are presented. However, for winter, this exercise is intended only to
illustrate the failure of the new production paradigm as a framework for understanding carbon
production and export; the winter f-ratioscorrected), Which are all negative, have no quantitative

meaning.

Based on measurements of NOs™ isotope ratios, Smart et al. (2015) concluded that the AZ
winter mixed layer is conducive to nitrification because of the highly seasonal nature of these
polar waters. Our dataset extends this characterization to include the PFZ and SAZ. Indeed, it
is the strong seasonal cycle — a discrete summertime period of mixed-layer NOs™ drawdown
followed by a low-light winter period characterized by high rates of mixed-layer nitrification
— that appears to render the new production paradigm appropriate for estimating carbon export
potential in summer. However, this is complicated in the AZ by the fact that the winter mixed
layer, in the form of the Tmin, is an important NO3™ source to surface waters in summer (DiFiore
et al. 2010; Smart et al. 2015). While the Tmin continuously exchanges NOs™ with underlying
deep waters (i.e., CDW; NOs originating from this deep water mass is truly “new” to the
surface layer), our data and those of Smart et al. (2015) suggest that a significant fraction of
the Tmin NO3™ pool is produced in the winter mixed layer. The implication is that summertime
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phytoplankton growth is fueled, at least in part, by NO3™ regenerated in surface waters in winter.
Similarly, an uncertain quantity of the NOz™ in the upper SAZ is sourced via equatorward
Ekman transport from the AZ (Gordon et al. 1977; Sigman et al. 1999; Lourey and Trull 2001,
Wang et al. 2001; DiFiore et al. 2006; Moore et al. 2006), such that N cycling in the AZ mixed
layer, including nitrification, may affect the carbon budget of the SAZ.

So far, | have examined N cycling in the summer and winter Southern Ocean separately,
estimating carbon export potential and the f-ratio for each season in isolation. In addition, |
have relied on the original new production paradigm assumption that fluxes into and out of the
euphotic zone can be used to constrain new and export production (Dugdale and Goering 1967).
However, CO> regenerated from organic matter that is exported from the summer euphotic
zone and remineralized above the depth of deep winter mixing (~150 m in the AZ/PFZ and
~200 m in the SAZ in the Atlantic sector; Sallée et al. 2010; Du Plessis et al. 2017) may escape
back to the atmosphere in winter, thus not constituting export on an annual basis. Moreover,
nitrate produced via nitrification in the winter mixed layer that is then supplied to the
summertime surface (e.g., from the Tmin) cannot be considered truly “new,” nor can its
consumption be taken as indicative of carbon export potential. Accounting for these
complications in order to estimate annual export production from my data is not straightforward
given 1) the uncertainty surrounding the quantity of NOs™ supplied to AZ surface waters from
the Tmin vs. CDW, particularly since the Tmin is constantly exchanging with CDW (DiFiore et
al. 2010; Smart et al. 2015), 2) the uncertainty associated with NO3™ transport from the AZ to
the SAZ (DiFiore et al. 2006), and 3) how little is known about the upper Southern Ocean N

cycle in late summer, autumn, and early spring.

Integrating the summer and winter rate data to the maximum depth of winter mixing yields
annual estimates of the f-ratio(correctedy of <0 at all but station 4, where the calculated value is
0.19. Only stations 1-4 are included in this exercise as there are no winter data for the SG and
IS stations. A major weakness of this approach, as evidenced by the fact that it suggests the
Southern Ocean supports no carbon export on an annual basis, is that it assumes that the periods
dominated by mixed-layer NOs™ uptake versus nitrification are of equal length and well-
represented by our data. This is highly unlikely. NOs™ uptake could be higher in spring and
early summer when the mixed layer shoals and iron becomes available to phytoplankton — that
is, the period of maximum NO3z™ drawdown may not have been captured. By contrast, the

interval of maximum nitrification may have been sampled in winter given that the MLD at all
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stations was very similar to the maximum expected depth (Sallée et al. 2010; Du Plessis et al.
2017) and solar radiation was near its lowest. Without a more highly temporally-resolved

dataset, these uncertainties cannot be addressed.

If instead, the wintertime f-ratios are set to zero and averaged over summer and winter, the
annual f-ratios become 0.26, 0.15, 0.36, and 0.39 for stations 1 through 4, respectively. These
values might be considered an upper bound on the annual f-ratio since they do not account for
mixed-layer nitrification rates that are higher than (rather than equal to) pNO3™ in winter. They
are nonetheless comparable to annual average estimates of the export ratio computed using
empirically-derived algorithms that require only NPP and SST data — 0.11-0.32, 0.14-0.36,
0.19-0.41, and 0.19-0.42 for stations 1 through 4, respectively (e.g., see equations 2.2 and 2.3
in Laws et al. (2000) and equation 2.2 in Henson et al. (2011)). These crude f-ratio estimates
are also similar to annual values derived from a variety of geochemical measurements for the
region south of 40°S (0.28-0.43; Lourey and Trull 2001; DiFiore et al. 2006; Reuer et al. 2007;
Emerson 2014; Johnson et al. 2017).

The exercise above is not intended to yield an “accurate” estimate of the annual f-ratio for the
Atlantic Southern Ocean, but instead to highlight the difficulty of extrapolating **N-based
measurements of new and regenerated production beyond the specific temporal and
environmental conditions that they represent. Averaging over summer and winter, while an
improvement, does not solve this problem since it assumes that the annual cycle is well-
represented by two snapshots of upper Southern Ocean N dynamics. Moreover, the
biogeochemical implications of one season for another (e.g., nitrification in the winter mixed
layer, which becomes the summertime Tmin layer) are difficult to constrain without additional
seasonal data and improved estimates of NOs™ exchange between the Tmin and CDW in the
AZ/PFZ, the SAZ summer mixed layer and thermocline, and the AZ and SAZ surface layers.
Nonetheless, measurements of N uptake and nitrification such as those presented here provide
important insights into the fertility and biogeochemical functioning of the upper Southern
Ocean ecosystem on a seasonal basis. In this regard, and given the severe paucity of such data,

our winter measurements are particularly important.
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2.5 Conclusions and implications

Rates of NPP, N uptake, and nitrification were investigated across the Atlantic Southern Ocean
in winter and summer. Mid-summer was characterized by relatively high rates of NOs™-fuelled
primary production, with a minimal contribution of nitrification to the surface NO3™ pool.
Comparison of the specific rates of carbon and N uptake reveal the possibility of regenerated
DON consumption in summer, at least in the PFZ and AZ. The winter was dominated by high
rates of heterotrophic NH4* consumption and nitrification in the mixed layer. During this
season, low light availability, driven by both a decrease in solar radiation and deep mixing,
limits phytoplankton growth and renders nitrifiers and heterotrophic bacteria more competitive.
Despite the clear temporal separation of NO3z™ assimilation and regeneration in the Southern
Ocean mixed layer, | ultimately conclude that the new production paradigm (and associated f-
ratio) as a framework for estimating new production and carbon export potential, which

considers fluxes into and out of the euphotic zone, should be applied with caution.

Interpretation of these data relies heavily on knowledge of the degree of coupling between NPP
and N uptake in surface waters, highlighting the value of parallel carbon and N cycle
measurements. Our co-generated NPP and N uptake data show that the upper ocean N cycle is
dominated by heterotrophic NH4" uptake (and nitrification) in winter, which has implications
for the rate and seasonality of NH." regeneration. Summing the average rates of NH.*
consumption and oxidation across the study region yields a daily surface layer NH4* demand
of 23.5 mmol N m (or ~170 nM d*, assuming an average MLD of 140 m). In addition, the
ambient NH4* concentration in winter is high relative to the summer and to other open ocean
regions (mixed-layer average of 663 nM). Combined, these two observations imply that NH4*
regeneration occurs at an elevated rate, either concurrently with the high rates of wintertime
NH4" uptake and oxidation or prior to this in late summer and/or autumn. Under these
conditions, the Southern Ocean mixed layer likely becomes net heterotrophic and thus a source

of CO- to the atmosphere.

It seems unlikely that there is sufficient high-quality biomass available in winter to yield the
NH." regeneration rates required to support the measured NH4* uptake and oxidation rates. For
a start, the rates of autotrophic productivity are low in winter, which means that little fresh
organic matter is being generated. Indeed, the elevated C:N ratio of winter biomass indicates

that the organic material is fairly degraded. Moreover, the fact that heterotrophic bacteria have
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turned to NH." to support some fraction of their N nutrition may be indicative of the poor
quality of the organic matter available to them. | thus hypothesize that much of the NH4*
available in winter is regenerated prior to this season, likely following the period of elevated
phytoplankton growth. This is consistent with studies of NOz™and PON isotopes, which suggest
that intense N recycling is pervasive in the late summer/autumn (Lourey et al. 2003; Smart et
al. 2015), as well as with studies from coastal Antarctica (e.g., Henley et al. 2017). If the NH4*
available in winter is mostly produced prior to this season, one would expect NH4* to
accumulate in Southern Ocean surface waters in autumn. While there is some indication from
late summer studies that this may be the case (Koike et al. 1986; Owens et al. 1991; Bianchi et
al. 1997; Sambrotto and Mace, 2000; Kemeny et al. 2018), the seasonally-resolved dataset
required to test this hypothesis, as for the annual cycle of new and regenerated production,
currently does not exist.
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Chapter 3: The kinetics of ammonium uptake and oxidation
across the African sector of the Southern Ocean

A version of this chapter has been included as a manuscript entitled “The kinetics of ammonium
uptake and oxidation across the African sector of the Southern Ocean” submitted for review in
Limnology and Oceanography.

Mdutyana, M., Sun, X., Burger, J.M., Flynn, R.F., Smith, S., van Horsten, N.R,,
Roychoudhury, A.N., Planquette, H., Bucciarelli, E., Thomalla, S.J., Ward, B.B., and Fawcett,

S.E. The kinetics of ammonium uptake and oxidation across the African sector of the Southern

Ocean. Limnology and Oceanography. Under review

Abstract

Central to the Southern Ocean’s disproportionate role in setting atmospheric CO> is the
seasonal alternation between upward mixing of nutrients and their subsequent consumption by
phytoplankton. Active nutrient cycling within the mixed layer, including the release of
ammonium (NH4") and its removal by phytoplankton and nitrifiers, also has implications for
Southern Ocean CO. drawdown, yet remains poorly understood. Kinetic experiments were
conducted across the Southern Ocean’s African sector to investigate the dependence of NH4"
uptake (summer, winter) and oxidation (winter) on NH4" concentration. NH4" uptake followed
a Michaelis-Menten function in both seasons with Vmax decreasing poleward, apparently
controlled mainly by light in winter and temperature in summer. The half-saturation constant
(Km) increased poleward with increasing ambient NH4* concentration ([NH4™Jamb) and was
three-fold higher in winter (150-405 nM) than summer (41-115 nM), suggesting that
summertime phytoplankton are adapted to low-NH4" conditions while winter communities
typically receive a higher NH4" supply. NH4" oxidation showed a high affinity for NHs" (Km
of 28-137 nM), suggesting a dominant role for ammonia-oxidizing archaea, and followed a
Michaelis-Menten curve only when [NH4"Jamb was <90 nM. Vmax Was near-constant across the
region regardless of [NH4"Jamb, temperature, or light. Coincident mixed-layer iron and NH4*
oxidation measurements lead to the hypothesis that iron availability may (co-)limit Vmax. If
verified, this suggestion has implications for models that parameterize nitrification as a linear
function of [NH4™]amb. Additionally, iron depletion in the surface Southern Ocean may limit
the role of mixed-layer nitrification, which is significant in winter, in offsetting phytoplankton

CO:> drawdown annually.
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3.1. Introduction

The global ocean absorbs ~30% of anthropogenic carbon dioxide (CO2) emissions, with the
Southern Ocean south of 35°S accounting for ~40% of the oceanic CO; sink (Devries, 2014;
Gruber et al. 2019). The extent of CO> drawdown in this region is largely set by the balance
between macronutrient (i.e., nitrate and phosphate) recharge in winter and nutrient
consumption in summer (Sarmiento and Toggweiler, 1984; Gregor et al. 2018). Nitrate (NOs
) remains replete in open Southern Ocean surface waters throughout the growing season due to
a combination of iron and light (and possibly, temperature; Boyd et al. 2010; Strzepek et al.
2019) limitation of phytoplankton (Martin, 1990; Sunda and Huntsman, 1997). Since
phytoplankton growth fueled by deep NOs™ must be balanced by the export of organic matter
out of surface waters on an annual basis (Dugdale and Goering 1967), the high concentration
of unconsumed mixed-layer NOs™ represents a “leak” in the global ocean’s biological pump —
by consuming NO3z~ more completely, Southern Ocean phytoplankton could theoretically lower
atmospheric CO2 (Sarmiento and Toggweiler, 1984; Sigman and Boyle, 2000).

Because of its role in setting the efficiency of the biological pump, NO3™ cycling has been the
focus of considerable research effort in the Southern Ocean, with less attention paid to the
active cycling of nitrogen (N) in the seasonally-varying mixed layer, including the release of
ammonium (NH4") and its subsequent removal via phytoplankton uptake and nitrification.
High ammonium concentrations ([NH4*]) appear to accumulate in the Southern Ocean mixed
layer during winter (Henley et al. 2020; Mdutyana et al. 2020; Weir et al. 2020) even though
NH.4" removal processes — NH4" uptake (by phytoplankton and possibly heterotrophic bacteria)
and NH4" oxidation (the first step in the nitrification pathway) — are active during this season
(Philibert et al. 2015; Smart et al. 2015; Mdutyana et al. 2020). That high NH4* concentrations
persist in the winter mixed layer despite elevated rates of NH4* removal implies that NH4*
regeneration outpaces NH4" uptake and oxidation, turning the Southern Ocean mixed layer net
heterotrophic, a condition under which it becomes a biological source of CO: to the
atmosphere. In addition, since some fraction of the NO3™ produced by mixed-layer nitrification
in winter will support phytoplankton growth the following summer (Mdutyana et al. 2020), the
annual rate of NH4" (and nitrite; NO2") oxidation relative to NOs™ assimilation determines net
biological CO> drawdown (Dugdale and Goering 1967).

To better understand NH4" dynamics in the winter Southern Ocean mixed layer and the

implications for nutrient cycling and CO> drawdown, | focus on the biogeochemical processes
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that consume NH4*. Mixed-layer NH4* has two possible fates; assimilation by phytoplankton
(and possibly heterotrophic bacteria; Kirchman et al., 1991; 1994; Mdutyana et al. 2020) and
conversion to NO2™ by ammonia oxidizing archaea and bacteria (AOA and AOB, respectively).
Across much of the global ocean, the expectation is that NH4* assimilation will outpace NH4"
oxidation in the upper mixed layer (Ward, 1985, 2005; Smith et al. 2014) even though
phytoplankton and ammonia oxidizers appear to have a similar affinity for NH4* (e.g., Kanda
etal. 1985; Sahlsten, 1987; Harrison et al. 1996; Rees et al. 2006; Martens-Habbena et al. 2009;
Newell et al. 2013; Zhang et al. 2020). This expectation arises from culture and in situ
experiments showing photosensitivity among ammonia oxidizers, which both directly limits
mixed-layer NHs" oxidation and renders ammonia oxidizers less competitive than
phytoplankton for NH4* (Hooper & Terry, 1974; Olson, 1981b; Ward, 1985, 2005; Horrigan
and Springer, 1990; Merbt et al. 2012; Qin et al. 2014; Smith et al. 2014). However, | recently
measured high rates of NH4* oxidation throughout the mixed layer, including in surface (~5 m)
waters, across the wintertime Southern Ocean (between the Subantarctic Zone (SAZ) and the
edge of the Marginal Ice Zone (MI12Z)), coincident with fairly high rates of NH4" assimilation
and, with the possible exception of in the MIZ, in the presence of light (Chapter 2; Mdutyana
et al. 2020). This implies that the controls on NH4* consumption in winter Southern Ocean
surface waters are more complex than light availability and competition between

phytoplankton and ammonia oxidizers for NH4".

The dependence of a biogeochemical process (e.g., NHs4™ uptake or oxidation) on the
availability of a particular substrate (e.g., NH4") can be examined in the open ocean through
experiments designed to yield a hyperbolic Michaelis-Menten relationship, provided that the
rate of that process is limited by the substrate under investigation (e.g., Maclsaac and Dugdale,
1969; Ward and Kilpatrick, 1990; Harrison et al. 1996; Cochlan & Bronk, 2001; Horak et al.
2013; Newell et al., 2013; Peng et al. 2016). The kinetic parameters derived from the resultant
Michaelis-Menten function — the maximum rate of substrate transformation (Vmax) and the half-
saturation constant (Km), which is the substrate concentration at which the reaction rate (V) =
Vmax/2 — reveal important information about the physiological capabilities of, and constraints
upon, the organisms consuming the substrate. The K for NH4" uptake is estimated to be low,
although it varies considerably with ocean region and ambient [NHs"] (Km = 25-429 nM;
Sahlsten, 1987; Harrison et al. 1996; Cochlan and Bronk, 2001; Rees et al. 2006). For NH4*
oxidation, the Ki has so far been successfully determined from very few ocean regions, with
existing estimates from studies of natural populations suggesting that it must be <200 nM, and
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potentially an order of magnitude lower (Olson, 1981b; Hashimoto et al. 1983; Ward and
Kilpatrick 1990; Horak et al., 2013; Newell et al., 2013; Peng et al. 2016; Zhang et al., 2020).
Culture work has yielded a similarly low Km for AOA (133 nM), while the Km for NH4*
oxidation by AOB has been estimated to be two- to three orders of magnitude higher (>10-100
uM; Martens-Habbena et al. 2009).

Central to the application of Michaelis-Menten kinetics is the idea that substrate concentration
is the proximate limiting factor on the rate of substrate consumption (Dugdale, 1967; Eppley
et al. 1969). This assumption seems reasonable in the case of NH4*, which is typically present
in open ocean waters at very low concentrations ( Rees et al. 1999; Gruber, 2008; Paulot et al.
2015). Indeed, there is considerable evidence of NH4" uptake rates increasing with increasing
ambient [NH4*], including in the Southern Ocean (Thomalla et al. 2011; Mdutyana et al. 2020).
The situation is less clear for NH4" oxidation, which is perhaps to be expected given the low
Km associated with this pathway (Martens-Habbena et al. 2009; Horak et al. 2013; Newell et
al. 2013; Peng et al. 2016; Xu et al. 2019). Additional environmental factors such as
temperature, light, community composition, and/or interactions with other nutrients (e.g., iron)
can also influence the rates of NHs* uptake and oxidation. For instance, phytoplankton
consumption of NH.*, while less energy-intensive than NOs uptake (Dortch 1990), is
nonetheless affected by light availability (Kanda et al. 1985; Ward, 1985a) and has been shown
to increase at higher temperatures ( Kanda et al. 1985; Smith and Harrison, 1991; Harrison et
al. 1996; Baer et al. 2014). Additionally and potentially coincidentally, smaller phytoplankton,
which often dominate warmer, nutrient-poor regions, appear to prefer NH4* over more oxidized
N forms (Mulholland and Lomas, 2008 and references therein), and NH4" can also be
assimilated by heterotrophic bacteria (Kirchman et al. 1991; 1994; Allen et al. 2002; Bradley
et al. 2010).

NH." oxidation appears less affected by temperature than NH4* uptake (Horak et al. 2013; Baer
et al. 2014), possibly because ammonia oxidizers are adapted to the temperatures that they
typically experience (e.g., Thamdrup and Fleischer, 1998; Ward, 2008; Horak et al. 2013,
2018). In estuaries and rivers, salinity exerts an important, at times dominant, control on NH4*
oxidation rates (e.g., Somville, 1984; Iriarte et al. 1997; Rysgaard et al. 1999; Bernhard et al.
2007). In the open ocean, however, salinity is relatively invariant, at least on the scales relevant
to the response time of bacteria and archaea. AOA greatly outhumber AOB over the upper few
hundred meters of the ocean (e.g., Beman et al. 2008; Newell et al. 2011; Peng et al. 2016;
Pajares et al. 2019) and the similarity of culture-based AOA K values (Martens-Habbena et
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al. 2009) to in situ estimates (Horak et al. 2013; Newell et al. 2013; Wan et al. 2018; Xu et al.
2019; Zhang et al. 2020) is consistent with AOA being the dominant ammonia oxidizers in all
open ocean systems investigated to-date (e.g., Newell et al. 2011; Peng et al. 2016). A recent
culture study of the globally-abundant AOA, Nitrosomopumilus maritimus SCM1, found that
elevated iron concentrations are required for this organism to oxidize NH4" and that its affinity
for iron is low (Shafiee et al. 2019). Iron availability may thus influence the rates of NH4*
oxidation in regions such as the Southern Ocean where mixed-layer iron concentrations are

nearly always <0.2 nM (Tagliabue et al. 2012).

To better understand the controls on the high mixed-layer NH4" concentrations that seem to
persist in the winter Southern Ocean, | conducted a series of kinetics experiments across the
African (i.e., east Atlantic/west Indian) sector in winter (NH4* uptake and oxidation) and
summer (NH4" uptake only, given the evidence for negligible NH4* oxidation in the Southern
Ocean mixed layer in summer; Mdutyana et al. 2020) (Figure 3.1). To contextualize these
findings, | also measured NH4" uptake and oxidation rates with depth (0-200 m) during winter,
along with NH4" and dissolved iron concentrations. Our results confirm that NH4* accumulates
in the polar Southern Ocean mixed layer in winter and suggest that the maximum rate of its
removal in these waters is not controlled by NH.* availability but by other environmental

drivers such as light, temperature, and possibly iron.

3.2 Materials and Methods

3.2.1 Field experiments

3.2.1.1 Sampling location

Two cruises were undertaken onboard the R/V SA Agulhas Il — a winter cruise in July 2017
from Cape Town, South Africa, to the MIZ (encountered at 61.7°S; De Jong et al. 2018) that
returned along the WOCE 106 line (30°E) (VOY25; Figure 3.1a) and a summer cruise in
December 2018 from Cape Town to Antarctica along the GoodHope line (WOCE A12; 0°E)
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Figure 3.1: Maps showing the cruise track (small black and white symbols), experimental station positions (large
blue and red symbols), and locations of ancillary surface sampling in a) winter and b) summer, overlaid on surface
(~7 m) ammonium concentration ([NH4*]; colours). For both seasons, the small dots (black in winter and white in
summer) indicate the surface stations, the circles indicate the kinetics experiment stations (blue in winter, red in
summer) and the blue squares show the locations of the depth-profile experiments conducted in winter. The solid
horizontal lines denote the frontal positions at the time of sampling, with the major zones of the Southern Ocean
indicated by the vertical lines and dots — STZ, Subtropical Zone; STF, Subtropical Front; SAZ, Subantarctic Zone;
SAF, Subantarctic Front; PFZ, Polar Frontal Zone; PF, Polar Front; AZ, Antarctic Zone; SACCF, Southern
Antarctic Circumpolar Front; MIZ, Marginal Ice Zone. The underway system was turned off during the sampling
of the MIZ; hence, the winter NH4* concentration map does not extend to St 06 and 07.

3.2.1.2 Incubation experiments

In winter, kinetics experiments were conducted between 37°S and 55°S (NH4" uptake) or 62°S
(NH4" oxidation) on the southward leg of VOY25 (St 01 to St 07), and the depth distribution
of NH4" uptake and oxidation was investigated at four stations along the WOCE 106 transect
between 59°S and 41°S on the northward leg (St 08 to St 11; Figure 3.1a). In summer, Kinetic

experiments were conducted between 36°S and 58°S for NH4* uptake only (St 12 to St 14;

Figure 3.1Db).

Incubation experiments were terminated after 3-6 hours (NH4" uptake) and 23-30 hours (NH4*

oxidation). These experiments were not carried out under trace metal-clean conditions, so

trace-metal contamination cannot be ruled out. However, previous work conducted under ultra
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clean conditions has shown no effect of iron addition over 24 hours on NH4* oxidation (Shafiee
etal. 2019) or NH4" uptake (e.g., during seawater incubations conducted in the Southern Ocean
(Timmermans et al. 1998; Cochlan et al. 2002) and Subarctic Pacific (Kudo et al. 2005; 2009)).

NH.* uptake and oxidation kinetics: At the kinetics stations, seawater (25 L) was collected via
the ship’s underway system (intake at ~7 m), transferred to a carboy that was gently shaken to
homogenize the contents, then screened through 200 pm nylon mesh to remove zooplankton
grazers and dispensed into 1 L acid-washed polycarbonate bottles for NH4* uptake (winter and
summer) and 250 mL acid-washed high density polyethylene (HDPE) opaque bottles for NH4*
oxidation (winter only). Bottles were rinsed three times with sample water prior to filling. For
NH4" uptake, duplicate bottles (eight sets in winter and seven in summer) were amended with
15NH,4Cl to yield *NH4* concentrations ranging from 50 nM to 7500 nM (winter) or 50 nM to
3500 nM (summer). For NH4" oxidation, seven sets of duplicate bottles were amended with
15NH,4ClI to yield °*NHg4* concentrations ranging from 10 nM to 1500 nM. In addition, because
the ambient NO2™ concentrations were expected to be low (Zakem et al. 2018; Fripiat et al.
2019; Mdutyana et al. 2020), all NH4* oxidation bottles were amended with 200 nM *NO-" to

act as an “isotope trap” for the *°NO2" produced by NH4* oxidation.

Depth distribution of NH4™ uptake and oxidation: In winter, seawater was collected at St 08 to
St 11 using a CTD-rosette equipped with 24 12-L Niskin bottles and transferred through 200
um mesh into acid-washed polycarbonate bottles for NH4* uptake and opaque HDPE bottles
for NH4" oxidation. NH4™ uptake was investigated at five depths (10 m, 25 m, 50 m, 75 m and
200 m), with experiment bottles incubated under light conditions corresponding to water
column irradiance levels of 55%, 30%, 10%, 1%, and 0% of surface photosynthetically active
radiation (PAR). The 200-m (0% PAR) samples were incubated in opaque bottles. The NH4*
oxidation experiments were conducted using water collected from six depths (10 m, 25 m, 50
m, 75 m, 200 m, and 500 m). For both NH4* uptake and oxidation, duplicate bottles from each
depth were amended with 200 nM *NH,4*, with 200 nM *NO," added to the oxidation bottles.

Following N-tracer addition, the kinetics and depth-profile experiments were processed in
the same way. NH4" uptake bottles were incubated in custom-built on-deck incubators
equipped with neutral density screens and supplied with running surface seawater to simulate
in situ light and temperature conditions. Temperature was monitored throughout the
incubations, which lasted 3-6 hours. Experiments were terminated by gently vacuum filtering

the incubated water through pre-combusted (450°C for 8 hours) 0.3 um glass fibre filters (GF-
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75s; Sterlitech) to collect the particulate organic N (PON). Filters were stored in combusted
(500°C for 5 hours) foil envelopes and frozen at -80°C until analysis. The NH4* oxidation
bottles from the upper 75 m were incubated in the on-deck incubators and the 200 m and 500
m samples were incubated in a cold-room set at ~2°C. From each bottle, initial (To) subsamples
were collected in 50 mL centrifuge tubes immediately after the addition of *NH,*+“NO, and
final (Tf) subsamples were taken when the incubations were terminated 23-30 hours later.

Subsamples were filtered and stored frozen at -20°C until analysis.

3.2.1.3 Hydrographic and biogeochemical measurements

The positions of the major hydrographic fronts were determined from temperature and salinity
data measured by the ship’s hull-mounted thermosalinograph (~7 m), augmented in winter by
temperature, salinity, and oxygen concentrations measured by the CTD sensors (Orsi et al.
1995; Belkin and Gordon 1996; Pollard et al. 2002; Read et al. 2002). For the return leg of
VOY25 (winter), the mixed layer depth was determined for each Niskin (up)cast as the depth
between 10 m and 400 m at which the Brunt Vaiséla Frequency squared (i.e., N?) reached a
maximum (Schofield et al. 2015; Carvalho et al. 2017).

Seawater samples were collected every two (summer) or four (winter) hours from the ship’s
underway system on the southward leg of the cruises for the determination of NH4*
concentrations (Figure 3.1). During the winter return leg, surface NH4" samples were collected
from Niskin bottles fired at 10 m at eight hydrocast stations along the WOCE 106 line. Samples
were also collected at nine additional depths over the upper 500 m at the four depth-distribution
stations for NO,” and NOs, and at all the hydrocast stations for NH4* (see Figure 3.2 for
sampling depths). For NO2" and NOs", unfiltered seawater was collected in duplicate 50 mL

polypropylene centrifuge tubes that were stored frozen at -20°C until analysis.

For NH4", 40 mL of unfiltered seawater were collected in duplicate HDPE bottles that had been
‘aged’ with orthophthaldialdehyde working reagent (OPA-WR) and Milli-Q water prior to the
cruise. These samples were measured shipboard (see below). At the four winter depth-
distribution stations, samples were also collected for the analysis of dissolved iron (DFe) and
copper (DCu) concentrations following GEOTRACES protocols (Cutter et al. 2018) and using
a trace metal-clean CTD rosette and GO-FLO bottles. The GO-FLO bottles were transferred

into a class 100 clean laboratory for subsampling, wherein seawater was filtered through 0.2
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pum Sartobran capsule filters into acid-cleaned low-density polyethylene bottles. The samples
were then acidified to pH 1.7 via the addition of hydrochloric acid (Ultrapur, Merck) and stored

double-bagged until analysis.

3.2.2 Laboratory analyses

3.2.2.1 Nutrient concentrations

NH4* concentrations were analysed shipboard via the fluorometric method (Holmes et al. 1999,
as updated by Taylor et al. 2007) using a Turner Designs Trilogy fluorometer, and corrected
for the matrix effect (ME) deriving from the calibration of seawater samples to Milli-Q
standards (detection limit of <20 nM, precision of +10 nM, ME <10%). Ambient NO2
concentrations were also measured shipboard using the colorimetric method of Grasshoff et al.
(1983) and a Thermo Scientific Genesys 30 Visible spectrophotometer (detection limit of 20
nM and precision of £20 nM). NO3+NO" concentrations were measured ashore using a Lachat
Quick-Chem flow injection autoanalyzer (Egan, 2008) in a configuration with a detection limit
of 200 nM and precision of £300 nM. The concentration of NOs™ was then determined by
subtracting NO2™ from NOz+NO>". Aliquots of a certified reference material JAMSTEC) were
included in each NO2™ and NO3+NO>" run to ensure measurement accuracy.

DFe and DCu concentrations were measured using a seaFAST pico inline pre-concentration
(x50) system (Elemental Scientific Inc., ESI) and sector field inductively coupled plasma mass
spectrometer (SF-ICP-MS, Element XR Thermo Scientific) (Lagerstrom et al. 2013). A spike
of 1 pug L indium was used as an internal standard to correct for instrument drift. The detection
limit, defined as three times the standard deviation of the blanks, was 0.042 nM (n =7) and
0.705 nM (n = 13) for DFe and DCu, respectively. Analytical error was determined through
the repeat analysis of calibration standards and was then applied (as a percentage) to the sample
concentrations determined during each batch run. The mean percentage error for samples was
3.67 £ 1.89% and 2.37 = 1.98% (mean £ SD, n = 183 and n = 132) for DFe and DCu,
respectively. For DFe, analyses of GEOTRACES SAFe S and SAFe D1 reference seawater of
0.104 + 0.004 nM (mean = SD, n = 2) and 0.975 + 0.120 nM (mean + SD, n = 9), respectively,
agree with consensus values (0.093 + 0.008 nM and 0.933 £ 0.023 nM). Similarly, for DCu,
analyses of SAFe S and SAFe D1 reference seawater of 0.561 + 0.02 nM (mean + SD, n = 5)
and 2.047 + 0.392 nM (mean + SD, n = 9) agree with consensus values (0.520 £+ 0.050 nM and
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2.280 £ 0.150 nM, respectively). North Pacific GSP and GSC reference seawater, calibrated

against the SAFe reference seawater, was used as an internal standard.
3.2.2.2 NH4™ uptake rates

On shore, the GF-75 filters were oven-dried at 45°C for 24 hours, then pelletized into tin cups.
The concentration and isotopic composition of the PON was analyzed using a Delta V Plus
isotope ratio mass spectrometer (IRMS) coupled to a Flash 2000 elemental analyser, with a
detection limit of 1 ug N and precision of £0.005 At%. Blanks (combusted unused filters) and
laboratory running standards (Merck gel, Valine, Choc, NH4CI) calibrated to international
reference materials were run after every five samples. The transport rates of NH4" uptake
(pPNH4*; nM d) were calculated according to the equations of Dugdale and Wilkerson (1986)
(see equations 2.1a-2.1c) assuming a day-length between 7 and 10 hours for winter and 14 and
18 hours for summer, dependent on the station latitude. The specific NH4" uptake rates (Vnha+;
h'') were then computed by normalizing the hourly pNH4" values to the measured PON

concentrations.

3.2.2.3 NH4" oxidation rates

The azide method of Mcllvin and Altabet (2005), as amended by Peng et al. (2015), was used
to convert NO2™ to N2O gas that was then measured by IRMS. Briefly, a 1:1 mixture of 2 M
sodium azide and 20% acetic acid buffer was prepared daily and purged with helium gas (He)
for 20 minutes to remove any N2O produced from NOz™ present in the reagents. Samples were
aliquoted into gas-tight vials that were flushed with He for 10 minutes, after which 0.4 mL of
sodium azide/acetic acid buffer was added to each vial. Vials were incubated for 1 hour at room

temperature, then sample pH was adjusted to >12 via the addition of 10 M sodium hydroxide.

The concentration of N.O and ratio of “*N,O/**N,O (where the **N atom in “*N.O derives from
1’NO; produced by NHs* oxidation) were measured using a Delta V Plus IRMS with a
custom-built purge-and-trap front end (Sigman et al. 2001; Mcllvin and Casciotti 2011,
Weigand et al. 2016) with a detection limit of 0.2 nmol N and precision in §°N of 0.2%o (8*°N,
in %o vs. air, = (**N/“*Nsampie/*>N/**Nair — 1) x 1000). The &°N of NO, was derived from
“SNL0/*N,0 following Peng et al. (2015), and then the rate of NH4" oxidation (NH4"ox; NM d-

1 was calculated as:
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where A(**NOy) is the change in the concentration of **NO, (nM) between the start and end
of the incubation, calculated from the difference in the measured 8*°N of NO; in the Trand To
samples, fﬁlf’{4 is the fraction of *°N-labelled NH4" substrate at the start of the incubation, and
T is the incubation length (days) (Peng et al. 2015). All **NO;" produced during the incubations
was assumed to derive from ®NH4* oxidation. The detection limit was calculated for each
experiment as the NO,™ production rate necessary to cause a 2% increase in the §°N of NO2"
relative to the To value (Santoro et al. 2013). The detection limit, which is sensitive to fl}l'il4 and

the NO2™ concentration at the end of the incubation, ranged from 0.02 to 0.11 nM d™.,

3.2.2.4 Kinetic parameter estimation

The kinetic parameters Vmax and Km were derived using the Michaelis-Menten equation:

Vinax X S
Km+ S

V= (3.2)

where V is the measured NH4" uptake or oxidation rate, Vmax is the maximum rate of substrate
transformation for a given set of conditions, achieved when enzymes or organisms are saturated
by substrate, S is the substrate (i.e., ambient + tracer NH4") concentration, and K, is the half-
saturation constant (i.e., the NH4" concentration at which V = Vmax/2). The affinity (o) of
phytoplankton for S is calculated as Vmax/Km.

The Michaelis-Menten function was fit to the measured NH4* concentration and uptake or
oxidation rate data using a non-linear optimization approach that gives equal weight to each
datapoint (drc package in R; Ritz et al. 2015). For NH4" uptake Kkinetics experiments, the
specific rate (i.e., Vnnas+) is typically reported as it speaks to inherent cellular capacity while
the transport rate (pNH4") is indicative of the community response (Table 3.1). More
practically, computing Vnwna+ allows NH4™ uptake kinetic constants to be compared across
regions with disparate PON concentrations. Here, | plot and discuss Vnwra+ (h) versus [NH4']
(Figure 3.3, 3.4 and 3.5), but report both the maximum Vnwa+ (Vmax; h™) and pNH4* (pmax NM
d1) for each experiment and show the Michaelis-Menten curves for pNH4" in the appendix B
(Figure B3.1 and B3.2). For NH4* oxidation, I report only NH4"ox ("M d2).
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Table 3.1: A selection of previously measured kinetic parameters (Vmax and Ky), including results from the current study, associated with NH4* uptake from different regions
of the open ocean. PON concentrations are reported here in nM for ease of calculating pmax from Vmax. For the kinetic parameters derived in the present study, values in
parentheses are the standard errors associated with the Michaelis-Menten model (as computed using the drc package in R; Ritz et al. 2015), while the 95% confidence intervals
(Cls) are shown in square brackets (computed using the nlstools package in R; Baty et al. 2015). nd indicates no data.

Region Season Latitude  Longitude [NHs1(nM)  PON (nM) Vmax Km (nM)  Affinity  Reference

Indian Southern Ocean: St 01 Winter 37°S 19°E 90 488 (37) 7.9(0.3) 327 (50) 0.02 This study

Indian Southern Ocean: St 02 Winter 42°S 21°E 72 483 (81) 3.4(0.2) 150(39) 0.02

Indian Southern Ocean: St 03 Winter 45°S 22°E 44 430 (92) 3.9(0.3) 211(65) 0.02

Indian Southern Ocean: St 04 Winter 51°S 26°E 468 344 (23) 3.1(0.4) 405 (202) 0.01

Indian Southern Ocean: St 05 Winter 56°S 28°E 521 356 (74) 1.2 (0.2)? nd nd

Atlantic Southern Ocean: St 12 Summer 36°S 14°E below detection 557 (106)  8.0(0.1) 41 (4.3) 0.20

Atlantic Southern Ocean: St 13 Summer 43°S 8°E 88 926 (250) 4.1(0.3) 79 (29) 0.05

Atlantic Southern Ocean: St 14 Summer 50°S 2°E 138 1030 (175) 3.5(0.2) 110(27) 0.03

Atlantic Southern Ocean: St 15 Summer 58°S 0,1°W 109 1018 (134) 1.5(0.0)0 115(16) 0.01

Ross Sea Early Spring 77°S 176°E 0.0 1.0 (0.0) 40 (10) 0.03 Cochlan and Bronk (2001)
Ross Sea Summer 77°S 176°E 0.0 4.0(0.3) 333(98) 0.01

Ross Sea Summer 78°S 176°W 130 48(0.3) 131(32) 0.04

Ross Sea Late Spring 77°S 178°W 20 3.4(0.2) 153 (43) 0.02

North Atlantic (oceanic) Autumn 28-43°N 20-58°W  below detection 9.2 30 (22) 0.3 Harrison et al. (1996)
North Atlantic (coastal) Autumn 28-43°N 20-58°W 160 18 198 (148) 0.09

North Atlantic (oceanic) Spring 28-43°N 20-58°W 60 9.4 25 (11) 0.36

North Atlantic (coastal) Spring 28-43°N 20-58°W 90 7.2 52 (30) 0.13

Canary Basin Spring 22-31°N 23-12°W  below detection 9.3 40 (18) 0.23

Eastern Tropical Atlantic Province Winter 2-15°S 0-10°E 37-61 10-26° 19-49 0.32-0.64  Rees et al. (2006)
Canary Coastal Province Summer 15°N 15°W 327 139° 429 0.32

North Atlantic Tropical Province Summer 28°N 15°W 33 11° 33 0.34

North Atlantic Drift Province Summer 45°N 1°W 53 25° 81 0.31

North Pacific Ocean Winter nd 2.7-14 50-410 0.01-0.18 Kanda et al. (1985)
Central North Pacific Gyre Summer 28°N 155°W nd 0.02 30 0.0007 Sahlsten (1987)
Offshore Oyashio Spring 38-43°N  143-151°E nd 11-20° 25-600 0.02-0.56  Shiomoto et al. (1994)
Offshore Oyashio Summer 38-43°N  143-151°E nd 19-38° 23-110 0.34-1.0

Note that Vmax values are reported as x10° h™* and K,

values as nM

Values in the brackets are standard errors

nd indicates no data
®Vavg; see text for details

YRates reported as pmax (NM %)
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3.3 Results

3.3.1 Hydrography and nutrient concentrations

In winter, kinetic experiments were conducted in all the major zones of the Southern Ocean
(taken to be the waters south of 35°S): the Subtropical Zone (STZ) north of the Subtropical
Front (STF), the Subantarctic Zone (SAZ) between the Subantarctic Front (SAF) and the STF,
the Polar Frontal Zone (PFZ) between the Polar Front (PF) and the SAF, the Antarctic Zone
(AZ) between the PF and the Marginal ice Zone (MIZ), with the Southern Antarctic
Circumpolar Current Front (SACCF) dividing the permanently ice-free waters of the northern
AZ from the seasonally ice-covered southern AZ, and the MIZ (Figure 3.1a). Summertime
Kinetics experiments were conducted at similar latitudes, although no measurements were made
south of 58°S (i.e., the MIZ in winter), and no CTD casts were conducted (Figure 3.1b). Sea
surface temperatures (SST) decreased southwards from 16°C at 37°S (St 01) to -1.1°C at 62°S
(Stations 06 and 07) in winter and from 20°C at 36°S (St 12) to 1°C at 58°S (St 15) in summer.
For the eight winter hydrocast stations, mixed layer depth (MLD) averaged 143 m in the AZ,
146 m in the PFZ, 205 m in the SAZ, and 113 m in the STZ (Figure 3.2a). These depths are
within the reported climatological ranges of MLDs for the African sector of the Southern Ocean
in winter (Sallée et al. 2010).

Wintertime underway ambient NH4" concentrations ([NH4"]amb) ranged from 44 nM to 700 nM
(transect average of 297 + 232 nM) and increased southwards, with the sharpest increase
apparent just south of the SAF, beyond which [NH4"]amb remained consistently high (550 + 68
nM between 47°S and 62°S; Figure 3.1a). Summer surface [NH4"]amb ranged from undetectable
to 338 nM (transect average of 97 = 88 nM), with the highest concentrations encountered
between the PF and the SACCF (198 + 88 nM; Figure 3.1b). In winter, [NH4"]amb was relatively
homogenous throughout the mixed layer at each station and ranged from 14 £ 5.0 nM in the
STZ to 427 + 44 nM in the southern AZ (Figure 3.2b). The winter hydrocast station NO>
concentrations showed no clear latitudinal trend and ranged from 77 £ 9 nM (St 09; 54°S) to
175 + 12 nM (St 08; 59°S) in the mixed layer, over which they were fairly constant at a given
station (Figure 3.2c). The NOs™ concentrations were lowest in the SAZ mixed layer (St 11 at
43°S; 10 + 1.0 uM) and highest in the southern AZ (St 08; 28 + 0.2 uM) (Figure 3.2d). For a

more detailed discussion of the NOs™ concentration data, see Weir et al. (2020).
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Figure 3.2: Water column (0-500 m) profiles of a) potential density and concentrations of b) ammonium (NH4"), c) nitrite (NO>"), and d) nitrate (NO3) sampled on the
northbound leg of the winter cruise (VOY25). In panel a, the vertical white lines show the positions of all the hydrocast stations, with the four depth profile stations (St 08-11)
labeled above the panel, and the pink dots show the mixed layer depths. In panel b, the grey symbols indicate stations where samples for NH4* uptake and oxidation rates were
not collected and measured, while black symbols indicate stations where samples were collected and rates were measured.
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The average surface (~7 m) PON concentrations at the kinetics stations decreased slightly from
north to south in winter, from 0.49 = 0.04 uM at 37°S to 0.34 + 0.02 uM at 51°S, while in
summer, PON concentrations increased two-fold from north to south, from 0.56 =0.11 uM at
36°S to 1.02 £ 0.13 uM at 58°S (Table 3.1).

3.3.2 Kinetics of NH4" uptake

In winter, four out of five stations (the southernmost station at 55°S being the exception)
showed a Michaelis-Menten relationship between NH4* uptake rate and [NH4*] (Figure 3.3 and
S1). The derived values of Vmax generally decreased southwards, from 7.9 x107 h™? (pmax of 38
+ 1.0 nM d?) at 37°S (STZ; St 01) to 3.2 10 h! (pmax of 6.7 + 1.3 nM d!) at 51°S (PFZ; St
04) (Table 3.1; Table B3.1, appendix B, which includes 95% confidence intervals (ClI) for all
derived parameters). At 55°S (AZ; St 05), VnHa+ did not vary with [NH4™], averaging 1.2 + 0.2
x102 h! (pnnas Of 3.2 £ 0.5 nM d?) (Figure 3.3e). Estimates of K generally increased with
latitude, ranging from 150 + 39 nM (95% CI of 54 to 274 nM) at 42°S (St 02) to 405 + 202 nM
(95% CI of 48 to 924 nM) at 51°S (St 04), with the estimate of 327 £ 50 nM (95% CI of 204
to 448 nM) derived for the northernmost STZ station (St 01) emerging as an exception (Figure
3.3a).

In summer, NH4" uptake at all four stations was well-described by a Michaelis-Menten
function, with Vmax and Km decreasing and increasing southwards, respectively (Figure 3.4 and
S3.2; Table 3.1). Vmax ranged from 8.0 x103 h't at 36°S (STZ; St 12) to 1.5 x103 h'! at 58°S
(AZ; St 15) (pmax 0f 80 + 4.9 nM d* to 32 + 1.1 nM d?) while Kn ranged from 41 + 4.3 nM
(95% ClI of 30 to 52 nM) to 115 + 16 nM (95% CI of 74 to 157 nM) (Table B3.1, appendix B).
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Figure 3.3: The dependence of NH4* uptake rates on [NH4*] at the surface (~7 m) in winter at a) St 01: 37°S
(STZ), b) St 02: 42°S (STF), c) St 03: 45°S (SAZ), d) St 04: 51°S (PFZ), and e) St 05: 55°S (AZ). The solid line
shows the Michaelis-Menten fit, with the derived values of Vmax and Kp, as well as the ambient ammonium
concentration ([NH4*]ams), indicated on each panel. At St 05, a Michaelis-Menten relationship was not observed:;
here, the dashed horizontal line indicates the average NH4* uptake rate (Vavg). Error bars show the standard error
of replicate experiments, each measured at least twice. Where errors bars are not visible, they are smaller than the
data markers.
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3.3.3 Kinetics of NH4* oxidation

The kinetic constants for NH4" oxidation (experiments only conducted in winter) could be
derived at three out of seven stations (the three northernmost stations, all with [NH4Jamb < 90
nM; Figure 3.5a-c). At the other stations, the NH4"ox rates remained roughly constant even as
[NH4"] increased (Figure 3.5d-g and Table 3.2; “non-MM stations™). The estimates of Vmax for
the three northern stations were similar, ranging from 19 + 1.9 nM d* at 42°S (STF; St 02) to
23+ 2.1 nM d?at 37°S (STZ; St 02) (average of 21 + 1.5 nM d?), while the average NHa4"ox
rates at the non-MM stations (Vavg) ranged from 14 + 2.6 nM d* at 62°S (MIZ; St 07) to 22 +
3.8 nM d* at 51°S (PFZ; St 04) (Table 3.2). The values of Kn ranged from 28 + 21 nM (95%
Cl of -23.8 to 79.9 nM) at 42°S (St 02) to 137 £ 40 nM (95% CI of 39 to 235 nM) at 37°S (St
01) (Table B3.1).
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Figure 3.5 (previous page): The dependence of NH4* oxidation rates on [NH4*] at the surface (~7 m)
in winter at a) St 01: 37°S (STZ), b) St 02: 42°S (STF), c) St 03: 45°S (SAZ), d) St 04: 51°S (PFZ), e) St 05:
55°S (AZ), f) St 06: 62°S (MIZ), and g) St 07: 62°S (MIZ). The solid line shows the Michaelis-Menten fit,
with the derived values of Vimax and Kr, as well as the ambient ammonium concentrations ([NHs"]amb),
indicated on each panel. At St 04-07, a Michaelis-Menten relationship was not observed; here, the
dashed horizontal line indicates the average NH." oxidation rate (Vayg), taken to approximate Vmax
(see text for details). Error bars show the standard error of replicate experiments, each measured at
least twice. Where errors bars are not visible, they are smaller than the data markers.

3.3.4 Potential implications of isotopic dilution of **NH4* by co-occurring **NHa" regeneration

As ®NHs* and ¥“NH4" are converted to ®NO; and *NO, during NH4* oxidation during
incubation experiments, “NH4* is concurrently produced by heterotrophic bacterial
remineralization of organic N. If unaccounted for, the **NH4" produced in the nitrification

bottles, which will change (i.e., dilute) fﬁlfh, may cause the NH4* oxidation rates to be

underestimated (sensu Glibert et al. 1982 for NH4" uptake). The implications of isotope
dilution vary as a function of the initial quantity of >N tracer added and the ambient [NH4*],
with the kinetics experiments to which the lowest °N tracer amendments were made being
most vulnerable to change. Without coincident measurements of 1*NH." regeneration rates,
the NH.* oxidation rates cannot be confidently corrected for isotope dilution; however, the
sensitivity of the derived kinetic parameters to isotope dilution can be evaluated, at least

hypothetically.

The NH4" oxidation rates computed for the kinetics experiments at St 01, St 02, and St 03 are
corrected for *NH,* isotope dilution according to the approach of Glibert et al. (1982; 1985)
and Mulholland and Bernhardt (2005) by assuming an *NH4* regeneration rate of 20 nM d*!
(the average (and only) rate measured in the open Southern Ocean in summer; Goeyens et al.
1991), then re-derived Vmax and Km from these “corrected” rates (Figure B3.4, appendix B).
The kinetic constants were altered differently by isotope dilution, with Vmax being negligibly
influenced while the Kn values were strongly affected, which is expected given that Km is
sensitive to the lowest rates of substrate transformation. Kn, decreased at St 01 from 137 + 40
nM (95% CI of 41 to 236 nM) to 108 £+ 33 nM (95% CI of 27 to 189 nM), at St 02 from 28 +
21 nM (95% ClI of -19 to 74 nM) to 11 £ 16 nM (95% CI of -29 to 52 nM) and at St 03 from
67 £ 16 nM (95% CI of 29 to 105 nM) to 41 + 9.4 nM (95% CI of 15 and 66 nM). In sum, Km
decreased by 22 to 59%, with the largest decrease at the stations with the lowest original K,

values. While such (hypothetical) changes to Km are not trivial, the corrected values overlap
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with the 95% Cls computed for our “uncorrected” Km estimates. Moreover, the exercise above
demonstrates that accounting for regeneration would not change our general observation of a
low K for NH4™ oxidation in the Southern Ocean. Hereafter, only the uncorrected values are
discussed since without coincident measurements of NH4™ regeneration, the NH4" oxidation
rates cannot be appropriately corrected for isotope dilution. | note that isotope dilution is
potentially also a concern for NH4" uptake rate estimates (Glibert et al. 1982) but given the
short duration of the NH4" uptake experiments, the effect was likely minor. For the depth-
profile rate measurements, the initial ®’NH4* additions were so high as to negate the influence

of isotope dilution (i.e., as for our estimates of Vmax).
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Table 3.2: A selection of previously measured kinetic parameters (Vmax and Km) and results from the current study, associated with NH4* oxidation from different regions of
the open ocean. For the kinetic parameters derived in the present study, values in parentheses are the standard errors associated with the Michaelis-Menten model (as computed
using the drc package in R; Ritz et al. 2015), while the 95% confidence intervals (Cls) are shown in square brackets (computed using the nistools package in R; Baty et al.

2015). nd indicates no data.

Region Season Latitude Longitude [NH4*] (hM) Sampled depth(m)  Vmax (nM d?Y)  Km (nM) Reference
Indian Southern Ocean: St 1 Winter 37°S 19°E 90 7 23 (2.1) 137 (40) This study
Indian Southern Ocean: St 2 Winter 42°S 21°E 72 7 19 (1.9) 28 (21)
Indian Southern Ocean: St 3 Winter 45°S 22°E 44 7 21 (1.2) 67 (16)
Indian Southern Ocean: St 4 Winter 50°S 26°E 468 7 22 (3.8)% nd
Indian Southern Ocean: St 5 Winter 55°S 28°E 521 7 15 (2.5)? nd
Indian Southern Ocean: St 6 Winter 62°S 30°E 543 50 16 (3.7)2 nd
Indian Southern Ocean: St 7 Winter 62°S 30°E 543 50 14 (2.6)2 nd
Sargasso Sea Winter 32°N 64°W 8.1 100 2.6 (1.1) 65 (41) Newell et al. (2013)
Hood Canal in Puget Sound Summer  47°N 123°W 60 50 nd 98 (14) Horak et al. (2014)
Eastern Tropical South Pacific Winter 14°S 80°W nd 75 25 (1.3) 27 (4.4) Peng et al. (2016)
Western Pacific Ocean Autumn 30°N 148°E nd 150 98 (20) 81 (66) Zhang et al. (2020)
Pacific Ocean Spring 26°N 134°E 32 5 0.19 (0.02) 172 (60) Xu et al. 2019
Pacific Ocean Spring 26°N 134°E 29 40 0.50 (0.03) 97 (20)
Pacific Ocean Spring 30°N 144°E 80 40 0.53 (0.05) 76 (25)
Pacific Ocean Spring 34°N 150°E 39 50 13 (0.4) 247 (22)
Pacific Ocean Spring 36°N 144°E 205 30 35 (4.6) 210 (81)
East China Sea: Coastal Spring 31°N 125°E 96 20 71 (6.7) 89 (29)
South China Sea Summer 21°N 120°E nd 30-78 45-128 62-168 Wan et al. (2018)

Note that Vmax values are reported as nM d* and Ky, values as nM. Values in the brackets are standard errors.

nd indicates no data.

Values in brackets are standard errors.

% avg; See text for details.
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3.3.5 Depth profiles of NH4" uptake and oxidation in winter

The NH4" uptake rates were fairly low throughout the upper 75 m (the approximate depth of
the euphotic zone) at all depth-profile stations (St 08 to St 11). The rates reached a maximum
of 6.26 nM d! at 25 m in St 08 and 6.94, 18.0, and 14.5 nM d at 50 m at stations 09, 10, and
11, respectively, before declining to undetectable values below the 1% light depth (Figure
3.6a). Averaged over the euphotic zone, the uptake rates were lower at the stations south of PF,
3.6+2.1nMd*(St08)and5.1+ 1.6 nM d* (St 09), compared to those north of PF, 11.5 + 4.7
nM d (St 10) and 11.8 + 2.2 nM d* (St 11). The specific NH4* uptake rates (Vnna+) ranged
from 0.9 to 3.2 x10 h? (0.005 to 0.04 d!), with upper 75 m averages that ranged from 1.39 +
0.44 x10° h! (0.009 + 0.003 d1) at St 08 to 5.48 + 0.70 x10° h! (0.026 + 0.003 d}) at St 10

and were lower to the north of the PF.

The NH4"ox rates were relatively homogenous throughout the upper 75 m at each station, with
maximum rates of 21 and 17 nM d! measured at 50 m at St 09 and 10, respectively, while St
08 and 11 showed maximum rates of 15 and 24 nM d!, respectively, at 75 m. The mean of the
euphotic zone rates were similar (average of 14 + 2.8 nM d*; range of 12.6 + 3.3t0 16.5+ 3.4
nM d?) at all but the northernmost station (St 11; 21 + 2.8 nM d) (Figure 3.6b). The rates
were lower at 200 m (range of 3.5 to 15 nM d) and decreased to an average of 3.4 + 0.6 nM
d! by 500 m.
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Figure 3.6: Wintertime upper water column rates of a) NH.* uptake (0-200 m) and b) NH.* oxidation (0-200 m
and 500 m) measured at the depth profile stations. Here, the NH4* uptake rates are shown as transport rates (nM
d1) rather than specific rates, with the specific rates noted in the text. Error bars show the standard error of replicate
experiments, each measured at least twice. Where error bars are not visible, they are smaller than the data markers.
The dashed lines connecting the data points are included only to guide the eye and should not be taken to indicate
interpolation with depth, particularly between 75 m and 200 m.

3.4 Discussion

The high-resolution [NH4"] measurements presented here reveal that NH4* accumulates in the
upper Southern Ocean during winter, particularly in the PFZ and AZ (Figure 3.1a and Figure
3.2b; Henley et al. 2020; Mdutyana et al. 2020). That the [NH4"] is near-homogeneous
throughout the mixed layer at all hydrocast stations suggests that the residence time of NH4",
which is set by the relative rates of its production and consumption, is longer than the timescale
of winter surface-layer mixing. While little is known of the seasonal cycle of NH4" in the
Southern Ocean, | suggest that the heterotrophic breakdown of late-summer/autumn
phytoplankton biomass supplies much of the NH4* that accumulates in the winter mixed layer.
This conclusion is based in part on the observation of mixed-layer PON concentrations of 0.5-
2.5 uM in late-summer versus 0.3-0.8 uM in winter (Table 3.1; DiFiore et al. 2009; Joubert et
al. 2011; Mdutyana et al. 2020; Smart et al. 2020), as well as the (extremely limited and only
available for summer) estimates of NH4* regeneration rates in the Southern Ocean mixed layer
that can reach as high as 50-100 nM d* (Goeyens et al. 1991).
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The integrated mixed-layer NH4" uptake and oxidation rates at the time of our sampling were
0.3-1.8 mmol m? d* and 1.4-4.5 mmol m d*!, respectively, yielding a combined mixed-layer
NH,* removal rate of 1.7 to 6.3 mmol m d. Dividing these values by the integrated mixed-
layer NH4™ concentrations suggests a biological turnover time for NH4" of 14-38 days for the
stations south of the SAF, with station St 11 in the SAZ characterized by a turnover time of 1.1
days. Dividing the mixed-layer NH4* consumption rates at each depth by the coincident NH4*
concentrations yields a similar picture, with average turnover times for St 08 to St 10 of 12-37
days and for St 11 of 0.4 days. This exercise suggests that the residence time of NH4" in the
winter mixed layer of the Southern Ocean south of the SAF is on the order of a month, and
possibly longer given that the NH4* consumption rates were determined via the addition of 200
nM NH4*, which likely stimulated uptake (see below). The mixed-layer [NH4*] declines to
<200 nM across the Southern Ocean by early summer (Figure 3.1b; Sambrotto and Mace, 2000;
Henley et al., 2020; Mdutyana et al. 2020), which indicates that between winter and late spring,
the rate of NH4* consumption must increase and/or the rate of its production must decline.
Wintertime NH4* regeneration rates are likely to be low relative to other seasons given the
limited supply of PON (Cota et al. 1992; Philibert et al. 2015; Mdutyana et al. 2020; Smart et
al. 2020) and will remain low in spring until productivity ramps up in response to increased
light availability (Arrigo et al. 2008; Thomalla et al. 2011). As long as elevated mixed-layer
[NH4™] persists, the upper Southern Ocean ecosystem is net heterotrophic and thus a biological
source of CO: to the atmosphere.

Our measured rates of NH4* uptake (Vmax and depth-profile) increase northwards as the NH4*
concentration decreases, while the NH4* oxidation rates are similar across the transect (Figure
3.6, 3.7a, and 3.8a). The differing trends in NH4" uptake versus oxidation imply that
photosynthetic NH4" uptake, and thus the limitations thereon, exerts the ultimate control on the
accumulation of NH4" in the winter Southern Ocean mixed layer. Below, the results are
evaluated in the context of existing estimates of the kinetic parameters associated with NH4"
uptake and oxidation, and possible drivers of the observed trends are then examined.

3.4.1 Southern Ocean kinetic parameters in the context of existing knowledge

Estimates of Vimax for NH4" uptake (ranging between 1.5 and 8.0 x10 h'!) are similar at similar
latitudes in winter and summer (Figure 3.7a and b), indicating that seasonal differences in the
absolute NH4" uptake rates (i.e., pNH4") are due primarily to changes in biomass (i.e., PON)
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rather than to variations in per cell uptake rates. Our Vmax values are also similar to estimates
from other oceanic regions (1.0 to 9.2 x107 h; Table 3.1; Harrison et al. 1996; Cochlan and
Bronk, 2001; Rees et al. 2006), with the exception of coastal systems where Vmax is generally
higher (7.2 to 18 x107 h; Harrison et al. 1996), likely because coastal [NH4Jamp is often
elevated (Rodrigues and Williams, 2002; McCarthy et al. 2009; Heiss and Fulweiler, 2016)
and coastal phytoplankton tend to be larger than those inhabiting open ocean waters (Deppeler
and Davidson 2017).
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Figure 3.7 (previous page): Potential controls on the kinetic parameters associated with NH4* uptake. Vimax is
shown as a function of a) latitude and b) SST, and ¢) Km as a function of [NH4*]amp. Open symbols represent
summer and filled symbols represent winter. In panel a, the left-hand y-axis (black) applies to Vmax and the right-
hand y-axis (grey) to [NH4"]amb; the latter parameter, measured for samples collected from the ship’s underway
intake every four (winter) or two (summer) hours is shown by the solid grey (winter) and black (summer) lines.
In panel b, the vertical lines represent the frontal positions in winter (grey) and summer (black), with the fronts
and zones of the Southern Ocean labelled on the plot: STZ, Subtropical Zone; STF, Subtropical Front; SAZ,
Subantarctic Zone; SAF, Subantarctic Front; PFZ, Polar Frontal Zone; PF, Polar Front; AZ, Antarctic Zone;
SACCEF, Southern Antarctic Circumpolar Front. Vertical error bars show the propagated error associated with
Vmax (panel a) and Ky, (panel ¢) computed using the drc package in R (Ritz et al. 2015), while the symbols and
horizontal error bars on panel b indicate the average (+ standard deviation) SST experienced by the samples during
the 23- to 30-hour incubations.

Estimates of the Km for NH4* uptake by Southern Ocean phytoplankton range between 41 nM
and 405 nM, with clear seasonal differences — winter is characterized by over three-fold higher
Km values (150-405 nM) than summer (41-115 nM) (Table 3.1; Figure 3.7c). The Km for
phytoplankton in the oligotrophic ocean has been shown to be <100 nM (Kanda et al. 1985;
Sahlsten, 1987; Harrison et al. 1996; Rees et al. 2006), while high latitude and coastal
phytoplankton communities are typically characterized by higher K values (up to 600 nM;
Shiomoto et al. 1994; Harrison et al. 1996; Cochlan and Bronk, 2001; Rees et al. 2006). This
difference can be explained by the higher [NH4*]amb often encountered in coastal and higher
latitude regions, including the Southern Ocean (Shiomoto et al. 1994; Rees et al. 2006). While
similar estimates of Vmax were derived for the summer and winter Southern Ocean, the seasonal
difference in Kn, reveals that the affinity of summertime phytoplankton for NH4" is at least
three-times that of the winter community. The subsequent summer-to-winter decrease in

affinity coincides with a three-fold rise in the average [NHz*]amb.

The kinetic parameters reported here for NH4" uptake are, to our knowledge, the first for the
open Southern Ocean, although not for its coastal waters — Cochlan and Bronk (2001) estimated
similar values of Vmax (1.0 to 4.8 x107 h't) and K (40 to 333 nM) for the Ross Sea in spring
and summer. However, our NH4" oxidation kinetic parameters are the first such data for the
Southern Ocean. For winter Southern Ocean waters north of the PF (37-45°S) where [NH4]Jamb
is low (<90 nM), Vmax ranges from 19-23 nM d*, which is higher than the Vmax reported for
the Sargasso Sea (Newell et al. 2013), subtropical North Pacific (Xu et al. 2019), and Hood
Canal in Puget Sound (Horak et al. 2013), similar to rates from the Eastern Tropical South
Pacific (Peng et al. 2016), and lower than estimates from the East and South China Sea and far
western Pacific (Wan et al. 2018; Xu et al. 2019; Zhang et al. 2020) (Table 3.2). I note,
however, that ammonia oxidizers were collected from the surface Southern Ocean (~7 m) in

this study, while most other data are for communities collected at or near the base of the mixed
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layer. Itis possible that Vmax would be higher near the base of the winter Southern Ocean mixed
layer given our previous work showing NHs" oxidation rates >50 nM d? at this depth
(Mdutyana et al. 2020). The only other near-surface measurement of Vmax, from 5 m in the
subtropical North Pacific, yields an estimate of <1 nM d (Xu et al. 2019). I thus suggest that
the unique conditions of the winter Southern Ocean are reasonably favourable for NH4*
oxidation (Mdutyana et al. 2020).

Our estimates of the Ky for NH4* oxidation range from 28-137 nM, similar to reported Kpy,
values from the open ocean and culture studies (27-247 nM; Table 3.2; Olson 1981; Martens-
Habbena et al. 2009; Horak et al. 2013; Newell et al. 2013; Qin et al. 2014; Peng et al. 2016;
Wan et al. 2018; Zhang et al. 2020). The very high affinity of ammonia oxidizers for NH4" in
our study indicates that AOA dominate NH.* oxidation in the shallow Southern Ocean, as has
been shown elsewhere (e.g., Horak et al. 2013; Newell et al. 2013; Peng et al. 2016; Shiozaki
et al. 2016). Indeed, the Kn, reported for cultured and natural assemblages of AOB ranges from
8 uM to 14 mM (Knowles et al. 1965; Ward, 1987; Stehr et al. 1995; Martens-Habbena et al.
2009; Martens-Habbena and Stahl, 2011), orders of magnitude higher than that estimated here
and for the cultured AOA, N. maritimus SCM1 (133 nM; Martens-Habbena et al. 2009). The
hypothesized dominance of AOA over AOB in the shallow Southern Ocean is further supported
by the fact that 1) Vmax is first achieved at an [NH4"] of 122 nM to 290 nM and 2) a Michaelis-
Menten relationship cannot be derived for stations where [NH4 Jamb was >468 nM (St 04-St 07;
from 51°S to the MIZ; Figure 3.4), indicating the saturation of NH4" oxidation by [NH4 Jamb.
Very similar average rates (Vavg) are observed at these stations, as well as at the depth-profile
stations (St 08-St 11) where the mixed-layer ambient+tracer [NH4*] ranged from 236 nM to
852 nM. It thus appears that an [NH4"] of 200-300 nM is saturating for mixed-layer NH4*
oxidation (and AOA) in the Southern Ocean.

3.4.2 The biogeochemical controls on NH4" consumption across the Southern Ocean

Below, | explore the environmental parameters that may control NH4" consumption (uptake
and oxidation) in the Southern Ocean mixed layer. | begin by summarising the relationships
observed between the empirically-derived kinetic parameters and potentially important

environmental variables, and then discuss their implications.
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3.4.2.1 Controls on NH4" uptake

For all experiments conducted in summer and all but one in winter (St 05 at 55°S), NH4" uptake
is well-described by the Michaelis-Menten function (Figures 3.3 and 3.4). This implies that in
situ NH4" uptake rates across the Southern Ocean are limited by substrate availability when
[NHz"Jamb is <1000 nM in summer and <2000 nM in winter. The alleviation of substrate
limitation does not, however, yield the same estimates of Vmax and/or Kn, at all stations, raising
the question of what controls these parameters. In both seasons, Vmax decreases with increasing
latitude, increasing [NHs"]amb, and decreasing SST, with the sharpest decrease occurring
between 36°S and 43°S, followed by a more gradual decline towards the south (Figure 3.7a
and b). Km shows a generally positive relationship with latitude (Figure B3.3a, appendix B),
SST (Figure B3.3b, appendix B), and [NH4"]amn (Figure 3.7c), although I have no estimates of
Km for 138 nM < [NH4"]amb < 468 nM because of the strong [NH4*]amb gradient in the PFZ,
particularly in winter (Figure 3.1a and 3.2b). While [NH4*]amb in each Southern Ocean zone is
on average three-fold higher in winter than summer, for the same [NH4"Jamb, Km is two- to four-
times higher in winter (e.g., compare St 02 (42°S) in winter ([NH4"]amb of 72 nM and K, of
150 nM) to St 13 (43°S) in summer ([NH4"Jamp 0f 88 nM and K, of 79 nM); Table 3.1). The
implication of this observation is that summertime phytoplankton are adapted to a lower
[NH4"]amb, while winter communities are accustomed to a sustained higher supply of NH4*
(Kanda et al. 1985; Harrison et al. 1996; Rees et al. 2006).

The apparent relationship of Vmax to latitude could be driven by a number of factors, including
[NH4"Jamb, light, and temperature. Since Vmax decreases southwards as [NH4*]amn increases in
both seasons, the availability of NH4" is not the primary determinant of the maximum rate of
its consumption by phytoplankton. Despite the relatively low energy requirement associated
with NH4" assimilation (Dortch, 1990), light is nonetheless expected to exert a strong control
on Vmax in winter, although not in summer when the Southern Ocean is light-replete (Venables
and Moore 2010) due to both the amount of solar radiation that surface waters receive and the
fairly shallow mixed layers that characterize this season (summer MLDs range from 20-130
m; Dong et al. 2008; Sallée et al.2010; du Plessis et al. 2017; 2019). Given the shallow MLDs,
it is even possible that summer phytoplankton are light-inhibited at the surface, thus yielding
the north-south decline in Vmax. However, our water samples were collected from 7 m where
light had already been attenuated to ~55% of surface PAR and were subsequently incubated at

this light level. Light inhibition is thus unlikely to explain our observations.
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Vmax decreases with decreasing SST in both seasons, although the decline is more consistent in
summer, with the winter estimates of Vmax remaining roughly constant between the STF and
SACCEF despite a >10°C change in SST (Figure 3.7b). For summer, an average Q1o, which is a
measure of the proportional increase in reaction rate for a 10°C rise in temperature, of 1.9 is
calculated for the transect (from an SST of 1.3°C (AZ) to 5.9°C (PFZ), Q10 = 2.3; from an SST
of 5.9°C (PFZ) to 11.5°C (SAZ), Q10 = 1.3; from an SST of 11.5°C (SAZ) to 19.6°C (STZ), Q1o
= 2.1). These Q1o values imply that temperature does exert a control on Vmax (Harrison et al.,
1996; Kanda et al., 1985; Baer et al., 2014; Smith and Harrison, 1991), and that this control is
strongest south of the PFZ. By contrast, the average Qo for winter is ~1, except between 55°S
and 50°S (SST and Vmax increase from 0.5°C to 1.8°C and 1.2 x10° hto 3.1 x10° h?,
respectively) where it reaches an unrealistically high value (>100). Culture experiments have
shown NH4" uptake to be fairly insensitive to temperature (Reay et al. 1999), while in situ data
from the Arctic, where the SST overlaps with that of the Southern Ocean, indicate a role for
temperature (Baer et al. 2014). Our data suggest that the dominant control on the maximum
NH.4" uptake rate attainable by Southern Ocean phytoplankton could be temperature in summer
but is more likely to be light in winter. The effects of these parameters may be direct (e.g.,
higher SST leading to higher rates of enzyme function; Clayton and Ahmed, 1986; Lomas and
Glibert, 1999a; Lomas and Gilbert, 1999b) or indirect insofar as seasonal changes in light or

SST drive changes in the phytoplankton species present in the water column.

The Southern Ocean phytoplankton community varies seasonally due to changes in
environmental conditions (e.g., light, temperature) and macronutrient- and trace metal (e.g.,
iron) availability (Boyd, 2002; Smith and Lancelot, 2004; Viljoen et al. 2019). Thus, although
not measured directly in this study, community composition likely plays a role in the observed
differences in the kinetic parameters, as well as in the derived Q1o values (e.g., Suzuki and
Takahashi 1995; Stawiarski et al. 2016). Small phytoplankton tend to favour NH4* over NO3
as their primary N source (Dortch, 1990; Berg et al. 2003; Heil et al. 2007) and are expected to
express a high affinity for this substrate (Koike et al. 1983; Dortch 1990). In winter,
nanoflagellates dominate Southern Ocean surface waters (Clarke and Leakey, 1996; Weir et al.
2020), with larger phytoplankton such as diatoms becoming more abundant in summer,
although the smaller groups remain productive (Viljoen et al. 2018; 2019). Since diatoms
specialize in NOs™ assimilation (Litchman et al., 2006; Fawcett and Ward, 2011), which in the
Southern Ocean is controlled by a combination of iron and light availability (Martin, 1990;
Sunda and Huntsman 1997; Sedwick et al. 1999; Moore et al. 2013), it is likely that NH4*
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uptake remains the purview of smaller phytoplankton for most of the year (Stolte et al. 1994;
Trull and Armand, 2001; Karsh et al. 2003). This may explain our similar Vmax estimates for
winter and summer (Table 3.1). | suggest that the two- to three-fold seasonal increase in
biomass mainly reflects the growth of larger, NO3z™-consuming cells in spring/summer, with a
significant portion of this biomass exported from the euphotic zone by the end of the growing
season (Tréguer et al. 1995; Rigual-Hernandez et al. 2016). By contrast, smaller cells contribute
far less to biomass and are primarily incorporated into the microbial loop that dominates NH4"
consumption throughout the year, at rates that are dependent on light (mainly in winter), SST
(mainly in summer, when NH4" availability will also play a role), and possibly iron availability.
| note, however, that Vmax for the NH4* consumers may be higher in summer than our data
suggest given that this parameter is calculated for total sampled biomass (i.e., total PON), much
of which may have been generated via the assimilation of NO3™ rather than NH4*; without size-
fractionated/population-specific measurements, this uncertainty cannot be addressed.
Regardless, the data reveal that at the whole-community level, the maximum capacity of
Southern Ocean phytoplankton for NH4" uptake is similar in summer and winter, although
apparently controlled by different environmental parameters.

Iron plays a critical role in shaping Southern Ocean phytoplankton communities (Boyd et al.
2000; Coale et al. 2003; Wojtasiewicz et al. 2019). While NH4" uptake has no direct iron
requirement, iron is necessary for photosynthetic and electron transport chains (Raven et al.
1999; Morel and Price, 2003), as well as for the synthesis of chlorophyll (Chereskin and
Castelfranco 1982). Mixed-layer iron concentrations in the open Southern Ocean appear to be
slightly higher in winter than summer (Tagliabue et al. 2014; Mtshali et al. 2019), which may
partially offset wintertime light limitation of photosynthesis (Viljoen et al. 2018) and by
extension, NH4* uptake. DFe concentrations were measured coincident with rates of NH4*
uptake at the winter depth-profile stations. A positive relationship between mixed-layer pNH4"
and DFe was observed (R? = 0.37; p = 0.013; Figure 3.9a), suggesting that iron may influence
phytoplankton growth on NH.*, presumably via the iron requirement of photosynthesis. As
there are no DFe data from the kinetics stations, the potential role of iron in the observed
latitudinal gradient in Vmax cannot be evaluated. That said, a large global compilation of DFe
measurements focused on the Southern Ocean suggests minimal differences in mixed-layer

iron concentrations among its latitudinal zones (Tagliabue et al. 2012).
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3.4.2.2 Controls on NH4" oxidation

Kinetic parameters associated with NH4" oxidation could only be determined at the three
northernmost stations, with NH4"ox apparently saturated at [NH4*]amb at the other four stations
(Figure 3.5; Table 3.2). The NHa4"ox rates at these non-MM stations, averaged over the range of
NH." substrate additions (i.e., Vavg), are thus taken as equivalent to Vmax. For St 01-St 03, Vmax
ranges from 19 + 1.9 nM d* to 23 + 2.1 nM d™%, while Vay at St 04-St 07 ranges from 14 + 2.6
nM d? to 22 + 3.8 nM dX. No consistent trends are observed in the maximum NH4* oxidation
rate (Vmax and Vavg) with latitude or SST, although Vayg is slightly lower at the higher latitude
stations (St 05-St 07) where SST is lowest (Figure 3.8). This decline does not coincide with the
sharp rise in [NH4"Jamb, Which occurs between 45°S and 47°S, north of St 04 (Figure 3.8a). The
decoupling of Vmax (Or Vavg) and [NH4*Jamb implies that the maximum rate of NH4"ox is not
controlled by [NH4"]amb, consistent with our recent work from the Atlantic Southern Ocean that
showed no relationship of mixed-layer NHs"ox to [NH4"]amb at concentrations >400 nM
(Mdutyana et al. 2020). Additionally, at St 01-St 03, Vmax is first achieved at a substrate
concentration of 122 to 290 nM (Figure 3.5a-c), indicating that when [NH4"Jamb is >122-290
nM, the primary control on NH4"ox is no longer substrate availability. No change in Vmax and
Vavg IS Observed between St 01 and St 04 (~1450 km apart) despite a >15°C change in SST,
while south of the PF where SST is <0°C, Vayg is 32% lower than at the stations with SSTs
>0°C (Figure 3.8). That said, the Q10 value calculated by averaging the rate and SST data from
the stations south versus north of where SST = 0°C is 1.35, suggesting a minimal (but perhaps
not negligible when SST is <0.6°C, the average value measured at St 04) temperature effect.
Our findings are consistent with previous work, including from the Indian sector of the
Southern Ocean (Bianchi et al. 1997) and the Arctic (Baer et al. 2014), showing that
temperature has little influence on the in situ rates of nitrification because nitrifiers are
generally well-adapted to the environment in which they are found (Ward, 2008; Horak et al.
2013; 2018).
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Figure 3.8: Potential controls on the kinetic parameters associated with NH,* oxidation. Vmax is shown as a
function of a) latitude and b) SST. In panel a, the left-hand y-axis (black) applies to Vmax and the right-hand y-
axis (grey) to [NH4*]amp; the latter parameter, measured from the ship’s underway intake every four hours, is
shown by grey lines on the plot. Vertical error bars show the propagated error associated with Vmax (panel a and
b) computed using the drc package in R (Ritz et al. 2015), while the symbols and horizontal error bars on panel b
indicate the average (z standard deviation) SST experienced by the samples during the 23- to 30-hour incubations.
Fronts and zones labelled on the plot are as in Figure 3.7.

Inhibition of nitrification by light in the open ocean has been widely documented, with NH4"ox
generally expected to rise as light declines (Olson, 1981b; Ward, 2005; Peng et al. 2018; Lu et
al. 2020). Indeed, | have previously attributed elevated wintertime Southern Ocean mixed-layer
nitrification rates to the low-light conditions encountered during this season (Mdutyana et al.
2020). Photosensitivity seems to be more pronounced for AOA than AOB at low light (Merbt
et al. 2012b), although the AOA response is apparently strain-specific (Beman et al. 2008; Luo
et al. 2014; Qin et al. 2014). Our estimates of Vmax and Vavyg show no evidence of differential
light inhibition, with the lowest Vayg measured at the stations with the lowest light availability
(Figure 3.8a) — here, latitude is used as a proxy for light availability, which is reasonable given
the observed negative relationship of average daily PAR to latitude in July 2017
(https://oceancolor.gsfc.nasa.gov/I3/) and the fact that ammonia oxidizers respond slowly to
changes in the ambient light field (Lu et al. 2020). While our NHsox experiments were
conducted in dark bottles, this is unlikely to have artefactually increased the measured rates
given the evidence for very slow to no recovery of AOA from light inhibition in the dark (Merbt
et al. 2012), along with our prior results showing no light inhibition in the surface Southern
Ocean for samples incubated under simulated in situ wintertime light conditions (Mdutyana et
al. 2020). A further consideration is that the light effect may be indirect in the sense that at low
light, phytoplankton are less competitive for NH4* (Ward, 1985, 2005b; Smith et al. 2014;
Zakem et al. 2018). However, plotting the Vmax for NH4* uptake versus the Vmax and Vayg for
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NH4"ox for kinetics experiments conducted at the same stations (filled symbols in Figure 3.9b)
and pNH4" versus NH4"ox at all overlapping depths for the depth-profile stations (open symbols
in Figure 3.9b) reveals a weak positive relationship between NH4" uptake and oxidation. This
is the opposite of the relationship expected for competition between phytoplankton and
ammonia oxidizers (Wan et al. 2018) and is also unsurprising given the evidence that [NH4"Jamb
is not the primary control on the Vmax Of either group. This raises the question of what, if not
[NH4"amn, light, SST, or competition with phytoplankton, controls the maximum rate of NH4*

oxidation in shallow Southern Ocean waters?
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Figure 3.9: a) Depth profile (St 08-11) (0-75 m) measured rates of NH4* uptake (nM d*) plotted against the coincident dissolved iron concentrations (DFe), b) NH4* uptake
rates (nM d?) plotted against the concurrently-measured NH4* oxidation rates at the depth profile (0-75 m; filled symbols, left-hand y-axis) and wintertime Vmax 0r Vayg for
NH4* uptake (h?) plotted against NH4* oxidation (nM d) at kinetic stations 1-5 (open symbols; right-hand y-axis). Also shown are the measured depth profile rates (0-75 m)

of NH4* oxidation plotted against coincident measurements of ¢) DFe and d) DCu. Error bars show the standard error of replicate experiments/collections, each measured at
least twice.
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3.4.3 A hypothesized role for iron in limiting NH4* oxidation

It is well known that iron limits primary production and N uptake across the Southern Ocean
(Martin, 1990; Boyd et al. 2007), but far less attention has been paid to iron as a potential
control on nitrification despite the general recognition that NH4* oxidation (at least by AOB)
requires this trace element (Meiklejohn, 1953; Morel and Price, 2003). A recent culture study
demonstrated that the growth of the globally abundant marine AOA, N. maritimus SCM1, is
strongly dependent on the availability of inorganic iron (Shafiee et al. 2019). In addition, the
affinity of this AOA for iron appears to be low, as inferred from an estimated Ky, for inorganic
iron uptake that is 10- to 100-times greater than the Km derived for most phytoplankton and
heterotrophic bacteria. While the Ky, expressed by AOA in the environment could well be lower
than that measured in culture, one implication of these findings is that NH4™ oxidation may be
iron-limited in the mixed layer of some ocean regions, including the Southern Ocean (Shafiee
etal. 2019). A positive relationship is observed between DFe and NH4"ox (R? = 0.36; p = 0.013;
Figure 3.9¢) for samples collected throughout the mixed layer at the depth-profile stations,
consistent with the notion that iron may exert a control on nitrification (Figure 3.9c; here,
NH4"ox is likely similar to Vmax at each depth/station because the rates were measured following
the addition of 200 nM °NH,*, which is a higher than the derived K for NH4* oxidation).
Unfortunately, there are no DFe measurements that coincide with our kinetic experiments and
so cannot draw a stronger conclusion. Nonetheless, given the work of Shafiee et al. (2019)
suggesting that AOA will be uncompetitive for iron under open ocean conditions and the fact
that higher rates of NHa"ox are observed at higher DFe (even at the same station), it seems
plausible that iron may play a role in determining the rate of NH4" oxidation attainable by
nitrifiers in the iron-limited upper Southern Ocean.

NH.* oxidation is a multi-step pathway that involves the oxidation of NH4" to hydroxylamine
(NH20H), catalyzed by the ammonia monooxygenase (AMO) enzyme (Arp et al. 2002; Vajrala
et al. 2013), and the subsequent oxidation of NH>OH (via nitric oxide; NO) to NO2™ ( Walker
et al. 2010; Vajrala et al. 2013; Kozlowski et al. 2016; Caranto and Lancaster, 2017). AOA and
AOB each possess a variant of AMO, both of which appear to contain mono- and di-nuclear
copper centers (Lieberman and Rosenzweig 2005). In addition, AOA have a number of copper-
containing metalloenzymes that are hypothesized to be involved in electron transfer (Hallam
et al. 2006; Wei et al. 2006; Walker et al. 2010; Blainey et al. 2011; Amin et al. 2013). By
contrast, AOB rely on iron-rich cytochrome c proteins, particularly for the oxidation of NH,OH

to NO, which is catalyzed by the heme-rich hydroxylamine oxidoreductase (HAQO) complex
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(Arpetal. 2002; Walker et al. 2010). No genes have yet been discovered in the open ocean that
encode an analogous HAO in AOA (e.g., Hallam et al. 2006; Wei et al. 2006; Walker et al.
2010 ; Blainey et al. 2011; Mosier et al. 2012; Amin et al. 2013).

Given the above, one might expect the iron requirement of AOA to be fairly low, particularly
compared to that of AOB, although I note that little is known of the affinity of AOB for iron.
However, recent proteomic studies have shown that the iron-sulphur (Fe-S) protein, ferredoxin,
is highly expressed in N. maritimus SCM1 (Qin et al. 2018) and the AOA, Candidatus
Nitrosopelagicus brevis (Santoro et al. 2015; Carini et al. 2018). Because ferredoxin is co-
expressed with key AMO modules, it has been hypothesized that Fe-S proteins may be
important for AOA electron transport (Shafiee et al. 2019) in addition to copper proteins. Ca
N. brevis also has genes encoding iron-specific membrane uptake proteins, while other marine
AOA, including N. maritimus SCM1, instead possess genes homologous to non-specific metal
transporters (Shafiee et al. 2019). Taken together, the available data strongly suggest that AOA
in the upper Southern Ocean will have a high iron requirement and may thus be vulnerable to
iron limitation. Elevated nitrification rates have been observed in the mixed layer of the
naturally iron-fertilized waters surrounding Kerguelen Island (Cavagna et al. 2015; Fripiat et
al. 2015) and South Georgia (Mdutyana et al. 2020), consistent with this hypothesis. While the
idea that iron availability limits nitrification in the upper Southern Ocean requires direct testing,
the alleviation of such a limitation may explain the high NH." oxidation rates (26-151 nM d!)
that | measured previously in the lower mixed layer of the Atlantic Southern Ocean in winter
(Chapter 2; Mdutyana et al. 2020). As light is attenuated with depth in the water column and
phytoplankton growth declines, AOA will become more competitive for the limited available
iron, the consumption of which should allow them to oxidize the relatively large ambient NH4*

pool more rapidly provided they are not (co-)limited by another resource.

It is possible that mixed-layer NH4* removal may be (co-)limited by copper given that this trace
metal is a cofactor in AMO and is involved in electron transfer (Walker et al. 2010; Amin et
al. 2013; Santoro et al. 2015) — indeed, copper limitation has been shown to restrict the growth
of AOA in culture (Amin et al. 2013). DCu concentrations in the Southern Ocean mixed layer
are similar to other ocean regions (Dieu and Sohrin 2013; Minami et al. 2015; Zheng et al.
2017), typically ranging between 0.5 and 2 nM and increasing towards the south (Monteiro and
Orren, 1985; Ellwood et al. 2008; Heller and Croot, 2015; Cloete et al. 2019). One might thus
expect copper limitation, if pertinent, to have a greater effect on NH4" oxidation rates in

northern Southern Ocean waters. However, plotting mixed-layer NH4"ox as a function of DCu
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shows the opposite trend, with the highest rates of NH4"ox occurring at the lowest DCu
concentrations (R? = 0.22; p = 0.066; Figure 3.9d). The implication is that NH4* oxidation is
not copper-limited in the winter Southern Ocean, with the relationship shown in Figure 3.9d

driven mainly by the strong zonal gradient in mixed-layer DCu concentrations.

A possible role for copper in Southern Ocean NH4* removal more broadly cannot be ruled out,
however, particularly in summer when mixed-layer DCu (and DFe) concentrations decline
(Ellwood 2008; Lai et al. 2008; Boye et al. 2012; Cloete et al. 2019; Viljoen et al. 2019). Iron-
limited phytoplankton generally have a high requirement for copper because they employ a
multicopper oxidase as part of their high-affinity iron transport system (Peers et al. 2005; Wells
et al. 2005; Maldonado et al. 2006). It has also been proposed based on culture work that under
iron limitation, phytoplankton may use a copper aminase enzyme to access NH4" (Palenik and
Morel 1991); if this occurs in the Southern Ocean, it would further increase the requirement of
phytoplankton for copper and complicate the interactions among the copper, iron, and N cycles.
Additionally, Southern Ocean diatoms, which dominate south of the SAF in summer and winter
(Wright et al. 2010 ; Petrou et al. 2016; Rembauville et al. 2017; Weir et al. 2020), may have
an extra copper requirement given culture data showing that iron-limited diatoms synthesize
plastocyanin, a copper-containing protein involved in electron transfer that substitutes for the
iron-rich cytochrome cs (Peers et al. 2005; Peers and Price, 2006). Finally, the available data
show that Southern Ocean NH4" oxidation rates are highest just below the mixed layer
throughout the year (Olson, 1981b; Bianchi et al. 1997; Mdutyana et al. 2020); here, light levels
are low, iron, copper, and NH4" concentrations decrease sharply (but not necessary
coincidentally), and there is the possibility of competition with phytoplankton for resources.
While very little is known of the potential for copper to limit photosynthetic NH4* uptake in
the Southern Ocean and NH4* oxidation in the open ocean more broadly, copper bioavailability
and cycling, and copper-iron interactions, may have implications for the Southern Ocean’s N

cycle that have to-date been overlooked.

3.5 Conclusions and implications

The Southern Ocean is a quintessential HNLC region where surface-layer NO3™ concentrations
are replete throughout the year. Here, | show that NH4* accumulates in the winter mixed layer
of the Southern Ocean’s African sector along with the elevated NOs", particularly south of the

SAF, in part because the organisms involved in its removal (i.e., phytoplankton and ammonia
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oxidizers) are limited in the maximum NH4* consumption rates that they can achieve. What is
not yet clear is whether NH4* production outpaces NH4* removal in winter, or whether NH4*
production occurs predominantly in late-summer and autumn following the period of
maximum phytoplankton growth, with the subsequent net removal of NH." taking place
throughout the autumn and winter. In each zone of the winter Southern Ocean, the maximum
specific NH4" uptake rate for phytoplankton is similar in summer and winter, but appears to be
dominantly controlled by light availability in winter and temperature in summer. The affinity
of phytoplankton for NH4" across the Southern Ocean is variable, and is significantly higher in
summer than winter, suggesting that the summertime NH4* supply is low compared to that of
winter when phytoplankton are adapted to conditions of sustained higher availability. Across
more than 25 degrees of latitude and all the zones of the Southern Ocean, the kinetic parameters
associated with NH4" oxidation are low and near-invariant. The very low estimates of K, akin
to values measured in oligotrophic waters, strongly suggest that as in other ocean regions, AOA
rather than AOB dominate NH4* oxidation in the upper Southern Ocean (Beman et al. 2008;
Newell et al. 2011; Peng et al. 2016; Pajares et al. 2019). Vmax is achieved at low [NH4 Jamb
and changes little with light, temperature, [NH4"]amb, Or competition with phytoplankton for
substrate. | thus hypothesize that dissolved iron availability may exert a control on the NH4*
oxidation rate, particularly when ambient NH4* concentrations are >200 nM (i.e., in polar

Southern Ocean waters).

There are a number of implications of these findings. First, the observation of low and invariant
maximum NH4* oxidation rates that show little sensitivity to temperature or [NHs*Jamb is
relevant for biogeochemical models that parameterize nitrification as a linear function of
[NH4"Jamb, scaled for temperature (e.g., Vichi et al. 2007). Additionally, no biogeochemical
model currently allows for an iron (or copper) control on nitrification. While deeper
investigation is required to confirm the role of iron in both NH4* and NO_" oxidation (nitrite
oxidoreductase, the enzyme that catalyzes the oxidation of NO>  to NOs’, has a substantial iron
requirement; Meincke et al. 1992; Liicker et al. 2010), it is nonetheless worth considering the
potential consequences for upper-ocean biogeochemistry (modelled and observed) of this
putative control. For instance, in regions where [NH4"]amb is elevated relative to the K for
NH4" oxidation, competition between phytoplankton and ammonia oxidizers for iron may
contribute to the distribution and functioning of these two groups, particularly in the lower
mixed layer where their niches are most likely to overlap and in high-latitude regions in winter
where the surface light flux is low. Moreover, it is likely that the iron supply to Southern Ocean
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surface waters will increase in future (IPCC, 2019; Henley et al. 2020 and references therein),
with models predicting that phytoplankton productivity will rise significantly in response
(Bopp et al. 2013; Leung et al. 2015; Fu et al. 2016; Moore et al. 2018). However, no model
can adequately capture the numerous complex interactions among changing environmental
variables and the microbial community (Hutchins and Boyd, 2016; Strzepek et al. 2019). An
improved parameterization of nitrification, the pathway that links the reduced and oxidized N
cycles, would constitute an important step forward in understanding the response of upper
Southern Ocean biogeochemistry to global change.

Second, if mixed-layer NH4" oxidation is limited by iron availability, then the iron-deplete
conditions of the surface Southern Ocean may restrict the extent to which surface nitrification
can offset CO, drawdown by phytoplankton. Nitrification is the dominant biological process
occurring in the Southern Ocean mixed layer in winter, producing regenerated NO3™ (Smart et
al. 2015; Mdutyana et al. 2020). Some fraction of this NO3" is supplied to and consumed by
phytoplankton in spring and summer (Mdutyana et al. 2020) because the winter mixed layer
evolves into both the summer mixed layer and the underlying layer that exchanges NOs™ with
the upper ocean throughout the spring and summer (Whitworth and Nowlin 1987; Difiore et
al. 2010). However, unlike for NOs™ mixed up into the euphotic zone from below the depth of
winter mixing, phytoplankton growth on regenerated NO3s™ does not equate to net atmospheric
CO2 removal (sensu the new production paradigm; Dugdale and Goering, 1967; Yool et al.
2007). Thus, the controls on the production of regenerated NO3" in the Southern Ocean mixed
layer directly affect the strength of its biological pump, with higher rates of mixed-layer

nitrification potentially weakening export production.

Third, these data and those of others show that the affinity of ammonia oxidizers for NH4" is
very high (Horak et al. 2013; Newell et al. 2013; Peng et al. 2016; Xu et al. 2019; Zhang et al.
2020). That these organisms achieve their Vmax at such low concentrations of [NH4*Jamb (at
times <150 nM) introduces a potential methodological issue that is illustrated by my own
measurements of NH4"ox with depth (Figure 3.6b). Most studies of NH4* oxidation that use the
isotope tracer method involve the addition of at least 50-200 nM *NHs" (e.g., Santoro et al.
2013; Peng et al. 2018; Shiozaki et al. 2019; Mdutyana et al. 2020). In waters with low
[NH4"Jamb, the addition of such concentrations can stimulate NH4" oxidation to rates in excess
of those occurring in the environment, oftentimes approaching Vmax. This appears to be the
case for the depth-profile stations where the ambient+tracer NH4" concentration was always

>200 nM and the measured mixed-layer NH4* oxidation rates were similar to the estimates of
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Vmax. This result underscores the importance when conducting such experiments of adding as
little *>*NH4* as possible, preferably following the analysis of [NH4']amo (Ward, 2011).
Alternately, measured NH4* oxidation rates can be corrected for °NH," addition (e.g., Horak
et al. 2013), although this relies on knowing Km with a high degree of certainty.

Finally, increasing atmospheric CO> concentrations are causing the ocean to warm and acidify
(IPCC, 2019), with consequences for the Southern Ocean N cycle that are difficult to predict.
Warming is likely to increase the rate of biological reactions (e.g., phytoplankton growth;
Eppley, 1972; Sherman et al. 2016; Moore et al. 2018), although the effect on nitrification is
unclear, with my data and those of others suggesting a minimal response of ammonia oxidizers
to a change in temperature (Horak et al. 2013; Baer et al. 2014). It is possible, therefore, that
in a warmer Southern Ocean, phytoplankton will become more competitive than ammonia
oxidizers at the depths where they overlap, particularly given the prediction of a general
warming-driven shift towards smaller phytoplankton (Constable et al. 2014; Petrou et al. 2016;
Deppeler and Davidson 2017) that are more adept at NH4" acquisition and potentially less
vulnerable to light limitation (e.g., Banse, 1976). Changes in phytoplankton community
composition are also likely to change the photosynthetic iron demand and possibly iron
remineralization dynamics (Ellwood et al. 2014; Boyd 2019; Bressac et al. 2019), the latter
affected by the extent to which the microbial loop is upregulated relative to the biological
pump, itself contingent upon community composition (e.g., the prevalence of large diatoms
versus nanoflagellates; Deppeler and Davidson, 2017; Tréguer et al. 2018; Boyd, 2019; Henley
et al. 2020). Additionally, a decrease in upper ocean pH will alter iron speciation, with as-yet
uncertain implications for its availability to phytoplankton and other microbes ( Shi et al., 2010;
Hutchins and Boyd, 2016). Finally, acidification has been shown to have a detrimental effect
on nitrification (Beman et al. 2011; Shiozaki et al. 2019) because the equilibrium between
seawater NH4™ and ammonia (NHz; the substrate for oxidation; Suzuki et al. 1974) shifts
towards NH4* at lower pH. By contrast, the effect of declining pH and higher seawater CO2 on
phytoplankton growth is less clear (e.g., Mackey et al. 2015). If we are to better predict future
changes in the Southern Ocean N cycle, and by extension its role in CO2 cycling, climate, and
global ocean productivity, an improved understanding of the controls on nitrification in shallow

Southern Ocean waters is required.
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Chapter 4: Controls on nitrite oxidation in the upper Southern
Ocean: insights from winter Kinetics experiments across the

Indian sector

Abstract

Measurements of the upper ocean nitrogen (N) cycle can be used to understand atmospheric
CO. drawdown by biology. In the Southern Ocean in winter, nitrification is the dominant
mixed-layer N cycle process, with some of the nitrate (NO3") produced therefrom persisting to
fuel productivity during the subsequent growing season, potentially weakening the
spring/summer biological CO: sink. To better understand the controls on Southern Ocean
nitrification, NO>™ oxidation kinetics experiments were conducted in surface waters across the
Indian sector (37-62°S; 19-30°E) in winter 2017. While all experiments yielded a Michaelis-
Menten relationship with substrate concentration, the NO>™ oxidation rates only increased
significantly once the NO>™ concentration exceeded 115 + 2.3 to 245 + 18 nM, suggesting that
NO; oxidizers require a minimum (i.e., “threshold””) NO>™ concentration to produce NOs". The
half saturation constant ranged from 134 + 8 to 403 + 24 nM, indicating a relatively high
affinity of Southern Ocean NO: oxidizers for NO2, in contrast to results from culture
experiments. Despite this high affinity of NO2™ oxidizers, NO2™ concentrations are rarely <150
nM in the Southern Ocean’s mixed layer, regardless of season. Over the upper 75 m, the
measured ammonium oxidation rates that were two- to seven-fold higher than the coincident
rates of NO2™ oxidation, indicating that NO.™ oxidation is the rate-limiting step for nitrification
in the winter Southern Ocean. This, combined with a possible NO2™ concentration threshold for
NO2 oxidation, may explain the non-zero NO that persists throughout the Southern Ocean’s
mixed layer. | hypothesize that the apparent threshold NO2™ requirement of NO,™ oxidizers is
indicative of NO2™ substrate undersaturation of the heme-rich NO, oxidoreductase enzyme,

perhaps driven by the limited availability of iron in Southern Ocean surface waters.
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4.1 Introduction

The cycling of nitrogen (N) in the upper ocean is central to the role that phytoplankton and
bacteria play in atmospheric carbon dioxide (CO2) consumption and production. Annually, the
Southern Ocean accounts for ~35% of total oceanic CO2 removal (DeVries et al. 2017; Gruber
et al. 2019; Watson et al. 2020) and absorbs ~40% of anthropogenic CO> (Khatiwala et al.
2009; Hauck et al. 2015; Gruber et al. 2019; Watson et al. 2020). The contribution of biology
to CO, drawdown can be evaluated using the new production paradigm, among other
approaches. This framework defines phytoplankton growth on nitrate (NO3") supplied from
below the euphotic zone as “new production” and phytoplankton growth on ammonium (NHz")
recycled within the euphotic zone as “regenerated production” (Dugdale and Goering 1967).
Over appropriate timescales, new production is equivalent to “export production”, the latter
referring to the organic matter produced by phytoplankton that escapes recycling in surface
waters and sinks into the ocean interior, thereby sequestering atmospheric CO at depth
(Dugdale and Goering 1967; Eppley and Peterson 1979; Volk and Hoffert 1985; Raven and
Falkowski 1999). However, the occurrence of nitrification in the euphotic zone, which
produces regenerated NOs", complicates applications of the new production paradigm since

phytoplankton growth fuelled by this NO3z™ will drive no net removal of CO> (Yool et al. 2007).

In the Southern Ocean, nitrification appears to be largely confined to the dark waters below the
euphotic zone during the summertime period of maximum NOs consumption by
phytoplankton (DiFiore et al. 2009; Mdutyana et al. 2020). By contrast, the Southern Ocean
winter is characterized by elevated mixed-layer nitrification, coincident with low rates of NO3"
uptake (Smart et al. 2015; Mdutyana et al. 2020). Some of the NO3" regenerated in the winter
mixed layer will be supplied to phytoplankton during the proceeding spring and summer
growing season, with negative implications for CO> removal on an annual basis. That said,
there is evidence that ammonia oxidizing archaea, the organisms that are dominantly
responsible for NH4* oxidation (the first step in the nitrification pathway; (Beman et al. 2008;
Newell et al. 2011; Peng et al. 2016) have a high iron requirement (Shafiee et al. 2019), such
that NH4" oxidation may at times experience iron limitation (Shafiee et al. 2019; Figure 3.9c).

If this limitation is verified and proves widespread in the environment, one implication is that
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the iron-deplete conditions of the surface Southern Ocean may restrict mixed-layer nitrification

and by extension, its potential role in impeding autotrophic CO, drawdown.

Nitrification is a chemoautotrophic process involving two pathways facilitated by different
groups of microorganisms. The first is NH4" oxidation, which involves the oxidation of NH4*
via hydroxylamine and nitric oxide to NO>" (Walker et al. 2010; Vajrala et al. 2013; Kozlowski
et al. 2016b; Caranto and Lancaster 2017) by ammonia oxidizing archaea and bacteria (AOA
and AOB, respectively; collectively, ammonia oxidizing organisms, AOQ). The second step is
the oxidation of NO2" to NO3™ by nitrite oxidizing bacteria (NOB), a polyphyletic group of
microbes that is not well-understood in the ocean (Watson et al. 1986; Beman et al. 2013;
Daims et al. 2016; Pachiadaki et al. 2017; Sun et al. 2021). In general, there are limited data on
NO" oxidation, with only a handful of rate measurements available for the Southern Ocean
(Olson 1981a; Bianchi et al. 1997; Mdutyana et al. 2020). Such measurements are critical,
however, if we are to better understand the controls on nitrification in the Southern Ocean
mixed layer and the connection between NOz™ production by NOB and its subsequent removal

by phytoplankton.

One approach for investigating the controls on NO> oxidation is through experiments designed
to yield a hyperbolic Michaelis-Menten relationship between NO> oxidation rate and NO>
concentration. Useful kinetic parameters can be derived from this relationship, such as the
maximum oxidation rate (Vmax) and the half-saturation constant (Kn), with the latter indicating
the NO2" concentration at which the oxidation rate equals Vmax/2. Estimates of Ky reveal
information about the efficiency of NOB in acquiring substrate NO2", while Vmax is indicative
of the maximum rate of NO> oxidation that can be achieved under a particular set of conditions.
In the ocean, direct measurements of NO>™ oxidation kinetic parameters are extremely limited
(Olson 1981; Sun et al. 2017, 2021; Zhang et al. 2020), with no estimates available for the
Southern Ocean. K values derived from culture studies of NOB (ranging from 9-544 uM,;
Nowka et al. 2015; Ushiki et al. 2017) are orders of magnitude higher than the existing
estimates for NOB in coastal waters and oxygen deficient zones (ranging from 0.07-0.51 pM,;
Olson 1981; Sun et al. 2017; Zhang et al. 2020), emphasizing the gaps in our understanding of

this pathway and the organisms that catalyse it.
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Generally, the distribution of NO>™ in the upper low-latitude oxygenated ocean shows a peak
near the base of the mixed layer (known as the primary nitrite maximum; PNM), with much
lower concentrations above and below this depth (Lomas and Lipschultz 2006). By contrast, at
higher latitudes including in the Southern Ocean, the NO2" concentration remains elevated
(100-400 nM) and fairly invariant throughout the mixed layer in all seasons (Zakem et al. 2018;
Fripiat et al. 2019; Mdutyana et al. 2020). One potential explanation for this NO,  accumulation
is a decoupling of the NH4s" and NO™ oxidation rates, with NO2™ oxidation being the rate-
limiting step in the nitrification pathway, contrary to expectations for oxygenated marine
waters (Kendall 1998; Walker et al. 2010; Vajrala et al. 2013). However, this idea has yet to

be examined using observations.

To better understand the controls on NO>™ oxidation (and thus, nitrification) in the Southern
Ocean, | conducted a series of NO. oxidation Kinetics experiments in wintertime surface
waters across the Indian sector. At every station (seven in total) along a transect from 37-62°S
(the Subtropical Zone to the Marginal Ice Zone), the NO2™ oxidation rate increased with
increasing NO>™ concentration, as per the expected Michaelis-Menten relationship. The derived
Km values were low and increased with increasing ambient NO>™ concentration. Additionally,
there appeared to be a minimum NO2 concentration that was required before the NO2
oxidation rate increased significantly (i.e., a “threshold” concentration), implying that the
enzyme that catalyses NO,™ oxidation to NOs™ (nitrite oxidoreductase; NXR) may have been
substrate-limited. Finally, rates of NH4* oxidation measured coincident with NO>" oxidation
over the euphotic zone suggest that NO>™ oxidation is the rate-limiting step for nitrification

across the Southern Ocean in winter.

4.2 Materials and Methods

4.2.1. Sampling site and experimental design

A winter cruise was undertaken onboard the R/V SA Agulhas Il in July 2017 from Cape Town,
South Africa, to the marginal ice zone (MIZ; encountered at 61.7°S; de Jong et al. 2018),
returning to South Africa along the WOCE 106 transect (30°E) (Figure 4.1). Sampling was
conducted on two legs — between 37°S and 62°S on the southbound leg (Leg 1) and between
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59°S and 41°S on the return leg along the WOCE 106 line (Leg 2). During Leg 1, only surface
samples were collected, while on Leg 2, the deployment of hydrocasts allowed for depth-profile

sampling.

Hydrography and nutrient collections: The positions of the major hydrographic fronts (the
Subtropical Front, STF; Subantarctic Front, SAF; Polar Front, PF; and Southern Antarctic
Circumpolar Current Front, SACCF; Figure 4.1) were determined from temperature and
salinity measured by the ship’s hull-mounted thermosalinograph (~7 m), augmented by
temperature, salinity, and oxygen concentrations measured on Leg 2 by the CTD sensors (Orsi
et al. 1995; Belkin and Gordon 1996; Pollard et al. 2002; Read et al. 2002). For the hydrocast
stations, the mixed layer depth was determined for each Niskin (up)cast as the depth between
10 m and 400 m of maximum Brunt Viséld frequency squared (i.e., N?) (Schofield et al. 2015;
Carvalho et al. 2017).

Nutrient concentrations: Seawater samples were collected every four hours from the ship’s
underway system (~7 m intake) on Leg 1 for the determination of NO2™ concentrations (Figure
4.1a). During Leg 2, samples were collected from Niskin bottles fired remotely between the
surface and 500 m at eight hydrocast stations for the analysis of NO2", NOs,, and NH4"
concentrations (see Figure 4.1b and c for station locations and sampling depths). For NO,™ and
NOs", unfiltered seawater was collected in duplicate 50 mL polypropylene centrifuge tubes that
were analysed shipboard within 24 hours of collection (NO2") or stored frozen at -20°C until
analysis (NO3"). Seawater samples for NH4" were collected unfiltered in duplicate “aged” high-
density polyethylene (HDPE) bottles and analysed shipboard within 24 hours of collection.

NO" oxidation kinetics experiments: On Leg 1, seawater samples were collected from the
surface via the ship’s underway system at seven stations spanning the different zones of the
Southern Ocean (the Subtropical Zone (STZ) to the north of the STF, at the STF, the
Subantarctic Zone (SAZ) between the STF and SAF, the Polar Frontal Zone (PFZ) between
the SAF and PF, the Open Antarctic Zone (OAZ) between the PF and SACCF, and the Marginal
Ice Zone (M1Z) south of the SACCF; St 01 to St 07 in Figure 4.1a). At each station, 25 L of

seawater were collected in a single carboy that was gently shaken to homogenize the contents
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before the seawater was sieved through a 200 um nylon mesh to remove zooplankton grazers
and then dispensed into 250 mL acid-washed opaque HDPE bottles. All the bottles were rinsed
three times with sample water prior to filling. Eight sets of duplicate 250 mL bottles were
amended with Na®NO; to yield *NO; concentrations ranging from 10 nM to 1500 nM.

Depth distribution of NO>™ oxidation rates: On Leg 2, seawater was collected at four stations
(one each in the Polar Antarctic Zone (PAZ; just north of the edge of the M1Z), OAZ, PFZ, and
SAZ; St 08 to St 11 in Figure 4.1a-c) using a CTD-rosette equipped with 24 12-litre Niskin
bottles. Seawater from six depths (10 m, 25 m, 50 m, 75 m, 200 m, and 500 m) was pre-filtered
(200 pm nylon mesh) and transferred into rinsed 250 mL acid-washed opaque HDPE bottles.
Duplicate bottles from each depth were amended with Na®NO; to yield a final *°NO;
concentration of 200 nM. From all incubation bottles (for kinetics and depth distribution),
initial (To) subsamples were collected in 50 mL centrifuge tubes immediately after the addition
of "NO;". The HDPE bottles from the upper 75 m were then incubated in custom-built on-deck
incubators supplied with running surface seawater, while those from 200 m and 500 m were
incubated in a ~2°C cold room. The incubations lasted 23-30 hours and were terminated via the
collection of final (Tf) subsamples (50 mL). All subsamples were filtered (0.2 pm) and stored

frozen at -20°C until analysis.

Depth distribution of NOs™ uptake rates: To assess the extent to which mixed-layer NO2
oxidation supports wintertime NOs™ uptake by phytoplankton, NOs™ uptake experiments were
also conducted over the upper 75 m (the approximate depth of the euphotic zone) at St 08 to St
11 on Leg 2. Seawater was collected from four depths — 10 m, 25 m, 50 m, and 75 m — in
duplicate 2 L clear polycarbonate bottles following filtration (200 pm nylon mesh) to remove
large grazers. Na®NO3 was added to each bottle to yield a final *®NOs™ concentration of 3 uM,
and the bottles were then transferred to custom-built deck-board incubators equipped with
neutral density screens that allowed for the penetration of 55%, 30%, 10%, and 1% of surface
photosynthetically active radiation (PAR). The bottles were kept at near in situ temperature by
a supply of continuously-running seawater from the underway system. Samples were incubated
for 3-6 hours, and incubations were terminated by filtering the bottle contents through a pre-
combusted (450°C for 8 hours) 0.3 um glass fibre filter (GF-75; Sterlitech) that was
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subsequently enclosed in a foil envelop (pre-combusted at 500°C for 5 hours) and stored at -

80°C until analysis.

4.2.2 Laboratory analyses

4.2.2.1 Nutrient concentrations

Samples were analysed for NO.™ concentrations onboard the ship using the colorimetric method
of Grasshoff et al. (1983) and a Thermo Scientific Genesys 30 Visible spectrophotometer
(detection limit of 20 nM, precision of £20 nM). NOz+NO>" concentrations were measured
ashore using a Lachat Quick-Chem flow injection autoanalyzer (Egan, 2008) in a configuration
with a detection limit of 0.2 uM and precision of £0.3 uM. The concentration of NO3z™ was
determined by subtracting NO2 from NO3z+NO>". Aliquots of a certified reference material
(JAMSTEC) were included in each NO2™ and NOs+NO>" run to ensure measurement accuracy.
The NH4" concentrations were also determined shipboard using the fluorometric method of
Holmes et al. (1999); the methodological details and resulting data are discussed at length in
chapter 3.

4.2.2.2 NO2" oxidation rates

The denitrifier-isotope ratio mass spectrometer (IRMS) method (Sigman et al. 2001; Mcllvin
and Casciotti 2011) was used to measure the 5°N of NO3™ (8'°N-NO3") produced from NO,"
oxidation for both the kinetics and depth profile experiments (§°N, in %o vs. air, =
(N/Nsample/ >N/ Nair — 1) x 1000). Samples were measured using a Delta V Plus IRMS with
a custom-built purge-and-trap front end (Mcllvin and Casciotti 2011) in a configuration with a
detection limit of 0.2 nmol of N and a precision in §°N of 0.2%o. Prior to isotope analysis,
samples were treated with sulfamic acid (15 mM) for 1 hour to remove ®NO, remaining at the
end of the experiments, after which sample pH was adjusted to ~7-8 via the addition of 2 M
NaOH. To account for inefficiencies in *®NO removal, both Tr and To samples were treated
with sulfamic acid and analysed for §*®N-NOs™ (more accurately, §*°N-NOz+NO2"), with the
difference between them taken as the ®NOs™ enrichment due to °NO;" oxidation (Peng et al.
2015). International reference materials (IAEA-N3, USGS 34, USGS 32) were used to calibrate
the measured 8*°N-NO3".
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The rate of NO2™ oxidation (NO2ox; NM d) was calculated following Peng et al. (2015) as:

A[Y5NO37]
15
fNog xT

NO; = 4.1)

Where A(**NO3) is the change in the concentration of °NOs™ between the start and end of the
incubation due to NO™ oxidation, calculated from the difference in the measured 3°N-NO3z"
between the Trand To samples, f{3 is the fraction of the NO" substrate pool labelled with *°N
at the start of the incubation, and T is the incubation length (days). Detection limits for NO2 ox
rates ranged from 0.11 to 0.36 nM d*, calculated according to Santoro et al. (2013) and
Mdutyana et al. (2020).

4.2.2.3. Kinetic model

Kinetic parameters are typically calculated using the Michaelis-Menten (MM) equation for

enzyme kinetics (Monod 1942):

Vimax X S
Km + S

V= (4.2)

where V is the measured reaction rate, Vmax iS the maximum reaction rate achievable under in
situ conditions, S is the substrate concentration, and K, is the half-saturation constant, defined

as the substrate concentration at which V = Vmax/2.

The MM equation (equation 4.2) is a rectangular hyperbola, meaning that the asymptotes along
the x- and y-axes are perpendicular. By definition, when S (the x-axis variable) is equal to zero,
V (the y-axis variable) is also zero, forcing equation 4.2 through the origin. In the case of NO2"
oxidation, the assumption that once S > 0, V > 0 is appropriate in waters where the ambient
NOz" concentration is near-zero or where NO>™ is non-zero but considerably lower than the K.
In the Southern Ocean, mixed-layer NO.  concentrations are typically always >150 nM
(Cavagna et al. 2015; Zakem et al. 2018; Fripiat et al. 2019; Mdutyana et al. 2020) and forcing
the MM model through the origin results in a poor fit to the measurements (red line in Figure
C4.1). This poor fit, in turn, leads to clearly inaccurate estimates of the kinetic parameters,
particularly K (Table C4.1, appendix C).
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While not typical for studies of NO2™ oxidation kinetics in the ocean, researchers have taken to
modifying the standard form of non-linear regression models, including the MM equation, to
better fit observations (e.g., Birch 1999; Tsoularis and Wallace 2002; Archontoulis and Miguez
2014). For application to this dataset, equation 4.2 has been modified to allow V =0at S >0
by subtracting a location parameter, C, from S (Figure 4.2; Archontoulis and Miguez 2014). In

other words, the y-intercept (i.e., where VV = 0) is set equal to C rather than to zero, which yields

equation 4.3:
_ Vmax X (5-0)
V= Kt 5-0) (4-3)

Using a non-linear, least-squares optimization method (Scipy Imfit package, Python 3.7.6), |
solved equation 4.3 for Vmax, Km=, and C. The value of K= derived thus is relative to C, such
that the substrate concentration at which V =Vmax/2 (i.e., Km) is actually equal to Kn» + C
(Supplemental Information). Mechanistically, C represents a “threshold” substrate
concentration; when S < C, V = 0. All kinetic parameters are reported as the best fit plus 95%

confidence interval (i.e., mean + 2c; Table C4.1, appendix C).

4.2.2.4 Revising the depth distribution of NO2™ oxidation using K

For the NO2 oxidation experiments conducted at the Leg 2 hydrocast stations, the Na*®NO;
was added to yield a final *®*NO; concentration of 200 nM at all the sampled depths. However,
at low ambient NO2™ concentrations (< ~1 uM), an amendment of this magnitude may stimulate
NO;" oxidation, leading to an overestimation of the in situ rates. Therefore, the measured NO2
ox rates were revised using the derived Kn, values as per Rees et al. (1999), Diaz and Raimbault
(2000), and Horak et al. (2013):

_ NOZOX _
[NO3 ltotal Km +[NO3 Jamb
Km + [NOZ ltotal [NOZ Jamb

corrNO3, = (4.4)

Here, corrNO2zox is the revised rate of NOzox, NO2'ox is the measured NO2™ oxidation rate
(equation 4.1), [NO2Jamb is the ambient NO2™ concentration measured at each depth, [NO2 Jtotal
refers to [°NO;" tracer] + [NO2Jamb, and K is the derived half-saturation constant. Given the
observed relationship between Ky, and [NO2Jamb (See section 4.2 below), a Ky was estimated
for each sample depth from the equation resulting from the linear regression of all derived Kn

values on [NOzJamb. CorrNO2ox Was also computed using the Km derived from the Leg 1
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Kinetics experiment located nearest each hydrocast station, with very similar results. The values
of corrNO2 ox presented here were computed using Km values derived from the linear regression
equation. Rates of NH4" oxidation measured coincident with NO2ox on Leg 2 (Figure 3.6b)
were similarly revised (to yield corrNHas"ox) using the Km values derived from kinetics
experiments conducted during Leg 1 (Figure 3.5a-c) — for St 08 and 09, Km =137 nM, for St
09, Km =67 nM, and for St 11, Km = 28 nM.

4.2.2.5. Isotopic dilution of *NO; by co-occurring NH4* oxidation

The focus of this study is the second step in the nitrification pathway. However, not only will
NO_" have been consumed in the incubation bottles (i.e., oxidized to NOz), it will also have
been produced by NH4" oxidation, the first step in the nitrification pathway. For all of the NO2’
oxidation rate experiments (kinetics and depth profiles), the coincident rates of NH4" oxidation
were measured (Figure 3.6b), and these data can be used to account for any dilution of the
15NO;" pool by *NO; produced from **NH,* oxidation (following the approach of Glibert et
al. 1982, 1985; Mulholland and Bernhardt 2005). Because the ambient NO2" concentrations
were reasonably high (mean of 157 + 54 nM, range of 64 to 226 nM for all the depths at which
experiments were conducted; Figure 4.1a-b) and the NH4" oxidation rates were fairly low
(mean of 13.4 + 4.0 nM d-1, range of 7.8 to 22.0 nM d-1; see Figure 4.3f-j for the depth profile
rates and Chapter 3 for the Kinetics station rates), isotopic dilution was minor. Below the mixed
layer where the ambient NO2™ concentrations were near-zero, so too were the NH4* oxidation
rates, which again resulted in minimal dilution of the ®NO, pool. Accounting for isotope
dilution increased the NO> oxidation rates by 0 to 12% (mean of 3.9 + 0.3% and median of 3.7
+ 0.3%) which is within the experimental error associated with the rate measurements; the

effect of isotope dilution is thus considered negligible.

4.2.2.6. Nitrate uptake rates

On shore, the GF-75 filters were oven-dried at 45°C for 24 hours, then pelletized into tin cups
following the removal of unused peripheral filter. The concentration and isotopic composition
of the particulate organic N (PON) captured on the filters was analyzed using a Delta V Plus
IRMS coupled to a Flash 2000 elemental analyser, with a detection limit of 1 ug N and
precision of +0.005 At%. Blanks (combusted unused filters + tin capsules) and laboratory

running standards calibrated to international reference materials were run after every ten

126



samples. The absolute rates of NOs™ uptake (pNOs; nM d*) were calculated after blank
correction according to the equations of Dugdale and Wilkerson (1986) assuming a day-length
between 7 and 10 hours, dependent on the station latitude. The specific NOs™ uptake rates (Vnos
-hh) were then computed by normalizing pNOs3 to the associated measured PON concentration.

To compute the fraction of the mixed-layer NOs™ pool consumed by phytoplankton that derived
from in situ nitrification, pNO3z™ and corrNO2 ox Were trapezoidally-integrated over the mixed
layer following Mdutyana et al. (2020), and the integrated values of corrNO2ox were then
divided by integrated pNOs".

4.3 Results

4.3.1. Hydrography and nutrient concentrations

The positions of the major hydrographic fronts during both legs of the cruise are shown in
Figure 4.1a. At the hydrocast stations (Leg 2), the mixed layer depth (MLD) averaged 143 m
in the OAZ, 146 m in the PFZ, 205 m in the SAZ, and 113 m in the STZ. These depths are
within the reported climatological range for the Indian Ocean sector in winter (Sallée et al.
2010). Underway ambient NO2™ concentrations (Leg 1) ranged from 74 nM to 232 nM (transect
average of 168 + 48 nM; median of 177 nM) and generally increased with latitude, albeit with
a high degree of variability (Figure 4.1a; Figure C4.2). The ambient NO> concentrations at the
hydrocast stations were fairly constant throughout the mixed layer, decreasing rapidly to values
below detection by 150-200 m (Figure 4.1b). Mixed-layer NO2" showed no clear latitudinal
trend, mainly because of the anomalously low concentrations measured at St 09 (54°S; mixed-
layer average of 64 + 30 nM). The NOs™ concentrations were also near-homogenous throughout
the mixed layer, decreasing from 28.4 + 0.2 uM at the southernmost station (St 08; 59°S) to
3.7 £ 1.1 uM at the northernmost station (41°S), and increasing below the mixed layer as

expected (Figure 4.1c).
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Figure 4.1: a) Map of the cruise track showing the kinetics experiments station positions (large circle symbols) and locations of the underway stations sampled during Leg 1
(small symbols), overlaid on the measured surface (~7 m) nitrite concentrations ([NO27). Additionally, the locations of the hydrocast stations occupied during Leg 2 are shown,
with the stations at which depth distribution experiments were conducted indicated by the large square symbols. The coloured horizontal lines denote the frontal positions at
the time of sampling and the major zones of the Southern Ocean are indicated by the vertical lines and dots — STZ, Subtropical Zone; STF, Subtropical Front; SAZ, Subantarctic
Zone; SAF, Subantarctic Front; PFZ, Polar Frontal Zone; PF, Polar Front; AZ, Antarctic Zone; SACCF, Southern Antarctic Circumpolar Front; MIZ, Marginal Ice Zone. Also
shown are water column (0-500 m) profiles of the concentrations of b) nitrite (NO2) and c) nitrate (NO3) sampled during Leg 2. The vertical grey dots indicate the sampling

depths at all the hydrocast stations (eight in total), with the four stations at which depth distribution experiments were conducted (St 08 to St 11) labeled above the panel. The
black dots show the mixed layer depth.
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4.3.2. NO2 oxidation rates

4.3.2.1. Kinetics experiments

At all the kinetics stations (St 01 to St 07; Leg 1), an MM curve could be fit to the NO2>
oxidation rate versus substrate measurements using equation 4.3 (Figure 4.2). The derived
Kinetic parameters varied across the transect (Table 4.1). The maximum NO>™ oxidation rate
(Vmax) ranged from 5.2 + 0.1 nM d* (mean of 9.1 + 1.1 nM d* for St 02 and St 03) at the STF
(St 02; Figure 4.2b) to 13 + 0.4 nM d? in the AZ (St 05; Figure 4.2e), with a transect average
0f 9.0 + 1.1 nM d™. Vimax increased southwards between the 29 and the AZ, before decreasing
in the MIZ to 8.2 + 0.1 nM d* at St 06 (Figure 4.2f) and 6.6 + 0.3 nM at St 07 (Figure 4.29).
The half-saturation constant, Kn, increased from 134 + 8.0 nM at the STF (St 02; Figure 4.2b)
to 403 + 24 nM in the MIZ (St 06; Figure 4.2f), with a transect average of 277 = 31 nM. The
value of C increases southwards from 115 + 2.3 nM at the STF (St 02; Figure 4.2b) to 254 +
18 nM in the AZ (St 05; Figure 4.2¢) and then decreased to 163 + 11 nM at MIZ at St 06 (Figure
4.2f) before increasing to 237 = 10 nM at St 07 (Figure 4.2g). On average across the transect,
C was 181 + 45 nM.
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Figure 4.2: Kinetics experiments: the dependence of NO,™ oxidation rates on the nitrite concentration ([NO,7) at
the surface (~7 m) in winter at a) St 01: 37°S (STZ), b) St 02: 42°S (STF), c) St 03: 45°S (SAZ), d) St 04: 51°S
(PFZ), e) St 05: 55°S (OAZ), f) St 06: 62°S (MI1Z), and g) St 07: 62°S (MIZ). The solid lines show the Michaelis-
Menten best fit, with the derived values of Vimax, Km and C, as well as the ambient concentration of nitrite ([NO2
]amb), indicated on each panel. Error bars indicate the standard error of replicate experiments, each measured at
least twice. Where errors bars are not visible, they are smaller than the data markers. The grey shaded area shows
the 95% confidence interval.

4.3.2.2. Depth distributions

The NO>™ oxidation rates calculated using equation 4.1 were low and largely invariant over the
upper 75 m (the approximate depth of the euphotic zone), ranging from 1.9 to 9.7 nM d*
(averaging 4.9 + 2.4 nM d%; filled symbols in Figure 4.3b-¢). All stations showed a maximum
NOz" oxidation rate at 200 m (roughly coincident with or just below the base of the mixed
layer), ranging between 11 and 28 nM d (average of 18 + 7.0 nM d!). The NO2™ oxidation
rates displayed a latitudinal gradient, with lower rates in the AZ (St 08 and 09) than in the PFZ
(St 10) and SAZ (St 11).

Revising the NO2™ oxidation rates according to equation 4.4 decreased the 0-75 m rates by
between 13 and 26% (i.e., corrNO2 ox ranged from 1.6 to 8.5 nM d and averaged 4.0 + 2.0 nM
d* over the upper 75 m; open symbols in Figure 4.3b-e). The largest decrease (of between 39
and 68%) occurred at 200 m and 500 m, coinciding with very low ambient NO2™ concentrations
(Figure 4.3a); nonetheless, at all but St 08, the 200 m maximum NO" oxidation rate remained,
although its magnitude was lower. The coincidentally-measured and revised NH4" oxidation
rates showed a similar pattern, with the largest decrease occurring at the depths with the lowest
ambient NH4" concentrations (Figure 4.3f-j) — over the upper 75 m, the rates decreased by 1 to
9% at St 08 to St 10 (mixed-layer [NH4"]amb averaged 263 + 4.3 to 655 + 15 nM; Figure 4.3f),
while St 11 experienced an average decrease of 40 £ 23% (mixed-layer [NH4]amb averaged 13
+ 1.6 nM). Similar to the NO oxidation rates, the NH4* oxidation rates decreased most at 200
m and 500 m, between 33% and 70%. Hereafter, the revised NO," and NH4" oxidation rates
(corrNO2ox and corrNHa"ox, respectively) are used when referring to the depth distributions of
these processes, including in the Figures. | note, however, that the corrected rates still may not
be entirely accurate since K was not derived individually for each depth at each station (Horak
et al. 2013). Nonetheless, because of the high concentration of the ®N-tracer amendments
relative to all derived K, values, 1 am confident that the corrected rates are more representative

of in situ conditions than the rates computed using equation 4.1.
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Figure 4.3: Depth distribution experiments: water column (0-500 m) profiles of the concentration of a) nitrite ((NO21]) and f) ammonium ([NH4*]), and rates of NO, and NH4*
oxidation at b and g) St 08: 59°S (AZ), ¢ and h) St 09: 54°S (AZ), d and i) St 10: 48°S (PFZ), and e and j) St 11: 43°S (SAZ). In panels a and f, the blue and green symbols
indicate the stations at which oxidation rates were measured while the grey symbols show data from the stations where no experiments were conducted. In panels b-e and g-j,
open symbols represent oxidation rates revised for possible stimulation due to °N-tracer additions (corrNOz0x and corrNH4*ox; equation 4.4) and closed symbols show the
uncorrected rates (equation 4.1). Error bars indicate the standard error of replicate experiments, each measured at least twice. Where error bars are not visible, they are smaller
than the data markers. The dashed lines connecting the data points are included only to guide the eye and should not be taken to indicate interpolation with depth.
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4.3.3 NOgz™ uptake rates

The rates of NOz™ uptake (pNO3") were low and relatively homogenous over the upper 75 m at
each station (Figure C4.3a, appendix C). Average euphotic zone pNOz3" increased northwards,
from2.9+1.1nMd'at St08inthe PAZto 12 +2.0 nM d* at St 11 in the SAZ, with a transect
average of 6.2 + 3.4 nM d*. The euphotic zone PON concentrations also increased northwards,
from 0.24 = 0.02 uM at St 08 to 0.47 + 0.08 uM at St 11 (Figure C4.3b, appendix C). As a
result of the coincident northward rise in pNO3z™and PON, combined with the southward decline
in daylight hours, the euphotic zone-averaged specific NO3™ uptake rates (Vnos) were similar
at all stations, ranging from 1.3 + 0.5 x 103 h'* (0.010 + 0.004 d*; St 09) t0 2.6 + 0.4 x 103 h-
1(0.024 + 0.004 d*; St 11), with a transect average of 1.9 + 0.7 x 10 h' (0.016 + 0.007 d*};
Table C4.2, appendix C). Kinetic parameters associated with NO3z™ uptake could only be
measured at two stations (St 01: 37°S and St 02: 42°S); average Vmax 0f 0.8 + 0.5 x 102 h?,
Km of 4.25 = 1.45 uM, and C value of 2.5 £ 0.6 uM (Figure C4.4a and b).

Integrated over the mixed layer, corrNO27ox accounted for an average of 122% of pNOs™ (range
of 63% at St 09 in the OAZ to 237% at St 08; Table C4.2, appendix C), as has been observed
previously in the wintertime Southern Ocean (Chapter 2; Mdutyana et al. 2020). These data
confirm that most of the mixed-layer NOs™ consumed by phytoplankton in winter, and likely
also a significant fraction assimilated in spring, supports regenerated rather than new
production, thus impeding the biological CO- sink (Yool et al. 2007; Mdutyana et al. 2020).

4.4 Discussion

The oxidation of NO2’, the ultimate step in the nitrification pathway, is important in the cycling
of oceanic N because it produces NO3’, the most oxidized and dominant form of N that controls
phytoplankton growth across most of the global ocean. Experiments designed to measure the
kinetics of NO>™ oxidation, as conducted here, allow for an examination of the major controls
on marine nitrification. Across all the major zones of the wintertime Southern Ocean, the
addition of NO>™ to collections of surface seawater stimulated NO, oxidation following a
Michaelis-Menten relationship, suggesting that substrate availability plays a dominant role in
the rate of NO3™ production in the Southern Ocean’s winter mixed layer. Curiously, an apparent
minimum substrate requirement of NO>™ oxidation (i.e., a “threshold” NO2™ concentration; 115

to 245 nM) was also observed, in contrast to expectations for a “classical” Michaelis-Menten
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relationship (i.e., V is assumed to increase as soon as S > 0; Monod 1942). Below, | examine
my findings in the context of existing estimates of NO,™ oxidation kinetic parameters and then
evaluate the potential drivers of the observed trends. | also discuss possible reasons for the
apparent requirement of Southern Ocean NOB for a threshold ambient NO2™ concentration and

consider the implications thereof for the regional N cycle.

4.4.1 Southern Ocean NO> oxidation kinetic parameters in the context of existing estimates
Measurements of NO2™ oxidation rates are limited in the Southern Ocean, with only two studies
that have directly measured this pathway in open-ocean waters (Bianchi et al. 1997; Mdutyana
et al. 2020). For NO> oxidation kinetics, there are no data at all for the Southern Ocean. This
scarcity of Southern Ocean measurements is unsurprising given that in situ NO™ oxidation
kinetics studies are generally limited; indeed, to my knowledge, there are only two studies from
the coastal ocean (Olson 1981a; Zhang et al. 2020b) and two from the Eastern Tropical North
Pacific oxygen deficient zone (ETNP ODZ; with experiments conducted across a range of
ambient oxygen concentrations; Sun et al. 2017, 2021). By contrast, there exist numerous
estimates of NO2™ oxidation kinetic parameters determined from studies using cultured marine
NOB (e.g., Sorokin et al. 2012; Nowka et al. 2015; Jacob et al. 2017; Kits et al. 2017; Zhang
et al. 2020). In general, culture experiments suggest far higher kinetic constants compared to
the limited in situ observations from the ocean, particularly in the case of Kn (i.e., culture-
based estimates of 9-544 uM; Blackburne et al. 2007; Nowka et al. 2015; Ushiki et al. 2017).

The high Km values derived for cultured NOB suggest that the affinity of these organisms for
NOz" is low, yet this is not what is observed in the environment. For the Southern Ocean, |
report high substrate affinities of NOB, with values of Km ranging from 134 to 403 nM, which
is largely within the range documented for coastal waters (27-506 nM; Zhang et al. 2020) and
the oxygenated open ocean (27-506 nM; Olson 1981; Zhang et al. 2020) (Table 4.1). In the
low- to zero-oxygen waters of the ETNP ODZ, similarly low Ky, values have been reported
(254 £ 161 nM; Sun et al. 2017), as have values >5 UM (Sun et al. 2021). These latter estimates
were associated with ambient NO2™ concentrations >1 uM. The relationship between ambient
NOz" concentration and K, is explored in detail in section 4.2 below, although for low ambient
NO2" concentrations only given that (some of) the environmental factors affecting NO>
oxidation at high ambient NO> (e.g., in the ODZs) are likely to be unique. For example, oxygen
has been shown to decrease the rate of NO>™ oxidation in these regions (Sun et al. 2017, 2021),
and novel clades of NOB have been detected (Sun et al. 2021).
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Table 4.1: Kinetic parameters (Vmax, Km and C) associated with NO,™ oxidation experiments conducted across the Indian sector of the Southern Ocean in winter 2017. Included
here is the best fit and 95% confidence interval (“CI”) for each kinetic parameter derived using a non-linear, least-squares optimization method (Scipy Imfit package, Python

3.7.6).

Station name  Latitude Longitude [NOzJamb (NM)  Vmax (NM d?)  95%:CI (nM d?) Km (nM)  95%:CI (nM) C (nM) 95%:ClI (nM)
St01 37°S 19°E 157 9.1 7.91t0 10 263 192 to 350 193 144 to 206
St02 42°S 21°E 108 5.2 481055 134 109 to 163 115 105t0 119
St03 45°S 22°E 103 8.3 741093 206 1510 373 139 -11to 163
St04 50°S 26°E 162 13 11to 15 288 104 to 538 172 68 to 204
St05 55°S 28°E 212 14 13to 15 329 183 to 458 245 138 to 272

St 06 62°S 30°E 226 8.2 7.8t08.6 403 320t0 499 163 129 to 187
St07 62°S 30°E 226 6.6 6.0to 7.4 317 234 t0 395 237 190 to 255
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Across the Southern Ocean transect, Vmax ranged from 5 to 14 nM d, which is quite low
compared to existing estimates from other regions, although such a comparison is not
particularly informative as my rates (and typically those of others) are not normalized for NOB
abundance. The estimates of Vmax are also low compared to a previous study of mixed-layer
nitrification in the wintertime Southern Ocean (Mdutyana et al. 2020). This difference may in
part be due to the fact that my kinetics experiments were conducted using surface (~7 m)
seawater (and thus, the surface NOB community that had been exposed to surface conditions,
including elevated light), yet the highest rates of NO.™ oxidation often occur near the base of
the mixed layer, including in the Southern Ocean (Figure 4.3b-e; Sun et al. 2017; Peng et al.
2018; Mdutyana et al. 2020). The opposite pattern has also been observed, however, with
deeper samples yielding a lower Vmax than samples collected in shallow waters (Sun et al. 2017;
Zhang et al. 2020).

Table 4.2: A selection of previously derived Ky, values from other regions of the open ocean, along with the
concurrently-measured ambient concentrations of nitrite ([NO2Jamb).

Region [NO2] (nM)  Sampled depth (m) Km (nM) SE Reference

Indian Southern Ocean: St 01: 37°S 157 7 263 16 This study

Indian Southern Ocean: St 02: 42°S 108 7 134 8 This study

Indian Southern Ocean: St 03: 45°S 103 7 206 30 This study

Indian Southern Ocean: St 04:51°S 162 7 288 52 This study

Indian Southern Ocean: St 05: 56°S 212 7 329 29 This study

Indian Southern Ocean: St 06: 62°S 226 50 403 24 This study

Indian Southern Ocean: St 07: 62°S 226 50 317 20 This study

Southern California Bight 20 60 70 nd Olson 1981

Eastern Tropical North Pacific 100 53 281 151  Sunetal. 2017
Eastern Tropical North Pacific 50 170 227 55 Sun et al. 2017
South China Sea 51 110 195 33 Zhang et al. 2020
South China Sea 71 95 175 37 Zhang et al. 2020
South China Sea 31 150 49 15 Zhang et al. 2020
South China Sea 185 75 506 82 Zhang et al. 2020
South China Sea 34 200 27 11 Zhang et al. 2020
Subtropical South Atlantic 14 150 74 29 Fawcett et al. in prep
Subtropical South Atlantic 152 150 167 4,3 Fawcett et al. in prep
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4.4.2 Environmental drivers of the NO,™ oxidation kinetic parameters

| report maximum NO>™ oxidation rates that generally increase towards the south and with
decreasing SST (recognizing that these two parameters co-vary), although St 01 in the STZ and
St 06 and 07 in the MIZ deviate from this trend (Figure 4.4a and b; R? = 0.019; p = 0.77 and
0.12; p = 0.45, respectively). Changes in the NOB community across the transect may account
for some of the observed variability in Vmax given that the NO, oxidation rates are not
normalized for organism abundance. Nonetheless, taking latitude as a qualitative proxy for
light (both light intensity, and the duration (i.e., number of hours) of light supply), it is perhaps
unsurprising that the maximum NO>" oxidation rates increase southwards given that NOB are
known to be at least partially inhibited by light (Olson 1981b; Ward 2005a; Peng et al. 2018).
This hypothesis does not hold for the stations in the MIZ, however, at which Vmax decreases
sharply despite these waters receiving the least light (less than 5 hours of weak sunlight, versus
~9 hours at 37°S to ~7 hours at 55°S). The temperatures at the MIZ stations were <0°C, which
raises the possibility of a temperature effect on Vmax. Indeed, | previously observed a strong
decline in the Vmax associated with NH4" oxidation at SSTs <0°C in the Southern Ocean, while
at SSTs ranging from 0.6°C to 16°C, Vmax Was invariant (Figure 3.8b in Chapter 3).

Marine nitrification has been reported to be largely unaffected by temperature variations
(Bianchi et al. 1997; Horak et al. 2013; Baer et al. 2014), although NH4* and NO2™ oxidation
may respond differently to similar changes in temperature. For example, marine NOB
incubated at temperatures ranging from 10°C to 35°C responded far more slowly to an increase
in temperature than co-incubated AOA, resulting in an accumulation of NO2™ in the incubation
bottles (Schaefer and Hollibaugh 2017). By contrast, no robust relationship is observed
between temperature and the maximum rate of NH4" oxidation occurring in situ across all zones
of the Southern Ocean (Chapter 3), a finding that is consistent with previous studies of NH4*
oxidation from the Arctic and temperate coastal ocean (Horak et al. 2013; Baer et al. 2014) and
that suggests ammonia oxidizers are generally well-adapted to the environment in which they
are found (Ward et al. 2007; Horak et al. 2013, 2018). Far less work has been done to assess
the response of NOB to temperature changes. Heterotrophic bacteria in an Arctic polynya have
been shown to be more impacted by temperature changes when ambient nutrients are replete
(‘Yager and Deming 1999); it is possible that this is also the case for NOB. In the absence of
experiments specifically designed to test the response of Southern Ocean NOB communities

to temperature, it is difficult to disentangle the effect on NO™ oxidation of temperature from
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that of light (and possibly other parameters that co-vary with latitude across the Southern

Ocean, such as substrate and/or micronutrient availability).

Plotting Vmax as a function of the ambient substrate concentration ([NO2amb) reveals a strong
positive relationship for all but the MIZ stations (Figure 4.4c; R? = 0.73; p = 0.065 if the MIZ
stations are excluded). In particular, the STZ station (St 01) that appeared anomalous in the
plots of Vmax versus latitude and SST is consistent with the other non-MIZ stations when
evaluated in Vmax versus [NO2 Jamb Space. The positive relationship of Vimax to [NO2Jamb could
be taken as evidence that NO2™ availability exerts a strong control on the maximum achievable
rate of NO>™ oxidation and that NOB are thus well-adapted to their environment. However, |
note that Vmax varies four-fold while [NO2Jamb Only changes by a factor of two, and that [NO2
Jamb is also correlated with latitude (R? = 0.51, p = 1.1x10° for all surface [NO2 Jamb data; Figure
C4.2, appendix C). Additionally, previous wintertime Southern Ocean NO2™ oxidation rates
(albeit not Vmax) showed no relationship with the ambient NO>™ concentration (Bianchi et al.
1997; Mdutyana et al. 2020). The extent to which Vmax is directly controlled by [NO2Jamb is
thus unclear, and it is likely that NOB community composition, light availability, and
temperature also play a role, with SST perhaps becoming more important at very low
temperatures (i.e., in the MI1Z).
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Figure 4.4: Potential controls on the kinetic parameters associated with NO, oxidation. Vimax and Ky, are shown
as a function of a and d) latitude, b and e) SST, and c and f) [NO2]amb. Vertical error bars show the propagated
error associated with Vmax and Km computed using a non-linear, least-squares optimization method (Scipy Imfit
package, Python 3.7.6), while the symbols and horizontal error bars on panels b and e indicate the average (+
standard deviation) SST experienced by the samples during the 24-hour incubations (given that the incubator was
cooled using running surface seawater). In panel f, black symbols show data from kinetics stations sampled during
this study, purple symbols show K, values from the South China Sea (SCS; Zhang et al. 2020), the blue symbol
shows the Kn value derived for the South California Bight (SCB; Olson 1981a), the green symbol shows Ky,
values from Eastern Tropical North Pacific oxygen deficient zone (ETNP; Sun et al. 2017), and the red symbols
show K, values derived for the Subtropical South Atlantic (SSA; Fawcett et al. unpubl.).
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My estimates of Ki reveal that NOB in the wintertime Southern Ocean have a high affinity for
NO; that appears to decrease (i.e., the Kn, rises) at higher latitudes (i.e., lower light) and lower
temperatures, with St 01 in the STZ again emerging as an exception (Figure 4.4d and e; R? =
0.86, p = 0.0075 and 0.86, p = 0.0076, respectively). However, plotting Km as a function of
[NO2 Jamb for my data only reveals a strong positive relationship (R? = 0.83, p = 0.0044; Figure
4.4f; black data points), implying that NO,™ availability rather than temperature or light exerts
the dominant control on Kn. This trend further indicates that NOB are well-adapted to the
environment (or Southern Ocean region) in which they are found. Southern Ocean mixed-layer
NO2" concentrations are almost never <150 nM, regardless of the season (Zakem et al. 2018;
Fripiat et al. 2019; Mdutyana et al. 2020), yet the relationship of Kmn to [NO2]amb also holds at
far lower NO2™ concentrations. The coloured data points in Figure 4.4f show Ky, as a function
of [NO2]amp for four additional regions where a Michaelis-Menten relationship of NO2
oxidation rate to NO2" concentration was observed and where [NO2Jamp Was <250 nM (two
coastal ocean sites, the South China Sea (SCS; Zhang et al. 2020) and Southern California
Bight (SCB; Olson 1981); one oligotrophic ocean site, the subtropical South Atlantic (SSA;
Fawcett et al. unpubl.); and two stations from the ETNP ODZ, where oxygen concentrations
ranged from 0 puM to 16.8 uM (Sun et al. 2017)). The robust positive relationship of Km to
[NO2]amb that emerges when these previous results are combined with my Southern Ocean data
(Figure 4.4f; R?=0.68, p = 5.2 x107) strongly implicates [NO2 Jamb as the dominant control on
the Km of NO2™ oxidation in the ocean, particularly at low [NO2 Jamb.

The production of NO2” by ammonia oxidation has been hypothesized to be subject to iron
limitation, with AOB relying on iron-rich cytochrome c proteins (Arp et al. 2002; Walker et al.
2010) and AOA apparently characterized by a low affinity for inorganic iron (Shafiee et al.
2019). NOB also contain iron-rich enzymes, such as nitrite oxidoreductase, which is
responsible for converting NO2™ to NOs™ (Meincke et al. 1992; Spieck et al. 1998). While there
are no iron data with which to compare the kinetic parameters, dissolved iron concentrations
(IDFe]) were measured at the hydrocast stations (St 08 to St 11). The revised depth-specific
NO_™ oxidation rates at these stations are weakly positively correlated with [DFe] (R? = 0.35, p
= 0.016; Figure 4.5), indicating a potential role for iron in controlling NO2 oxidation.
Combined with the evidence that iron may also constrain marine NH4" oxidation (Shafiee et
al. 2019; Thesis Chapter 3), this observation implies that mixed-layer nitrification in the

Southern Ocean may be iron-limited. Since phytoplankton consumption of regenerated NOz
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yields no net removal of atmospheric CO> (Yool et al. 2007), an iron-related control on mixed-
layer nitrification would help to limit to a degree at which this process can weaken the Southern

Ocean’s biological pump.
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Figure 4.5: Euphotic zone (0-75 m) rates of NO," oxidation measured at the depth distribution stations (St 08 to
St 11) plotted against coincident dissolved iron concentrations (DFe). Error bars indicate the standard error of
replicate experiments/collections, each measured at least twice. Where errors bars are not visible, they are smaller
than the data markers.

4.4.3 Persistence of elevated NO2™ concentrations throughout the Southern Ocean mixed layer
While still limited, there is growing evidence that marine AOA have a very high affinity for
NH4* (more correctly, ammonia (NH3), the substrate for NH4* oxidation; Table 3.2; Martens-
Habbena et al. 2009; Horak et al. 2013; Newell et al. 2013; Peng et al. 2016). Marine NOB also
appear able to consume low concentrations of substrate, based on the few in situ studies
conducted to-date, including this one (Figure 4.4f; Olson 1981; Sun et al. 2017; Zhang et al.
2020). This high substrate affinity is perhaps unsurprising given that NO2™ concentrations are
generally near-zero throughout the oxygenated ocean, rising modestly to values typically <0.5
uM at the PNM in (sub)tropical waters (Lomas and Lipschultz 2006; Zakem et al. 2018) and
<0.4 uM throughout the upper ocean in (sub)polar regions (Zakem et al. 2018). The average
surface NO>™ concentration measured during Leg 1 of the cruise was 168 + 48 nM (Figure 4.1a)

and the average mixed-layer concentration for Leg 2 was 137 + 57 nM (Figures 4.1b and 4.3a).
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Similar concentrations have been observed previously across the Southern Ocean, including in
other seasons (Cavagna et al. 2015; Fripiat et al. 2019; Mdutyana et al. 2020). Thus, while NO2
oxidation in Southern Ocean surface waters is characterized by a low K, the affinity of NOB
for NO2™ is apparently not high enough to completely remove the available NO2". The
persistence of elevated NO>  concentrations in the mixed layer at high latitudes has been
attributed to the inability of iron- and/or light-limited phytoplankton to fully consume NO2
transported to the surface with NO3™ during deep mixing events (Zakem et al. 2018). However,
subsurface NO2™ concentrations in the Southern Ocean are typically below detection (Figure
4.1b and 4.3a; Olsen et al. 2016), so it is unclear how deep mixing could supply measurable

NO-" to the euphotic zone.

A second possible source of elevated mixed-layer NO> is efflux following partial NO3
reduction to NO2™ by phytoplankton (Lomas and Lipschultz 2006), which has been extensively
documented in laboratory and field studies (see Collos 1998 for a review). The release of NOy
by phytoplankton has been hypothesized to result from light limitation of intracellular NO2
reduction (Vaccaro and Ryther 1960; Kiefer et al. 1976), short-term increases in irradiance to
which phytoplankton cannot adapt (Lomas and Lipschultz 2006), iron limitation of NOs’
assimilation (Milligan and Harrison 2000), and/or release of phytoplankton from NO3
limitation following a period of starvation (Sciandra and Amara 1994). While it is conceivable
that some of these mechanisms may be ongoing in the Southern Ocean, they all require the
initial uptake of NO3™ by phytoplankton. This process occurs in the winter mixed layer at rates
that are too low to support NO2 efflux to the extent that NO." would accumulate to
concentrations of 100-300 nM (e.g., Figure C4.3, appendix C; Philibert et al. 2015; Mdutyana
et al. 2020) while simultaneously being removed by NO™ oxidation. Additionally, a reasonable
correlation between the NH,4* oxidation rates and [NO2Jamb (R? = 0.46; p = 0.00027; Figure
C4.5, appendix C) was observed, which implies that NO2™ derives predominantly from NH4*

oxidation rather than phytoplankton efflux.

A third potential explanation for elevated mixed-layer NO-" is thus a decoupling of NH4" and
NOz oxidation, which appears to be widespread in the environment (e.g., Ward and Zafiriou
1988; Beman et al. 2013). In the oxygenated ocean, NH.* oxidation has been considered the

rate-limiting step in the nitrification pathway because NO>™ seldom accumulates in the mixed
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layer (Kendall 1998; Kowalchuk and Stephen 2001; Walker et al. 2010; Vajrala et al. 2013).
However, direct observations (i.e., rate measurements) from numerous oceanic regions show
contrasting results, with NO»™ oxidation sometimes outpacing NH4" oxidation (Horrigan et al.
1990; Dore and Karl 1996; Bristow et al. 2015; Peng et al. 2018), while in other cases, NH4*
oxidation is dominant (Ward and Kilpatrick 1991; Clark et al. 2008; Kalvelage et al. 2013).
The limited data available from previous investigations in the Southern Ocean show no clear
trend (Bianchi et al. 1997; Mdutyana et al. 2020). In the present study, the mixed-layer NO>
oxidation rates, corrected for possible stimulation due to tracer addition, are two- to seven-
times lower than the coincidentally measured (and corrected) NH4* oxidation rates (Figures 4.3
and 4.6). Additionally, the maximum rates of NO>™ oxidation (Vmax) derived for the surface
NOB community (=5 to 13 nM d; Figure 4.2) are on average half those determined for NH4*
oxidation (14 to 23 nM d*; Figure 3.5a-g). At the time of sampling, therefore, NO2 oxidation
was rate-limiting to nitrification, which likely accounts for at least some of the NO2

accumulated in the Southern Ocean’s winter mixed layer.
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Figure 4.6: The relationship between the measured rates of NO2 and NH4* oxidation for a) each experiment depth
in the upper water column (0-500 m) and b) integrated over the mixed layer (grey symbols) and upper 200 m
(black symbols). Error bars on panel a indicate the standard error of replicate experiments, each measured at least
twice, while on panel b, error bars show the propagated error. Where errors bars are not visible, they are smaller
than the data markers. The black diagonal line on both panels has a slope 1, which is expected if the rates of NH4*
and NO;y oxidation are tightly coupled.

If a decoupling of NH." and NO>™ oxidation is dominantly responsible for the accumulation of
NOz", an obvious question is why these rates are not balanced. Environmental factors like
temperature, light, and/or pH may play a role (Ward 2008; Heiss and Fulweiler 2017), as may

iron limitation and the different ecophysiologies of NH4* and NO>™ oxidizers. AOA have been
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shown to adapt more rapidly than NOB to a change in temperature (Schaefer and Hollibaugh
2017); however, the seasonal SST variations within the various zones of the Southern Ocean
are fairly small and the study showing the differential response of AOA and NOB was
conducted at temperatures far higher than those experienced in much of the Southern Ocean.

With regards to light, there is evidence from culture and field studies that NOB are more
photosensitive than AOA and AOB (Bock 1965; Olson 1981b; Qin et al. 2014). My data are
consistent with this notion insofar as the Vmax associated with NO2™ oxidation in surface waters
rises with increasing latitude (and thus decreasing light; Figure 4.4a) while the Vmax derived
for NH4* oxidation remains largely unchanged across >30 degrees of latitude (Figure 3.8a).
However, the ambient NO> concentration in Southern Ocean surface waters is also
significantly correlated with latitude (Figure C4.2, appendix C) while the NH4" concentration
is not, such that the differing trends in Vmax may have more to do with substrate availability

than photoinhibition.

Physical mixing, particularly deep winter overturning, might also contribute to a decoupling of
the NH4™ and NO2™ oxidation steps. In coastal waters, deep winter mixing has been shown to
dilute the nitrifying organism community, particularly NOB, leading to low rates of NO>
oxidation while NH4" oxidation rates remain elevated, ultimately causing NO>™ accumulation
in the upper layer (Haas et al. 2021). While the differential effect of mixing may play a role in
NOz" accumulation in the open Southern Ocean, it is unlikely that the entire NO>™ reservoir can
be ascribed to this process. The rates of NH4™ oxidation are only slightly higher than those of
NO_ oxidation in the winter mixed layer (Figure 4.3). Additionally, the mixed layer NH4"
concentrations are elevated (Chapter 3; Figure 2.2b and Figure 3.2b), which indicates that NH4*
oxidizers are limited by something other than NH4" substrate, preventing them from catalysing

higher rates of NO2™ production (and thus NO2™ accumulation).

A number of studies have shown the negative effect of decreasing pH on NH4" oxidation in the
ocean (e.g., Huesemann et al. 2002; Beman et al. 2011; Kitidis et al. 2011), driven by the
reduction in the proportion of NHjs relative to NH4" at lower pH. By contrast, NO2™ oxidation

may increase as pH declines (Fulweiler et al. 2011; Heiss and Fulweiler 2017), although such
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a correlation has only been observed in one coastal region. While a differential response of
AOA/AOB and NOB to pH would decouple NHs* and NO> oxidation, the resultant trend
should be one of higher NO2" accumulation in the northern Southern Ocean where surface pH
is higher in winter and lower NO2™ accumulation to the south where pH is lower (Key et al.
2004; McNeil and Matear 2008) — this is not the observed meridional pattern.

Nitrite oxidoreductase (NXR), the enzyme possessed by NOB that is responsible for aerobic
NOz" oxidation to NOz', is an iron-sulfur molybdoprotein (Sundermeyer-Klinger et al. 1984;
Meincke et al. 1992; Licker et al. 2010). As such, NOz™ oxidation has a significant iron
requirement (Saito et al. 2020; Bayer et al. 2021), intimated by the relationship observed
between the NO2 oxidation rates and DFe (Figure 4.5). Additionally, NO2" accumulation at the
PNM in the California Current has been hypothesized to be caused by iron limitation of NOB
(Santoro et al. 2013). AOB also require iron, in particular for the oxidation of hydroxylamine,
which is catalyzed by the heme-rich hydroxylamine oxidoreductase (HAO) complex (Arp et
al. 2002; Walker et al. 2010). By contrast, AOA, the dominant marine NH4" oxidizers, rely
mainly on copper-containing proteins to mediate NH4" oxidation (Walker et al. 2010; Amin et
al. 2013; Santoro et al. 2015). In the iron-limited Southern Ocean, it is thus possible that iron
scarcity more strongly limits NO>™ than NH4" oxidation. However, recent culture and proteomic
work suggests that AOA may actually have a high iron requirement (Santoro et al. 2015; Carini
et al. 2018; Qin et al. 2018; Shafiee et al. 2019). Additionally, I have previously hypothesized
an iron-related control on NH4* oxidation in the Southern Ocean (see Chapter 3.4.3). Deeper
investigation is thus required to characterize the role of iron in controlling the relative rates of

NH4* and NO2 oxidation, and the implications for the complete nitrification pathway.

A further consideration is differences in the ecology of AOA and NOB. Marine NOB are an
order of magnitude less abundant than AOA (e.g., Fussel et al. 2012; Beman et al. 2013b;
Pachiadaki et al. 2017; Damashek et al. 2019; Kitzinger et al. 2020) and roughly three-times
larger (Watson and Waterbury 1971; Konneke et al. 2005; Martens-Habbena et al. 2009;
Pachiadaki et al. 2017), and while their affinity for NO2™ appears to be high, the in situ Kn,
values derived to-date are not as low as those reported for NH4* oxidation (Horak et al. 2013;
Peng et al. 2016; Xu et al. 2019; Zhang et al. 2020; Table 3.2), as expected given their larger
size (Aksnes and Egge 1991; Litchman et al. 2007; Zakem et al. 2018). Additionally, the
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theoretical energy gain from NO2 oxidation is lower than from NH4* oxidation (Bock and
Wagner 2006), and it has been estimated that NOB must consume three-times as much N as
NH.4" oxidizers to produce the same amount of biomass (Zakem et al. 2018). Nonetheless, a
recent study from the Gulf of Mexico showed that NOB from the phylum Nitrospinae, the
dominant NO>™ oxidizers in the ocean, grow five-times faster than AOA and produce roughly
four-times as much biomass despite their lower abundance, in part because they can support
up to half of their cellular N requirement using organic N compounds such as urea (Kitzinger
et al. 2020). This study was conducted in hypoxic shelf waters, however, such that the
applicability of its findings to the Southern Ocean is unclear. Nevertheless, it seems likely that
the very different life strategies of NH4* and NO>™ oxidizers play a role in decoupling the steps

of nitrification in the Southern Ocean.

Thus far, | have focused on possible bottom-up controls on NH4* versus NO2™ oxidation. A
further consideration, grounded in resource limitation theory, is that since nitrifiers require a
subsistence concentration of substrate (R*) to maintain their population, those with the lowest
R* will outcompete all other organisms limited by the same resource provided that their Vmax
is greater than their loss rate due to grazing and/or viral lysis (Zakem et al. 2018). Because
NOB are considerably larger than AOA (Watson and Waterbury 1971; Kdnneke et al. 2005;
Martens-Habbena et al. 2009; Pachiadaki et al. 2017), they will have a higher R* (i.e.,
minimum NOz" requirement) than AOA even before grazing pressure is factored in. Their large
size also means that NOB are more likely to be grazed than AOA, which will further increase
their R* (according to its definition provided above), as will the fact that their maximum growth
rates are slow and thus could easily be lower than their loss rates. Taken together, these factors
may increase R*, potentially resulting in the accumulation of NO2™ in the water column. These
factors may also help to explain why the K for NO2™ oxidation, in the Southern Ocean and
elsewhere, is considerably higher than that derived for NH4* oxidation (Figure 3.5a-c; Table
3.2, Chapter 3). Additionally, the fact that NOB will be preferentially grazed over AOA likely

contributes to NO2™ oxidation being the rate-limiting step of nitrification.

That NO2™ oxidation was rate-limiting at the time of sampling does not necessarily explain the
accumulation of NO;™ in the Southern Ocean mixed layer year-round. Neither NH4" nor NO2

oxidation occur at elevated rates in summer or autumn (Bianchi et al. 1997; Mdutyana et al.
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2020), yet the elevated NO>™ concentrations persist during these seasons (Cavagna et al. 2015;
Fripiat et al. 2019; Mdutyana et al. 2020). To fit a Michaelis-Menten curve to my experimental
data required amending the classical equation (equation 4.2) to allow for a positive x-intercept
(i.e., anon-zero S value at which V was still zero, denoted as the C parameter in equation 4.3)
(Archontoulis and Miguez 2014). Additionally, at most stations, the NO2™ oxidation rates did
not increase substantially following the initial two or three substrate amendments (i.e., in
Figure 4.2, the slope of the relationship between V and S is less steep for the initial two to three
values of S than at higher values). Practically, these findings suggest that Southern Ocean NOB
require a minimum (i.e., threshold) NO2™ concentration, below which, NO2" becomes limiting.
Coupled with weak drawdown of NO> in the Southern Ocean by iron- and/or light-limited
phytoplankton during their incomplete consumption of the NOz+NO2  pool, a threshold
substrate requirement of NOB can explain the year-round persistence of non-zero mixed-layer

NO;y" since it implies that there is no mechanism by which NO2™ can be completely exhausted.

| hypothesize that the NO2™ concentration threshold is indicative of an undersaturation by
substrate NO2~ of NXR, which is a membrane-bound enzyme (Sundermeyer-Klinger et al.
1984; Lucker et al. 2010) that occurs in two forms: 1) with the substrate-binding subunit
(NxrA) orientated outwards into the periplasmic space, as in Nitrospira and Nitrospina (Spieck
et al. 1998; Lucker et al. 2010; 2013; Koch et al. 2015; Daims et al. 2016) and 2) with NxrA
orientated inward towards the cytoplasm, as in Nitrococcus and Nitrobacter (Spieck et al. 1996;
Starkenburg et al. 2006; Sorokin et al. 2012). The dominant genera of NOB in the ocean are
Nitrospina and Nitrospira (Fussel et al. 2012; Beman et al. 2013), with a recent metaproteomic
study identifying Nitrospina NXR as the most abundant microbial protein in the mesopelagic
zone of the Central Tropical Pacific (Saito et al. 2020). If Nitrospina (and/or Nitrospira) is
similarly abundant across the Southern Ocean, as has been intimated for the Pacific
Subantarctic (Raes et al. 2020), the fact that its NXR is contained within the periplasmic space
means that substrate undersaturation is possible. This is in contrast to NOB with a cytoplasmic
NXR that must first transport NO2™ across the cell membrane and into the cytoplasm, where is
can accumulate to saturating concentrations before being oxidized (Daims et al. 2016). These
NOB (i.e., Nitrococcus and Nitrobacter) have a lower NO  affinity that those with a
periplasmic NXR (Schramm et al. 1999; Nowka et al. 2015), with the latter group thus better

suited to regions of low NO2". Nonetheless, my data suggest the NXR in the Southern Ocean,
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likely associated with Nitrospina and Nitrospira (Raes et al. 2020), is substrate-limited,

resulting in a perennial background concentration of NO2™ throughout the mixed layer.

Nitrospina and Nitrospira are ubiquitous in the ocean (Fussel et al. 2012; Beman et al. 2013),
which raises the question of why a similar NO2™ concentration threshold has not been reported
from other regions. This may partly be due to the very limited number of NO2 oxidation
kinetics experiments that have to-date been conducted in the open ocean and/or to the fact that
a classic Michaelis-Menten function is usually imposed upon kinetics data, with V assumed to
increase as soon as S > 0. Additionally, depending on the maximum substrate concentration
added during kinetics experiments, it can be difficult to discern a possible threshold NO2
concentration by simply examining the resultant plots. Inspection of published Michaelis-
Menten curves reveals the possibility of a non-zero C value (i.e., V = 0 at S > 0) in some cases,
including in the ETNP ODZ (Sun et al. 2021) and associated with the PNM in the South China
Sea (Zhang et al. 2020b), similar to my observations (Figure 4.2). However, there are other
published curves that clearly do intercept the origin in V versus S space (Olson 1981a; Sun et
al. 2017), possibly reflecting a different NOB community (e.g., dominated by Nitrococcus).
Alternately, environmental factors unique to the Southern Ocean, such as light, temperature,
and/or iron availability, may be instrumental in driving the NO>" threshold and associated
elevated mixed-layer NO2™ concentrations that | observe. Indeed, iron limitation of NXR could
be implicit in its undersaturation. Indeed, using NXR concentrations, estimates of NXR specific
activity, and direct measurements of in situ NO>™ oxidation rates, Saito et al. (2020) deduced
that Nitrospina NXR is undersaturated in the iron-limited tropical Pacific. This finding is
consistent with the mechanism | invoke to explain the apparent NO2™ concentration threshold
in the Southern Ocean, as well as with the existence of such a threshold indicating Nitrospina

(and/or Nitrospira) dominance of the in situ NOB community (Raes et al. 2020).

4.5 Concluding remarks

This study presents the first NO>™ oxidation Kinetics experiments for the Southern Ocean,
conducted during winter 2017. All the experiments were well-described by the Michaelis-
Menten equation, provided that a location parameter, C, was included. Vmax ranged from 5.2 +
0.1to 14 + 0.4 nM d! and K, ranged from 134 + 8 to 403 * 24 nM, with the latter parameter
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showing a strong positive relationship with [NO2Jamb. The positive derived values of C (range
of 115 £ 2.3 to 245 + 18 nM) are interpreted to indicate a [NO2]amp threshold below which
NOB are NO>™ limited, and | hypothesize that this threshold indicates substrate limitation of
NXR, possibly exacerbated by the low ambient iron concentrations characteristic of the upper
Southern Ocean. From depth profile measurements, | deduce that the rate-limiting step of
nitrification in the winter season is NO2™ oxidation, as NH4* oxidation was up to seven-times
higher than coincident rates of NO>™ oxidation in the mixed layer. Despite this, NOz™ production
from NO2 accounted for 63-237% of the NO3s™ consumed by phytoplankton, as observed

previously in the Atlantic sector of the wintertime Southern Ocean (Mdutyana et al. 2020).

NO;" oxidation, as the ultimate step that connects reduced N to its most oxidized form (NO3),
is important throughout the water column, but particularly in the upper layer where the supply
of reduced N is highest. The production of NO3z™ within the mixed layer from in situ nitrification
can complicate the application of the new production paradigm as a framework for estimating
export production (Yool et al. 2007; Mdutyana et al. 2020), which advocates for additional
measurements of this pathway over the upper ~200 m. Additionally, it is becoming increasingly
clear that we lack a mechanistic understanding of the controls on nitrification (both NH4* and
NO; oxidation), which renders it challenging to model both its magnitude and distribution, and
to assess how these may change in future. In particular, further study of the role of iron in
controlling nitrification (i.e., NO2° and NH4" oxidation) in the open ocean is required,
particularly in the Southern Ocean where the mixed layer’s biological N cycle is dominated by
nitrification in winter (Smart et al. 2015; Mdutyana et al. 2020) and surface-layer iron is very

low throughout the year (Tagliabue et al. 2012).
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Chapter 5: Knowledge gaps and future directions

Each research chapter of this thesis includes a detailed conclusions and implications section.
Below, rather than repeating these conclusions and implications, | focus on some of the
knowledge gaps in Southern Ocean N cycling that my work has highlighted, possible future
research directions, and the impact of global warming on Southern Ocean N cycling and the
biological pump given my findings regarding the environmental controls on mixed-layer N

cycle processes.

5.1 Knowledge gaps in N cycling in the Southern Ocean

It is indisputable that a clear picture of the contribution of biology to carbon drawdown in the
Southern Ocean requires consideration of iron. The role of iron in controlling the uptake of
NOs", carbon export and phytoplankton distributions has been extensively researched in the
Southern Ocean (e.g., Van Leeuwe et al. 1997; Hutchins et al. 2001; Prakash et al. 2010; Ryan-
Keogh et al. 2017; 2018; Viljoen et al. 2018; 2019) while its role in the uptake and cycling of
NH.4" has been largely overlooked. In part, this is because iron is not directly required for the
transport and assimilation of NH4* (Morel and Price 2003), but it is critical for photosynthesis
(Raven et al. 1999; Shi et al. 2007). There is also no published research on the role of iron in
nitrification by natural nitrifier populations. In this thesis, | have relied heavily on a recent
culture study demonstrating that NH4* oxidation by a single strain of AOA requires high
concentrations of iron (Shafiee et al. 2019) in order to argue for the potentially significant role
of iron in controlling NH4" oxidation rates and NH4* concentrations across the Southern Ocean.
However, the results of a single culture study are by no means unequivocal, and there are often
significant discrepancies between the findings of culture/laboratory studies and in situ
experiments (e.g., Martens-Habbena et al. 2009; Newell et al. 2013; Peng et al. 2016). The
possibility of an iron control on NO2™ oxidation is less controversial as it is well-known that the
enzyme in NOB that oxidizes NO2™ to NO3™ has a significant iron requirement (Walker et al.
2010; Daims et al. 2016). Nonetheless, little has been done in situ to investigate this putative
driver (Saito et al. 2020). Taken together, the findings described in this thesis, combined with
those reported in previous laboratory and field studies (e.g., Arp et al. 2002; Walker et al. 2010;
Cavagna et al. 2015; Santoro et al. 2015; Carini et al. 2018; Qin et al. 2018; Shafiee et al. 2019;
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Saito et al. 2020), strongly indicate the potential for iron to limit both steps of nitrification in

regions with low concentrations of iron, including the Southern Ocean.

While phytoplankton community composition has been fairly well-documented in the Southern
Ocean, albeit predominantly during summer (Wright et al. 2010; Gibberd et al. 2013; Mendes
etal. 2015; Viljoen et al. 2018; 2019), nitrifier community composition and distributions across
the different frontal zones is unknown, with only a single study to-date that reports nitrifier
species abundance (Raes et al. 2020). While the Raes et al. (2020) study no doubt provides
valuable new information, the authors only sampled two depths (the surface and the base of the
mixed layer) and only in winter. Moreover, they report extremely high (one might argue
unrealistically high) rates of total nitrification (NH4* to NOs™ oxidation; as high as 1440 nM d
1y at both the surface and the MLD (i.e., there was no significant depth-related difference in the
rates), which contradicts our understanding of the depth distribution of nitrification (and all

known controls thereon, including iron).

There is clearly much that remains unknown regarding regenerated NO3™ production in the
shallow Southern Ocean. With regards to NH4* oxidation, population dominance by either
AOB or AOA has important implications for the cycling of NH4™ as AOA have been observed
to display a considerably higher affinity for NH4" than AOB (Martens-Habbena et al. 2009;
Peng et al. 2016). This indicates that these organisms may directly (and efficiently) compete
with phytoplankton for NH4*, especially at depths or in seasons where phytoplankton growth
is limited by light (Zakem et al. 2018), assuming of course that the AOA are not (co)limited by
another resource. The work described in Chapters 2 and 3 of this thesis begins to address some
of these complexities, but there is still much to learn. Likewise, the hypothesis outlined in
Chapter 4 that the NXR enzyme associated with certain NOB is undersaturated in the shallow
waters, as has been suggested for the tropical Pacific using entirely different data (Saito et al.
2020), has the potential to fill another important gap in our understanding of N cycling insofar
as it provides an explanation for i) why NH4" oxidation may not always be the rate-limiting
step in the nitrification pathway (Kendall 1998; Walker et al. 2010; Vajrala et al. 2013); ii) why
NOz" concentrations are elevated in high-latitude surface waters year-around, and iii) why rates
of nitrification can be low in shallow waters even when the environmental conditions (e.g.,

light levels) suggest that they should not be.

151



Given the significant implications of nitrification for both N and carbon cycling, there is a clear
need for in situ observations and careful experiments designed to explore the knowledge gaps
outlined above. Nitrification rate measurements (including kinetics) in the Southern Ocean are
currently few and far between, and there is still a lot of information needed, such as nitrifier
community composition across the different frontal zones, both in the mixed layer and below,
and during different seasons, particularly the transitional seasons of autumn and spring when
nitrification and phytoplankton N uptake are most likely to overlap (temporally and spatially).
To further investigate the mixed-layer accumulation of NH4* and NO", the extent to which
mixed-layer nitrification acts against the Southern Ocean’s biological CO2 sink, and the
ecological niches of phytoplankton versus nitrifiers in the Southern Ocean, the role of iron in
limiting nitrification should be investigated coincident with its implications for other mixed-
layer N cycle processes. An important component of this involves empirically determining the
effects of changing iron availability on the rates of N uptake and regeneration, nitrifier and
phytoplankton community composition, and the physiological capabilities of Southern Ocean

microorganisms.

The work presented in this thesis has also underscored some methodological issues that require
consideration during future field campaigns. A recurrent problem is that the NH4*
simultaneously regenerated within the euphotic zone during uptake and oxidation experiments
dilutes the >N/*N ratio of the ambient NH4* pool (Glibert et al. 1982). This isotope dilution
can result in the calculation of lower rates than those actually occurring in the environment —
the implications of underestimating NH4* transformation rates for deriving kinetic parameters
and estimating regenerated production are discussed at length in this thesis. The best way of
mitigating this issue is by conducting coincident experiments designed to quantify to the rate
of NH4" regeneration. The experiments themselves are fairly straightforward, and leverage the
fact that remineralization dilutes an **N-labeled NH4" pool with **N over time (Lipschultz 2008
and references therein). While far less common than analyses of PON, NO>  and NOs" isotope
ratios (with the latter two species measured after conversion to N2O; Sigman et al. 2001,
Mcllvin and Altabet 2005), measurements of the °N/“N ratio of NH.* have become
considerably easier in recent years. Using a basic solution of hypobromite, NH4+" can be
quantitatively oxidized to NO2™ (Zhang et al. 2007), after which the NO2™ is processed as
described in Chapters 2 and 3 of this thesis (Mcllvin and Altabet 2005; Peng et al. 2015). From

the NH4" isotope ratios, preferably measured for more than one time point during the
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experiments, NH4" regeneration rates can be computed and used to correct the NH4* uptake
and oxidation rates for isotope dilution (Glibert et al. 1982; Goeyens et al. 1991; Clark et al.
2007).

Measurements of NH4" regeneration would also be valuable for their own sake, particularly as
warming changes the balance between productivity supported by upward mixing of new
nutrients and that fuelled by the microbial loop (Henley et al. 2020 and references therein).
There is currently only one study from the Southern Ocean that reports rates of NH4"
regeneration (Goeyens et al. 1991); however, it was not conducted in the open Southern Ocean
but in the coastal waters of the Weddell Sea. As described in Chapter 3 of this thesis, there are
regions of the Southern Ocean that host unusually elevated mixed-layer NH4" concentrations
in winter (and perhaps at other times of year) — the extent to which this condition exists because
of high remineralisation of organic matter or because of limitations on the processes removing
NH4* is not yet clear. Direct measurements of NH4* regeneration rates would go a long way

towards closing this knowledge gap in the cycling of N in the upper Southern Ocean.

5.2 The upper Southern Ocean N cycle under climate change

Iron as an essential trace metal in the uptake of NOs is well-documented in the Southern Ocean
(Van Leeuwe et al. 1997; Hutchins et al. 2001; Prakash et al. 2010; Ryan-Keogh et al. 2017,
2018; Viljoen et al. 2018; 2019). The delivery and cycling of iron are being altered by climate-
driven shifts in Southern Ocean physics, chemistry and biology (Bowie et al. 2009; Lin et al.
2011; Boyd et al. 2012a; Tagliabue et al. 2014; Lannuzel et al. 2016; Meehl et al. 2019), with
the general prediction being that iron concentrations will rise in the future (Boyd et al. 2012;
Henley et al. 2020 and references therein), theoretically allowing biological processes that
require iron to increase their activities (Bopp et al. 2013; Boyd et al. 2015) — in reality, however,
the biological response will be contingent on a multitude of overlapping factors. NO3™ uptake
in the Southern Ocean should be enhanced under higher iron concentrations (Martin et al.
1990), which should also favour the growth of diatoms (assuming replete silicate
concentrations; Hutchins et al. 2001), leading to elevated atmospheric CO, drawdown and
sequestration (Armstrong et al. 2009; Cavan et al. 2015; Viljoen et al. 2018; 2019). However,

iron is not the only control on Southern Ocean N cycling and productivity. The strong coupling
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between iron and photosynthetic physiology means that phytoplankton growth is often co-
limited by iron and light (Moore et al. 2013), with the interplay between them manifesting in
complex ways (e.g., Strzepek et al. 2012, 2019; Viljoen et al. 2018; Andrew et al. 2019;
Trimborn et al. 2019). For instance, a reduction in stratification associated with declining sea
ice or wind intensification (as predicted for the open AZ; Meijers 2014; Armour et al. 2016;
Rintoul 2018) will result in phytoplankton being mixed over a greater depth range, thus
spending more time under light limitation, which can increase their iron demand (Strzepek et
al. 2019b). It has also been hypothesized that warming may increase the iron demand of
phytoplankton (Rose et al. 2009), while higher iron availability could render phytoplankton

more tolerant of warming (Andrew et al. 2019).

The projected increase in iron concentrations also has implications for nitrification. While yet
to be confirmed in the environment, Shafiee et al. (2019) demonstrated in culture that iron is
important for NH4* oxidation by AOA, a finding also implicated in recent proteomic studies
(Santoro et al. 2015; Carini et al. 2018; Qin et al. 2018), and it has long been recognized that
AOB require iron for their hydroxylamine oxidoreductase enzyme (Meiklejohn 1953; Arp et
al. 2002; Morel and Price 2003; Walker et al. 2010). NO™ oxidizers also have iron complexes
that they use for the oxidation of NO2" to NOs™ (Walker et al. 2010), so may too be vulnerable
to iron limitation. If iron concentrations rise in the near future, increased euphotic zone
nitrification, particularly in winter, may become more important in offsetting carbon drawdown
by phytoplankton annually, although this depends on the response of phytoplankton to changes
in iron supply, as well as on the influence of changing light levels and temperature on both
phytoplankton and nitrifiers. It is clear that to better understand the implications of changes in
iron availability for the N cycle (and by extension, the biological controls on CO.), The role of
iron in mixed-layer N cycling must first be characterized at high resolution under
environmentally-relevant conditions. We currently have a reasonable idea of the effect of iron
on NOs" utilization, but little to no understanding of its influence (direct or indirect) on reduced

N consumption, production, and oxidation, or on the interactions among N cycle pathways.

The temperature increase predicted for the future global ocean will have significant implication
for primary production and the composition of phytoplankton communities (Sherman et al.

2016; Deppeler and Davidson 2017 and references therein). At a first order, warmer
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temperatures should increase the metabolic mechanisms of phytoplankton (Eppley 1972;
Moore et al. 2018), such that ocean warming may lead to increased atmospheric CO2 drawdown
via higher phytoplankton growth rates. However, Southern Ocean phytoplankton are adapted
to lower temperatures and experience thermal stress at low temperatures (e.g., Andrew et al.
2019), although unlike tropical phytoplankton, their optimum growth temperatures appear to
be slightly higher than their in situ temperatures (Thomas et al. 2012). Nonetheless, thermal
stress has been shown to hinder the growth of some Southern Ocean phytoplankton (e.g., the
diatom P. inermis and the haptophyte P. antarctica; Boyd et al. 2013; Andrew et al. 2019), and
warming is likely to cause a shift in the phytoplankton community composition, which has
implications for exportable carbon (e.g., Hutchins and Boyd 2016; Sherman et al. 2016; Zhu et
al. 2016; Deppeler and Davidson 2017 and references therein). A shift towards larger species
and more diatom-dominated populations should increase the potential for CO. drawdown
(Armstrong et al. 2009; Tréguer et al. 2018; Boyd 2019) while a shift towards small species is
likely to enhance the microbial loop (e.g., Constable et al. 2014; Petrou et al. 2016; Deppeler
and Davidson 2017), decreasing biological CO drawdown. Additionally, a shift towards small
phytoplankton species may result in enhanced competition with AOA and AOB for NH4" and
other scarce resources, possibly constraining mixed-layer nitrification (Mdutyana et al. 2020).
Increased temperatures have been shown to decouple the two steps of nitrification, potentially
explaining short-term accumulations of NO>™ in coastal regions (Bristow et al. 2015; Schaefer
and Hollibaugh 2017).

In the Southern Ocean, the effect of rising temperatures on nitrification rates has not been
directly tested. Here, warming may lead to either a rise or a decline in nitrification rates given
the evidence from NOs™ isotope ratios (DiFiore et al. 2009; Smart et al. 2015) and direct
measurements (Mdutyana et al. 2020; Raes et al. 2020) for much higher rates of nitrification in
winter than in summer. If winter temperatures rise slightly (but not beyond the temperature
optima of the extant nitrifiers), nitrification rates could increase. By contrast, enhanced thermal
stratification may decrease winter mixed-layer nitrification rates by increasing photoinhibition
of nitrifiers — in this case, the temperature effect is indirect. Another possibility is that the
upregulation of the microbial loop driven by a shift towards smaller phytoplankton-dominated
assemblages (e.g., Deppeler and Davidson 2017) may increase nitrification rates by providing

a greater flux of limiting substrate. At present, however, far too little is known of the controls
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on nitrification in the Southern Ocean to warrant speculation as to how this process is likely to

change.

Ocean pH is decreasing with climate change because of enhanced CO> absorption (i.e., “ocean
acidification”; Doney et al. 2009; Feely et al. 2009), with the Southern Ocean expected to
experience ocean acidification more rapidly and intensely than other oceanic regions (Orr et
al. 2005; Fabry et al. 2009; Jiang et al. 2015; Figuerola et al. 2021). Ocean acidification has
several implications for the biological processes involved in the cycling of N, in part because
ocean acidification affects biodiversity (Doney et al. 2009). Lower-pH surface waters have
consequences for the formation (and dissolution) of calcite and aragonite shells (e.g., of
coccolithophores, pteropods, and foraminifera), with aragonite and calcite undersaturation
events already observed in the Southern Ocean and predicted to become more frequent (Orr et
al. 2005; McNeil and Matear 2008; Feely et al. 2009; Bednarsek et al. 2012a; b; Hauri et al.
2016; Jones et al. 2017; Kerr et al. 2018). Any ocean acidification-related changes in
phytoplankton community composition (which are likely to be complex) will directly impact
the efficiency of the biological carbon pump. For instance, under high CO2 (low pH),
phytoplankton in the Ross Sea have been observed to shift from a community dominated by P.
antarctica and pennate diatoms to one dominated by large, chain-forming centric diatoms
(Tortell et al. 2008; Feng et al. 2010) that contribute more to carbon export (e.g., Petrou et al.
2019). By contrast, in coastal East Antarctica, primary productivity was observed to decrease
under higher CO> and the phytoplankton community shifted towards smaller species that are
less effective carbon exporters (Hancock et al. 2018; Westwood et al. 2018). In addition, ocean
acidification has the potential to affect new production (and thus carbon export potential) as a
result of its apparent enhancement of bacterial activity (i.e., the microbial loop) (Maas et al.
2013; Westwood et al. 2018; Petrou et al. 2019). As such, regenerated production fuelled by
recycled NH4" may become relatively more dominant under lower pH conditions.

We clearly still have much to learn regarding the implications of ocean acidification for
phytoplankton productivity and diversity and thus N and carbon cycling in the Southern Ocean
(Mackey et al. 2015; Henley et al. 2020 and references therein). A decrease in upper ocean pH
will also alter iron speciation, with uncertain implications for its subsequent availability to

phytoplankton and other microbes (Shi et al. 2010; Hutchins and Boyd 2016), including
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nitrifiers. Nitrification will additionally be directly affected by ocean acidification, with acidic
conditions shown to negatively affect nitrification rates (Beman et al. 2011; Shiozaki et al.
2019). This is because acidification alters the equilibrium between NH4™ and NHa, decreasing
the availability of NH3, the substrate for NH4" oxidation (Chapter 3). A more acidic ocean may
thus be one that supports less nitrification, thereby reducing the NOs™ supply in the upper ocean,
with potentially large-scale consequences for marine productivity and N cycling. In the context
of the work presented in this thesis, the scenarios outlined above underscore the need for more
nuanced definitions of new and regenerated production if we are to keep relying on N cycle

measurements to provide quantitative insights into a rapidly changing ocean carbon cycle.
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Appendices

Appendix A

The seasonal cycle of nitrogen uptake and nitrification in the Atlantic sector

of the Southern Ocean

Text A2.1: Potential for *®*N-ammonium isotope dilution due to ammonium regeneration
Ammonium (NH4*) regeneration is ubiquitous in marine systems. During °NHs" uptake
experiments, failure to account for isotope dilution due to NH4* regeneration (i.e., the dilution
of the ®NH4" pool by the ammonification of unlabeled particulate organic N) can result in
underestimates of pNH4" (Glibert et al., 1982) and by extension, overestimates of the f-ratio. |
did not measure NH4* regeneration in this study, such that the reported values of pNH4* may
be lower than the rates actually occurring in the environment, with implications for estimates
of carbon export potential. However, it is unlikely that accounting for NH4* regeneration would
have changed the major findings. My reasoning is as follows.

First, unlike in much of the (sub)tropical and temperate ocean (the focus of the original Glibert
et al. (1982) study on NH4" isotope dilution), the NH4* concentrations that | measured across
the Southern Ocean were fairly high (>0.5 uM on average (range of 0-1.6 pM) in winter and
0.13 uM on average (range of 0-0.84 uM) in summer). This acts to “buffer” the computed NH4*

uptake rates against isotope dilution to some extent.

Second, while very few estimates of NH4" regeneration exist for the open Southern Ocean (with
the only available estimate suggesting 50-60 nM d* in the open Polar Antarctic Zone in
summer; Goeyens et al., 1991), a range of regeneration rates can be used to evaluate the
sensitivity of my conclusions to NH4" regeneration. | use the equations outlined in Glibert et
al. (1982) and Harrison and Harris (1986), along with the measured NH.* and PON
concentrations, °N-PON, °N-atom% of the NH." tracer, and the calculated uptake rates, to
“correct” pNH4" for potential isotope dilution associated with NH4* regeneration. For an NH4*
regeneration rate of 50 nM d, the NH4" uptake rates are underestimated by a factor of 1.19 on

average (range of 1.09-1.24). For an NH4" regeneration rate of 100 nM d, this increases to a
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factor of 1.39 on average (range of 1.17-1.48). While the potential underestimation of pNH4"
implied by these calculations is not trivial, it also does not change the general trend of my
observations. Indeed, with the exception of one depth at one station (20 m at station 1) — and
in this case, only if | assume NH4" regeneration is >100 nM d* — the ratio of NOs™ to NH4*
uptake remains >1 (i.e., pPNO3z  dominates) in all cases where it was >1 when NH4* regeneration

was assumed to be zero.

Third, plotting V¢ against Vn_total (i.€., the specific carbon uptake rate against the specific rate
of total N uptake) yields an average close to 1:1 for all but stations 3 and 4 (albeit with a fair
amount of variability) (Figure 2.10a). If NH4" uptake had been significantly underestimated,
the data should fall above the 1:1 line. This is because the regeneration of DIC that occurred
coincident with any NH4* regeneration would have no effect on the isotopic composition of the
DIC pool in the incubation bottles, and so would not yield an underestimate of the carbon
fixation rates — for example, an NH4" regeneration rate of 50 nM d* (100 nM d*) would yield
a DIC regeneration rate of 331 nM d? (662 nM d*) assuming Redfield stoichiometry. The
background DIC concentration of >2000 uM, along with the fact that the DIC pool was only
5% 13C-labeled at the start of the experiments, means that ~55 pM (i.e., equivalent to >8 umol
NH4* Lt d1) would have to be remineralized just to decrease the *3C-enrichment of the ambient
DIC pool by 0.1%. Thus, the fact that the carbon and total N uptake rates are well-coupled at
most of the stations suggests that | have not greatly underestimated the NH4* uptake rates.

As an aside, | note that there will be no effect of isotope dilution associated with nitrate
regeneration (nitrification) because 1) the ambient NOs™ concentrations are so high and 2) the
NOs" regeneration rates are relatively low. For instance, using the highest nitrification rates
measured in winter (0.2 pmol N L™ d!) and an ambient NOs™ concentration of 15 uM (which
is on the low end of the surface NO3™ concentrations encountered in the Southern Ocean), NO3
isotope dilution would cause the *°N-atom% of the initial NOs™ pool to decrease by ~0.1% and
the computed NO3™ uptake rate to rise by <2%, which is well within the error of the rate
measurements. For lower nitrification rates and/or higher ambient NOs™ concentrations, the

effect would be less significant.

Text A2.2: Carbon and nitrogen cycling in potentially naturally iron-fertilized regions
As is typical of high-latitude HNLC regions, primary production in the Southern Ocean is not
limited by N but by a combination of iron (Martin 1990; Smetacek et al., 2012) and light
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availability (Nelson and Smith, 1991), with silicate playing a role in SAZ waters (Hutchins et
al., 2001). However, there are naturally iron-fertilized regions of the Southern Ocean that have
been shown to support high rates of NPP and NOz" uptake (yielding high estimates of carbon
export potential). For example, the waters surrounding the South Georgia plateau (Korb et al.,
2005), Crozet Island (Seeyave et al., 2007), and the Kerguelen Plateau (Blain et al., 2007;
Cavagna et al., 2015), where bathymetrically-driven upward mixing of iron (and silicate)
enhance phytoplankton growth. Indeed, rates of NPP near South Georgia and Crozet Island
have been reported to be as high as 172 mmol C m? d* and 89 mmol C m? d?, respectively,
with a phytoplankton community dominated by large diatoms (constituting up to 87% and 72%
of the autotrophs; Korb et al., 2005; Seeyave et al., 2007). NPP over the Kerguelen Plateau has
been shown to be even higher (>250 mmol C m2 d!), and significantly higher (~8-fold) than
NPP measured in the adjacent HNLC waters east of the plateau (13 mmol C m d; Cavagna
et al., 2015). The dominance of large diatoms in this region has been explained as a
consequence of the alleviation of iron and silicate co-limitation (Boyd et al., 1999; Hutchins et
al., 2001; Sedwick et al., 2002), with the availability of the former controlling the use of the
latter (i.e., the extent of silicification and ratio of silicate to N uptake; Franck et al., 2000;
Martin-Jézéquel et al., 2000; Ragueneau et al., 2000; Mosseri et al., 2008).

Large phytoplankton blooms are frequently observed in association with melting sea ice and
ice shelves (Wang et al., 2014; St Laurent et al., 2019; Twelves et al., 2020). A major reason
for this is that sea ice accumulates high concentrations of iron from dust deposition and the
entrainment of seawater nutrients during freezing (Lancelot et al., 2009; Lannuzel et al., 2011;
Wang et al., 2014). Indeed, measured iron concentrations in sea ice can be up to two orders of
magnitude higher than in the underlying seawater (Aguilar-Islas et al., 2008; Lannuzel et al.,
2007, 2008; van der Merwe et al., 2011). The ice-associated iron is released into surface waters
when ice melts (Aguilar-Islas et al., 2008; Tovar-Sanchez et al., 2010), which also stratifies the
water column, shoaling the mixed layer and alleviating light limitation of phytoplankton
(Taylor et al., 2013). Combined, these conditions can stimulate high rates of phytoplankton
growth. Phytoplankton biomass accumulates to extraordinarily high concentrations in the
marginal ice zone during spring and summer sea-ice retreat (Smith and Nelson, 1986) and
phytoplankton blooms have also been documented in the vicinity of Antarctic ice shelves such
as Abbot (Gerringa et al., 2012) and Amery (Herraiz-Borrenguero et al., 2016).
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Iron concentrations were not measured in this study so iron limitation of phytoplankton (or the
extent of its alleviation) cannot be directly evaluated. However, two of the summer stations are
positioned in regions that might be expected to experience iron-replete (or at least, less iron-
limited) conditions — near the island of South Georgia (55°S; 33°W) and at the Fimbul Ice Shelf
(70°S; 07°E) (SG and IS, respectively; Figure 1). The SG station is characterized by a higher
pNOs™ and f-ratio than all the other stations, and a higher rate of NPP than all but station 3
(Table 1), suggesting the alleviation of iron-limited conditions. Moreover, the NOs3
concentration gradient between the surface layer and the Tmin is much steeper at SG (8.6 pM)
than at the other AZ station located at the same latitude (station 4; 1.5 uM) as well as at the
more northern PFZ station (station 3; 1.1 uM) (Figure 3b), indicating a much higher degree of
seasonal NOsz  drawdown at SG. In addition, the Tmin-to-surface gradient in silicate
concentration is 17.9 pM at SG and only 4.2 uM at station 4 (data not shown, although Figure
9b shows that the surface layer-integrated silicate concentration is significantly higher at station
4 than at SG). Thus, the silicate distribution also suggests higher seasonal productivity at SG,
and further implies that production is driven largely by diatoms, which are considered
disproportionately important for the biological carbon pump (Buesseler 1998b). These
observations can be explained by the alleviation of phytoplankton iron limitation, which
enhances NOs reductase activity (Timmermans et al., 1994) and may increase the affinity of
diatoms for silicate (through a change in their maximum uptake rate (Vmax) and/or half
saturation constant (Km); Brzezinski et al., 2005; Mosseri et al., 2008). Dissolved iron
concentrations have been shown to be elevated in the upper 200 m of the water column around
South Georgia in summer (ranging from 0.1-7.70 nM, versus <0.4 nM in the open Atlantic
sector; Nielsdottir et al., 2012; Tagliabue et al., 2012; Schlosser et al., 2018; Mtshali et al.,
2019). The high concentrations are thought to derive mainly from the volcanic sediments
overlying the island’s broad and shallow shelf, augmented by excretion from krill (Nielsdottir
etal., 2012; Schlosser et al., 2018). These iron supply mechanisms, combined with an average
(although highly variable) shelf depth of 200 m that allows vertical mixing to fairly easily
resuspend seafloor sediments, suggest that the iron flux to South Georgia surface waters could
actually be higher than the ambient concentrations imply. In any case, it should not come as a
surprise that SG was more productive than the HNLC stations (stations 1-4) given that areally-
extensive and long-lasting phytoplankton blooms are regularly observed downstream of South
Georgia (Atkinson et al. 2001; Korb et al., 2004; Borrione and Schlizer, 2013), fueling the
largest drawdown of CO- observed in the Antarctic Circumpolar Current (Jones et al., 2012;
2015).
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Despite the evidence for the alleviation of iron limitation near South Georgia, the ratio of
silicate to NO3z™ drawdown was higher than expected for iron-replete diatoms (2.1:1 vs. 1:1;
Hutchins and Bruland 1998; Takeda 1998; Mosseri et al., 2008). This implies that the
consumption of as much as 9.3 uM silicate occurred without NO3™ (i.e., 17.9 uM — 8.6 UM =
9.3 uM of “missing” NO3’, assuming a Si:N uptake ratio of 1:1; Ragueneau et al., 2000). One
possibility is that diatoms relied heavily on NH4" to support their growth. Indeed, Mosseri et
al. (2008) found that while the ratio of the instantaneous rates of silicate and NO3™ uptake for
diatoms growing in the iron-replete waters of the Kerguelen Plateau was 1:1, the seasonal
consumption of silicate and NO3z™ occurred in a ratio closer to 3:1, with diatoms relying on
NH." for 39-77% of their N. At the time of sampling, NH4" accounted for 13% of total N uptake
at SG (Table 1). This equates to only 1.3 uM N if the rate-derived proportion of NHs* to NO3
uptake (i.e., 13% to 87%) is applied seasonally, leaving 8.0 uM of N still unaccounted for.
Another possibility is that diatoms consumed regenerated NO3™ nitrified in surface waters from
recycled NH4". NO2 oy in the SG euphotic zone was fairly high compared to the other summer
stations, accounting for as much as 10% of the assimilated NOs™ (Table 1); assuming this is
representative of the seasonal contribution of nitrification to the surface NO3™ pool (at least up
until the time of sampling), regenerated NO3™ could yield ~0.8 uM N to support silicate
consumption. Accounting for regenerated NH4" and NOs™ uptake lowers the apparent ratio of
silicate to N consumption to 1.7:1, which is still considerably higher than 1:1. Of course, my
rate data yield only a temporal snapshot of the SG N cycle while the Tmin-to-surface gradient
in silicate and NOs™ concentrations represents net seasonal removal. It is thus possible that
enhanced NH4" uptake by diatoms occurred earlier in the growing season when light levels
were too low for NOs™ assimilation to be favourable. Another possibility is that while the SG
diatoms experienced higher iron concentrations than phytoplankton at the HNLC stations, these
were not high enough to completely alleviate iron limitation, such that the ratio of Si:N uptake
by the SG diatoms was >1:1 (Franck et al., 2000; Brzezinski et al., 2003). Indeed, a recent
study of dissolved iron and macronutrient cycling in the vicinity of the Kerguelen Plateau,
which is considered iron-rich compared to the surrounding Southern Ocean (Blain et al., 2007;
Cavagna et al., 2015), found that almost all stations, regardless of their proximity to the islands,
experienced some degree of iron limitation (Holmes et al., 2019). It seems likely that this was
also the case for the SG station, particularly given that attempts to-date to balance the apparent
iron demand of phytoplankton off South Georgia with the available iron sources have been
unsuccessful (Schlosser et al., 2018).
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In contrast to SG, there appears to be no stimulation of productivity at the IS station where |
measured the lowest summertime rates of NPP and NH4" uptake, and NO3™ uptake rates that
were higher only than those measured at stations 1 and 2 (Table 1). Interestingly, the f-ratio at
this station was higher than at all the other summer stations except SG. There is considerable
evidence in the literature for elevated biological activity in the vicinity of ice shelves, which is
typically attributed to the alleviation of iron limitation due to local iron inputs associated with
melting sea ice (Aguilar-Islas et al., 2008; Tovar-Sanchez et al., 2010; Gerringa et al., 2012;
2015; Herraiz-Borrenguero et al., 2016). That this was not the case at the time of my study is
probably because sampling occurred too late in the season to capture the period of intense sea-
ice melt. In other words, by the time of sampling in late January, any iron supplied to the waters
near the ice shelf from melting sea ice had already been consumed by an earlier phytoplankton
bloom. This is consistent with the observation that summer POC (i.e., biomass) concentrations
were highest at IS while NPP was lowest (Figure 3h and 7d). The high f-ratio at IS can be
attributed to the fact that the MLD was significantly shallower than the euphotic zone, allowing
enough light into the mixed layer to favor NO3™ reduction. The implication of this is that iron
(rather than light) exerted the dominant control on productivity at the Fimbul Ice Shelf at the

time of sampling, but by limiting rather than stimulating phytoplankton growth.

Text A2.3: Nitrite concentrations in the upper layer of the Southern Ocean

It is curious that the NO2™ concentration over the upper ~200 m of the Southern Ocean remains
fairly constant at ~0.1-0.2 uM, regardless of season, zone, or sector (Figure 3e and f; Key et
al., 2015; Olsen et al., 2016; Zakem et al., 2018; Fripiat et al., 2019). This implies that the
fluxes of NO2" supply (via mixing, NH4" oxidation, and/or incomplete NOs™ reduction by
phytoplankton) and removal (via mixing, oxidation to NOsz, and/or consumption by
phytoplankton) are roughly balanced, but that in net, more NO-" is supplied than removed. One
possibility is that a physiological limitation prevents the drawdown of the surface NO2™ pool

below a threshold concentration of ~0.1-0.2 uM.

The limited available data on Southern Ocean phytoplankton NO2™ uptake kinetics suggest that
the affinity of diatoms for NOz™ is low (i.e., the Kn is high, >10 uM) (Sivasubramanian and
Rao, 1988). In addition, the perennially-high NO3"+NO2" concentrations that characterize
Southern Ocean surface waters should not favor phytoplankton with a high affinity for NO3z™ or
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NO2 (Maclsaac and Dugdale, 1969), and it is even possible that high NO3™ concentrations
impede the ability of phytoplankton to consume NO>™ (Cordoba et al., 1986). With regard to
nitrifiers, recent work has suggested that NO>™ oxidizing bacteria (NOB) are on average larger
than ammonia oxidizing archaea and bacteria (AOA and AOB) (Pachiadaki et al. 2017), which
implies that their affinity for NO2™ is lower than the affinity of AOA/AOB for NH4", restricting
the degree to which they can deplete the available NO>™ (Zakem et al., 2018). Indeed, the Kn,
for NO2™ oxidation has been estimated from pure cultures of NOB to be high (6-544 uM)
(Blackburne et al., 2007; Nowka et al., 2015; Ushiki et al., 2017) and from the environment to
be on the order of 0.25 UM (Sun et al., 2017). In addition, the available data suggest that NOB
are more sensitive to light than AOA and AOB (Bock, 1965; Olson, 1981b; Qin et al., 2014),
which may limit the rate of NO> oxidation more than NH4" oxidation in upper Southern Ocean

waters.

Ambient NH4* concentrations appear to be elevated throughout the upper 200 m of the
Southern Ocean in winter (and significantly higher than the co-occurring NO2™ concentrations;
Figure 3d and e) and possibly also in autumn due to intense remineralization following the
phytoplankton growing season (El-Sayed, 1987; Smart et al. 2015; Kemeny et al. 2018). This
likely renders AOA and AOB substrate-replete, even considering the possibility of competition
with heterotrophic bacteria for NH4" (see the latter paragraphs of section 4.1 of the main text),
thus giving NH4™ oxidizers a further advantage over NOB. Conditions that generally favor
NH4* oxidizers, combined with the fact that surface NO3+NO>" is never completely consumed
by Southern Ocean phytoplankton and that light-limited phytoplankton may at times efflux
NOy" following incomplete NO3™ reduction (Serra et al., 1978; Collos 1998; Campbell 1999),
may account for the limited extent to which NO2 can be drawn down, leading to an

approximately constant and non-zero mean surface NO2™ concentration.
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Appendix B

The kinetics of ammonium uptake and oxidation across the African sector of the Southern

Ocean
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Figure B3.1: The dependence of NH,* uptake rates (i.e., transport rates; nM d*) on [NH,*] at the surface
(~7 m) in winter at a) St 01: 37°S (STZ), b) St 02: 42°S (STF), c¢) St 03: 45°S (SAZ), d) St 04: 51°S
(PFZ), and e) St 05: 55°S (AZ). The solid line shows the Michaelis-Menten fit, with the derived values
of pmax and K, as well as the ambient ammonium concentration ([NH4"]amb), indicated on each panel.
At station 5, a Michaelis-Menten relationship was not observed; here, the dashed horizontal line
indicates the average NH." uptake rate (payg). Error bars indicate the standard error of replicate
experiments, each measured at least twice. Where errors bars are not visible, they are smaller than the
data markers
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Figure B3.2: The dependence of ammonium uptake rates (i.e., transport rates; nM d*) on [NH4*] at the
surface (~7 m) in summer at a) St 12: 36°S (STZ), b) St 13: 43°S (SAZ), c) St 14: 49°S (PFZ), and d)
St 15: 58°S (AZ). The solid line shows the Michaelis-Menten fit, with the derived values of pmax and
Km, as well as the ambient ammonium concentration ([NH4"]amb), indicated on each panel. Error bars
indicate the standard error of replicate experiments, each measured at least twice. Where errors bars are

not visible, they are smaller than the data markers.
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Figure B3.3: Potential controls on the kinetic parameters associated with NH,* uptake. Ky, is shown as
a function of a) latitude and b) SST. Open symbols represent summer and filled symbols represent
winter. Vertical error bars show the propagated error associated with Ky, as computed using the drc
package in R (Ritz et al. 2015), while the symbols and horizontal error bars on panel b indicate the
average (£ standard deviation) SST experienced by the samples during the 3- to 6-hour incubations. In
panel a, the vertical lines show the frontal positions in winter (grey) and summer (black), with the fronts
and zones of the Southern Ocean labelled on the plot: STZ, Subtropical Zone; STF, Subtropical Front;
SAZ, Subantarctic Zone; SAF, Subantarctic Front; PFZ, Polar Frontal Zone; PF, Polar Front; AZ,
Antarctic Zone; SACCF, Southern Antarctic Circumpolar Front.
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Figure B3.4: NH4* oxidation rates for the kinetics experiments where a Michaelis-Menten relationship with NH4* concentration was observed, before and after
correcting for N isotope dilution due to coincident NH4* regeneration (see text for details; Potential implications of isotopic dilution of **NH,* by co-occurring
YNH," regeneration). The orange-red colour shows the original data (as presented in Figure 3.5a-c) and the blue colour shows the rates after correction for **N
dilution, assuming a hypothetical NH4* regeneration rate of 20 nM d* (Goeyens et al. 1991). The derived kinetic parameters are labelled on the panels in the

corresponding colour, with “CI” indicating the 95% confidence interval. This exercise reveals that while isotope dilution hardly changes Vmax, it can change Kn
considerably.
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Table B3.1: Kinetic experiment stations displaying kinetics parameters with confidence intervals

Experiment  Season Stationname  Vmax Cl:95% Km Cl: 95%
Uptake Winter St01 7.9 7.1-8.6 327 205-448
Uptake Winter St 02 34 2.9-3.8 150 54-247
Uptake Winter St03 3.9 3.2-4.6 211 51-371
Uptake Winter St 04 3.23 2.4-4.0 486 48-924
Uptake Winter St 05 1.2 0.9-1.6
Uptake Summer St12 8.0 7.6-8.3 41 30-52
Uptake Summer St 13 4.1 3.5-4.8 79 4.3-154
Uptake Summer St14 3.5 3.1-3.9 110 41-179
Uptake Summer St15 1.6 1.4-1.7 115 74-157

Oxidation Winter St 01 23 18-28 137 39-235
Oxidation Winter St 02 19 15-24 28 -19-80
Oxidation Winter St 03 21 18-24 67 29-105
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Appendix C

Controls on nitrite oxidation in the upper Southern Ocean: insights from winter Kinetics
experiments across the Indian sector

Text C4.1: Method

NOs™ uptake kinetics experiments: To assess the response of phytoplankton to increasing NO3
availability, NOs™ uptake kinetics experiments were conducted at two stations on Leg 1 where
the ambient NO3™ concentrations were low enough to potentially be limiting — the most northern
stations, St 01 (37°S) and St 02 (42°S). Seawater was collected from the underway system (~7
m) in a 25 L carboy, thoroughly mixed, sieved through a 200 pm nylon mesh to remove large
zooplankton, and dispensed into eight pairs of 1 L clear polycarbonate bottles. The ®NOs"
tracer additions, added to duplicate bottles, were different at the two stations, ranging from
0.05 to 20 uM at St 01 and from 0.5 to 30 uM at St 02. Following tracer addition, the bottles
were then transferred to custom-built deck-board incubators equipped with neutral density
screens allowing only the penetration of 55% of surface photosynthetically active radiation
(PAR). The bottles were kept at in situ temperature by a supply of continuously-running
seawater from the underway system. Samples were incubated for 3-6 hours, and incubations
were terminated by filtering the bottle contents through a pre-combusted (450°C for 8 hours)
0.3 um glass fibre filter (GF-75; Sterlitech) that was enclosed in a foil envelop (pre-combusted
at 500°C for 5 hours) and stored in a -80°C freezer until analysis.

Equation 4.3 below, was used to calculate the kinetic parameters for NO3™ uptake, for details
of the equation please see main text.

Vmax X (5—¢)

V= Km* + (5—=¢)

(4.3)

Text C4.2: Results

NOs™ uptake kinetics experiments: Vmax ranged from 0.3 0.0 + to 1.3 + 0.1 x10 h! (with an
average of 0.8 + 0.5 x10° h'), K ranged between 2.8 + 0.8 and 5.7 + 1.0 uM (with an average
of 4.3+ 1.5 uM), C value was ranging from 1.9 £ 0.5 to 3.9 £ 0.5 uM (with an average of 2.5
+ 0.6 uM). Vmax at St 02 was 4.3 higher than at St 01, while Ky, and C values at St 02 were

double the values at St 01. Ki, values were slightly lower than [NOs]amb at both stations.
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C4: Figures
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Figure C4.1: Kinetic experiment stations displaying two kinetics curves fitted using two different
methods. Panels: a) St 01: 37°S (STZ), b) St 02: 42°S (STF), ¢) St 03: 45°S (SAZ), d) St 04: 51°S
(PF2), e) St 05: 55°S (AZ), f) St 06: 62°S (MIZ), and g) St 07: 62°S (MIZ). The solid lines show the
Michaelis-Menten (MM) fit: the red line is the MM curve fitted using traditional method (equation
4.2), blue line is the modified MM curve fitted using equation 4.3. Error bars indicate the standard
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error of replicate experiments, each measured at least twice. Where errors bars are not visible, they are
smaller than the data markers., Red shaded area is the 95% confidence interval derived using equation

4.2, Blue shaded area is the 95% confidence interval derived using equation 4.3.
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60

Figure C4.2: Surface nitrite concentrations ([NOz]ams) measured every four hours across the transect
(Leg 1) between 34°S and 59°S
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Figure C4.3: Upper 75 m- a) rates of NOs™ uptake (pNOs) and b) concentrations of particulate organic nitrogen (PON) for
samples collected at the depth profile stations (St 08 to St 11; Leg 2). Error bars indicate the standard error of replicate

experiments/collections, each measured at least twice. Where errors bars are not visible, they are smaller than the data
markers.
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Figure C4.4: The dependence of NO3™ uptake rates on [NOz'] at the surface (~7 m) at a) station 1: 37°S (STZ) and b)
station 2: 42°S (STF). The solid line shows the Michaelis-Menten fit, with the derived values of Vmax, Km, and C, as well
as the ambient nitrate concentrations ([NO3]amb), indicated on each panel. Error bars show the standard error of replicate
experiments, each measured at least twice. Where errors bars are not visible, they are smaller than the data markers.
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Figure C4. 5: Depth profile (0-75 m) rates (St 08 to St 11) of NH4* oxidation (nM d) plotted against coincident

measurements of NO2™ concentration (nM). Error bars show the standard error of replicate experiments or collections,
each measured at least twice.
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Table C4.1: Kinetic parameters calculated for each NO,™ oxidation kinetics experiment using two different models. The
values shaded in grey were computed using the traditional Michaelis-Menten (MM) model (equation 4.2 in the main
text), while the on a white background were derived using a modified form of the MM model (equation 4.3 in the main
text). The numbers in red are the values used throughout the main text.

Confidence interval

Station  Equation p;;nrigfer 99,73%  95,45% 68,27% Bf?ft 6827%  9545%  99,73%
1 4.2 Vmax 5.0 7.6 9.4 11.1 13.1 16.5 28.6
1 4.2 Km 11 156 277 400 564 890 2335
1 4.3 Vmax 6.7 7.9 8.6 9.1 9.6 10.4 infinity
1 4.3 c -829 144 182 193 199 206 214
1 4.3 derived Km 31 48 59 70 88 145 infinity
1 4.3 Km -798 192 241 263 287 350 infinity
2 4.2 Vmax 35 45 5.2 5.8 6.5 7.8 12.1
2 4.2 Km -43 6 56 112 191 353 1052
2 4.3 Vmax 4.5 4.8 5.0 5.2 5.3 5.5 6.0
2 43 c 72 105 112 115 117 119 124
2 4.3 derived Km 0 4 11 18 28 43 87
2 4.3 Km 72 109 123 134 145 163 212
3 4.2 Vmax 6.0 7.2 8.0 8.7 9.6 11.2 18.3
8 4.2 Km -47 21 88 162 269 500 1706
3 4.3 Vmax 6.5 7.4 7.9 8.3 8.7 9.3 infinity

ne
3 43 c infingi]ty -11 117 139 152 169 180

ne
3 4.3 derived Km infin%ty 26 47 67 96 204 infinity
3 4.3 Km 0 15 164 206 248 373 infinity
4 4.2 Vmax 9.7 11.7 13.3 14.9 17.4 23.3 100.9
4 4.2 Km -15 99 223 374 619 1263 10118
4 4.3 Vmax 10.2 114 12.2 12.8 13.6 15.2 infinity
4 4.3 c -1646 68 148 172 186 204 243
4 43 derived Km 6 36 75 117 176 335 infinity
4 4.3 Km -1640 104 223 288 363 538 infinity
5 4.2 Vmax 11.1 12.7 13.9 14.9 16.1 18.2 25.0
5 4.2 Km -15 93 185 279 401 631 1441
5 43 Vmax 11.8 12.6 131 13.5 13.9 14.6 infinity

ne
5 4.3 c infin%ty 138 221 245 259 272 292
5 43 derived Km 20 45 64 84 112 186 infinity
5 4.3 Km 20 183 285 329 371 458 infinity
6 4.2 Vmax 7.7 8.5 9.2 9.7 10.3 11.3 13.5
6 4.2 Km 294 421 519 609 718 897 1359
6 4.3 Vmax 7.6 7.9 8.1 8.2 8.3 8.6 9.2
6 4.3 c 70 129 151 163 174 187 204
6 4.3 derived Km 154 191 217 239 266 312 448
6 4.3 Km 224 320 368 403 440 499 652
7 4.2 Vmax 4.3 5.7 6.8 7.7 8.9 10.9 16.8
7 4.2 Km -50 79 191 304 450 722 1636
7 4.3 Vmax 54 6.0 6.3 6.6 6.9 7.4 8.6
7 4.3 c -47 190 223 237 246 255 269
7 4.3 derived Km 19 45 64 80 101 140 396
7 4.3 Km -28 234 287 317 346 395 664

Note: the equation number corresponds to the numbering in the methods text
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Table C4.2 Upper 75 m- average specific rates of NOs™ uptake (numbers in parentheses () are propagated standard error
of replicate experiments, each measured at least twice), and integrated transport rates of NO3™ uptake, NO,  oxidation,
and the ratio of NO,  oxidation to NO3™ uptake.

NOs specific uptake NO2ox pNOs3
Station name  Avg PON (UM) (x10° h?) (mmol m?2d+?) (mmol m~2d?) NO2 ox/pNO3
St 08: 59°S 0.27 (0.08) 1.48 (0.99) 0.61 0.26 2.37
St 09: 54°S 0.38 (0.04) 1.03 (0.63) 0.19 0.30 0.63
St 10: 48°S 0.47 (0.09) 1.52 (0.82) 0.52 0.71 0.73
St 11: 43°S 0.44 (0.09) 2.09 (1.09) 1.65 1.44 1.15
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