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“It is a reproach to every civilized country, that the people of this enlightened
age posses so little accurate knowledge of the seas, islands and perhaps
continents which exist in the polar regions of the southern hemisphere”

Benjamin Morell — A Narrative of Four Voyages, 1832



Abstract

The Southern Ocean is an important “sink” for anthropogenic CO2, but it requires
a detailed understanding of the sensitivity of the biological carbon pump to
variability in physical forcing mechanisms in order to predict its continuing role.
However, due to the remote and tempestuous nature of this region, in situ
measurements of phytoplankton variability are scarce. Consequently, satellites,
autonomous floats and gliders are increasingly being utilized as platforms for
observing biogeochemical variability over broad spatial and temporal scales,
through satellite ocean colour radiometry linked to inherent optical properties
(IOPs) of the upper water column. In this study, the variability of in situ IOPs was
investigated together with phytoplankton biomass, cell size, species composition
and chlorophyll to carbon (Chl:C) ratios to isolate and understand the
relationships between I0Ps and biogeochemistry. These relationships were
applied to a high resolution dataset from the Weddell Gyre, to produce detailed
section plots of particulate organic carbon (POC), beam attenuation spectral
slope between 470 nm and 650 nm (cp70:650) as a proxy for size) and chlorophyll
to beam attenuation (Chl:cp) ratios (as a proxy for Chl:C ratios). Interpretation of
these sections in the context of the different hydrographic and nutrient
environments, provided insight into the causative factors driving the observed
patterns of phytoplankton variability. In addition, estimates of carbon export
from 15N primary production experiments allowed the identification of regions of
high and low carbon export potential in the Weddell Gyre. In summary, high
biomass blooms observed in the Northern Limb of the Weddell Gyre (NLWG) and
Antarctic Continental Shelf (ACS), were generally associated with the dominance
of Phaeocystis antarctica, but differed in their Chl:c, ratios, dominant cell sizes
and potential for carbon export. It is suggested that these differences were
predominantly driven by iron limitation. Iron relief at the ice shelf was likely
responsible for the dominance of large colonies of P. antarctica and high Chl:c,
ratios, which in combination with strong sinking of surface waters and high f-
ratios, resulted in the identification of the ACS as an important region for carbon
export. Conversely, in the NLWG the dominance of solitary cells of P. antarctica,

due to iron limitation, coupled with strong surface stratification and low f-ratios,



suggests that this region had less potential for carbon export, despite high
biomass. The lower biomass blooms in the Central Weddell Gyre (CWG) region
were associated with mixed communities of diatoms and dinoflagellates, variable
stratification and moderate f-ratios. In the southern region of the CWG, however,
high chlorophyll specific primary production rates, high Chl:c, ratios and the
dominance of large cells suggest high photosynthetic efficiency, due to iron relief
and a higher potential for carbon export, compared to that inferred from f-ratios.
The more northerly bloom, associated with small cells and lower Chl:c, ratios,
controlled by iron limitation and grazing, implies lower export potential. This
study highlights the importance of undertaking comprehensive investigations,
which combine bio-optical, biogeochemical and community structure data, to
explore fine-scale phytoplankton variability over regional scales. While this
preliminary assessment provides compelling evidence for the use of I0P-
biogeochemistry relationships, with improved data collection techniques, the
support of more ancillary data and a growing dataset of in situ ship-based and
autonomous platform data, more robust empirical relationships may be
established for this region. The application of these relationships to both high-
resolution glider data and satellite ocean colour data will enable the observation
of temporal changes in phytoplankton community structure and physiology that
will ultimately improve our understanding of the sensitivity of the Southern

Ocean biological carbon pump to predicted climate change.
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“..as the Earth system matures it keeps its climate always fit for life, and the
invisible hand that regulates is feedback between its living and non-living parts”.

James Lovelock — Climate Change on Living Earth, 2007
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Chapter 1 General Introduction

1.1 The carbon cycle and climate change

Current changes in the concentration of atmospheric carbon dioxide (CO2) are
largely driven by anthropogenic activity, such as the burning of fossil fuels,
cement production and agriculture (Sabine et al., 2004), which has increased
atmospheric CO2 concentrations by more than 35% in the last 200 years (Sabine
and Feely, 2007). This increase in atmospheric CO> is regulated by the flux of CO;
between three main reservoirs: the oceans, the terrestrial biosphere and the
atmosphere (Figure 1.1). In the natural carbon cycle the concentration of
atmospheric CO, driven by volcanic eruptions, respiration and natural fires
(Figure 1.1), is a vital component in many of the Earth’s systems (Watson and
Orr, 2003). It provides a source of inorganic carbon required for photosynthesis,
which produces oxygen to sustain life. Through the formation of carbonic acid, it
is responsible for the weathering of rocks, which form the soils and nutrients to
support life on land, in rivers and the sea. Finally it is an important greenhouse
gas, which contributes to the balance of the Earth’s climate. While the natural
carbon cycle is roughly in balance, the same cannot be said for the anthropogenic

carbon cycle.

Current anthropogenic COz emissions are around 9 Gt C y! (1 Gt = 1 billion tons)
and are increasing at a faster rate than the Earth’s ability to absorb the excess,
without considerable perturbation to global systems (IPCC, 2007). The
anthropogenic carbon cycle is driven by the extraction and burning of fossil fuels
and the production of cement, which produce around 7 Gt C y?1 with
deforestation and land-use change responsible for roughly 1.5 Gt C y! (Sabine
and Feely, 2007). Roughly 45% of these CO: emissions accumulate in the
atmosphere as a greenhouse gas, which impacts the global climate system. The
remainder is taken up by the other two reservoirs, with about 29% by the
terrestrial biosphere and 26% by the oceans (Sabine et al., 2004; IPCC, 2007). In
view of current energy consumption and a rapidly growing global population,

this increase is expected to continue (Hoffert et al., 1998; Watson and Orr, 2003).

11



Given that previous perturbations in the earth’s climate have been driven by
relatively small changes in atmospheric CO2 (Li et al., 1998), such large increases
in anthropogenic emissions are expected to have a significant effect on the
earth’s climate, atmosphere, terrestrial and marine systems as well as

biogeochemical cycles (IPCC, 2007).

The ocean is the largest reservoir of CO2 (Yool et al., 2007) and is estimated to
take up approximately ~2 Gt y1 (Figure 1.1; Sabine et al., 2004) or ~26% of
anthropogenic CO; (Takahashi et al., 2002; Raven et al., 2005; Mikaloff-Fletcher
et al,, 2006, Sabine and Feely, 2007). The oceanic uptake of CO; is driven by
physico-chemical processes associated with Meridional Overturning and
Thermohaline Circulation, which function over large spatial scales, as well as
phytoplankton production, which occurs at smaller scales and is highly variable.
Furthermore, seasonal and latitudinal variations in ocean circulation,
climatology and biological activity results in high spatial and temporal variability
in ocean CO: fluxes. This variability has led to the ocean being characterized as a
patchwork of CO; ‘sources’ and ‘sinks’ (Takahashi et al. 1997). Given the complex
role of processes, pathways, sources and sinks of CO in the marine environment
(Figure 1.1, Sabine et al., 2007) it is vital to understand the biogeochemical
processes driving variability in the marine carbon cycle. Figure 1.1 illustrates
the important role of plants (grey arrows), both terrestrial (trees and grasses)
and marine (phytoplankton), in fixing carbon during photosynthesis. It also
highlights the significant anthropogenic source of carbon (red arrows) to the
global carbon cycle, compared to the impact of weathering, rivers and volcanism
(dashed arrows). Most carbon fixed by terrestrial plants is released back into the
atmosphere through respiration and bacterial decomposition, but some is buried
in soils. In the marine carbon cycle, <1% of carbon fixed by phytoplankton
reaches the sea floor, while at least 90% is re-mineralized in the upper layers
(~1000 m). The ocean’s carbon reservoir, however, is 1-2 orders of magnitude
greater than the terrestrial and atmospheric reservoirs, highlighting the
importance of understanding how marine systems will respond to

environmental and climatic changes.

12



Atmosphere

[590 + 204]

A

222

20

Fossil Fuel
&Cement Land-Use Land  NetPrimary Respiration
Volcanism Emissions  Change  Sink Production & Fires
-
2
& 57 55.5
i
1
!
1<0.1 7.2 5 24 weathering
1 ',’ river
¥ outgassing
p 0.2 41

[
¥ \ river export !

o’
river fluxes

Figure 1.1 The natural (grey arrows) and anthropogenic (red arrows) pathways of the
global carbon cycle estimated for 2000-2005 (Sabine et al., 2007). Arrows represent
fluxes (Gt C y1) between ocean, atmosphere and terrestrial reservoirs (Gt C, circled
values) highlighting the various ‘sources’ and ‘sinks’ in the carbon cycle. Figure

reproduced from Sabine et al. (2007).
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1.2 The biological and physical solubility pumps

The ocean’s capacity to take up CO; is driven by the relative partial pressures of
CO2 in the atmosphere (pCOz.atm) and the ocean surface (pCO2.H20). Where
pCOz.atm > pCO2.H20, the ocean will take up CO2, but where pCOz.atm <
pCO2.H20, the oceans will degas CO; to the atmosphere. This partial pressure
gradient is driven by an inverse gradient in dissolved inorganic carbon (DIC)
with depth, which is primarily regulated by the physical solubility pump and the
biological pump (Volk and Hoffert, 1985; Falkowski and Raven, 1997), with

additional contributions by the carbonate and microbial pumps.

The physical solubility pump is driven predominantly by temperature and
salinity, where gases are more soluble in cold water than in warm water allowing
more CO2 to dissolve in colder waters. Temperature and salinity together control
the density and sinking rate of surface water and thus the transport of CO; to
great depths (Watson and Orr, 2003). As a result of increased gaseous solubility
at low temperatures and surface water subduction, combined with the sinking
flux of particulate organic carbon (POC), which is re-mineralized to DIC, cold,
deep waters are enriched in dissolved carbon, relative to the atmosphere

(Falkowski et al., 2000).

The biological carbon pump is driven by phytoplankton, the dominant primary
producers of the ocean that fix 40-50 Pg C y'! which equates to around half of
global primary production (Field et al.,, 1998; Falkowski et al., 2000; 2008). By
utilizing CO2 during photosynthesis, phytoplankton remove approximately 26%
of anthropogenic CO2 (Le Quéré et al., 2009) from surface waters of the world’s
ocean. Biologically fixed carbon is sequestered into the deep ocean for hundreds
to thousands of years when phytoplankton blooms collapse and sink below the
seasonal thermocline. This process is referred to as the biological pump (Eppley
and Peterson, 1979; Figure 1.2) and is regulated by the rate at which inorganic
carbon is fixed into POC, as well as the flux of carbon to below the seasonal mixed

layer (Eppley and Peterson, 1979). Consequently, carbon fluxes and the
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efficiency of the biological carbon pump are modified by factors that drive
phytoplankton growth (eg. light, temperature, degree of mixing, nutrients, iron),
particle formation (eg. community structure, cell size and carbon content),
sinking rates (eg. cell size, aggregation, ballasting and grazing) and particulate
remineralization (e.g. bacterial activity and chemical dissolution) (Boyd and

Trull, 2007; Finkel et al., 2010).
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Figure 1.2 A schematic of the biological carbon pump, showing the processes involved in
the movement of carbon through the water column. Figure reproduced from Williams
and Follows (2003).

While the carbonate and microbial carbon pumps also contribute to the
regulation of CO> partial pressure, they do so to a lesser extent and thus are only
briefly described here. The carbonate pump is largely responsible for controlling
the pH of seawater, through the balance between the three major inorganic
forms of carbon (DIC): bicarbonate ion (HCO3’), carbonate ion (CO2%3) and
aqueous carbon dioxide (COz@q)), which includes carbonic acid (H2CO3). The
effect of adding CO; to seawater increases the formation of H,CO3, HCO3- and H*,
which reduces the formation of and decreases the pH. This is important because
decreases in pH in surface waters inhibits the ability of marine calcifying
organisms, including planktonic species, to produce their calcium carbonate

(CaCO0s3), shells and skeletons (Fabry et al., 2008).

Conversely, the microbial carbon pump is associated with the recycling of

dissolved and particulate organic carbon by bacteria, pico-plankton and
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microzooplankton. While the microbial pump is responsible for recycling much
of the organic carbon (as well as nitrogen and iron, which are discussed in
sections 1.4.1 and 1.4.2 respectively) within the surface mixed layer the process
generally increases in dominance below the euphotic zone, which contributes to
the strong vertical gradient in carbon concentration between surface and deep

waters.

The combined effect of the physical solubility and biological pumps, along with
the carbonate and microbial pumps, regulates the rate of carbon export to the
deep ocean, which is essential for the ocean’s continued uptake of atmospheric
COz (Yool et al,, 2007). For example, the sinking of surface water in the North
Atlantic near Iceland and Greenland through thermohaline circulation is an
important CO; sink driven by both the solubility and biological carbon pump
associated with the spring phytoplankton bloom. The Southern Ocean, however,
has been identified as the largest oceanic sink of natural and anthropogenic COz,
driven by both the biological and solubility pumps (Caldeira and Duffy, 2000;
Sigman and Boyle, 2000, Takahashi et al, 2002). The Southern Ocean is
estimated to store around 50% of the global oceanic anthropogenic CO:
inventory (Sabine et al., 2004), thus playing a disproportionately large role as a

buffer for human driven increases in atmospheric CO2 concentrations.

Although model predictions claim that oceanic CO: sinks are decreasing
(Canadell et al., 2007), there is still much uncertainty surrounding the estimates
of particle fluxes to the deep ocean (Gehlen et al., 2006), resulting in unbalanced
carbon budget calculations (Burd, 2010). Long-term datasets and climate
models indicate a trajectory of increasing global temperature as a result of rising
atmospheric CO2 concentrations, driving changes in the earth’s climate (Watson
and Orr, 2003). This in turn is expected to alter many environmental properties
of the ocean (Feely et al., 2004; Sarmiento et al, 2004a; Doney, 2006) and
strongly influence the effectiveness of many oceanic CO; sinks, including that of
the Southern Ocean. Predicted changes in environmental properties as a result of

global warming (Mitchell et al., 1995; Sarmiento et al., 2004a) are similarly
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expected to drive shifts in species composition (Arrigo et al, 2010) with
implications for the effectiveness of the marine CO: sink. For example,
phytoplankton species show different adaptive capabilities to changing light
intensity under different mixing regimes, thus increased surface stratification
could result in the dominance of high light adapted species (Arrigo et al., 2010).
These changes in species composition may in turn impact the efficiency of the
biological carbon pump through changes in particle formation and sinking rates,
while also affecting the transfer of energy across trophic levels and the efficiency

of the food web.
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1.3 The Southern Ocean

The Southern Ocean links the circulation of all the world’s oceans (Rintoul, 1991)
and plays an integral role in the regulation of CO2 through the physical forcing of
wind-driven mixing, surface heating and stratification (Sigman and Boyle, 2000)
and the biological activity of plankton and bacteria (Takahashi et al., 2002). It is
responsible for ~33% of the global organic carbon flux to the deep ocean
(Schlitzer, 2002) and is considered one of the most important oceanic CO> sinks
(Metzl et al., 1999; Caldeira and Duffy, 2000; Sigman and Boyle, 2000, Takahashi
et al, 2002). In addition, the Southern Ocean physical and biological pumps,
along with the global ocean thermohaline circulation (e.g. sub-Antarctic Mode
Water and Antarctic Intermediate Water formation, see Talley et al., 2008), play
an important role in regulating the supply of nutrients to thermocline waters of
the entire Southern Hemisphere as well as the North Atlantic (Sarmiento et al.,
2004b). The Southern Ocean in turn plays a large role driving low latitude
productivity (Sigman and Boyle, 2000).

Even so, adequate knowledge of many Southern Ocean processes still eludes us
and it is by far the most under studied of the world’s oceans due to logistical
difficulties involved in in situ data collection over large temporal and spatial
scales. Thus the factors regulating the observed variability in CO; fluxes are
poorly understood (Hiscock et al., 2007). This lack of field data has necessitated
the use of satellite and model data to improve our understanding of this complex
region. For example, long-term datasets and climate models suggest that
increased surface warming and freshening in the Southern Ocean will result in
stronger surface mixed layer stratification, which may reduce nutrient supply to
the euphotic zone and hinder phytoplankton growth (e.g. Bopp et al,, 2001).
Alternatively, shallower mixed layer depths might improve the light
environment consequently improving phytoplankton growth and associated
carbon export, providing that nutrients are not limiting (Boyd et al., 2002;
Taucher and Oschlies, 2011). Despite abundant macronutrients in much of the
Southern Ocean, however, light and iron co-limitation of phytoplankton growth

is common (Maldonado et al., 1999; Van Leeuwe and De Baar, 2000; Moore et al.,
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2007a,b; Pollard et al., 2009). This in part accounts for the region’s high nutrient
low chlorophyll (HNLC) characteristics (Chisholm and Morel, 1991).

Due to the important role the Southern Ocean plays in the global carbon cycle,
the difficulties involved in data collection and the high spatial and temporal
variability of the region, recent advances in and increasing reliance on satellite
data have expanded our observational capacity and improved our knowledge of
the factors driving this variability. However, while satellite remote sensing
provides broad-scale data for investigating patterns of phytoplankton variability,
regular validation with in situ observations is vital, if we are to increase the
accuracy of capturing the biogeochemical variability of the ocean through
remotely sensed optical properties. Remotely sensed optical properties are
essentially a measurement of the proportion of solar radiation entering the
ocean that is reflected back out to space. This reflectance can be related to the in
situ optical measurements of absorption, backscattering and beam attenuation
(defined below in Section 1.6), which are defined by the optical properties of
seawater and its constituents (i.e. dissolved, suspended and particulate). The
increasing dependence on remote sensing and autonomous instruments (e.g.
gliders and bio-optics floats) and the growing need for regional specific satellite
algorithms highlights the relevance of this study, which investigates empirical
relationships between in situ optical properties, phytoplankton ecology and
marine biogeochemistry in the Weddell Gyre. This regional study uses optical
measurements to explore some of the potential drivers of phytoplankton

physiology and their role in the Southern Ocean biological carbon pump.
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1.4 Factors controlling phytoplankton growth and community
structure

Phytoplankton growth in the HNLC waters of the Southern Ocean is primarily
controlled by two mechanisms: namely, the ‘bottom-up’ controls of light, iron
and silicate availability (Moore and Abbott, 2002; Boyd et al., 2007; Moore et al.,
2007b; Arrigo et al., 2008); and the ‘top-down’ control of grazing by micro- and
macro-zooplankton (Smetacek et al., 2004; Behrenfeld, 2010). Both mechanisms
regulate the seasonal fluctuations in phytoplankton biomass and productivity.
These controlling factors combined determine the strength of the biological

pump and the potential for carbon export.

There has been a wealth of work produced over the past few decades exploring
the environmental (bottom-up) and biological (top-down) factors that influence
the growth and distribution of phytoplankton (Sarthou et al., 2005; see review by
Boyd et al., 2010). How these factors interlink is often uncertain (Van Leeuwe et
al., 2007; Cullen and Boyd, 2008) thus each factor discussed below may have
additional or variable influence on phytoplankton production in the presence of

other limiting factors (Saito, et al., 2008; Boyd et al., 2010).

1.4.1 Macronutrients

The most important macronutrients utilized by phytoplankton are, nitrogen (N),
silicate (SiO4) and phosphate (PO4). Despite high concentrations of these
nutrients in the Southern Ocean, phytoplankton biomass is low (Bathmann et. al.,

1997; Boyd et al., 2002; Arrigo et al., 2008).

Nitrogen is taken up by phytoplankton in three forms: nitrate (NO3), ammonium
(NH4) and urea, with preferential uptake by all phytoplankton generally
following the sequence: NHs>urea>NOsz (Glibert et al., 1982a; Probyn et al,
1985). This order of preference is established on the basis of the energetic
requirements needed to assimilate each of the nitrogenous nutrients. As it

requires more energy to assimilate NO3 than the reduced forms of N (NH4 and
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urea), phytoplankton preferentially assimilate the latter. Where reduced N
supply cannot meet N demands, phytoplankton take up NOs, which in any case is
typically available in much higher concentrations in the Southern Ocean (see

review by Cochlan, 2008).

Phytoplankton production as measured by N uptake is described as either ‘new’
(export) or ‘regenerated’ (recycled) production (Dugdale and Goering, 1967;
Eppley and Peterson, 1979; Glibert et al., 1982a,b) depending on the form of N
utilized. New production in the upper ocean is based on N sources that are ‘new’
to the euphotic zone, that require replenishment from below the thermocline
(NO3) or via aerosol inputs (NO3z and NH4 deposition) or through N fixation by
diazotrophs (Luo et al., 2003; Zender et al., 2003; Cochlan, 2008). Regenerated
production on the other hand is based on recycled N within the euphotic zone
such as NHs, urea and amino acids derived from phytoplankton detritus,
zooplankton fecal pellets and through bacterioplankton and microzooplankton

activity.

While the distinction between ‘new’ and ‘regenerated’ production may be
compromised by nitrification in the euphotic zone (Lipschultz, 2001; Falkowski
et al., 2003; Capone et al., 2005; Yool et al., 2007), this is not considered to be
significant in the NOz-rich polar oceans (Fernandez and Raimbault, 2007; Yool et
al,, 2007). In high latitude regions such as the Southern Ocean, where the flux of
NO3 to the surface is high and nitrification in surface waters is considered
negligible, distinguishing between new and regenerated production is relatively

uncomplicated.

Partitioning between new and regenerated N uptake can be summarised in the
form of f-ratios. The f-ratio describes the proportion of new production based on
NO3 uptake (oNO,) relative to the uptake (g) of all forms of N (f-ratio =
[oNO;]/[oNO; +oNH, +oUrea]). As such, the f-ratio gives an indication of the
proportion of production that is potentially available to higher trophic levels or
exported to the deep ocean (Eppley and Peterson, 1979; Savoye et al., 2004;
Lucas et al., 2007; Cochlan, 2008). The utility of the f-ratio assumes seasonal
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steady-state, no storage of N in surface waters and that nitrification in euphotic
waters is minimal (e.g. Lucas et al.,, 2007). Measurement of N uptake rates using
stable 1°N-isotopes (Dugdale and Goering, 1967) provides estimates of
phytoplankton production (in terms of N) and potential carbon export rates
based on the f-ratio (Eppley and Peterson, 1979; Savoye et al., 2004), assuming a
Redfield C:N ratio of 6:1. In short, where the f-ratio is high (e.g. f = 0.6), this
indicates that 60% of phytoplankton N demands are met by new N, typically NOs3,
and that 60% of the production is exported from the euphotic layer. Conversely,
where f = 0.1, for example, this would imply that 90% of the production is based
on regenerated N and that just 10% of the fixed N is exported below the seasonal

mixed layer.

Phosphate (PO4) is present at low concentrations, typically <1-2 pmol 11, but it
rarely limits phytoplankton growth (Koeve, 2001), and is unlikely to play a
dominant role in limiting primary production in the Southern Ocean. It is,
however, known that N> fixation rates by diazotrophs are strongly controlled by
P04 and iron availability (Hutchins and Fu, 2008; Moore et al.,, 2009), but this
process does not occur in the HNLC Southern Ocean. A consideration of Redfield
N:P stoichiometry by and within different phytoplankton taxa (e.g. Phaeocystis vs
diatoms), however, reveals a complex discussion of how phytoplankton can
manipulate ambient N:P ratios (Arrigo et al., 2002). In the context of the typical
HNLC scenario of the open Southern Ocean, the discussion has more academic
rather than practical implications and other nutrients are considered to exert far

stronger influences.

Silicate concentrations in the Southern Ocean for example exhibit a very marked
concentration gradient from north to south. North of the Antarctic Polar Front
(APF) at ~50 °S, SiO4 concentrations are low (<2-4 pmol I'1) and may limit diatom
growth, or certainly the proliferation of substantial diatom blooms. Surface
waters south of the Polar Front, on the other hand, are characterized by SiO4
concentrations that frequently exceed 5-20 pmol -1 which rises to >100 pumol 11
close to the Antarctic continent. Thus phytoplankton are not generally limited by

SiO4 south of the APF, but can become so, for diatoms in summer and autumn, in
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sub-Antarctic waters north of the APF (Nelson et al.,, 2001; Coale et al., 2004;
Boyd et al,, 2010).

This is because diatoms require biogenic SiO4 for the formation of their opaline
frustules; which being denser than water and other organic matter, promote
sinking through aggregate formation, thus exporting much of the carbon
associated with the diatom cells from the surface to the deep sea (Armstrong et
al, 2002). SiO4 limitation in the sub-Antarctic has been shown to lead to
community shifts from diatom to non-diatom dominance, which have
implications for food webs, export rates and CO2 sequestration (Brzezinski et al.,
2003; Sarmiento et al., 2004b). Furthermore, Si:N ratios appear to be controlled
by iron availability, as shown by Moore et al., (2007b) in the Crozet natural iron
bloom experiment. Both experimental and in situ observations exhibited a
marked decrease in Si:N removal ratios under enhanced iron concentrations,

which were further reduced under higher irradiance (Moore et al., 2007b).

1.4.2 Iron

The iron hypothesis was first proposed by Martin (1991) who hypothesized that
increased iron supply to the Southern Ocean during the last glacial maxima
resulted in increased phytoplankton growth rates, which lowered atmospheric
CO2 concentrations. The argument is however partly flawed, because changes in
atmospheric CO2 concentrations at that time were not solely due to
phytoplankton growth rates, but caused indirectly by Milankovitch orbital
forcing (Milankovitch, 1930; Imbrie et al., 1993).

Even so, the absence of a continental land mass makes the Southern Ocean one of
the most iron impoverished of the world’s oceans (De Baar et al, 2005; Boyd et
al., 2007; Pollard et al,, 2009), where surface iron concentrations are at pico-

molar rather than nano-molar concentrations.

Iron is a particularly important micronutrient within photosystems I and II

(Strzepek et al,, 2012; Behrenfeld and Milligan, 2013), it is instrumental in the
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biosynthesis of chlorophyll (chl-a) and is suggested to influence colony formation
in Phaeocystis species (Hutchins et al., 2002). Iron is also a critical component of
the enzymes nitrate and nitrite reductase, which allows the uptake of NOs by
phytoplankton and the subsequent intra-cellular reduction to NHs, the precursor
for protein synthesis. It is the absence of dissolved iron in surface waters that is
thought to contribute to the unused pool of NO3 (~20-25 pmol I'1) in surface
waters of the HNLC Southern Ocean (e.g. Lucas et al., 2007; Cochlan, 2008)

In a recent global compilation of dissolved iron (dFe) measurements, Tagliabue
et al. (2012) report high variability in surface dFe concentrations between
regions (Antarctic versus sub-Antarctic) and across the different ocean basins of
the Southern Ocean. They attribute this variability to the different processes that
drive dFe in these regions. For example, in the Atlantic sector dFe in the upper
100 m was higher in the Antarctic region (0.47+0.69 nM) compared to the sub-
Antarctic region (0.30£0.55 nM), while the Atlantic basin was characterized by
higher dFe concentrations than both the Indian and Pacific basins. These regional
and basin differences were associated with differences in biological activity and
degree of Fe inputs (Tagliabue et al., 2012). Surface waters generally had lowest
dFe concentrations (0.1-0.5 nM) due to biological activity, but increased with
depth below the mixed layer (>0.4 nM) due to bacterial remineralization. Surface
waters near the Antarctic continental shelf, however, were enriched (0.61+1.14
nM) relative to open ocean waters (0.31+0.45 nM), due to the influence of
seasonal melting of sea-ice (Klunder et al., 2011).

While spatial variability in dFe supply to surface waters has a significant impact
on the distribution of phytoplankton blooms, the initiation of a bloom is strongly
driven by temporal (seasonal and episodic) variability of dFe inputs. For
example, through aeolian inputs associated with rain events depositing
particulate Fe originating from Patagonia (Klunder et al, 2011), as well as
melting of sea-ice and icebergs in spring and summer releasing both dFe and
particulate Fe (Grotti et al, 2005; Klunder et al, 2011). Continental shelf
sediments provide additional Fe inputs to the surface through re-suspension
during deep winter mixing or upwelling events (Boyd et al., 2012). In some areas,

however, the extension of the Antarctic ice-sheet restricts the Fe supply from the
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continental shelf to surface waters adjacent to the ice-sheet, thus concentrations
tend to decrease from the open ocean to the shelf (Klunder et al., 2011). Fe in
particulate form whether from melting sea-ice or the re-suspension of shelf
sediments is not accessible to phytoplankton but may provide an additional
source of dFe through photochemical breakdown during suspension in surface

waters (Boyd et al.,, 2012).

Furthermore, higher production rates were associated with elevated dFe
concentrations in the Antarctic compared to the sub-Antarctic may be explained
by lower primary production rates due to ice cover and low light levels for half
the year, while the higher concentrations in the Atlantic were associated with
higher iron inputs through aeolian deposits, compared to those for the Indian

and Pacific (Tagliabue et al., 2012).

Phytoplankton growth in the Southern Ocean is however, not limited by iron
alone. Meso-scale iron enrichment experiments in the Southern Ocean (De Baar
et al., 1990; Coale et al., 2004; Boyd et al, 2007; Pollard et al., 2007, 2009) show
strong evidence that phytoplankton growth is controlled by iron-light co-
limitation. For example, during the SOFeX experiment, iron addition increased
primary production, but the potential for a large bloom was not realized due to
deep mixed layers (>40 m) and self-shading which resulted in light limitation of
phytoplankton growth (Coale et al., 2004). More recent work has examined an
iron induced diatom bloom in an Antarctic Circumpolar Current (ACC) eddy and
reported the successful export of at least half of the algal biomass below 1000 m
(Smetacek et al,, 2012), highlighting the important link between iron supply and
carbon export under favorable light conditions. Larger cell sizes promoted by
iron availability (Karsh et al., 2003) also result in greater sequestration of CO;

(Watson et al.,, 2000; Pollard et al., 2009).

The distributions of macronutrients, iron and primary production are not
uniform in the Southern Ocean but delimited by the fronts of the ACC into zones
of similar physical, chemical and biological properties, with similar seasonal

evolutions (e.g. Treguer and Jacques, 1992; Trull et al., 2001; Pollard et al., 2002;
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Thomalla et al., 2011). North of the sea-ice zone in the ACC, low surface chl-a
concentrations (~0.2-0.5 mg m3) are largely due to deep mixing and iron
limitation (Boyd et al., 2000; Sokolov and Rintoul, 2007), while enhanced
productivity is associated with increased iron supply at oceanic fronts (Moore
and Abbott, 2000; Sokolov and Rintoul, 2007), sub-Antarctic islands (Pollard et
al, 2007, 2009) and continental shelves (Fitch and Moore, 2007). The
mechanism of iron supply is thought to be upwelling at oceanic fronts (Sokolov
and Rintoul, 2007), deep mixing at the continental shelf (Johnson et al., 1999)
and dust deposition (Cassar et al., 2007) and run-off from volcanic iron-rich sub-
Antarctic islands (Pollard et al., 2009). Highest chl-a concentrations (~2-4 mg m-
3) are generally found in the high light and iron regions of the summer marginal
ice zone (MIZ)(Arrigo and van Dijken, 2003). In the MIZ, melting sea ice in spring
and early summer provides inputs of iron (Grotti et al., 2005) and increases
stratification, causing subsequent increases in both iron and light availability

(Smith and Nelson, 1986), and results in phytoplankton blooms.

1.4.3 Light and Mixed Layer Depth

Phytoplankton require sufficient solar radiation within a specific spectrum (400-
700 nm) in order to photosynthesise, fix CO2 and metabolize nutrients, but they
may also be inhibited if light levels are too high (Strzepek et al., 2012; Behrenfeld
and Milligan, 2013). Photosynthetically active radiation (PAR) is a measure of
light that is available for phytoplankton production, which is restricted to the
euphotic zone (Zeuwpn) defined as the depth at which PAR is >1% or >0.1% of
surface irradiance (Falkowski and Raven, 1997). The depth of Zeypn varies
significantly between water types (open ocean versus coastal ocean, oligotrophic
versus eutrophic) and depends on the dissolved and suspended constituents of
the water. The particulate portion, consisting of phytoplankton and detritus, has
a significant impact on the absorption and scattering of light that penetrates the
surface, which reduces the depth of Zewn, and increases light limitation with

depth.

The mixed layer depth (MLD) may be defined as a homogenous layer that forms
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a boundary between the deep ocean and the atmosphere (Brainerd and Gregg,
1995). The dominance of turbulent mixing driven by surface heating, wind-stress
and fresh water influx within this layer maintains virtually uniform temperature,
salinity and density characteristics (Wang et al., 2010). Wind stress has a
profound effect on the deepening or shoaling of the surface mixed layer and
therefore controls the extent to which phytoplankton cells are mixed through the
euphotic zone into the aphotic layer. This concept is central to the critical depth
models of photosynthesis (Nelson and Smith, 1991, Sverdrup 1953), whereby
the mixed layer needs to be shallower than a critical depth to allow net positive

population growth.

The effect of deep mixing is especially relevant in the Southern Ocean, where
rough weather and turbulent seas frequently mix the water column to depths of
50-100 m in summer (Nelson and Smith, 1991; Knox, 1994). Deep MLDs are
especially prevalent during winter when strong surface winds and heat loss
deepens the MLDs to 200-400 m (Thomalla et al, 2011). Particularly shallow
MLDs (~20 m) are associated with fronts, eddies and the MIZ where summer ice-
melt increases freshwater flux. The resultant increased stratification and shallow
MLDs drive increased phytoplankton production (Allanson et al, 1981;
Lutjerharms et al., 1985; Bidigare et al., 1986; Nelson and Smith, 1991; Dower
and Lucas, 1993), which in the presence of sufficient iron may be dominated by

new production, with higher potential for carbon export (Cochlan, 2008).

1.4.4 Temperature

Changes in temperature are thought to have an impact on phytoplankton
metabolic rates such that low temperatures may at times limit phytoplankton
growth (Raven and Geider, 1988, Sosik and Mitchell, 1994) and photosynthesis
(e.g. review by Davidson, 1991). Yet, phytoplankton adaptations to variable
temperatures are strong and polar species have had ~15 million years to adapt
to low temperatures in the Southern Ocean. A strong temperature gradient
occurs between the warmer sub-Antarctic waters (5-10 °C) to the north and the

colder more variable Antarctic waters (between ~5 °C and -1.8 °C) to the south
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of the Antarctic Polar Front. This rapid latitudinal change in temperature,
reaching the freezing point of seawater (-1.8 °C) in places, has a direct impact on
phytoplankton physiology. For example, phytoplankton maximal growth rate
may be described as a function of temperature, which doubles with every 10 °C
increase (Eppley, 1972). In contrast, phytoplankton grown at low temperatures
are less efficient at utilizing available light (Tilzer et al., 1986) and their ability to
repair damage to their photo-receptors when recovering from photo-inhibition,
is reduced (Alderkamp et al,, 2010). Thus, while temperature is not considered a
strong driver of phytoplankton biomass and community structure in the
Southern Ocean, it may act as an additional factor controlling the upper limit of
phytoplankton growth and has been shown to be a strong driver of

biogeographical zonation of some species (Boyd et al., 2010).

1.4.5 Grazing

In the iron-limited Southern Ocean, grazing by meso- and micro-zooplankton
may control the biomass of slow-growing phytoplankton that are unable to
escape grazing pressure (Smetacek et al., 2004; Behrenfeld, 2010). Grazers also
play a strong role in driving community structure, particularly with regard to cell

size (Schoemann et al., 2005).

Low iron concentrations favour the growth of small cells, which absorb nutrients
more efficiently as a result of their high surface to volume ratio (Twining et al.,
2004). Reduced cell size, on the other hand, encourages grazing by micro-
zooplankton (who have similar growth rates to their phytoplankton prey) and
are thus able to maintain the abundance of small cells at relatively low
concentrations in much of the Southern Ocean (Froneman et al., 1996; Irigoien et
al., 2005; Schoemann et al., 2005). Consequently, low chl-a concentrations in the
sub-Antarctic and the adjoining permanent open ocean zone consist year-round
of "grazer-controlled populations in an iron-limited ecosystem" (Price et al,,
1994). Conversely, in regions of the Southern Ocean that are both iron and light
replete, larger cells are expected to have their requirements for growth met.

Under these nutrient replete conditions, large cells escape grazing pressure by
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macro-zooplankton, due to relatively faster growth rates, resulting in large cell
dominated blooms (Schoemann et al, 2005), which may be moderated by

microbial uptake and recycling of iron.

The microbial food-web plays a key role in the rapid recycling of much of the iron
that is required by plankton in the upper ocean (Strzepek et al., 2005), while
microbes may also control diatom bloom dynamics through their more efficient
iron uptake rates (Boyd et al, 2012). Heterotrophic bacteria and pico-
phytoplankton (<1 um) have been reported to dominate carbon biomass and
contribute between 70 and 83% to the Fe pool (Strzepek et al., 2005; Boyd et al.
2012). The proportion of this biogenic pool that is regenerated, however,
depends on the selective grazing by microzooplankton. For example, Strzepek et
al. (2005) show that in the sub-Antarctic, only 25% of biogenic iron from pico-
phytoplankton was recycled (compared to 90% for bacteria) as a result of
grazing. Furthermore, the fate of this recycled iron, appears to differ between
herbivory and bacterivory pools. Such that a higher proportion (~3-fold) of
dissolved iron released during herbivory was taken up by the community
compared to that taken up from the bacterivory pool. This may indicate that iron
released by herbivory is more bioavailable to phytoplankton, but also that
bacterivory releases a higher proportion of iron than herbivory. When both iron
supply and demand are assessed, estimates suggest that iron regeneration
through grazing could supply 30 to >100% of biogenic iron demand in the sub-
Antarctic (Strzepek et al., 2005).

While this microbial recycling of iron maintains a large portion of the initial iron
pool in the surface mixed layer, much of it is likely to be unavailable to diatoms,
due to it being bound to strong ligands and the fact that diatoms have a lower
affinity for recycled iron relative to smaller cells (Boyd et al.,, 2012). Thus, the
efficient recycling and subsequent efficient uptake of regenerated iron by small
cells, may control diatom growth, particularly in the latter stages of a bloom, with
significant implications for biogeochemical cycling and carbon sequestration

(Finkel et al., 2010; Boyd et al., 2012).
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1.5 Phytoplankton physiology, community structure and their
role in the biological pump

Over millennia phytoplankton species have adapted to survive under certain
conditions. When these conditions change, becoming less favourable for a
particular species (e.g. light or nutrient limitation), another more resilient, well-
adapted species may gain a competitive advantage. Shifts in species dominance
modify the elemental composition of particulate material (Finkel et al., 2010),
define the dominant cell size and alter the pathway of primary production
through the food web. As such, community structure influences the proportion of
phytoplankton biomass exported to deep waters (Finkel at al, 2010). For
example, large cells are heavier, sink faster and are less prone to grazing and
therefore play a greater role in removing carbon from the surface waters, in the
form of POC. Conversely, smaller cells have slower sinking rates, are influenced
by higher grazing rates and are more likely to be consumed or remineralized in
the upper layers, so retaining carbon in the euphotic zone (Longhurst, 1991; Lal,

2008).

Phytoplankton communities in the Southern Ocean are largely dominated by
pico- (<2 pm) and nano- (2-20 um) phytoplankton, consisting of autotrophs,
bacteria and heterotrophic protists, which form what is known as the microbial
loop (Azam et al., 1983). New production and potential carbon export, however,
is characterized by large micro-phytoplankton (20-200 um) such as diatoms,
which are less abundant than small pico- and nano-plankton, but still play an
important role in the export of carbon due to their sheer size, affinity for forming
aggregates and resultant higher sinking rates (Smetacek, 1985; De La Rocha and
Passow, 2007; Richardson and Jackson, 2007). Phytoplankton adaptation and
diversification in the Southern Ocean, in response to the widely varying physical-
chemical regimes, has resulted in the highest percentage of endemism among
diatom species of any oceanic region (Priddle and Fryxell, 1985). Diatoms are
believed to be major contributors to carbon export in the Southern Ocean, but
this does not always apply. In general, large, heavily silicified diatoms are

thought to escape grazing pressure and effectively form aggregates due to chain
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forming tendencies and the common presence of spines/setae. This results in a
high proportion of living cells being removed from the surface oceans when they

die.

It has been shown that shifts in phytoplankton species dominance in Ross Sea
communities are driven by changes in MLD (Arrigo et al., 1999). Diatoms prefer
the highly stratified, high light, shallow waters (5-20 m) near the ice shelf, while
Phaeocystis antarctica dominates in areas of deeper mixing (25-50 m). The two
different communities have important implications for rates of primary
production, trophic webs and potential for CO2 drawdown. Diatoms are slower
growing than P. antarctica, resulting in lower production and carbon uptake
rates (56% more C taken up per mole PO4 by P. antarctica). Consequently, the
authors predict a decline in CO; drawdown with climate driven increases in
stratification, as a result of a shift to a more diatom-dominated community

(Arrigo et al,, 1999).

While species dominance can strongly influence phytoplankton cell size and
distribution, changes in cell size may also result from physiological responses to
environmental drivers (Finkel et al., 2010). There is a growing awareness for the
importance of defining phytoplankton community size distribution not only in
observational research but also in modeling (Doney, 1999), where size class
partitioning has been applied to phytoplankton communities in several
biogeochemical models (Armstrong, 1999; Doney, 2001; Denman, 2003).
Increasing observational studies, experimental research and biogeochemical
model development will lead to a sounder understanding of the response of
phytoplankton community size structure to different physical-chemical regimes
and predicted climate driven changes. This will enhance our knowledge of the
biological pump and the ocean’s proficiency as a continuing CO; sink (Kohfeld et

al,, 2005).
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1.6 Bio-optics as a tool for investigating phytoplankton
variability

The difficulties involved in collecting in situ observational data in the remote
Southern Ocean has rendered satellites an essential tool on the quest for a better
understanding of phytoplankton phenology and the drivers of variability (e.g.
Behrenfeld and Boss, 2003; Dierssen et al.,, 2006; Behrenfeld et al., 2009). In
order to exploit a wealth of remote sensing data (in the form of apparent optical
properties - AOPs) from a phytoplankton physiology and community structure
perspective, we need to first develop and be able to interpret relationships
between inherent optical properties (IOPs) and in situ observations of the
particle field, which ultimately drives the optical signal visible from space

(10CCG, 2006).

1.6.1 The underwater light field

Photosynthetically available radiation (PAR) is a measure of the irradiance (E)
available to phytoplankton within the water column. Irradiance, and hence PAR,
decreases exponentially with depth as a result of absorption and scattering by
suspended particles (e.g. mineral, organic and detrital), dissolved constituents
and the water itself (Morel, 1974). While the attenuation of light is rapid in the
upper 5-10 m, it becomes more constant below 10 m, where the spectral

distribution changes little with depth (Morel, 1974).

Roughly half the solar radiation in the infrared (>800 nm) is absorbed just below
the surface, where it is responsible for surface layer heating (Morel, 1974), but
becomes negligible below 1 m. The orange-red spectrum (600-700 nm) makes
up around 1/3 of the remaining solar radiation, but is quickly absorbed and
generally absent below 10 m. As a result, within the top 10 m, around 2/3 of total
solar radiation penetrating the sea surface is absorbed, which along with wind-
driven turbulence is responsible for the warm surface mixed layer - a vital pre-
requisite for primary production (Falkowski and Woodhead, 1992; Morel and
Antoine, 1994). Due to this strong absorption of light in the red wavelengths, the
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remaining light penetrating the ocean, which is then backscattered, is blue. This
backscattering of light is called upwelling irradiance (E.), and causes the ocean

to appear blue.

Phytoplankton utilize both upward (E.) and downward (E4) irradiance for
photosynthesis and possess specialized carotenoid-protein complexes in order
to absorb the green-blue wavelengths (400-550 nm) present below ~15 m in
clear waters. In addition to absorbing light for photosynthesis, phytoplankton
(being major contributors to the particle field of the open ocean) affect the
direction, quantity and spectral shape of the irradiance within the water as well
as the radiance transmitted back through the atmosphere where it is observed
by satellite-based sensors as water-leaving radiance (Lw). Remote sensing
reflectance (Rrs), the foundation of ocean colour radiometry (OCR), is equal to
upward water-leaving radiance divided by down-welling irradiance (Rrs = Lw/Eq)
(Figure 1.3), both of which depend on the wavelength, intensity and angular
distribution of light. These properties of reflectance, radiance and irradiance
along with the diffuse attenuation coefficient (how light changes with depth), are
defined as apparent optical properties (AOPs). AOPs inform us about the colour
and brightness of the ocean, how light changes with depth and describe the
angular distribution of light in the sea (Bernard, 2009). By accounting for the
effects of the atmosphere and ocean surface, and through the application of
inverse reflectance algorithms and radiative transfer equations, AOPs can be
linked to 10Ps (Figure 1.3), which tell us about the constituents of the water
(Preisendorfer, 1961; I0CCG, 2006). While measurements are relatively easy to

acquire, the interpretation of AOPs in terms of constituents is difficult.
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Figure 1.3 Diagram showing the interaction between light, the ocean and its
constituents. The various AOPs (irradiance, radiance and reflectance) and IOPs
(absorption, scattering and backscattering) are included. Figure reproduced from
Bernard (2009).

1.6.2 Inherent Optical Properties

Inherent optical properties are those properties of a medium that depend on its
composition (particulate, suspended and dissolved) but are independent of the
incoming light, and cause changes in light intensity, spectral composition and
angular distribution (Preisendorfer, 1961). There are two possible pathways of
light within water; it is either absorbed or scattered. Absorption results in the
loss of a photon, whereas scattering causes its re-direction. The two fundamental
IOPs are thus, absorption (a) and the volume scattering function (f). The
remaining IOPs; total scattering (b), backscattering (by) and beam attenuation (c
=a + b), are commonly derived from these two. Detailed descriptions of all IOPs
have been included below, however for this study only beam attenuation and

backscattering were measured.

1.6.2.1 Absorption

The absorption of light by water and its constituents (i.e. phytoplankton, detritus

and Gelbstoff) have differential effects on light across the visible spectrum (see
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Figure 1.4), with phytoplankton biomass and associated chl-a concentrations
influencing absorption to the first order (Prieur and Sathyendranath, 1981).
Specific absorption coefficients for phytoplankton types have been distinguished
from detritus and other components based on their distinct characteristics of
spectral shape (Morrow et al., 1989; Roesler et al., 1989; Sathyendranath et al,,
2004; Sathyendranath and Platt, 2007; see Figure 1.6 for example) and pigment
spectral properties (Bidigare et al., 1986; Barlow et al., 1993). Strong absorption
by particulate and dissolved constituents occurs in the blue wavelengths, while
the red wavelengths are dominated by the absorption of water and the second
smaller peak of chl-a at 670 nm (Figure 1.4). The strong absorption of pure water
in the red and near infra-red has an absorption co-efficient measured at 0.015 m-
1, coloured dissolved organic matter (CDOM) or ‘Gelbstoff’ absorbs strongest
around 440 nm, at 0.05 m-1; Phytoplankton specific absorption peaks at around
440 nm and ranges from 0.025 m1 mg Chl-a-1 in productive waters (1 mg Chl-a
m-3) to 0.005 m-! for unproductive waters (0.2 mg Chl-a m-3). Detritus (from the
breakdown of phytoplankton), absorbs much like Gelbstoff but with some
additional shoulders due to the breakdown of phaeopigments (see Falkowski

and Woodhead, 1992).
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Figure 1.4. Mean spectral absorption by phytoplankton (&), Gelbstoff (g), detritus (d)
and pure water (w) - in Smith and Baker (1981). Figure reproduced from Roesler et al.
(1989).
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1.6.2.2 Scattering & backscattering

Scattering by water occurs equally in all directions - unlike by particles where
0.1-2% of scattering occurs at > 90 ° (Morel, 1974) - but overall has a very small
impact on the light field when compared to absorption. Backscattering, which is
roughly equal to half of scattering, makes a significant contribution to the
upwelling irradiance that is observed by ocean colour sensors (Falkowski and

Woodhead, 1992).

The backscattering coefficient (by) is not affected by dissolved constituents and
thus is equal to the sum of backscattering by particles (byp) and that of water

(bw) (IOCCG, 2011), expressed as:

bb(A) = bpw(A)+bp(A)

where A is the wavelength of irradiance measured (i.e. at 470 nm and 650 nm in
this study). By accounting for byw an estimate of particle concentration, can be

attained from bpp.

Backscattering by pure water is strongest in the blue wavelengths, while
particles backscatter stronger in the red (Morel, 1974). Such that, increased
particle concentrations may be associated with higher backscattering in the red
wavelengths, however, this is strongly dependent on particle size, shape and
composition (e.g. organic vs mineral). For example, spectral by, may also provide
a proxy for particle size, which has been shown using remote sensing reflectance
data (Loisel et al., 2006; Kostadinov et al., 2009) and spectral by, from glider data
(Niewiadomska et al., 2008).

1.6.2.3 Beam attenuation

Beam attenuation may be described as the loss of light energy, due to a
combination of absorption and scattering, as it propagates through a medium.
The beam attenuation coefficient, ¢ (m-1) measured using a transmissometer, is

thus a measurement of the loss of photons as a beam passes through a known
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path length of water (further discussed in Section 2.2.8.1). Once the effect of
seawater has been removed, c gives an indication of the concentration of
dissolved and suspended material in the water (IOCCG, 2011). For example, in
highly productive or murky waters, measurements of c will be higher than in
clear waters. In Case I waters, which are generally defined as open ocean waters
where the concentration of phytoplankton is higher than that of other particles
(Morel and Prieur, 1977), such as in the Southern Ocean, phytoplankton are
considered the primary determinant of changes in the attenuation of light
through the water column. (Bishop, 1999; Behrenfeld and Boss, 2003).
Particulate beam attenuation or cp, can thus be used to determine the
concentration of phytoplankton cells, and their associated detritus, within the

water.

The spectral shape of beam attenuation varies with particle size, while
differences in shape and roughness (Pak et al., 1970) increase the observed
effective size of particles. Thus, a linear relationship between ¢, and particle
concentration will only result when the combined effects of size, shape and index

of refraction are negligible (Baker and Lavelle, 1984).

1.6.3 In situ I0OPs and the impacts of POC and phytoplankton cell size,
species dominance and physiology

Linking IOPs to in situ measurements of particulate organic carbon (POC) and
phytoplankton cell size, species dominance and physiology is important because
a significant relationship between these parameters will enable the use of bio-
optical data (in situ, autonomous platforms and remote sensing observations) to
infer POC and phytoplankton community structure and physiology. As a
consequence, the retrieval of high-resolution biogeochemical data from these
bio-optical platforms will provide us with a better understanding of

phytoplankton dynamics over broader spatial and temporal scales.

By quantifying phytoplankton community structure and their key physiological

responses (e.g. cell size, functional type, elemental stoichiometry) to
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environmental forcing, which in turn effect marine food-webs and the carbon-
climate system (Finkel et al., 2010), we may better predict marine ecosystem
responses to environmental and climate change. Developing the parameters that
define these phytoplankton characteristics, through the application of I0Ps as
proxies, will improve our ability to observe not only the variability in
phytoplankton biomass but may also provide detailed information on the cell
size distribution, species composition and elemental stoichiometry of the
phytoplankton community. These physiological traits may potentially constrain
phytoplankton growth rates, food web structure and biogeochemical cycling of
carbon (Finkel et al, 2010). Thus, understanding their response to climate
change will improve our understanding of the biological pump and the oceans
role as a long-term CO; sink (Kohfeld et al., 2005). Furthermore, the use of IOPs
as proxies will enable us to explore the intricacies of phytoplankton dynamics
across oceanic ecosystems, over decadal time scales (remote sensing) and at high

frequency in both time and space (autonomous floats and gliders).

Previous studies have shown strong relationships between I0Ps and the
concentration and size distribution of particles (Baker and Lavelle, et al., 1984;
Boss et al., 2001; Coitti et al., 2002). While yet others have used IOPs to infer
physiological responses to nutrient and light limitation (e.g. Behrenfeld et al,
2009), derive information about phytoplankton functional types (e.g. Bricaud
and Stramski, 1990, 1995) and estimate bulk measurements of particulate
organic carbon (POC) (Gardner et al., 2001). The significance of this study lies in
the application and interpretation of these existing IOP-phytoplankton
relationships using a small dataset from the Weddell Gyre. Thus contributing to
the development of regional specific empirical relationships, which will provide a
high-resolution, broad-scale method for investigating the variability of
phytoplankton biomass, community structure and physiology. Finally, the
interpretation of these relationships, within the context of the distinct
hydrographic and nutrient conditions for the current dataset, aims to provide

insight into the drivers of the observed variability within the Weddell Gyre.
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1.6.3.1 10Ps and Particulate Organic Carbon

It is assumed that, in the open ocean, phytoplankton and their related materials
are the primary determinants of the particle field (i.e. the contribution by
mineral particulates is negligible) (Morel, 1974; Eppley et al., 1992; Green and
Sosik, 2004). While particle concentration influences I0Ps to the first order
(Bishop, 1999); the size and packaging (e.g. pigment content, degree of
aggregation and fluid content), composition (e.g. soft mucilage structure versus
carbonate or calcite frustules) and structural characteristics (e.g. shape and
surface roughness) of the particles also contribute to variations in the optical
signal (Stemman and Boss, 2012). Because particle concentration has the
strongest impact on I0Ps, in waters where phytoplankton are the dominant
particulate constituent, POC concentration and the associated IOP

measurements, co-vary across a wide range (Stemman & Boss, 2012).

In a study based on data from the Ross Sea and Antarctic Polar Frontal Zone
(APFZ), Stramski et al. (1999) found that particulate backscattering (byp) was
well correlated with POC, however the relationship differed between regions,
which they suggest was due to differences in community structure. The
relationship between beam attenuation (cp) and particulate matter however,
proves more robust (Bishop, 1999; Claustre et al., 1999) and has been applied to
a wide range of data across many oceanic regions. The global review of ¢, and
POC data by Gardner et al. (2001) suggests that although variations occurred
between regions, a strong relationship holds over a wide range of hydrographic

regimes.

It must be noted here, however, that although measurements of POC from ¢, are
superior to those from by, the sensors for the latter are smaller, cheaper and
more easily attached to autonomous floats and gliders, resulting in a far higher
abundance of by data relative to c;. For this reason, bp-derived POC still provides

an important contribution to global datasets.

Ultimately, these empirical relationships between I0Ps and the particle field can

be applied to satellite ocean colour data, thus enabling broad-scale, year-round
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monitoring of phytoplankton POC dynamics (e.g. Stramski et al, 1999). While
estimates of carbon export are not yet retrievable from satellite-based sensors,
broad-scale measurements of depth-integrated POC have been obtained from
remote sensing reflectance, linked to IOPs (Stramski et al, 1999). These
measurements have been used to calculate not only regional and seasonal
estimates for POC but more recently estimates for the global ocean (Stramski et
al., 2008). This ability to observe broad-scale variability in the particle field and
calculate global estimates of POC concentration provides a valuable technique for
quantifying carbon fluxes, identifying potential CO; ‘source’ and ‘sink’ regions
and improving our understanding of the global ocean carbon cycle. To estimate
potential carbon export from remote sensing data, however, requires a sound
understanding of how phytoplankton community structure and physiology
impact AOPs. This in turn relies on the continued development of robust

empirical relationships between 10Ps, community structure and physiology.

1.6.3.2 10Ps and Particle Size

While particle concentration influences 10Ps to the first order, particle size and
packaging (degree of aggregation & fluid content), composition (e.g. soft
mucilage structure versus carbonate or calcite frustules) and structural
characteristics amount to additional variations in the optical signal (Stemman
and Boss, 2012). IOPs are predominantly influenced by particles within the ~0.2-
20 pum size range (Morel, 1974; Stramski and Kiefer, 1991; Boss et al., 2001,
Bricaud et al,, 2004), which corresponds to the phytoplankton community from
pico- to nano-phytoplankton. The strongest influence however, is exerted by
cells in the smallest (0.2-2 um) size class (DuRand and Olson, 1996; Dall’Olmo et
al,, 2009). Variations in particle size, and thus the volume to area ratio, influence
the spectral slope between the absorption peaks in the blue (~450 nm) and red
(~670 nm) wavelengths (Pak et al., 1970; Ciotti et al.,, 2002; Figure 1.5). In
addition, surface roughness and complex cell shape increase the observed
effective size of particles. Thus, the effects of size, shape and index of refraction
are important to consider in the relationship between I0Ps and particle

concentration (Baker and Lavelle, 1984; Clavano et al., 2007).
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The I0P-particle size relationship has been established using both absorption
(Ciotti et al., 2002) and beam attenuation (Baker and Lavelle, 1984; Boss et al,,
2001; Oubelkheir et al., 2005), which show a strong influence of cell size on
spectral shape. Small particles tend to result in a steep slope (thin line) between
~450 nm and ~670 nm, which becomes flatter (thick line) as particle size
increases (Coitti et al., 2002; Figure 1.5). While algal absorption is characterized
by the two peaks at ~450 nm and ~670 nm, the effects of pigment composition
and the “package effect” (Morel and Bricaud, 1981) are both reduced at 670 nm
(Bricaud and Stramski, 1990). The impact of changes in cell size and intra-
cellular pigment concentrations therefore increases the “package effect”, causing
changes in the spectral shape of absorption (as well as beam attenuation)
especially at ~450 nm (Bricaud and Stramski, 1990), where larger peaks are

associated with small cells and high pigment concentrations.

3.0 Averages
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Figure 1.5 Averages of the spectral shape of phytoplankton absorption coefficients for
different size ranges from smallest to biggest: picoplankton (0.2-2 pm), ultraplankton
(2-5 pm), nanoplankton (5-20 pum) and microplankton (20-200 pm). Lines indicate the
differences in spectral slope between the smallest (pico—) and largest (micro =)
phytoplankton cells. Figure reproduced from Ciotti et al. (2002).

The inversion method of estimating particle size distribution (PSD) from optical
properties has been applied using various techniques (Boss et al., 2001; Jonasz

and Fournier, 2007; Hirata et al., 2008; see Review by Stemman and Boss, 2012).
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For example, Agrawal and Pottsmith, (2000) used measurements of near-
forward scattering and applied them to a wide range of particle sizes to create
PSDs for in situ and laboratory particle suspensions. Other studies, however,
created PSDs using spectral characteristics of size distributions (Van de Hulst,

1981) based on in situ Coulter counter data (Boss et al., 2001).

In the Southern Ocean, which suffers from consistent under-sampling, satellite
observations provide a valuable opportunity to develop broad-scale, ecosystem-
appropriate products for investigating cell size variability (Coitti et al.,, 1999;
Roesler and Boss, 2003; Ciotti and Bricaud, 2006; Loisel et al., 2006; Kostadinov
et al., 2009; Briggs et al., 2011; Ferreira et al., 2013). In the study by Ferreira et
al. (2013), for example, the authors examined a bloom with chl-a concentrations
spanning two orders of magnitude and found that size structure, along with the
co-variation of accessory pigments, played an important role in determining the
variability in the IOP signal (Ferreira et al., 2013). These links between satellite
AOPs, IOPs and in situ particle structure provide a tool to monitor phytoplankton
regime shifts, which ultimately drive changes at higher trophic levels and the

potential for carbon export (Finkel et al., 2010).

1.6.3.3 10Ps, Species Dominance and Physiology

The link between the in situ phytoplankton community and ocean colour has
previously been used to investigate phytoplankton functional types (Ciotti et al.,
1999; Sathyendranath et al., 2004; Dierssen et al 2006; Alvain et al, 2008;
Kostadinov et al., 2009; Kowalczuk et al. 2010) and physiological responses to
environmental conditions (Behrenfeld et al., 2009; Behrenfeld and Milligan,
2013) with compelling results. In one study, variations in fluorescence from
satellite observations were linked to light and nutrient limitation, providing
insight into the physiological responses of phytoplankton to light, iron and
nutrient stress (Behrenfeld et al., 2009). The ability to observe broad-scale
physiological changes and community shifts from space contributes to a better
understanding of the factors driving these changes, and is vital for improving the

predictive capacity of global ocean models (Stemman and Boss, 2012).
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Variability in phytoplankton abundance, size distribution, community
composition and associated pigment content are all important factors influencing
[IOPs. While increases in the “package effect” (Morel and Bricaud, 1981) may
occur due to changes in size alone, variations in both size and pigment
concentration and composition, occur as a result of changes in species structure
(Bricaud and Stramski, 1990). Differences in absorption properties between
phytoplankton species types, as a result of the proportional differences of
intracellular chl-a and accessory pigments (Barlow et al., 1993; see Figure 1.6),
have been used to identify phytoplankton species types (e.g. Barlow et al., 2002,
Ferreira et al., 2013). These differences result in distinct absorption spectral
shapes and peak heights at ~450 nm and ~670 nm spectra, which are clearly
visible in mono-specific cultures (Roesler, 2013). The highest absorption peaks
are associated with dinoflagellate and premnesiophyte species, which differed
slightly in spectral shape and peak height, while cyanophyte species have equally
high absorption at ~450 nm but significantly lower absorption at ~670 nm. In
addition to species-specific spectral shapes, variations in peak heights within a
single species may reflect changes in biomass as well as responses to changing
conditions. For example, diatoms grown at high light intensities display higher
absorption peaks in both the blue and red wavelengths, than those grown at low

light (Figure 1.6).
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Figure 1.6 An example of absorption spectra for different monospecific phytoplankton
cultures. Note the difference between diatoms grown at different light levels. Figure
reproduced from Roesler (2013).
http://www.oceanopticsbook.info/view/absorption/absorption_by_oceanic_constituents

Phytoplankton cells respond to changes in nutrient concentrations, light
intensity and temperature through physiological adaptations (Davidson, 1991;
Behrenfeld et al., 2006; Moore et al., 2007a; Behrenfeld et al., 2009; Strzepek et
al, 2012). These physiological responses result in a non-linear relationship
between chl-a and carbon content in the euphotic zone (Geider et al., 1998;
Behrenfeld and Boss, 2003; Armstrong, 2006). For example, changes in
intracellular pigment concentration occur under varying light environments
through the process of photo-adaptation (Bricaud and Stramski, 1990). This is
observed through increases in pigment concentration, which improves a cell’s
ability to absorb light (Behrenfeld and Boss, 2003), in response to decreasing
light availability with depth. Consequently, chl-a to carbon (Ch:C) ratios are

observed to increase with depth.
Latitudinal variations in light intensity dictate that mean light availability

decreases with increasing latitude. This in combination with the

characteristically deep mixed layers of the Southern Ocean means that
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phytoplankton in the high latitudes are often exposed to low light levels.
Phytoplankton tend to acclimatize to their environments such that intermittent
exposure to high light intensities causes photo-inhibition in these low-light
adapted phytoplankton (Strzepek et al, 2012). Under these conditions cells
quickly become light saturated and may respond by reducing their intracellular
chl-a concentration and/or actively dispersing the excess light energy to avoid
cellular damage (Behrenfeld et al, 2009). Furthermore, intracellular iron
concentrations and iron:carbon ratios are known to increase in temperate
diatom species in response to decreasing irradiance. In contrast, a study by
Strzepek et al. (2012) found that Southern Ocean species maintain relatively low
intracellular iron concentrations and iron:carbon ratios, which decreased or
remained the same with decreasing light conditions. Thus, suggesting that
Southern Ocean species have overcome the limitation of iron and light at high
latitudes by employing an acclimation strategy that does not require an increase
in cellular iron, i.e. increasing the size, instead of the number, of photosynthetic

units under low light conditions (Strzepek et al., 2012).

In the HNLC waters of the Southern Ocean, the co-limitation of light and iron
drive physiological responses in phytoplankton (Moore et al.,, 2007a). Such that,
low chl-a concentrations (observed using in situ or satellite fluorescence) that
are coincident with shallow MLDs suggest that phytoplankton are not primarily
light limited, but rather iron limited (see review De Baar, 1994; Behrenfeld et al.,
2009). Physiological responses to limiting iron concentrations have been linked
to changes in photosystem stoichiometry and an over-expression of pigment-
protein complexes (Behrenfeld et al, 2008), as well as a reduction in
photosynthetic efficiency measured using fast repetition rate fluorometry
(Behrenfeld et al., 2006; Moore et al.,, 2007a). As a consequence, Moore et al,,
(2007a) reported low Chl:C ratios under iron-limiting conditions (~0.010 g g'1),
while ratios more than doubled under iron replete conditions (~0.025 g g1).
Similar physiological responses have been detected using satellite fluorescence
data (Behrenfeld et al., 2009), which can provide a valuable instrument for

observing physiological responses to iron stress across the global ocean.
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By examining the variability in Chl:C ratios using the ratio between fluorescence-
derived chl-a and c,-derived POC, we may infer the physiological responses of
phytoplankton to variations in light intensity and iron availability (Behrenfeld
and Boss, 2003; Behrenfeld et al., 2009), while also exploring the effects of

changes in community structure (Bricaud and Stramski, 1990).

Although the link between remote sensing and carbon export is still lacking,
these phytoplankton-IOP-satellite links give us the ability to make broad-scale
observations of phytoplankton physiology and community structure, while
providing insight into the environmental factors driving variability in
production, distribution and potential carbon export rates. The development of
these connections however, is still in its infancy and validation using in situ

physiological and optical observations is desperately needed.

1.6.4 Research Goals and Aims

A better understanding of the factors that determine phytoplankton abundance,
community structure and physiology are essential to improving our ability to
predict the continuing role of the Southern Ocean as an efficient COz sink. Due to
the remote, tempestuous nature of the region satellites and autonomous
platforms are increasingly being utilized as platforms for observing
biogeochemical variability through ocean colour radiometry algorithms linked to
I0Ps. This reliance on remote sensing data necessitates the validation of these
relationships using in situ I0Ps linked to discrete biogeochemical measurements,

phytoplankton physiology indices and community size structure data.

This project contributes to research carried out by the Southern Ocean Carbon
and Climate Observatory (SOCCO) and is based on data collected in the Weddell
Gyre during the SANAE50 (50t South African National Antarctic Expedition)
cruise aboard the SA Agulhas in the Austral summer of 2010-2011. In this study,
the relationships between I0Ps and POC, phytoplankton biomass, cell size,
species composition and physiology are investigated. These relationships are

applied to produce high resolution sections of POC, cell size, and Chl:C ratios, to
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explore the variability of phytoplankton biomass, community structure and
physiology across the study region. Finally, these sections are interpreted within
the context of the different hydrographic and nutrient environments, with the
aim of investigating the causative factors driving the observed patterns of
phytoplankton variability. Coupled with measurements of N uptake, these
sections were ultimately used to infer regions of enhanced new production and

increased potential carbon export.

The three main aims of this study are as follows:

Aim 1: To investigate how variability in IOPs can be explained by changes in POC
and phytoplankton community structure (with regard to cell size, species

dominance and physiology)

Aim 2: To apply the relationships developed in Aim 1 to explore variability in
POC, phytoplankton cell size and physiology in the Weddell Gyre.

Aim 3: To interpret the observed variability of POC, phytoplankton, size
structure, species dominance, physiology, primary production and carbon export

in relation to their physical and chemical controls.

Addressing these three aims in the context of the Weddell Gyre, will act as a
preliminary assessment of the first of many bio-optical surveys to be carried out
by SOCCO, in this infrequently sampled region of the Southern Ocean. It is
expected that the relationships developed here will provide the building blocks
onto which further research, with a growing array of data (from more advanced
instruments), may be built. This study will address these aims in the following
chapter, which will begin with an introduction to the Weddell Gyre region,
followed by a description of the material and methods used in this study and
then a presentation of the results. The chapter will close with a discussion of
each of the three aims, with Aim 3 discussed in the context of defined
hydrographic regions, which are based on observations from this study, as well

as supporting material from previous work.
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Chapter 2 A bio-optical approach to phytoplankton community

structure, physiology and primary production in the
Weddell Gyre

2.1 Introduction

The region of this study focuses on the western region of the Weddell Gyre (see
Figure 2.2.1), located in the South-West Atlantic sector of the Southern Ocean
between the Southern Boundary of the ACC (~60 °S) and the sea ice zone (~70
°S). The wind-driven cyclonic circulation of the Weddell Gyre results in eastward
transport of water along the northern limb, while westward transport along the
Antarctic continental shelf forms the southern limb. The circulation of the gyre
drives divergence in the center, and the resultant Ekman transport causes
upwelling of sub-surface water across much of the Weddell Abyssal Plain
(Bakker et al., 2008). These upwelling circumpolar deep waters are high in
nutrients and dissolved inorganic carbon (Hoppema et al., 1997; Bakker et al.,
2008), which has been shown to drive pronounced phytoplankton blooms (e.g.
Moore and Abbott, 2000). Seasonal ice coverage, which strongly influences
biogeochemical cycling and potentially the availability of iron (Smith and Nelson,
1986; Moore and Abbott, 2000), is an important feature of the Weddell Gyre
region. The seasonal fluctuation of ice formation and retreat is most pronounced
towards the east where the hydrography is highly dynamic, compared to the
largely perennial ice cover found in the far west, along the Antarctic Peninsula
(Bakker et al., 2008). The inter-annual variability of the ocean-atmosphere-ice
system is highest at the northern (circumpolar) rim and strongly linked to global

climate forcing (Martinson and lannuzzi, 2003).

The response of phytoplankton dynamics to this spatial, seasonal and inter-
annual variability has not been well documented due to the paucity of
biogeochemical observations in this region (particularly in winter), highlighting
the importance of local-scale repeat observations, particularly in areas of high
variability. Recent work by Marinov et al. (2006) revealed that increasing

nutrient uptake and carbon fixation by phytoplankton in spring and summer was
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linked to high potential carbon export to the deep ocean. As such, this region
provides an important area to investigate the relationships between
phytoplankton community structure, primary production and carbon export in
response to predicted increases in stratification and shoaling of the mixed layer
(i.e. reduction in vertical nutrient transport) associated with climate change

(Sarmiento et al., 2004a; Bopp et al., 2005).

This study, links inherent optical properties (IOPs) to particulate organic carbon
(POC), phytoplankton community structure (size distribution and species
dominance), physiology and primary production and in so doing aims to provide
a broad-scale observation tool for investigating phytoplankton variability and

carbon export in this important region of the Southern Ocean.
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2.2 Study Site

This research focuses on a high-resolution CTD Transect across the Weddell
Gyre, which commenced to the east of the South Sandwich Islands (58.5 °S; 25
°W) on 13t January 2011, continuing in a southeasterly direction, ending at the
Antarctic Shelf (70.5 °S; 7.9 °W) on the 20t January 2011 (Figure 2.2.1). The
high-resolution survey consisted of 42 CTD stations (20 nm apart), with an
Underway CTD (UCTD) cast between each CTD, thus increasing the resolution of
the physical data (Temperature and Salinity) to every 10 nm. The result was a
detailed hydrographic, biogeochemical and bio-optical transect across the

Weddell Gyre.
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Figure 2.2.1 Bathymetry map of the study region showing all 42 stations along
the CTD Transect. Primary productivity stations are marked with stars.
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2.3 Methods

2.3.1 General Hydrography

A Sea-Bird SBE 9 CTD, mounted on a steel frame with a rosette of 24 Niskin
bottles (12 L), was used to carry out high resolution hydrographic, bio-optical
and biogeochemical measurements from the surface (5 m) to 500 m (250 m at
the shelf). Data recovered included continuous measurements of temperature,
salinity, density, oxygen, fluorescence, beam attenuation and backscattering.
Continuous measurements were processed using the Seasave Win32 V 5.39c
software package, which averaged the data for each cast into 1 m bins. Discrete
water samples were collected from the up-cast of each profile to measure
ambient concentrations of nutrients (nitrate, silicate, phosphate), chlorophyll a
(chl-a) and particulate organic carbon (POC). In addition, water was collected for
the measurement of >N primary production and size-fractionated chl-a at four

stations (see Figure 2.2.1 and Table 2.3.1).

2.3.2 Water Masses, Mixed Layer Depth and Stratification

Water masses and front positions were defined using temperature, salinity and
density characteristics together with prominent features in the hydrographic

profiles, following the methods described in Orsi et al. (1995).

Mixed layer depth (MLD) was calculated using temperature measurements from
combined CTD and UCTD profiles. A reference depth of 16 m (instead of 10 m as
in De Boyer Monte’gut et al., 2004) was chosen to ensure instrument stability
and assumed the MLD was always deeper than this reference depth. The MLD
was defined as the depth where the temperature deviation from the reference

was >0.2 °C.

The stability of the water-column, represented by the Brunt Vaisdla frequency

(N2), was used to describe the degree of stratification in the upper ocean:
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NZ=-g/p*(dp/dz) (1)

where g is observed gravity, varying with latitude between 9.818 (58 °S) and
9.826 (70 °S); p is density and dp/dz is the change in density with depth.

2.3.3 Nutrients

Macronutrient samples were collected at varying depths down to 500 m (10-12
depths) at each CTD station. Nitrate (NO3), Silicate (Si04) and Phosphate (PO4)
concentrations were measured on-board within 24 hours of collection. Due to
limited chemical supplies however, SiOs samples were hand filtered through
polycarbonate filters, frozen immediately and analyzed post-cruise at the
University of Cape Town (UCT) Oceanography Laboratory. NOs, SiO4 and PO4
were determined using a Lachat QuikChem 8500 Series 2 Flow Injection

Analyzer using the following spectrophotometric methods:

NO3 was determined based on the methods of Armstrong et al. (1967) and
Grasshoff (1983), which involves the reduction of NO3 to NO: by treating the
sample with ammonium chloride and passing it through a cadmium column filled
with copper-coated cadmium filings. The sample was then treated with
sulphanilamide, which caused the NO:z to form a diazo compound and
subsequently with N-(l-naphthyl)-ethylenediamine, producing an intense pink
dye. The concentration of NO2 was determined colourimetrically at 543 nm
(Riley and Chester, 1971), while the concentration of NO3 was calculated by the

difference between the initial and reduced NO; fractions.

SiO4 was determined following the method of Grasshoff (1983), which involved
the reduction of silicomolybdate to molybdenum blue by treating the sample
with oxalic acid, followed by ascorbic acid. The concentration of SiOs was

determined colourimetrically at 820 nm.

P04 was determined using the method described by Murphy and Riley (1962),

which involved the reaction of orthophosphate, molybdate ion and antimony ion

52



and the subsequent reduction to blue phospho-molybdenum complex by adding
ascorbic acid. The concentration of the complex was determined

colourimetrically at 880 nm.

Ammonium (NH4) and urea were determined manually on board according to
the spectrophotometric methods described by Grasshoff et al. (1983) and
Parsons et al. (1984), but scaled to 5 ml samples. Concentrations of NH4 and
urea were only measured for selected stations corresponding to primary
production stations to estimate 1°N spike addition concentrations at ~10% of the
ambient concentration. On board analysis of NH4 using the indophenol-blue
method (Grasshoff et al.,, 1983), however, produced inconsistent results, and thus
spare water samples were filtered through Whatman 25 mm GF/F filters and
frozen and re-run back at UCT using the OPA fluorometric method as described

by Holmes et al. (1999).

The OPA method involved the use of a single stable working reagent consisting of
solutions of sodium sulfite, borate buffer and OPA. The working reagent was
added to 50 ml samples and left in the dark for 2-3 hours. Concentrations were
determined fluorometrically using a Turner Trilogy Laboratory Fluorometer. The
method also involves the quantification of background fluorescence (caused by
substances in the sample that auto-fluoresce) and matrix effects (due to the
reaction of the sample to OPA). This simplified technique provides more precise
measurements over a wide range of concentrations (Holmes et al,, 1999) and
solves many of the analytical issues that are associated with the indophenol blue

method (Grasshoff et al., 1983).

2.3.4 Chlorophyll a

Chl-a concentration was measured at 7 different depths down to a maximum of
250 m, of which five measurements were within the euphotic zone, as defined by
the 1% light depth. These were chosen to capture the surface (surf), chl-a
maximum (chl-max), thermocline (therm) and bottom of chl-a maximum (bot.

chl-max), as well as the potential carbon export (export) depth at ~100-250 m.
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All sampling depths were defined using the downcast fluorescence and
temperature profiles. It ought to be noted, however, that although the chl-max
sample was labeled as such, there was never a significant sub-surface
fluorescence max to speak of. Thus the chl-max sample was simply retrieved

from the middle of the observed high chl-a layer.

To recover chl-a pigment, samples of 250 ml were filtered onto Whatman 25 mm
GF/F filters and extracted in 8 ml 90% acetone for 12-24 hours in the freezer.
Chl-a absorbance was measured on a Turner Trilogy Laboratory Fluorometer
and converted to concentration (pug Chl I’ = mg Chl m-3) using the calibration

equation below:

chl-a =acn X b X (vole /vols) (2)

where acy is the measured absorbance, b is the calibration factor = 0.0941
(calculated from a dilution series of chlorophyll-a standard) and vole and vols are

the volumes of acetone and sample respectively.

2.3.5 Fluorescence

Raw chl-a profile fluorescence was measured by a Wetlabs ECO-AFL/FL
Fluorometer mounted on the CTD during all casts. All fluorescence values were
dark corrected by subtracting an average dark value calculated from the
fluorescence >400 m. While no living phytoplankton were present below 400 m,
very low measurements of fluorescence were observed, assumed to be the
background fluorescence of the water (see Sackmann et al., 2008 for further
fluorescence considerations). A calibration curve (Figure 2.3.1) of profiled
fluorescence and extracted discrete chl-a at concurrent depths was used to
convert profiled fluorescence into chl-a units of pg I-1. Fluorescence instrument
sensitivity allowed for a minimum measurement of 0.02 pg Chl-a 11, thus all

calculated concentrations below this were considered zero.

54



4,5

y =0,682x .
2 o
R?=0,852 .

Chlorophyll (ug %)

Fluorescence (RFU)

Figure 2.3.1 Calibration plot of raw fluorescence (RFU) and chl-a (pg I'1) for all data pairs
along the CTD Transect (n = 293). The trend line was forced through zero; the resultant
equation and r2 are shown. Fluorescence was corrected for surface quenching following
Sackmann et al. (2008).

Surface fluorescence measurements during the day under-estimated chl-a
concentrations as a result of cellular quenching under high light conditions
(Falkowski and Kolber, 1995; Sackmann et al., 2008). Phytoplankton cells under
high irradiances become light saturated and so disperse excess energy to avoid
cell damage, thus reducing their measured fluorescence. Under these conditions,
cellular fluorescence is not proportional to chl-a concentration. As a
consequence, a quenching correction (QC) was applied as described by
Sackmann et al.,, (2008), which employs the ratio between dark (below 300 m)
fluorescence and backscattering (fl:by). The following equation was used to

correct for quenching within the euphotic zone:

QC-fluorescence = by(ss0) % fl:bp (3)

where bysso) is backscattering at 650 nm and fl:by is the maximum fluorescence

to bpsso) ratio in each profile. The equation was applied to all measurements

shallower than the fl:b, to correct for surface quenching. This assumes that the
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fluorescence to backscattering ratio is constant in surface waters and that
variability due to cell size, cell shape and chl-a packaging are negligible

compared to cell concentration (Sackmann et al., 2008).

2.3.6 Particulate Organic Carbon

POC samples were collected at five variable depths, which were chosen to
capture the surf, chl-max, therm and bot. chl-max, as well as the export depth at
~100-250 m. Samples of 1 L were filtered onto pre-combusted 47 mm
Whatmann GF/F filters, then frozen at -20 °C immediately after filtration. After
drying and pelleting the filters (see details below), POC samples were analyzed
using a CHN Analyzer in the UCT Archaeometry Laboratory within 12 months of

collection.

In preparation for analysis, frozen filter samples were dried for 3 hours at 50 °C,
acidified by fuming with 10% HCI for 24 hours to drive off inorganic carbon (e.g.
carbonate shells of coccolithophores and foraminifera) and then re-dried in the
oven for 3 hours at 50 °C. Because of the 47 mm size of the filters and constraints
on the amount of filter material that could be run on the CHN analyzer, filters
were sub-sampled by randomly punching out six small (4 mm in diameter) discs
from the filtered sample area, which were then inserted and pelleted into 5x8
mm tin capsules. The proportion of particulates captured in this way was
calculated from the ratio between the filtered area and the total area of the
punched sub-samples. Due to the above restrictions only 21-40% of the total
particulate filtered area per sample was captured by the pelleting procedure and

analyzed.

The concentration of POC was determined by sample filter combustion via
standard CHN analysis (Parsons et al, 1984; Knap et al, 1994). These
concentrations were divided by the percentage area punched and the volume
filtered to calculate total POC I'? for each sample. Clearly, calculated POC 1-1 will
be subject to sampling errors associated with uneven distribution of particulate

matter on the filter that forces biased sub-sampling during punching. The %
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error involved in this procedure, however, was not quantified by carrying out
repeat measurements of several samples, but it is recommended for future

studies to do so.

Two sets of standards were used to calibrate the data and check for instrument
drift. Pre-combusted filters through which no water had been filtered were used
as blanks, which were run on the CHN analyzer after every 20 POC samples. To
correct for possible background POC concentrations associated with the filters
(see Bishop, 1999), an average blank value (3+0.4 pmol C 1I'1) was subtracted
from each POC sample to provide a blank-corrected concentration (umol C I'1 =

mmol C m3).

2.3.7 Phytoplankton Enumeration

Water samples (200 ml) for microscopy were collected at three depths (surface,
chl-max and thermocline) at every CTD station. Sample depths ranged from 5-10
m (surface) to 60 m (deepest thermocline). Samples were placed into amber
glass bottles with plastic lids to which 4 ml dilute alkaline Lugol’s solution (see
Appendix 1 for reagent list) was added as a preservative. Bottles were stored in
the dark until examination was carried out ashore. The author counted and
identified the phytoplankton assemblages for 17 selected samples within 18
months of collection. It is possible that some degradation of cells may have
occurred between collection and analysis, which could have created quantitative
errors. For example, soft-bodied cells (e.g. naked flagellates) and colonies (e.g.
Phaeocystis antarctica) rapidly deteriorate or break apart in preservative (see

Schoemann et al., 2005) and thus are not well represented in cell counts.

2.3.7.1 Microscopy Cell Counts and Size Calculations

Cell counts were made by inverted light microscopy. To do so, samples were
gently inverted and mixed continuously for 2 minutes to evenly redistribute the

cells. Sub-samples of 25 ml or 50 ml were then settled in settling chambers
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(Hydro-Bios, Duncan and Associates, UK) for 24 hours and examined on an
Olympus XI50 inverted light microscope at x50 and x100 magnification (after
Hasle, 1978). Large and relatively rare cells were counted during a full
examination of the chamber, while small and relatively abundant cells were
counted in 2-3 transects (after Poulton et al., 2007). Species were identified as
far as possible following Priddle and Fryxell (1985) and Tomas (1997). Cells < 5
um, could not always be identified to species level or even functional group,

while cells < 2 um were not clearly visible and thus not counted.

Phytoplankton cells were counted, their dimensions measured and identified to
species or functional group as far as possible. Cell concentration (cells I'1) was
calculated by accounting for the volume settled, the size of the settling chamber
and the area counted. Cell dimensions included length, breadth and where
possible depth (which was otherwise extrapolated from similar cell shapes that
were accurately measured). These dimensions were used to calculate cell volume
using either the equation for a cylinder or a sphere. It must be noted that this
step has a high potential for error (~50%) as a result of applying simplified
geometric shapes to a range of complex cell structures, but it has been
successfully used to calculate cell size distributions from microscopy data in

previous studies (Poulton et al., 2007).

Cell volume was converted to equivalent spherical diameter (ESD) for each cell
to calculate the cell size distribution of each sample. To characterize each
community by ‘dominant cell size’, a community size parameter, ESDw, was
calculated using the mean ESD weighted by cell concentration (cells 11).
Previously, effective diameter (Deff) has been applied as a community size
parameter, calculated from Coulter Counter data using cell volume to area ratios
and complex equations (Bernard et al., 2007). The weighted mean method of
characterizing the community size, however, was considered more appropriate
for this study due to small sample size, the limitations inherent in data collection

methods and the errors present in calculating cell volumes from microscopy.

Cell counts were divided into four size-classes: <5 pm, 5-10 pm, 10-20 um, 20-40
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um and 40-200 pm. Cells <5 pm were identified as far as possible, but due to the
degree of damage of some sample populations, these smaller cells were often not
accurately identified and thus classed as Un-identified (UI) cells. Due to the large
number of species in these communities, the time constraints of this project and
the uncertainty in identification down to species level, species were grouped by
family name (e.g. Rhizosolenia sp., Fragilariopsis sp., Chaetoceros sp.) and placed
in different functional groups (e.g. Diatom, Dinoflagellate, Heterotroph, Ciliate
and the Prymnesiophyte Phaeocystis antarctica). Macro-zooplankton were
counted and measured but removed from all analyses of the community

structure.

Descriptive statistics of species abundance and diversity, dominant cell size and
total bio-volume (estimated from cell concentration and size distribution), were
carried out in Excel. Due to the small sample size (n = 17) of community
structure data in this study, however, multivariate statistical analysis was not

carried out.

2.3.8 Inherent Optical Properties

The inherent optical properties (IOPs) of the water column were defined using
beam attenuation and backscattering measurements, in blue (470 nm) and red
(650 nm) wavelengths, collected for all CTD casts by two WetLabs optical

sensors mounted on the CTD frame.

2.3.8.1 Beam attenuation

Beam attenuation (cp) was measured at 470 nm and 650 nm wavelengths (with a
bandwidth of 20 nm) using a WetLabs C-Star Transmissometer (see Figure 2.3.2)
with a path-length of 25 cm, acceptance angle of 1.2 degrees and an instrument
sensitivity of 0.003 m-l. The transmissometer consists of a light source
(transmitter) and a light sensor (receiver). The distance between the two is the

path-length, which is open to the ocean environment and continuously samples
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as the CTD passes through the water column. The instrument output,
transmittance (Tr), is a measurement of the percentage of light that is received
by the sensor. Tr was converted to cp (m-1) using SeaSave software by taking into
account the path-length (for details see WetLabs C-Star Transmissometer

Manual, 2011).

Transmitter Housing Receiver Housing
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Figure 2.3.2 Functional illustration of the C-Star Transmissometer, showing the parts
making up the Transmitter and Receiver units (reproduced from WetLabs
Transmissometer Manual, 2011).

Based on increased standard variability at low values, a conservative threshold
of 0.006 m'! was chosen as the limit of accurate detection by the sensor and all
values less than this were removed from the data set to maintain data accuracy.

Instrument consistency was tested by assessing the deep (>400 m) anomalies for
each CTD profile. The acceptable range in anomaly values due to natural
variation was considered to be -0.01 to 0.01 m1. Values outside this range were
assumed to be a result of instrument drift or offset due to factors associated with
instrument sensitivity and/or sensor contamination. Data outside the acceptable
range in anomaly were flagged, but were not corrected, due to the compounded

detrimental effect of the correction on further analyses.

2.3.8.2 Backscattering

Backscattering (at 470 nm and 650 nm wavelengths) was measured by a

WetLabs ECO BB Scattering Meter (see Figure 2.3.3) with a path-length of 12.7
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cm and an instrument sensitivity of 0.003 m-l. The instrument measures
scattering at 124 degrees, which minimizes variation in the volume scattering
function (VSF), due to the influence of suspended particles and water (WetLabs
Manual, 2011). A single LED light source enters the water where it is scattered by
particulate material and then detected by the sensor as a voltage value. The raw
measurements of voltage were converted to VSF (m1 sr!) and then
backscattering (m) using calibration equations applied by the ECO host
program in SeaSave software (for details see WetLabs ECO Scattering Meter

Manual, 2011).

With the removal of pure water during the SeaSave processing step, the
remaining signal measured was primarily determined by the concentration of
particles (with small contributions from detritus and Gelbstoff) and secondarily

by their size and type.
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Figure 2.3.3 Optical configuration of the ECO Scattering meter (reproduced from
WetLabs ECO Scattering Meter Manual, 2011).
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2.3.9 Depth Integrated Nitrogen Uptake and Primary Production

2.3.9.1 Sampling methods

On-board phytoplankton incubation experiments using the !>N-stable isotope
technique (see Lucas et al, 2007) were conducted over a 24-hour period to
capture both the light and dark phases of photosynthesis (see Table 2.3.1). This
enabled the calculation of daily nitrogen (N) uptake rates for the euphotic zone
(mmol N m2 d-1). These uptake rates were used to estimate rates of primary
production (mg C m2 d-1) based on Redfield C:N (6:1) stoichiometry (Redfield et
al., 1963; see Arrigo et al., 2002). The f-ratio was used as to estimate carbon

export along the study.

Table 2.3.1. Primary production station positions and euphotic zone depths (Zeup).

. Latitude Longitude Zeuph
Station No. °s) W) (m)
BR143 62.28 21.88 50
BR155 65.58 16.93 44
BR167 68.91 11.27 47
IS11 70.54 7.87 23

Incubation samples were collected from six defined light depths within the
euphotic zone, using CTD-mounted Niskin bottles. Photosynthetic available
radiation (PAR) was measured on the downward cast, and used to calculate the
light depths (LD) that corresponded to 54%, 32%, 18.6%, 8.3%, 3.1% and 1.1%
of surface irradiance. This was done by noting the PAR values on the down cast
every 5 m to calculate the change in irradiance with depth (In(E;)). The slope (k)
of this regression was then used to calculate the corresponding depths for the six

defined percent light levels (%LD):

Light Depth (m) = In(%LD/100)*(-1/k) (4)

For example the 1.1% light depth at station BR167 was calculated as follows:

1.1% LD (m) = In(1.1/100)*((-1)/(-0.0958)) = -47.05
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Thus, the 1.1% LD sample was taken at 47 m below the surface.

Water was collected in 10 L carboys from each of the six defined depths. Sub-
samples of 2-4 L. were taken from each light depth to measure the uptake rates of
NO3-N, Urea-N and NH4-N. Total euphotic zone uptake was calculated for ‘new’
(NO3) and ‘regenerated’ (Urea + NH4) forms of N by integrating across the whole
euphotic zone. F-ratios were calculated by dividing NO3-N integrated uptake by
total integrated uptake in order to assess the relative dominance of either ‘new’

or ‘regenerated’ production.

2.3.9.2 Incubation Protocol

Sub-samples were measured into polycarbonate incubation bottles and spiked
with 15N-labelled nutrients at between 5% and 10% of ambient concentrations

as follows:

NO3: To measure nitrate uptake (pNO3z), a 2 L sub-sample from each light depth
was spiked with 15N-NO3z (1 pmol K*5NO3z in 100 pl de-ionized water) at ~10 % of

the ambient NO3 concentration.

NHs: To measure ammonium uptake (pNHs) and ammonium regeneration
(rNH4), a 4 L sub-sample from each light depth was spiked with 1>N-NH4 (0.1
umol 15N H4Cl in 100 pl de-ionized water) at ~10% of the ambient NHa
concentration. This sample was then split into 2 x 2 L samples; one for pNH4 was
measured into a 2 L polycarbonate bottle while the other 2 L. was used for rNH4

measurements,

To measure initial values for rNH4, 2 L of inoculated water was filtered through a
25 mm Whatmann GF/F filter to provide the initial 15N:14NH4 ratio for particulate
N concentrations (Ro). From the Ro filtrate, a 50 ml sub-sample was analyzed for
time zero ambient NH4 concentration (So), with a 50 ml sub-sample frozen as
back up. 900 ml of the remaining filtrate was transferred into a 1 L glass Schotte

bottle to which 400 pl of NH4Cl 'carrier' solution (10 pmol ml1) was added to
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ensure sufficient NH4 concentrations for diffusion recovery and detection of the
NH4, before being frozen at -20 °C. This filtrate provided the initial 15N:1*NH4
ratio in the dissolved form (Ro aqueous) to calculate ammonium regeneration

rates (see Section 2.3.9.4 below).

Urea: To measure urea uptake, a 2 L sub-sample from each light depth was
spiked with 1>N-Urea (0.1 pmol CO(*5NHz)2 in 100 pl de-ionized water) at ~10%

of the ambient urea concentration.

After spiking, the 18 inoculated samples (3 x 6 light depths) were incubated in
Perspex tubes covered in neutral density (‘Lee’) blue filters that simulated the
light depths within the euphotic zone (see Figure 2.3.4, Table 2.3.2). It was
assumed that this simulation of their natural light environment did not
significantly affect phytoplankton uptake rates and every effort was made to
reduce exposure to excessive light or shading by the ship (Figure 2.3.4). Samples

were collected at night (~3 am) and placed into a dark container during spiking

and transport to reduce light shock.

Figure 2.3.4 Photo of onboard primary production incubation set-up on the aft deck of
the SA Agulhas. Tubes were covered in photographic filters to mimic the six light depths;
from 54% to 1.1% (left to right) and cooled with a constant flow of surface seawater.
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After the incubation bottles were ‘spiked’, they were transferred to the
incubation tubes as quickly as possible (before dawn) and subsequently filtered
in a reduced light environment (with the laboratory lights turned off) at the end
of the experiment. Incubation tubes were cooled with a constant flow of surface
seawater, however, it was not possible to account for possible temperature

changes that may have occurred, due to the ship crossing different regions.

Table 2.3.2 Primary production light depths (% surface PAR - photosynthetically active
radiance) and the neutral density ‘Lee’ filters used to simulate them.

% Surface PAR  Filter code  Description

54.0 117 Steel Blue

32.0 144 No Colour Blue
18.6 141 Bright Blue

8.3 132 Medium Blue
3.1 119 Dark Blue

1.1 120 Deep Blue

At the end of the 24-hour incubation period, all incubation samples were filtered
onto pre-combusted 25 mm Whatman GF/F filters under low vacuum. Filters
from each 2 L filtered sample were retained for later measurements of
particulate N (pN) for all three nutrients: NO3 (pNOs), NHs (pNH4) and urea
(pUrea). All filters were rinsed with filtered (<0.2 pm) seawater to remove

dissolved N and then frozen at -20 °C.

For NH, samples, 1 L of filtrate from each depth was collected after filtering and
50 ml was sub-sampled for immediate NH4 analysis (and 50 ml frozen for back
up) to determine post-incubation ambient NH, concentrations (S;). 900 ml of the
filtrate from each depth was measured into Schotte bottles and 400 pl carrier
added as before. These (R:) samples were frozen and later analyzed for the
measurement and calculation of NH4 regeneration (rNH4) rates, which accounted
for isotopic dilution of 15N-NH4 by excreted *N-NH4 (see Sections 2.3.9.3 and
2.3.9.4 below).
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2.3.9.3 Sample processing and calculations

All filters from primary production incubations were processed at UCT and
analyzed with a Solid Phase Mass Spectrometer in the Archaeometry
Department. In preparation for analysis, filters were dried for 3 hours at 50 °C,
and then punched to capture all particulate material (possible due to the use of
25 mm, as apposed 47 mm filters) and pelleted in 5x8 mm tin capsules. Analysis
was carried out within 6 months of sample collection, during which time samples
were kept frozen or dried and stored in ziplock bags with silica crystals. It is
important to note here that by capturing and analyzing all the particulate
material we assume much higher accuracy in measurements, relative to the sub-

sampling punching method used for POC (see Section 2.3.6).

Uptake rates were calculated using equations developed by Dugdale and Goering
(1967) and Dugdale and Wilkerson (1986), as modified by Glibert et al.
(1982a,b) and Laws (1984) to correct for rNH4 and isotopic dilution during the

incubation period.

The specific uptake rates (V) of nitrate and urea were calculated using the

equations of Dugdale and Wilkerson (1986):

V= ("*Np/(R)* T) (h!) (5)

where 15N, is the particulate At%E, R is the aqueous At%E (corrected for natural
abundance from machine standards) and T the incubation period in hours. To
calculate absolute uptake rates (p), V was multiplied by the appropriate PON

concentration:

p =V x PNt (ug N 11 hr1) (6)

where PNt (ug N 1-1) is the PON collected at the termination of the experiment.

For pNH4, however, the equations of Glibert et al. (1982b) were used to calculate

R, which accounts for isotopic dilution:
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R = (Ro/In(Ro/R¢)) x (1-(Re/Ro)) (7)

where Ro and R; are aqueous At% at the start and end of the incubation, both
corrected for natural abundance (see Section 2.3.9.4 below). The value R¢ was

then inserted into equation 5 to calculate pNH4, corrected forisotopic dilution.

This equation for NHs4 uptake calculates an exponential average value for
aqueous enrichments (R) over the incubation period and assumes exponential
decrease in R (Glibert et al., 1982b). An alternative equation for calculating NH4
uptake, proposed by Laws (1984), follows the same principle but makes no
assumption about the time dependence of R. The former equation is applicable
when ambient nutrient concentrations (So and Si) differ, but if there is no change
in So and S;, the model breaks down and the latter (Laws, 1984) must be used.
For this study, however, the equation of Glibert et al. (1982b) was appropriate
for all stations and a comparison with the equation of Laws (1984) yielded no
significant differences. Consequently only the results from the Glibert et al.

(1982b) model, have been presented here.

2.3.9.4 NH, diffusion technique and regeneration calculations

The diffusion method of NH, recovery as described by Glibert et al. (1982b) and
modified by Probyn et al. (1985) allows recovery of 50-80% of the aqueous NH,,
which is considered sufficient to measure rNH4. The method involves dangling an
acid-soaked (potassium hydrogen sulfate, KHSO4; 0.625g dissolved in 10 ml de-
ionized water) GF/F filter from the inside of a Schotte bottle lid into the airspace
above the aqueous sample. Pre-combusted 25 mm GF/F filters were halved,
attached to paper-clips and wet with 20 pl of KHSO, solution (trapping capacity
of 10 pumol NH,) before being attached to the inside of the sample lid with
Prestik. Sufficient (a heaped teaspoon) magnesium oxide (MgO) was added to the
aqueous solution to increase the pH to >9, which caused the dissolved NH, to be

liberated into the headspace as ammonia and absorbed by the filter.
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The sample bottles were then left undisturbed for 14 days at room temperature
before the filters were removed, dried and pelleted. The ratio of 1>N:14N captured
on the filters was determined by Mass Spectrometry to assess the degree of
isotopic dilution due to the preferential regeneration (excretion) of 14N-NH4 over

15N-NH4 during the 24-hour incubation.

Calculations of pNHs and rNHs rates were carried out according to the

Blackburn-Caperone (BC) model (Glibert et al., 1982a,b):

r = (In(Re/Ro)/In(St/S0))*(Se/So) /T (8)

p=r-((S:/S0)/T) (9)

which estimates uptake (p) from the disappearance of >N from the aqueous
phase as opposed to the appearance of 15N in the particulate phase. It assumes
that p and r are constant over the incubation period and that no regeneration of
15NH, occurs. For this study, however, only the equation for r was used as the
calculation of p is considered to produce unrealistically high results (Glibert et

al,, 1982a).
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2.4 Results

2.4.1 General Hydrography

The temperature (T) and salinity (S) sections along the study transect (Figure
2.4.1a,b) displayed strong contrasts between surface waters, which were
generally cool (-1 to 0.5 °C) fresh (33.5-34.12 ppt) and of low density (26.9-27.4
kg m-3), compared to deep waters (>150 m), which were generally warm (0.5-1.5
°C), salty (>34.5 ppt) and dense (>27.7 kg m-3). While a temperature minimum (-
1.5 °C) of sub-surface Winter Water (WW) was wedged between, at 50-150 m
depth. Variations with latitude were highest within the surface layer (0-50 m)
where surface temperatures varied between around 1.5 °C (60.5 °S) and -1 °C
(62.5 °S). Between 58.5-63 °S, temperature decreased rapidly from north to
south but then gradually increased towards the ice shelf (63-71.5 °S). The mixed
layer depth (MLD) varied between 65 m (60.3 °S) and 19 m (62.3 °S), which

reflected changes in surface temperature.

The most prominent feature was a temperature maximum (from here on
referred to as the ‘warm feature’) between 60.2 °S and 61 °S associated with low
salinity and density (p) values (T = 1.75 °C; S = 33.9 ppt; p = 27.1 kg m-3). The
warm feature extended below 500 m and formed a strong boundary separating
the cool surface waters to the south (-0.5 °C) from the relatively warm waters to
the north (0.5 °C). The position of the Southern Boundary of the ACC (SBdy) was
placed at 61 °S - the southern edge of the warm feature - according to the
defining characteristics described by Orsi et al. (1995). Highest temperatures
(>1.5 °C) were observed in the upper 50 m and below 150 m separated by an
intrusion of cold (-0.5 °C) water at around 100 m. Isopycnals dipped sharply in
the warm feature as fresher surface waters penetrated down to 100 m (34.2

ppt), before rising again to the south of the feature.
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Figure 2.4.1 Section plots of a) Temperature (°C) and b) salinity (ppt) along the study

transect (temperature from CTD and UCTD profiles combined). Conotours are isopycnals

in

kg m-3. White line indicates the MLD calculated from temperature. Black lines are (from
right to left): the Southern Boundary of the ACC (SBdy), the southern edge of the Northern
Limb of the Weddell Gyre (NLWG) and the Antarctic Continental Shelf (ACS) margin;

community structure stations included above.

South of 61 °S the temperatures in the upper layer (40-50 m) fluctuated between
0 °Cand -1.5 °C. The -0.5 °C isotherm broke the surface between 62-63 °S and 66-
66.8 °S, associated with shallow MLDs (15-20 m) and low salinities (33.5 ppt and
33.9 ppt, respectively). The strong surface p gradients south of the warm feature
were associated with a cold (-1 °C), low density (p = 27 kg m-3) salinity minimum
(S = 33.4 ppt) at 62-63 °S (from here on referred to as the ‘fresh pool’), with a
strong horizontal gradient on either side that formed a ‘salinity front’. The fresh
pool formed a strong density gradient between surface and sub-surface waters
corresponding to shallow MLDs (19-31 m) and strong stratification at 20-50 m
(>5 *10-> s1, Figure 2.4.2). A doming of isopycnals was observed between 64 °S
and 69 °S associated with colder, fresher waters and shallow MLDs found in the

center relative to the warmer, saltier waters and deeper MLDs at either end.
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From 67 °S southward, surface temperature and density increased (>0 °C and
>27.5 kg m3) and isopycnals tilted sharply downwards, coinciding with the
sinking of high-density cold water at the ice shelf. MLDs were closely associated
with strong stratification in this region south of 67 °S. which deepened from 29

m (67 °S) to 57 m (69.8 °S), shoaling again at the ice shelf (28 m).

Water column stability was represented by the Brunt Vaisala (N?) frequency in
Figure 2.4.2. High values generally occurred within 10 m of the MLD indicating
good agreement between MLDs and increased levels of stratification. Exceptions
appeared at 60-61 °S and 64.5-66 °S where shallow MLDs were positioned up to

35 m above maximum N2 values, indicating a de-coupling of the MLD with

stratification.
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Figure 2.4.2 Water column stability and mixed layer depth (MLD): the Brunt Vaisdlad frequency
calculated from density profiles for all stations along the CTD transect. White line indicates the
MLD calculated from temperature. Black lines are (from right to left): the Southern Boundary of
the ACC (SBdy), the southern edge of the Northern Limb of the Weddell Gyre (NLWG) and the
Antarctic Continental Shelf (ACS) margin.
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2.4.2 Biogeochemistry and Bio-optics

2.4.2.1 Fluorescence and Chlorophyll a

Discrete Chlorophyll a (chl-a) measurements showed strong correlation with
quenching-corrected fluorescence (r = 0.91, df = 291). A regression analysis
(Figure 2.3.1) revealed a good fit to a linear trend line forced through zero (y =
0.682x, r2 = 0.85). Applying this equation to fluorescence data produced a high-
resolution section of chl-a (Figure 2.4.3), with a standard error (SE) of 36.9%.

Highest chl-a concentrations were observed at 62.5 °S (4.28 pg I'1) and 70.4 °S
(3.41 pg I'1), with maximum values at 25-30 m, which generally decreased with
increasing depth (~0.05 pg I't by 100 m). At 70.4°S, however, elevated chl-a
extended down to ~100 m (~ 1 pg I'') and notable concentrations (0.6 pg 1'1)
were still evident at 200 m. Lowest surface chl-a concentrations were found
north of the SBdy (0.23+0.11 pg I'1) with minimum values around 59 °S. Between
63.5 °S and 69 °S surface chl-a was patchy, ranging from 1 to 2.5 pg I'1, with no

apparent connection to variations in MLD.

Depth (m)
Chloropgyll (ug I'")
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Figure 2.4.3 Chl-a section derived from fluorescence, corrected for surface quenching
using the method described by Sackmann et al. (2008), for all stations along the CTD
Transect. White line indicates the MLD calculated from temperature. Black lines are
(from right to left): the Southern Boundary of the ACC (SBdy), the southern edge of the
Northern Limb of the Weddell Gyre (NLWG) and the Antarctic Continental Shelf (ACS)
margin.
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2.4.2.2 Bio-optics

Beam attenuation at 650 and 470 nm

Beam attenuation (cp) measurements at 650 nm (cps0), Figure 2.4.4a) were
lower and showed less variation (range = 0.007-0.921 m-1) than measurements
at 470 nm (cp70), range = 0.1-1.286 m-1, Figure 2.4.4b), but both followed the
general pattern of chl-a decreasing rapidly below ~50 m. Highest values of cp6s0)
(0.6-0.92 m1) were found in the surface waters south of the SBdy, associated
with the bloom at 62.5-64.5 °S. North of the SBdy surface waters were
characterized by low cp, with lowest cpis50) measurements observed at 59 °S

(~0.1 m1).

Below 75 m both cp650) and cpa70) measurements were low (< 0.1 m1and <0.2 m-
1, respectively) and generally varied little with depth. An exception was at the ice
shelf where elevated c, values (~0.2 m1 and ~0.4 m-1, respectively) extended
down to 150 m, compared to the low average values (~0.08+0.04 m and

~0.15+0.03 m1, respectively) observed in deep water (100-200 m).
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Figure 2.4.4 Sections of beam attenuation (c, m1) at 650 nm (a) and 470 nm (b) down to
200 m along the CTD Transect. White line indicates the MLD calculated from
temperature. Black lines are (from right to left): the Southern Boundary of the ACC
(SBdy), the southern edge of the Northern Limb of the Weddell Gyre (NLWG) and the
Antarctic Continental Shelf (ACS) margin; community structure stations included above.
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Backscattering at 650 and 470 nm

Backscattering at 650 nm (bpsso), Figure 2.4.5a) and 470 nm (bp70), Figure
2.4.5b) similarly followed the general pattern of chl-a and measurements
showed similar variation for both wavelengths (0.42-1.8 *10-3 m! and 0.36-1.7
*10-3 m-1, respectively). Highest b, measurements (>1.5 *10-3 m1) were observed
at the surface at 62.5-64.5 °S and ~69.5°S, associated with elevated chl-a (2-4 pg
1-'1). Lowest surface values were recorded north of the SBdy with a minimum at
59 °S (~0.5 *10-3 m1). At 60.5 °S, however, slightly elevated by (~0.7 *10-3 m1)
extended to ~80 m and coincided with the deep MLD (65 m) in the warm feature.

Below 75 m both byss0y and bypa70) were generally low (<0.5 *10-3 m1) with the
exception of patches of elevated values (0.6-1.3 *10-3 m1) scattered throughout
the transect, which were more noticable for by470y (Figure 2.3.6b). At the ice shelf
elevated by was observed down to 150 m with slightly higher values observed for

by (650) (~0.7 *10-3 m1) compared to bpa70) (~0.6 *10-3 m-1).
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Figure 2.4.5 CTD b, (*103 m1) at 650 nm (a) and 470 nm (b) down to 200 m along the
CTD Transect. White line indicates the MLD calculated from temperature. Black lines are
(from right to left): the Southern Boundary of the ACC (SBdy), the southern edge of the
Northern Limb of the Weddell Gyre (NLWG) and the Antarctic Continental Shelf (ACS)
margin; community structure stations included above.
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2.4.2.3 Nutrients

Nitrate (NO3z) and silicate (SiO3) concentrations from discrete CTD samples
varied substantially with latitude and generally increased with depth (Figure
2.3.7a.b). NO3 surface minima (<19 umol I'1) occurred at 61.5-67 °S and at the ice
shelf (Figure 2.4.6a). While relatively low NO3 concentrations persisted below
500 m between 65 °S and 66.3 °S. the expected deep (200-500 m) NO3 maxima
(>29 umol I'1) was observed at ~67-68.5 °S and ~59-60.5 °S. Relatively low
surface SiO3 concentrations (< 90 pmol 1-1) were fairly consistent throughout the
transect, except at 63-61 °S where higher concentrations (>100 pmol 1-1) were
observed (Figure 2.4.6b). While the 100 pmol I? SiO3 isoline fluctuated within
~100 m of the surface along much of the transect, it tilted down steeply to ~175

m atthe ice shelf.
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Figure 2.4.6 ODV section of Nitrate (a) and Silicate (b) concentrations with depth, from
discrete samples collected along the CTD Transect. Black lines are (from right to left):
the Southern Boundary of the ACC (SBdy), the southern edge of the Northern Limb of the
Weddell Gyre (NLWG) and the Antarctic Continental Shelf (ACS) margin.
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2.4.3 Community Structure from Microscopy

Results for phytoplankton size distribution and species composition are
presented for all 17 samples at 10 stations along the CTD Transect. Community
structure data is summarized in Table 2.4.1, together with sample position, chl-a
and POC concentrations and cell specific carbon and chl-a. The positions of
community structure samples are also displayed on the chl-a and bio-optics

sections above (Figures 2.4.3-5).

Cell size distribution and cell concentration varied greatly between samples (see
Table 2.4.1), resulting in a large variation in community cell size (5.6-23.0 um) -
estimated using ESD. (mean equivalent spherical diameter weighted by cell
concentration). Variations in community cell size were accompanied by large
variations in bio-volume (220-4331 mm3 1), chl-a concentration (0.35 to 4.28 pg
1), POC (52.7 to 266.9 pg 1-1) and Chl:POC ratios (0.48-1.80 *102 g:g) but showed
little or no correlation to cell size (r? < 0.3 for all figures not shown). In general,
the smallest ESDy was associated with the highest recorded chl-a concentrations
(2-4 pg 11, highlighted in dark green), POC concentrations (158.1-266.8 pg 11,
highlighted in light orange) and Chl:POC ratios (1.4-1.8 *102 g:g, highlighted in
blue), which generally decreased with increasing size. Conversely, largest ESDy,
(highlighted in purple) were observed in the upper layer (~5-35 m) at BR155
(65.6 °S) and BR167 (68.9 °S), where chl-a was low (1-1.26 pg I'1) and bio-
volume was variable (594-3415 mm3 I-1). At BR142 (62 °S) and BR143 (62.3 °S),
however, large ESDy, values (11.5-20.2 um) were observed at depths of 50-60 m.
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2.4.3.1 Community Characteristics: Size, Concentration, Diversity and Cell Specific
Carbon and Chlorophyll
The range of community cell sizes (5.6-23.0 pym) was plotted against various
community structure and physiological characteristics (i.e. cell concentration,
species diversity, cell specific chl-a and cell specific POC; Figure 2.4.7a-d). All
relationships showed good agreement (r?2 >0.75) but were associated with high
standard errors (SE). Cell specific POC (POC*, Figure 2.4.7a) and cell specific chl-
a (chl-a*, Figure 2.4.7b) increased with increasing ESDw, both fitted to power
regression lines (r? = 0.82. SE = 37.9% and r? = 0.72. SE = 75.6%, respectively),
with highest values observed at 18 pm (0.15 pug C 10-12 cell-* and 0.016 pg Chl 10-
9 cell1). Cell concentration (Figure 2.4.7c) decreased with increasing ESD, fitted
to a power regression (r?2 = 0.77. SE = 65.3%), with highest concentrations
observed at 6 um (8.5 *10° cells I'1). The diversity index, fitted to a natural log
regression, showed the strongest positive relationship with size but also the
highest SE (r? = 0.85, SE = 0.87%). Values ranged from 0.5 to 3.2 with highest
values observed at 19.4 pm, which indicates that relative species richness

(species number) increased with community cell size.
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Figure 2.4.7 Scatter plots of community size parameter ESD,, (mean equivalent
spherical diameter weighted by cell abundance) with (a) Cell specific chlorophyll (pg
Chl cell'1 *10-9); (b) Cell concentration (cells ml-1); (c) Cell specific carbon (pg C cell-1*10-
9); (d) Shannon diversity index H' (loge). Vertical and horizontal error bars represent
standard errors calculated for each variable.

2.4.3.2 Size distribution

Of the 17 community samples analyzed, 11 were dominated by cells <10 pum (60-
95%), while 6 samples (where Phaeocystis antarctica was absent or present at
very low concentrations) consisted of varying proportions of cells in the 5-10 um

and >20 pm ranges.

Figure 2.4.8 displays the proportion that each size class makes to total cell
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concentration (cells 1'1), for each community sample. Samples were divided into
three categories and highlighted in Figure 2.4.8 accordingly: 1) blue - dominance
(>60%) of small cells (<5 um), 2) green - mixed small cells (<10 pm), 3) yellow -
mixed large cells (5 to >20 pm). Eight samples were dominated by small cells <5
pum (highlighted in blue), which made up 63-93% of total cells I'1. These <5 pm
communities were observed in shallow (5-35 m) samples at stations BR142-144
(62-62.6 °S), BR157 (66.1 °S) and BR171-173 (70-70.5 °S). The remaining nine
samples consisted of a mix of size classes with no clear dominance. Three were
small (<10 pm) mixed communities and corresponded to surface (5 m) samples
at BR145-146 (62.9-63.1 °S) and a deep (40 m) sample at BR144 (62.6 °S). The
remaining six were large (5 to >20 pm) mixed communities and corresponded to
deep (50-60 m) samples at BR142-143 (62-62.28 °S) and all samples at BR155
(65.6 °S) and BR167 (68.8 °S). Large cells (>20 um) contributed between 5%
(BR142, 60 m) and 62% (BR167, 6 m) in these six mixed samples.

ACS CWG NLWG SBdy
100% T® 777, Zeze vrss

90% 1

80% 1 Z>20um

£110-20um
70%
W5-10um
60% 1
O<5um

50% 1

40% 1

30% 1

Percent Total Cell Concentration (%)

20%

10% 1

0%

Sample (station# - depth)

Figure 2.4.8 Cumulative percent bar graph of relative concentrations of cell sizes for
microscopy samples, showing the contributions of four cell size categories: <5 pm
(grey), 5-10 um (black), 10-20 pm (black dots) and >20 pm (black lines). Lines indicate
the Southern Boundary of the ACC (SBdy)(solid) and mark the boundaries (dotted)
between the Northern Limb of the Weddell Gyre (NLWG), Central Weddell Gyre (CWG)
and Antarctic Continental Shelf (ACS)(see Discussion section 2.4 for definitions).
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2.4.3.3 Species composition

Species cell count data were grouped into four main phytoplankton types (i.e. P.
antarctica, Diatoms, Dinoflagellates and Other - ciliates, silicoflagellates and
heterotrophs) and are presented in Table 2.4.2. Based on cell concentration (cells
I'1) P. antarctica was the most consistently dominant species, contributing
69.5+18.4% to total cells 1! (n = 11 samples where P. antarctica was present). In
eight of these samples, corresponding to the small cell dominated communities
(<5 pm, Figure 2.4.8), P. antarctica made up >60% of cells (bold values in Table
2.4.2). In the mixed communities, where P. antarctica abundance was <60%,
diatoms and dinoflagellates made up the majority of the remaining population,
with the exception of one sample (BR142, 60 m) where hererotrophs dominated
(67.5%). Diatoms were observed at all stations, contributing 20.5+17.9% to total
cells I't (n = 17) but varied greatly in their contribution, ranging from ~3%
(BR144, 30 m) to ~78% (BR155, 35 m). The most common diatoms were the
chain forming species Pseudonitzschia. Fragilariopsis, Rhizosolenia, Chaetoceros
and Leptocylindrus. Dinoflagellate distribution was similarly variable

(20.1£20.9%. n = 17), ranging from ~2% (BR144, 30 m) to ~69% (BR143, 50 m).

Table 2.4.2 Relative contributions (%) of phytoplankton types for cell count data (cells -
1). Un-identified cells have been labelled as ‘Other’. Bold values indicate dominant
contributions and 0% contributions are indicated (-).

Station  Latitude Depth Diatoms P. antarctica Dinoflagellates Heterotrophs Ciliates Silicoflagellates Other

No. ©s)  (m)
BR142 -61,995 5 12,27 64,77 7,80 1473 022 0,22

20 950 82,66 518 225 019 0,23

60 11,21 - 18,99 6745 2,17 - 018
BR143 -62276 30 351 79,82 1345 291 030

50 9,68 - 69,35 1613 4,84
BR144 -62,570 10 748 88,27 2,46 011 0,06 0,03 158

30 313 92,70 2,24 012 005 0,05 1,71

40 7,66 54,07 10,21 335 0,32 0,16 24,24
BR145 -62860 5 2036 56,95 5,56 072 0,14 0,38 1589
BR146 -63,131 5 4015 29,33 8,56 447 063 340 1347
BR155 -65580 10 4856 - 25,07 090 149 0,70 23,28

35 77,81 - 15,85 375 0,86 173
BR157 -66106 10 2336 65,09 6,52 027 029 0,04 443
BR167 -68911 6 3290 - 61,04 563 043

36 3565 - 47,22 1157 231 - 324
BR171 70,002 5 1571 66,54 12,99 068 083 029 297
BR173 -70489 35 1141 84,15 3,98 008 037 0,00
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2.4.4 Primary Production & Size Fractionated Chlorophyli

The results for the four primary production stations that were carried out along
the CTD Transect (Table 2.3.1) are displayed in Figure 2.4.9a-b, Figure 2.4.10a-d
and Table 2.4.3 (see also Table in Appendix 2).

Total daily Nitrogen (N) uptake for the euphotic zone (Figure 2.4.9a, Table in
Appendix 2) generally increased southward from 7.0 mmol N m-2 d-1 at BR143,
where NHs-N uptake dominated (f-ratio = 0.11), to 30.0 mmol N m-2 d-1 at IS11,
where NO3-N uptake dominated (f-ratio = 0.68) (see Table 2.4.3 for nutrient

specific uptake rates).

Total daily euphotic zone chl-a specific N uptake (N uptake normalized to chl-a
concentration (mg m-3), Figure 2.4.9b) was highest at stations BR143 and BR167,
where NH4-N uptake was highest. Conversely, lowest chl-a specific N uptake was

recorded at IS11, where NO3-N uptake was highest.

Figure 2.4.10 displays total N uptake rates (mmol m-3 d-1, hatched area), total chl-
a concentration (mg m-3, bars) and size-fractionated chl-a (% <2 pm, 2-20 pm
and 20-200 pm, pie charts) at different light depths (LD, 1.1-54%). N uptake
generally increased with depth from the surface, with highest uptake rates
recorded at the 18% LD (~20 m) and lowest at the 1.1% LD (~ 47 m). Station
[S11 was an exception, where highest N uptake was observed at the 3.2% LD (17
m) and lowest nearer the surface at 32% LD (see Table 2.4.3).
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Figure 2.4.9 Euphotic zone integrated uptake rates for !>N-Primary Production incubation
stations along the CTD Transect (see Table 2.3.2 for station positions). (a) Nutrient specific
(NOs-N, NH4-N, Urea-N) and Total uptake rates (mmol N m-2 h-1) and NH,4 regeneration rates,
(b) chlorophyll specific nitrogen uptake (mg N mg Chl-1 d-1) (see Table in Appendix 2).
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Table 2.4.3 Nitrate, ammonium and urea concentrations (mmol m-3), uptake rates (mmol m-3 d-1), f-ratios
and total chlorophyll (mg m-3) at the different light depths for productivity stations of the CTD Transect.

Station % Depth Ambient Ambient Ambient NOs; NH4 Urea  f-ratio Total
No. Light [NOs] [NH4] [Urea] Uptake Uptake Uptake Chlorophyll
(m) (mmolm3) (mmolm3) (mmolm3) (mmolm3d?!) (mmolm3d!) (mmolm3d?) (mg m3)

BR143 54 10 24.19 1.94 0.40 0,015 0,080 0,031 0,122 0.39
32 15 25.21 2.51 0.49 0,012 0,096 0,031 0,084 0.37

18 20 24.44 2.38 0.31 0,017 0,113 0,027 0,106 0.39

13 30 23.05 2.23 0.34 0,012 0,069 0,028 0,108 0.61

3.2 40 22.47 1.72 0.51 0,021 0,057 0,027 0,196 0.58

1.1 50 21.50 1.01 0.51 0,009 0,015 0,010 0,274 0.56

BR155 54 10 22.70 0.45 0.51 0,152 0,141 0,156 0,339 1.26
32 15 22.96 0.43 0.51 0,167 0,100 0,153 0,397 1.25

18 20 22.12 0.43 0.51 0,184 0,101 0,191 0,387 1.41

13 25 21.98 0.37 0.51 0,152 0,103 0,139 0,386 1.38

3.2 35 19.73 0.50 0.51 0,090 0,100 0,117 0,292 1.71

1.1 44 18.84 0.49 0.51 0,069 0,065 0,095 0,302 1.40

BR167 54 6 27.72 0.51 0.51 0,115 0,115 0,150 0,303 1.00
32 12 26.99 0.48 0.51 0,095 0,122 0,130 0,274 1.22

18 18 27.48 0.53 0.50 0,107 0,167 0,166 0,243 1.08

13 21 27.27 0.58 0.64 0,097 0,171 0,170 0,221 0.97

3.2 36 27.37 0.72 0.25 0,065 0,074 0,050 0,342 1.07

1.1 47 26.22 0.61 0.51 0,054 0,123 0,101 0,193 0.93

IS11 54 3 15.31 0.68 0.65 0,542 0,185 0,070 0,680 1.84
32 6 26.45 0.64 0.51 0,427 0,163 0,065 0,652 2.04

18 9 22.48 0.76 0.39 0,486 0,189 0,059 0,662 2.15

13 10 28.70 0.57 0.51 0,658 0,277 0,076 0,651 2.14

3.2 17 25.06 0.97 0.86 0,815 0,383 0,126 0,616 4.12

1.1 23 21.62 0.96 0.27 0,551 0,213 0,116 0,627 5.06

Total chl-a concentrations showed little variation with depth at stations BR143-
167, but there was evidence of a sub-surface chl-a maxima at 18% LD (Figure
2.4.10a,b,c). Conversely, at the ice station IS11 chl-a concentrations increased
with depth reaching a maximum at the 1.1% LD (5 pg 11, Figure 2.4.10d). Size
fractionated chl-a varied with depth for the three size fractions (pie-charts), with
greatest variation observed at stations BR143 (Figure 2.4.10a) and IS11 (Figure
2.4.10d). At both stations the 20-200 pm fraction increased substantially from
the surface to the 1.1% LD (5 to 21% and 2 to 25%, for each station
respectively). This coincided with substantial decreases in the <2 pm fraction at
station IS11 (55 to 20%) and the 2-20 pm fraction at BR143 (65 to 48%). The
remaining two stations (Figure 2.4.10b,c) showed weaker variation between size
fractions with depth, however, BR155 (Figure 2.4.10b) had the highest
proportion of the 20-200 um fraction (24-42%), while BR167 had the highest
proportion of the 2-20 um fraction (78-79%).
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2.5 Discussion

The Southern Ocean plays a vital role as a net ‘sink’ for atmospheric COz (Metzl et
al., 1999) taking up ~50% of the ocean anthropogenic CO: flux (Takahashi et al.,
2002). A key player in the effectiveness of the Southern Ocean CO: sink is the
biological carbon pump (Eppley and Peterson, 1979) driven by phytoplankton
primary production. In the Southern Ocean, primary production is characterized
by high variability (Pollard et al., 2002; Seeyave et al., 2007; Thomalla et al.,
2011), however the mechanisms driving this variability are not well understood.
Consequently, the regional sensitivity of biological production to likely changes
in the Earth’s climate is hard to predict. Part of our limited understanding of the
Southern Ocean’s biological seasonal cycle, and its sensitivity to various physical
forcing mechanisms, lies in operational limitations to resolving these questions
at the required in situ spatial and temporal scales. This highlights the need for
high-resolution hydrographic and biogeochemical measurements that address

the temporal and spatial scale gaps in our knowledge of an under-sampled ocean.

Over the past twenty years satellite imagery has provided a unique tool for
observing many surface ocean processes at unprecedented scales in space and
time. This tool has enabled the link between synoptic scale measurements of
surface chlorophyll (Sathyendranath and Platt, 1987; Mitchell, 1992) and
physical variables such as sea surface temperature (Nalli and Smith, 1998; Dong
et al.,, 2006) and sea surface height (Shum et al., 1995; Blinken and Koch, 2001;
Sokolov and Rintoul, 2009). Other biogeochemical parameters have more
recently been investigated through the application of inversion radiometry
algorithms and include estimates of particulate organic carbon (POC) (Stramski
et al., 1999; Babin et al., 2003; Martinez-Vincente, et al., 2013), particulate
inorganic carbon (PIC) (Balch et al,, 2005), particle size distributions (Loisel et
al., 2006; Kostadinov et al., 2009) and phytoplankton community structure (Uitz
et al.,, 2006; Alvain et al., 2008; Dierssen et al., 2006; Sathyendranath et al., 2009).
Limitations inherent in these remotely-sensed observations are that they rely on
model-derived measurements and are limited to observing processes in the

surface layer only. In situ validation using high-density physical, biogeochemical
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and bio-optical data is thus essential for refining bio-optical algorithms,
supporting the development of biogeochemical models and enabling the
implementation of novel investigative strategies (e.g. autonomous platforms) in

marine biogeochemistry (I0CCG, 2011).

An example is the use of inherent optical properties (IOPs), which are easily
measured in situ or may be derived from remote sensing, as a proxy for
phytoplankton biomass (Gardner et al., 2001), community structure (Stemman
and Boss, 2012) and physiology (Behrenfeld et al., 2009). The application of
these proxies to autonomous platforms (i.e. floats and gliders) and remote
sensing data enables the inference of phytoplankton dynamics over broad spatial
and temporal scales. This use of IOPs in conjunction with ancillary data (e.g.
hydrography, nutrients, community structure) may contribute to a more
comprehensive understanding of the mechanisms driving phytoplankton
variability; ultimately assisting to identify biologically driven CO: ‘source’ and
‘sink’ regions in the Southern Ocean, and shedding light on how they may be

expected to adjust to climate forcing.

This discussion of the results presented in Section 2.4 is structured within the
context of the three aims of this study. Beginning with an investigation of the
relationships between IOPs and POC, phytoplankton cell size, species
composition and physiology (Section 2.5.1). Followed by the application of these
relationships, to produce high resolution sections of POC, cell size, and Chl:C
ratios (Section 2.5.2), to explore the variability of POC, community structure and
physiology across the study region. Finally, these sections were interpreted
within the context of four defined regions and their different hydrographic and
nutrient environments (Section 2.5.3), with the aim of investigating the causative
factors driving the observed phytoplankton variability. Concurrent discussion of
these section plots with N uptake measurements enabled the inference of carbon

export potential for different regions.

This study makes a valuable contribution to in situ bio-optical and

biogeochemical data collection in an acutely under sampled region of the world’s
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oceans. As such, it adds to the growing database that will improve in situ
Southern Ocean empirical relationships, which can be applied to data from
remote sensing ocean colour and autonomous platforms (e.g. gliders and floats),
thus improving the use of these observational tools for biogeochemistry in this

globally important region.
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2.5.1 Aim 1: Investigating the variability in IOPs that may be explained
by changes in POC and phytoplankton community structure
(with regard to cell size, species dominance and physiology)

2.5.1.1 /OPs and POC

In the Southern Ocean, IOPs are largely determined by phytoplankton
particulates, the concentration of which influences I0OPs to the first order
(Stemman and Boss, 2012). Relationships between I0Ps and POC thus enable the
use of both particulate beam attenuation (cp) and backscattering (by) as proxies
for POC (Gardner et al., 2001; Stramski et al., 1999, Dall’Olma et al., 2009). The
development of a linear regression relationship between I0Ps and POC is of
particular interest in the Southern Ocean because of the scarcity of ship based in
situ measurements and increasing use of remotely sensed apparent optical
properties (AOPs) and autonomous IOP platforms (e.g. floats and gliders) to

explore the particle structure of the ocean (Stramski et al., 2008).

Increasing evidence suggests that significant regional differences exist between
base-line optical properties of open ocean waters. As a result, the retrieval of bio-
optical and biogeochemical properties in globally under-represented regions is
likely to be biased (Claustre and Maritorena, 2003), thus highlighting the need
for region specific data. A focus of this study was to develop Southern Ocean
specific relationships between IOPs and the particle field that would improve the
products derived from satellite and autonomous observation platforms.
Although previous studies have utilized the more abundant b, data and found
good agreement with POC concentrations (Babin et al., 2003; Martinez-Vincente,
et al, 2013), this study placed more emphasis on the stronger cp-POC
relationship. It must be noted, however, that by, is easier to determine from
satellites and by sensors are more easily attached to autonomous platforms than
bulky cp sensors, highlighting the continued importance of the by-POC

relationship.

89



In this study, the respectable linear relationship between c, at 650 nm (cp(s50))
and POC, shown in Figure 2.5.1a (r? = 0.65, n = 162, standard error (SE) = 28%),
lies well within the range of regional variability reported by Gardner et al.,
(2006). Methodological and instrumental differences between datasets, may play
an important role in the observed variability. For example, Bishop and Wood
(2009) found that differences in acceptance angle between instruments (0.5-
1.5°) contributed to part of this variability, while further uncertainty has been
associated with the blanks for discrete POC samples (Bishop, 1999). When
correct calibration procedures are carried out, the reliability of the c,-POC
relationship improves (IOCCG, 2011), typically varying by about 10% (Bishop,
1986; 1999; Bishop and Wood, 2009).

The weaker relationship between by at 650 nm (byss0)) and POC (r2 = 0.56 , n =
170, SE = 45.7%) is shown in Appendix 3. While c;, is strongly determined by
total particle concentration and thus POC, by is sensitive to particle size and
composition and is thus not as reliable a proxy for POC. In a comparison between
cp and by, measurements versus POC in the upper water column, Bishop and
Wood (2009) found a good correlation for both. The relationship between by, and
POC, however, did not hold below the euphotic zone, where the proportion of
POC exported to the deep ocean is important to quantify. Although
backscattering sensors are smaller, simpler to use and attach easily to gliders,
transmissometers are more stable and less affected by changes in particle
composition. Despite their different strengths and limitations, both provide
valuable tools for estimating POC and particle properties (IOCCG, 2011). By
comparing in situ ship-based c, and b, measurements with b, measurements
retrieved from gliders over the seasonal cycle these relationships may be further

tested and improved.
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Figure 2.5.1 Regressions of POC and c, (650 nm) data: (a) for this study in the Weddell
Gyre (Error bars represent a standard error of 28%) and (b) a comparison with a global
dataset from six different surveys. Global datasets are from: the Arabian Sea, Equatorial
Pacific, North Pacific (HOT), North Atlantic (BATS and NABE) and the Antarctic Polar
Frontal Zone (APFZ). Regression lines are fitted to this study Weddell Gyre (red), NABE
(blue, equation shown) and all data (dashed, equation shown). Data re-plotted from
Gardner et al. (2006). (Data source: Particle Dynamics Group,

http://oceanography.tamu.edu/~pdgroup/TAMU-SMP.html)
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Within a global context, the cp,-POC regression equation for this study (POC =
21.1%c, + 1.50 for POC converted to pmol 11) is in good agreement with the
equation developed for the global dataset by Gardner et al. (2006)(POC = 31.7*c,
+ 0.785, see Figure in Appendix 4). These results show convincing evidence for
the use of IOPs, particularly cp, as a proxy for POC in the Southern Ocean. A direct
comparison of the present data with the global dataset for the Indian, Atlantic
and Pacific oceans (Figure 2.5.1b), reveals an interesting observation: namely,
that the data for this study (Weddell Gyre, red triangles) and the North Atlantic
(NABE, blue squares, n = 165) show striking similarities with regard to data
scatter and regression line slope (304 versus 288, for this study). This is
surprising when you consider how different these two systems are. Primary
production in the oligotrophic North Atlantic is limited year round by
macronutrients (Mills et al., 2004) and iron (Moore et al.,, 2009), and prone to
spring blooms commonly associated with high concentrations of
coccolithophores, which have a dominant impact on I0Ps (Gitelson et al., 1996).
Furthermore, there are differences in optical instrument specifications between
the present dataset and that of Gardner at al. (2006). While the c, measurements
for the global dataset were all collected using a SeaTech Transmissometer with a
1.03 degree acceptance angle, the present study used a C-star Transmissometer
with a 1.2 degree acceptance angle (see Section 2.3.8.1). A more recent study in
the North Atlantic carried out in the open ocean during spring of 2008, showed
strong differences in the cp-POC relationship (Cetini¢ et al, 2012). While
measurements of ¢, were taken using the same instrumentation as the present
study, they reported a much steeper slope (391+19) and a negative y-intercept (-
5.8+5.5). Thus, it becomes clear that while regional-specific cp-POC relationships
are important to clarify, differences in instrument specifications (particularly
acceptance angle; see review by Boss and Behrenfeld, 2000; Boss et al., 2009)
need to be taken into account when comparing datasets. Ideally, the acceptance
angle should be standardized for all instruments used in cp data collection to
ensure accurate comparisons between datasets and reduce the uncertainty of

background variability.
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In addition to instrument differences, observed variations in slope and y-
intercept between datasets (Figure 2.5.1a,b; see Table in Appendix 4) were likely
the result of regional differences in the particle structure, with regard to cell size
distribution and particle composition (organic, siliceous, carbonate), as well as
differences in background signal (water and dissolved components) (Stemman
and Boss, 2012). By increasing the size of the Southern Ocean IOP-POC dataset,
using data from multiple seasonal cruises (as well as from gliders, which
measure by) we may begin to establish a more robust empirical relationship for

this region.

In the following section (Section 2.5.2.1) the c,-POC regression equation will be
applied to the cp(650) transect across the Weddell Gyre and the subsequent POC

section discussed in context.

2.5.1.2 |OPs and Size

In the open ocean, where phytoplankton are considered the dominant
constituent influencing optical properties (Bricaud and Morel, 1986), the effect
of suspended particles on light attenuation varies greatly with wavelength. The
spectral shape is largely defined by chl-a concentration and cellular packaging,
which produce absorption (and thus beam attenuation) peaks at ~440 nm (blue)
and ~670 nm (red)(see Figure 1.5 in Section 1.6.3.1), while absorption by
detritus steadily increases from red to blue. Large variations in the attenuation
spectra are associated with variations in phytoplankton communities
(Sathyendranath et al., 1987; Bricaud et al., 1998), due to cellular differences in
size, shape, internal structure and non-POC components (e.g. silica cell walls;
Vaillencourt et al.,, 2004), as well as variations in accessory pigments between

dominant species (Yentsch and Phinney, 1989).
If we consider a typical Jungian particle size distribution (a population of

particles where small particles occur at the highest concentrations, decreasing

rapidly with increasing size, following a logarithmic curve.), consisting of
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spherical particles, the strongest influence on ¢, is by particles within the 0.5 to
10 um range (Stramski and Kiefer, 1991). This size range generally corresponds
to that of living (pico- and nanophytoplankton, pico- and nano-zooplankton and
heterotrophic bacteria) as well as non-living particles (detritus) within this size
range (I0OCCG, 2011). As cell size increases we expect c, to decrease as a result of
the lower backscattering efficiency of larger cells (Morel and Bricaud, 1981;
Vaillencourt et al., 2004). While variations in cell specific backscattering were
primarily attributed to POC it appeared to be secondarily related to cell size, such
that by accounting for changes in cell concentration, “per-cell” backscattering
appeared to increase with increasing cell size or POC content (Vaillencourt et al.,

2004).

IOPs have been successfully related to cell size, based on the variation in spectral
shape (e.g. Coitti et al,, 2002; Bricaud and Stramski, 1990). This is because small
cells (<5 pum), when compared to large cells; occur at greater concentrations,
have higher surface area to volume ratios and generally higher pigment
concentrations relative to their size, and thus are more effective at absorbing
light (DuRand and Olson, 1996). Furthermore, the variations in intra-cellular
pigment densities linked to changes in cell size are particularly prevalent when
light is limiting (see Ciotti et al, 1999; Sathyendranath et al, 2001). This
“pigment packaging” (Morel and Bricaud, 1981) has a stronger influence on c; in
the blue compared to the red wavelengths (Bricaud and Stramski, 1990). As a
consequence, small cells are associated with a higher peak in the blue

wavelengths, resulting in a steeper slope between blue and red wavelengths.

In this study, the I0P-size relationship in the Southern Ocean was tested using c;
at two narrow wavebands (460-480 nm and 640-660 nm). Although the two-
wavelength approach significantly limits the accuracy of cell size estimates when
compared to the use of spectrally resolved absorption data (described in Section
1.6.3.1, see Figure 1.5), based on the impact of cell size on spectral slope, we still
expected to see a steeper slope between the red and blue wavelengths for
smaller cells (pico-phytoplankton) than for larger cells (micro-phytoplankton) as
has been previously observed (Baker and Lavelle, 1984; Ciotti et al., 2002;
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Oubelkheir et al., 2005).

While ESDw (Equivilent Spherical Diameter weighted by cells ml-1) performed
well when compared to cell concentration, cell specific Chl and POC and species
diversity (Figure 2.4.7..q), it did not show any significant relationship with the
spectral slopes of, c, (Figure 2.5.2) or by (see Figure in Appendix 5). Possible
errors may have incurred in the slope calculations due to the c, and by, data being
limited to two spectral measurements, both of which fell short of the two main
spectral peaks thus reducing the magnitude and sensitivity of the slope to
changes in cell size. A number of other factors related to the cell size calculations
likely contributed to the absence of any relationship between ESD., and these
two optical measurements. Firstly, the small ESDy sample size of this study (n =
14) was possibly insufficient to drive a statistically significant relationship.
Secondly, there are limitations inherent to microscopy in characterizing
community size; for example the method does not accurately account for cells <2
um, which are known to significantly contribute to cell concentration and have a
dominant impact on IOPs (Morel, 1974; Stramski and Kiefer, 1991). Thirdly, the
estimates of size were based on equivalent spherical diameters (ESDs), derived
from cell volume estimates using two microscope measurements applied to
simple geometric shapes. This estimation of size assumes that all phytoplankton
cells are spherical, which is rarely the case, and thus does not account for the
impact of non-spherical shapes and surface irregularities. This is important to
consider because irregular cell shape and surface roughness, which increase
surface area to volume ratios, have been shown to contribute to variations in
backscattering efficiency (Vaillencourt et al, 2004) as well as increasing the
optical size of a cell (Morel and Ahn, 1990). In addition, sampling and sub-
sampling bias (~10%), cell deterioration due to preservation (~5%), microscope
size limitations (~5%), human error (~15%), accurate match-ups of data
(~10%) and instrument error (generally <1%), must also be taken into account
when using microscopy to characterize the community structure by size. Finally,
the two wavebands (460-480 nm and 640-660 nm) occur just off the two distinct
chl-a absorption peaks at ~440 nm and ~680 nm (Figure 1.5), further limiting
the probability of establishing a reliable I0P-size relationship given this limited
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dataset.

We anticipate that with a larger sample size and more robust measurements of
particle size (through automated techniques) the expected IOP-size relationship
will hold. A superior method for characterizing the dominant size-classes of a
phytoplankton community, for example, would be through the use of a Coulter
Counter and/or Flow Cytometer, which are both able to capture particle sizes of
~0.2 um. Neither of these instruments, however, was available at the time of this
study. A Beckman Multisizer-4 has since been purchased, which will more
accurately measure the size distribution of the phytoplankton community and
account for the presence of small particles (<2 pm), thus improving the
relationship between size and IOPs in future surveys. Measurements of increased
spectral resolution for beam attenuation, absorption and scattering using a
recently acquired WETLabs AC-S and ECO BB9 are further expected to improve

the IOP-size relationship for this region.
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Figure 2.5.2 Estimated Spherical Diameter (ESDy) versus c, (470/650) spectral slope.
Error bars show accumulated error estimate of 35% for size calculations (n = 14).
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It must be noted here however, that ESDy showed good agreement with
variations in cell concentration, species richness and cell specific values of
carbon (POC*) and chl-a (chl-a*) (Figure 2.4.7a-d). These variables that appear to
co-vary with cell size, are all likely to contribute to the impact on the I0Ps and
further complicate the I[OP-size relationship. On the other hand, these
relationships also emphasize the suite of ecological and physiological

information that may be inferred from measurements of community cell size.

Although no significant relationship between size and cp (or by, Figure in
Appendix 5) spectral slope was measured in this study, the theory is considered
to be robust (Baker and Lavelle, 1984; Ciotti et al., 2002; Oubelkheir et al., 2005).
Thus the optical slope is assumed to reflect adjustments in dominant particle size
and can be applied to an array of optical instruments (e.g. CTDs, gliders and
floats). In the following section (Section 2.5.2.2) ¢, slope will be applied to the
transect data across the Weddell Gyre and discussed in terms of variations in

relative community cell size.

2.5.1.3 I0OPs and Physiology

If we are to improve predictions of marine ecosystem responses to
environmental and climate change, we need to quantify and parameterize the
key physiological responses of plankton that will in turn affect marine food webs
and the carbon-climate system. To achieve this, one needs to assess not only
variability in primary productivity, but also to routinely provide information on
phytoplankton functional types and physiology. The significance of establishing
relationships between optical properties and physiology lies in the development
of new methods to investigate broad-scale changes in phytoplankton physiology.
Such broad-scale changes will provide insight into the environmental drivers of
the observed variability, with possible indications of physiological responses to
future environmental changes (Finkel et al, 2010). A recent focus on solar
stimulated fluorescence has provided a new source of physiological information

from ocean colour data (Behrenfeld et al, 2009). Under high nutrient low
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chlorophyll (HNLC) conditions, for example, iron stress was associated with
elevated satellite fluorescence as a result of physiological adjustments in
photosystem stoichiometry (Behrenfeld et al, 2009). These physiological
adjustments in turn affect carbon to chl-a (C:Chl) ratios. The ability to observe
physiological responses using remotely sensed optical properties thus allows us
to identify areas of possible resource abundance and limitation. It is however,
essential that these satellite-based observations be validated with in situ optical
data to ensure that the accuracy of these relationships holds for different regions.
For example, in a field-based study, Behrenfeld and Boss (2003) showed that chl-
a normalized cp (cp*, a proxy for C:Chl ratio) was sensitive to changes in
photosynthetic rates, as a result of acclimation to low light. While variations
were observed between several regions, due to cell size and taxonomic

differences, the relationship was surprisingly consistent.

The subtle variability in Chl:cp ratios (the ratio between fluorescence-derived
chl-a and cp) was used in this study as a proxy for Chl:C ratios to provide insight
into the adaptive strategies of phytoplankton communities to light and iron
limited environments through cellular chl-a packaging. In the Southern Ocean
where both iron and light co-limit phytoplankton growth (De Baar, 1994; Moore
et al,, 2007), we expect to see strong responses in the physiological parameter of
the Chl:C ratio. Changes in Chl:C ratios are strongly influenced by changing light,
temperature and nutrient environments (Behrenefeld and Boss, 2003). As such,
under light limiting conditions phytoplankton respond by increasing the amount
of chl-a packed into their cells, in order to increase their light harvesting ability
(Behrenfeld and Milligan, 2013), thus we expect Chl:C ratios to increase under
low light conditions. Similarly high Chl:C ratios are expected to be associated
with high temperatures and nutrient replete conditions (Gieder et al., 1998),
while the opposite is true for low Chl:C (i.e. low temperature, high irradiance and
nutrient limiting conditions). Thus, for the Southern Ocean, where surface
temperatures are often below 0 °C, light is highly variable and iron is limiting,
low Chl:C ratios are expected to coincide with shallow mixed layer depths (De
Baar, 1994). Conversely, increased Chl:C ratios are expected to be associated

with regions of surface warming, light limitation at depth and high iron
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availability (e.g. Moore et al., 2007), for example near the ice shelf. It must be
noted, however, that while phytoplankton are considered the primary drivers of
particle concentration, and thus POC, in the Southern Ocean, contributions by
zooplankton, detritus and bacteria, which have not been accounted for here, may

also play an important role in driving the variability of Chl:C ratios.

The strong agreement between chl-a concentration (mg m=3) and cp, (m1)
observed in Figure 2.5.3a (cp = 0.23Chl + 0.06; r2 = 0.90, SE = 24.1%) indicates
that changes in chl-a were dominated by changes in phytoplankton biomass,
rather than by photo-acclimation. This is consistent with previous work by
Behrenfeld and Boss (2006), who report a similar relationship for the Joint
Global Ocean Flux Study (JGOFS) Southern Ocean Program dataset (cp = 0.24Chl +
0.02; r?2 = 0.91). An equally strong relationship between chl-a concentration and
by (m1 *10-3) was observed (by *10-3= 0.33Chl + 0.50; r2 = 0.87, SE = 27.6%, see
Figure in Appendix 6) and suggests that Chl:by is equally suitable as a proxy for
investigating Chl:C ratios, and thus can be successfully applied to glider data. The
scatter in both relationships that is not accounted for by phytoplankton biomass
(~10%), may be a result of either; 1) the physiological responses of cells to light
and/or iron limitation (Behrenfeld and Boss, 2003; 2006), 2) changes in
phytoplankton abundance, community size structure and composition (Bricaud
and Stramski, 1990; Bricaud et al., 2004) or, 3) a combination of the above, as all
of these factors influence the cellular chl-a content per unit carbon (cp) (e.g.

Behrenfeld and Boss, 2003; 2006).
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Figure 2.5.3 A regression plot of chl-a concentration (mg m-3) against cpeso) (m-1), fitted

to a linear trend line (y = 0.227x + 0.060, r2 = 0.896, n=271) representing the variability
in Chl:C ratios.

In the following section (Section 2.5.2.3) Chl:c, ratios are applied to the entire
Weddell Gyre dataset and the relative variations investigated in conjunction with
co-located environmental and biological parameters (e.g. light, temperature, cell

size and species composition) to tease out potential physiological responses to

different environmental conditions along the transect.
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2.5.2 Aim 2: Applying the relationships developed in Aim 1 to explore
the variability in POC, phytoplankton cell size and physiology in
the Weddell Gyre

To improve our understanding of biogeochemical responses to physical forcing,
we need to overcome current limitations in observing physical and
biogeochemical properties. Ship-based platforms, which are not able to resolve
variability over large temporal and spatial scales, are currently the dominant
means of studying biogeochemical processes. As a result, these limitations
restrict our understanding of biogeochemical processes and the functioning of
the oceans as a whole. High-resolution measurements of biogeochemical
properties over appropriate time and space scales are required to resolve the
current poorly described processes, which are essential for improving
biogeochemical-modeling capabilities and associated predictions of future
changes (I0CCG, 2011). Optical properties (in situ and satellite-derived) have the
ability to capture biogeochemical information over broad spatial and temporal

scales, and are thus instrumental in resolving these gaps in our understanding.

In this section, the relationships investigated in Aim 1 are applied to a high
resolution CTD transect across the Weddell Gyre to explore variations in POC,
cell size, species dominance and physiological responses to environmental

conditions.

2.5.2.1 High resolution POC from cpss0)

While fluorescence-derived chl-a has long been used as a proxy for
phytoplankton biomass, it is strongly influenced by changes in nutrients and
light, which impact intracellular pigment concentrations as well as levels of
chlorophyll-fluorescence (Behrenfeld et al, 2009). POC derived from cp, in
comparison, is largely unaffected by these physiological changes in cellular
pigment concentration and thus theoretically provides a superior measure of
phytoplankton biomass, but only if non-living detrital POC can be accounted for

(Behrenfeld and Boss, 2003; 2006; Siegel et al., 2005; Huot et al., 2007; Dall’Olmo
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et al.,, 2009). It is worth noting here that for this reason, the IOP data in this study
(in this case the by but cp is also suitable) was used to correct fluorescence

measurements for surface quenching (see methods section 2.3.5).

The cp-POC empirical relationship developed in section 2.5.1 was applied to the
cp650) CTD transect to produce a high-resolution section of POC across the
Weddell Gyre (Figure 2.5.4a). The conversion of IOP data into POC highlights the
efficacy of this method in providing a means to measure POC at high resolution
and over broader spatial (horizontal and vertical) scales, which is particularly
prevalent when applied to Southern Ocean glider and float data with equivalent
optical sensors. It also provides an in situ I0P-POC link that may be used to
develop and improve regional specific satellite algorithms that advance
estimates of POC from remotely sensed AOPs (Stramski et al.,, 1999). The POC (ug
1) section (Figure 2.5.4a) illustrates that POC generally followed the pattern of
chl-a (ug 11, Figure 2.5.4b), however regions of high POC were not always
associated with high chl-a. The enhanced POC relative to chl-a in certain areas
may be either due to a higher proportion of non-living particulate (detritus), or
possible changes in pigment packaging due to variations in cell size and species
composition (Finkel et al., 2010). This decoupling of POC and chl-a highlights the
importance of POC, and thus cp, as additional measurements of phytoplankton
biomass distribution (Behrenfeld and Boss, 2003; 2006). In the open ocean,
phytoplankton are the dominant contributor to POC (Eppley et al., 1992; Green
and Sosik, 2004), thus we assume here that cp-derived POC, as apposed to
fluorescence-derived chl-a, is a superior proxy for estimating algal biomass
(Behrenfeld and Boss, 2006). It is important to note here, however, that the
sensitivity of cp, to suspended particles is dominated by the influence of small
particles (0.5-20 um), which peaks at 1-2 pm (Stramski and Kiefer, 1991; Boss et
al., 2001). Thus, measurements of cp-derived POC may display bias towards the

dominance of small cells.
The range in POC measured along the Weddell Gyre transect (4.6-319.0 mg m-3)

is comparable to that seen in the Antarctic Polar Frontal Zone (0.5-407.1 mg m3,

Gardner et al., 2006) but much lower than that measured in the Ross Sea (7.4-
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1869.0 mg m3)(see Figure 2.5.1b). Highest POC (~319 mg m-3) was observed at
the surface between 62.5 °S and 64.5 °S and south of the Southern Boundary
(SBdy), strongly constrained by the MLD, while lowest surface POC (<5 mg m-3)

was associated with the low chl-a region north of the SBdy.
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Figure 2.5.4 High resolution sections for the upper 200 m of the CTD Transect of (a) POC
derived from cp(sso), through the application of the linear regression equation developed
in section 2.5.1.1, (b) Chlorophyll concentration derived from fluorescence. The
temperature derived MLD (white line). Black lines mark the position of (from right to
left): the Southern Boundary of the ACC (SBdy, solid line), the southern extent of the
Northern Limb of the Weddell Gyre (NLWG, dashed line) and the beginning of the
Antarctic Continental Shelf (ACS, dashed line); phytoplankton community structure
stations are labelled above.

2.5.2.2 Cell size from c, spectral slope

Establishing a relationship between dominant cell size and optical properties
provides valuable insight into changes in community structure, which may
determine higher trophic levels, and the potential for carbon export (Finkel et al.,
2010). Providing a broad-scale view of phytoplankton size distributions will thus

assist in identifying regions with a higher or lower potential for efficient carbon
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export. When examined in conjunction with physical and biogeochemical data,
the IOP-size relationship may provide additional insight into the environmental
mechanisms driving variability in phytoplankton community structure over

broad spatial and temporal scales.

The absence of a coherent statistical relationship between community cell size
data (ESDw) and cp7o:650) slope for this data set, however, meant that cp70:650
slope could not be converted to community cell size. Instead, following previous
studies (Bricaud and Stramski, 1990; Boss et al., 2001; Ciotti et al, 2002;
Oubelkheir et al., 2005), cp@7o:650) Slope is used as an effective “size index” for

investigating relative changes in community cell size along the CTD transect.

To clarify the spectral relationship with size; high cp470:650) values correspond to
steep slopes, suggesting the dominance of small cells, while low values
correspond to flatter slopes and imply the presence of large cells (Figure 2.5.5a).
Focusing on the regions of enhanced chl-a (Figure 2.5.5b) along the transect from
north to south, the communities were characterized by the following size

structure:

The first bloom region (62.5 °S and 64.5 °S) with predominantly high yet variable
chl-a concentrations (1.8-3.5 mg m3, Figure 2.5.5b), was associated with the
smallest cells (cp470:650) = 1.1-1.4 *10-3, Figure 2.5.5a) and consistently high POC
(14-18 mg m3, Figure 2.5.4a). Microscopy observations revealed that small
solitary cells of Phaeocystis antarctica generally dominated around 62.5 °S (88-
93%), where ESDy ranged between 5.6 and 6.9 pm (Table 2.4.1), but their
dominance decreased southward (30-57%) from 63 °S, where diatoms
contributed 20-40% (see Figure 2.4.8 and Table 2.4.2). and ESDy increased (7.4-
9.1 um; Table 2.4.1). The majority of these cells appeared to be evenly
distributed within the mixed layer, generally increasing in size with depth below
the MLD. An exception was at 63.4 ° S where the smallest cells were observed at
~35 m (cp@7o:650) >1.5 *10-3). While no microscopy data was available for this
region, microscopy observations at station BR144 (62.6 ° S) reveal smallest cells

(ESDw = 5.6 um) at 30 m, which then increased in size at 40 m (ESDw = 9.0 um),
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corresponding to a decrease in P. antarctica dominance (93 to 54%) and an
increases in the proportion of both dinoflagellates (2.2 to 10.2%) and other un-

identified cells >5 um (1.7 to 24.2%; see Figure 2.4.8, Table 2.4.2).
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Figure 2.5.5 High resolution sections for the upper 200 m of the CTD Transect of (a) the
spectral slope of beam attenuation between 470 nm and 650 nm (Cpu70:650)), (b)
Chlorophyll concentration derived from fluorescence. The MLD calculated from
temperature is indicated (white line). Black lines mark the position of (from right to
left): the Southern Boundary of the ACC (SBdy, solid line), the southern extent of the
Northern Limb of the Weddell Gyre (NLWG, dashed line) and the beginning of the
Antartic Continental Shelf (ACS, dashed line); phytoplankton community structure
stations are labelled above.

The second bloom (67-67.9 °S) had moderately high chl-a (~2 mg m-3) and POC
(~12 mg m=3) concentrations, which appeared to be associated with a surface
community of mixed or moderately sized cells (cp470:650) = ~1 *10-3), decreasing
in size below the MLD (cp@70:650) = 1.2-1.3 *10-3). While no microscopy data was
available for this bloom, observations from 68.9 °S revealed a mixed community,
which varied between the surface (6 m) and 36 m, where diatoms increased (33
to 36%) and dinoflagellates decreased (61 to 47%, respectively) with depth.
Largest ESDy, values were recorded at this station ranging from 23.0 um at the
surface and 17.7 um at 36 m (Table 2.4.1). An interesting feature was observed at

~48 m, where a prominent band of even smaller cells (cp@70:650) = ~1.5 *10-3)
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extended across the bottom of the bloom. This feature, located below the MLD
could represent a community of small cells, which are better able to adapt to low
light conditions (Strzepek et al., 2012), but insufficient microscopy data means

that this could not be confirmed.

The ice shelf bloom had the highest chl-a concentrations (3.5-4 mg m-3) and was
characterized by a varying community that shifted from small (cp70:650) 1.2 *10-
3) cells in the north (69-69.7 °S) to large (cp@70:650) = 0.7-0.8 *10-3) cells in the
south (~70 °S), with evidence of small cells right against the ice shelf (70.5 °S).
The presence of relatively enhanced chl-a associated with the sinking water mass
below this ice shelf bloom (Figure 2.5.5b) appeared to be dominated by large
cells or perhaps large aggregates (cpi70:650) = 0.8 *10-3), which has important
implications for carbon export (discussed further in Section 2.5.3 below).
Microscopy data appeared to partly contradict these size indexes, revealing a
mixed diatom/dinoflagellate community of cells >10 um at the edge of the
northern community (~69 °S) and a dominance of small cells (<5 um) in the
southern community (see Figure 2.4.8 and Table 2.4.2). However, analysis of
fresh (un-preserved) samples, revealed that P. antarctica, (<5 pm when solitary),
was present in large colonies (50-100 um) at the ice shelf, along with large
colony-forming diatoms (e.g. Rhizosolenia and Chaetoceros species). This reveals
the complex effect of cells in colony formation and differences in species
structure on the spectral slope (and thus effective “size index”). In addition, it
highlights the importance of having good quality community structure data
(preferably including some observations of un-preserved samples) and a sound
understanding of the impact that cellular formation (i.e. solitary vs colonial) has

on spectral slope.

These results provide intriguing evidence for how cp70:650) slope may be used as
a “size index” for resolving variations in size distribution at high-resolution. This
“size index”, however is complicated by other phytoplankton morphological
traits, such that increased and improved community structure sampling efforts,
which take into account not only cell size (e.g. from a Coulter Counter), but also

cell formation and dominant species type (e.g. by assessing fresh samples on
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board), will help to improve the empirical relationships between I0Ps and

community structure.

The importance of this relationship may ultimately be realized when this “size
index” is applied to autonomous data sets (e.g. gliders and floats) as it will allow
us to investigate temporal changes in dominant functional types, which will give

us a better idea of species succession over the seasonal cycle.

2.5.2.3 Chlorophyll to c, ratio: a proxy for physiology and species dominance

The complex influence of nutrients, light and temperature on phytoplankton in
the euphotic zone results in a non-linear relationship between phytoplankton
chl-a concentration and carbon biomass (Geider et al., 1997; Behrenfeld and
Boss, 2003; Armstrong, 2006). For example, it is commonly accepted that as light
decreases with depth phytoplankton respond by increasing their chl-a
concentration (and as such their cross sectional area available for light
absorption) (Behrenfeld and Boss, 2003). This process of photo-adaptation
results in an increase in Chl:C ratio with depth. Conversely, under high light
conditions cells exhibit photo-inhibition, whereby they respond by reducing the
amount of chl-a within their cells, as well as actively dispersing the excess energy
to avoid damage to their photosynthetic apparatus (Behrenfeld et al., 2008;
2009). The physiological responses of phytoplankton to macro-nutrients and
iron, however, are more complex and difficult to observe. Model simulations (e.g.
Wang et al., 2010) and iron fertilization experiments (e.g. Gall et al., 2001, Moore
et al.,, 2007a) have played an important role in improving our understanding of
the physiological responses of phytoplankton to nutrient limitation. In the
Equatorial Pacific for example, it has been suggested that the spatial and
temporal variations of Chl:C ratios are controlled by iron availability (Wang et al.,
2010). Similarly, in the HNLC waters of the Southern Ocean iron enrichment has
been shown to increase cell size and cellular chl-a, and thus result in increased

Chl:C ratios (Gall et al., 2001; Moore et al.,, 2007a).
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In this study, variations in the Chl:c, ratio was used as a proxy for exploring
physiological responses to light and iron limitation (Behrenfeld and Boss, 2003;
Behrenfeld et al., 2008) as well as changes in species composition (Vaillencourt
et al., 2004) across the Weddell Gyre. In the absence of iron measurements
carried out for this survey, reference is made to recently published iron data
(Klunder et al., 2011; Tagliabue et al., 2012), in order to establish the drivers of
the observed differences in phytoplankton physiological responses and species

composition.

The effect of species dominance on the relationship between cpy—derived POC and
chl-a has previously been used to identify species shifts between diatoms and P.
antarctica (Behrenfeld and Boss, 2003), however, Chl:c, ratios in the latter, have
also been shown to vary depending on cell formation (i.e. solitary vs colonial)
(Strzepek et al., 2002). Thus, both the impact of species dominance and cell
formation are expected to contribute to variations in Chl:cp ratios, in addition to

physiological responses to resource limitation.

The Chl:cp ratios in Figure 2.5.6a show large variation (1-6) in the upper water
column decreasing with depth below 100 m, where living cells are unlikely to be
found. Highest Chl:c, ratios (~6) were associated with the high chl-a bloom (2.5-
4 mg m-3, Figure 2.5.6b) at the ice shelf, while patches of elevated Chl:c, ratios (5-
6) observed below 50 m near the ice shelf and around 67 °S, provide evidence for
photo-adaptation to low light conditions. The slightly elevated Chl:c, ratios
(~3.5) in the warm, low chl-a (0.5 mg m-3) feature at 60.5 °S, compared to the
surrounding water mass (1-2), suggests the presence of very few cells with
increased chl-a concentration, possibly in response to the higher temperature

(Gieder et al., 1998).
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Figure 2.5.6 High resolution sections for the upper 200 m of the CTD Transect of (a) the
physiology parameter, Chl:cp, (b) Chlorophyll concentration derived from fluorescence.
The MLD calculated from temperature is indicated (white line). Black lines mark the
position of (from right to left): the Southern Boundary of the ACC (SBdy, solid line), the
southern extent of the Northern Limb of the Weddell Gyre (NLWG, dashed line) and the
beginning of the Antarctic Continental Shelf (ACS, dashed line); phytoplankton
community structure stations are labelled above.

The different Chl:cp ratios observed between the two P. antarctica blooms (chl-a
>3mg m-3) at the ice shelf (5-6) and at ~62.5 °S (3-4), is likely indicative of
physiological responses to different nutrient environments. For example, the
high Chl:cp ratios at the shelf suggest relief of iron stress (Gall et al., 2001), which
may be supported by the high iron concentrations generally associated with this
region due to melting sea-ice (Klunder et al., 2011) and possible re-suspension of
iron from the continental shelf (Tagliabue et al., 2012). However, while intra-
cellular iron concentrations and iron:carbon ratios in temperate diatom species
tend to increase in response to decreasing light (Strzepek et al,, 2011), Southern
Ocean species tend to employ adaptive strategies to deal with low ambient iron
concentrations showing little change with decreasing light (Strzepek et al,
2012). Thus, Southern Ocean diatoms are able to maintain lower cellular iron
concentrations and iron:carbon ratios at comparable growth rates to those of

temperate species. By increasing the size rather than number of photosynthetic

109



units under low light conditions, these polar species exhibit an acclimation
strategy to iron-light limitation that does not increase their cellular iron
requirements (Strzepek et al, 2012). The ice shelf bloom varied between a
dominance of P. antarctica colonies (84%, Table 2.4.2) at the surface and a mixed
community of large diatoms and P. antarctica at 35 m, likely supported by
increased iron input from melting sea-ice (Klunder et al., 2011). At ~62.5 °S, the
community was also dominated by P. antarctica (88-93%, Table 2.4.2), however
these were solitary cells. This difference could possibly reflect adaptation to iron
limitation (Strzepek et al., 2012) as solitary cells infer a competitive advantage of
increased surface area to volume ratio and are known to dominate in iron limited
waters (Moor et al, 2007b). On the other hand, iron relief associated with
melting ice at the ice shelf, (Grotti et al., 2005; Klunder et al., 2011) is thought to
be responsible for the presence of P. antarctica colonies, the formation of which
is associated with iron replete conditions (Hutchins et al., 2002; Strzepek et al.,
2012). An additional explanation for the difference in Chl:cp ratios between these
blooms, characterized by different cell formations, is that colonies are thought to
have a lower impact on the optical signal, relative to their size, specifically with
regard to backscattering (Stramski, 1999). This is because the refractive index of
the mucilage that forms these colonies is closer to that of the surrounding
medium (Strzepek et al., 2012), and thus corresponds to lower backscattering
and attenuation coefficients. Higher Chl:c, ratios would thus be expected from

colonies of P. antarctica compared to solitary cells.

Conversely, the two regions of comparably enhanced chl-a (~2.5 mg m-3) at 63.8-
64.7 °S and 67-67.7 °S had distinctly different Chl:c, ratios of 3 and 4
respectively, that likely reflected both physiological and taxonomic differences.
Previous iron measurements across the Weddell Gyre indicate that, while
dissolved iron maxima were associated with salinity minima (due to melting sea-
ice) there was a high degree of variability in iron concentrations (0.15-0.25 nM)
within these regions (Klunder et al.,, 2011). Thus, the higher Chl:c, ratios (4) in
the southern bloom may possibly indicate iron relief due to slightly elevated iron
concentrations, which is supported by the presence of larger cells (see Figure

2.5.5a). While the lower Chl:cp ratios (3) in the more northern bloom were
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associated with small cells (see Figure 2.5.5a), possibly due to limitation by
lower iron concentrations and subsequent control by grazing (Smetacek et al,

2004).

The lower chl-a patches (1-2 mg m3) across the rest of the transect were
characterized by highly variable Chl:c, ratios ranging from 2 to 5. But while
variations in Chl are driven by phytoplankton alone, variations in POC and thus
cp are also driven by detritus, zooplankton and bacteria, which have not been
accounted for here. The limited microscopy sample data for these regions
showed a mixed phytoplankton community made up largely of diatoms and
dinoflagellates, but true dominance by any single phytoplankton group was rare
(see Table 2.4.2). An exception was at 65.6 °S (BR155), where diatoms made up
49-78% of the community and Chl:c, ratios were 3.5-4. However, this being the
only station showing a diatom dominance it is not possible to make inferences
about Chl:cp ratios for diatoms in general. Yet, with more data these types of
applications ought to become possible. Similarly, one needs to be careful about
interpreting the low Chl:c, ratios (~2) found in surface waters at 68.6 °S as
photo-inhibition, however it is possible that this patch of particularly low ratios
in a region surrounded by similarly low chl-a concentrations may reflect reduced
packaging of cellular chl-a as a photo-inhibition response to high light. Worth
noting is that within this patch of low surface ratios (2), Chl:cp ratios increased to

~3 below the mixed layer.

In summary, variations in Chl:c, may give us insight into physiological responses
of phytoplankton to low light (photo-adaptation), high light (photo-inhibition)
and community adaptation (reduction in cell size) to iron limitation. Due to the
varying dominance of P. antarctica and subsequent lack of distinct communities
between samples the impact of species dominance on Chl:c, ratios remains
unclear. Rather, it appears that a combination of 1) changes in the composition of
organic material (i.e. colony-forming mucilage versus opaline frustules)
associated with varying proportions of different species, 2) shifts in cell size
distribution (i.e. solitary cells versus colonies) and 3) associated changes in

pigment packaging (Sosik and Olson, 2002), was responsible for variations in the
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Chl:cp ratio. With the collection of more bio-optical, community structure and
ancillary data, it is anticipated that we may begin to establish more robust
relationships between IOPs and physiological indicators (both in situ and
remotely sensed) that will allow us to tease apart the dominant factors
contributing to the optical signal and in so doing increase the scope of bio-optics

as a valuable biological tool.
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2.5.3 Aim 3: Investigating some of the factors driving the observed
variability in POC, phytoplankton cell size, community structure,
physiology, primary production and carbon export

The intricate spatial (and seasonal) patterns of chl-a distribution in the Southern
Ocean reflect the complex nature of the mechanisms controlling primary
production in this region (Boyd et al, 2002). In these HNLC waters, the
patchwork of high seasonal productivity is largely driven by ocean fronts, sub-
Antarctic islands and ice-edge regions, which are often dominated by diatoms
(De Baar et al.,, 2005; Cochlan, 2008). The overall impact of these productive
hotspots results in the export of ~3% of total production into the deep ocean,
which is among the highest rates for the world’s oceans (Honjo et al., 2000). For
this reason, it is vital to identify the regional characteristics of variability in
physical drivers and the associated bloom dynamics in order to understand the

sensitivity of ocean productivity to climate change.

The physical and chemical characteristics of the Weddell Gyre observed in this
study, have lead to a division of the transect into four distinct regions. These are
defined from North to South as: the Antarctic Zone (AAZ) - north of the Southern
Boundary of the ACC (SBdy) at 61 °S; the Northern Limb of the Weddell Gyre
(NLWG) - from the SBdy to 63.5 °S; the Central Weddell Gyre (CWG) - from 63.5
°S to 69.5 °S; and the Antarctic Continental Shelf (ACS) - from 69.5 °S to the ice
shelf (see Figure 2.5.4-6 and Table 2.5.1). In the following sections, the observed
variability in POC and phytoplankton community structure, physiology and
primary production will be investigated in the context of the distinct physical

and chemical drivers that characterize each region.

Using Table 2.5.1 below, which displays the hydrography, biogeochemistry and
optical proxies of community cell size and physiology averaged within the mixed
layer for each region, the potential drivers of phytoplankton variability will be
examined. To begin with, MLD is generally shallow and varies little between
regions, ranging between 32 and 45 m, which implies that light was not limiting

in any of the regions. Variability in temperature, however, may play a part in
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controlling phytoplankton biomass, as low temperatures are known to affect
phytoplankton growth through reducing photosynthetic efficiency (Tilzer et al.,
1986). The two Weddell Gyre regions for example, had the lowest average
surface temperatures (-0.43 and -0.64 °C) and moderate chl-a concentrations
(47.85 and 44.27 mg m2). While polar species are generally well adapted to cold
conditions (Boyd et al., 2010), these low temperatures may be a contributing

factor controlling the upper limit of phytoplankton growth in these two regions.

Table 2.5.1. Regional summary of hydrographic, biogeochemical and bio-optical
properties averaged within the MLD for all stations in each region.

AAZ NLWG CWG ACS
Latitude (°S) North of 61 61-63.5 63.5-69.5 South of 69.5
MLD (m) 45 32 36 38
Temperature (°C) 0,646 -0,643 -0,432 -0,087
Salinity (ppt) 33,84 33,74 33,99 34,10
Chl-a (mg m?) 9,27 44,27 47,85 102,11
POC (mg m™) 152,42 323,90 338,50 443,04
NO; (mmol ") 29,11 24,95 25,91 28,11
Si05 (mmol ™) 131,08 165,56 160,89 126,13
PO, (mmol I 1,98 2,20 2,11 2,01
Chl:Cpgso 2,05 2,92 3,41 5,53
Coaroeso) Slope *10° 0,75 1,19 1,07 1,00

High variability in chl-a (9.3-102.1 mg m), POC (152.4-443.04 mg m-2) and the
proxies for Chl:C (Chl:cp, = 2.05-5.53) and community size index (cp slope = 0.75-
1.19) was visible between regions. Values generally increased from north to
south, with the exception of the size index, which suggests that the smallest cells
occurred in the two Weddell Gyre regions. In the HNLC Southern Ocean,
phytoplankton are generally not limited by macro-nutrients (Boyd et al., 2007;
Moore et al., 2007b; Arrigo et al., 2008). It is not surprising then that NO3, SiO3
and PO4 concentrations vary little between regions, and thus along with the
hydrography, fail to explain the observed variability in the biology. Other factors,
which have not been measured here, are suggested to be the primary drivers of
this variability. Iron concentration, for example, is one such factor that is known

to be a dominant driver of phytoplankton growth and distribution in the
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Southern Ocean (De Baar et al., 1990; Coale et al., 2004; Boyd et al, 2007; Pollard
et al., 2007, 2009). Due to the lack of iron data available for this study, iron data
from the literature (e.g. Tagliabue et al., 2012; Klunder et al., 2011) has been
drawn upon to discuss the possible role of this essential micro-nutrient in
controlling phytoplankton distribution, community structure, physiology and

primary production across the different regions of this study.

Figure 2.5.7 is a schematic designed to consolidate all the physical and
biogeochemical and bio-optical properties across the study transect. It aims to
provide a visual summary that highlights the characteristics of each region with
regards to phytoplankton community (biomass, cell size, species structure and
physiology), bio-optical properties (cp slope and Chl:c, ratio), estimates of carbon
export (f-ratio) and the potential driving factors of the variability observed

between regions.
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2.5.3.1 The Antarctic Zone

The AAZ constituted the waters from the Antarctic Polar Front (APF, not shown)
to the Southern Boundary of the ACC (SBdy)(61 °S). The SBdy forms a sharp
retroflection in this region (Garabato et al., 2002; see Figure in Appendix 7) and
separates the warm, salty and weakly stratified AAZ surface waters, from the
cooler, fresher Antarctic surface waters to the south. This first region was
dominated by a warm feature at 60.5 °S (Figure 2.4.1a), associated with the SBdy,
which appeared to be a permanent feature as observed in annual sea-ice plots
and previous surveys (see Figure in Appendix 8; personal communication with
Sebastiaan Swart who identified the feature on previous cruises). This feature
was likely the result of an intrusion of ACC water that formed due to retroflection

of the SBdy.

Despite high nutrients (NOs, SiO3 and POs4) the AAZ had consistently low
phytoplankton biomass (chl-a = 9.3 mg m2; POC = 152.4 mg m2), which is typical
of the HNLC region, driven by a combination of light, iron and silicate limitation
(Boyd, 2002; Arrigo et al.,, 2008). Given the relatively shallow MLD’s and high
macro-nutrients, both light and SiO3 were not limiting, thus iron limitation
remains the likely factor controlling phytoplankton growth in this region
(Cochlan, 2008). This suggestion is further supported by previous studies in the
area, which report low iron concentrations (~0.2 nM) north of the SBdy (Klunder
et al,, 2011; Tagliabue et al., 2012). These low concentrations typically observed
in the latter part of the growing season, lead to the dominance of small cells,
which are able to scavenge iron more efficiently (Boyd et al, 2012) but are

maintained at low biomass levels by grazing (Smetacek et al., 2004).

The low average Chl:cp ratio (2.05) and flat ¢, slope (0.75*10-3), however, imply
the previous bloom of large cells, likely diatoms, which may explain the slightly
lower SiO4 concentrations (131 mmol 1-1) relative to the Weddell Gyre regions
(161-165 mmol I1). The accuracy of these optical proxies for inferring
physiology and cell size, however, appears to break down at very low chl-a

concentrations (9.3 mg m-2). Furthermore, the lack of microscopy observations
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and primary production measurements for this region, inhibit our ability to

make any further assumptions regarding the phytoplankton community.

The low biomass of this region and likely iron limitation of NO3 uptake (e.g.
Lucas et al., 2007; Cochlan, 2008) would imply a community of small cells based
on regenerated production and therefore low associated export (Lucas et al.,
2007; Cochlan, 2008; see Figure 2.5.7). The warm feature at 61-60.5 °S, however,
may potentially represent a region of increased productivity relative to the
surrounding waters of the AAZ. Here, elevated chl-a concentrations (~150%
higher) and increased Chl:c, ratios (~50% higher) were likely driven by the
increased temperature and deeper MLD’s (69 m) (not too deep so as to be light
limiting but potentially deep enough to access a subsurface regenerated nutrient
supply). The persistence of this warm feature, providing an area of enhanced
productivity in an otherwise low productivity region, may make a notable
contribution to carbon export in the AAZ region, particularly over extended time
periods. Potential evidence for carbon export was seen in the subsurface (~60
m), where a patch of higher cp@70:650) ratios may be indicative of larger particles
or aggregates of cells sinking below the MLD. The relative loss of silicate from
surface waters also implies prior diatom growth and possible export. Further
work is required to examine the seasonal variability in primary production,
community structure and carbon export in this region to enhance our
understanding of the role of these meso-scale features in driving the Southern

Ocean biological carbon pump (e.g. Smetacek et al., 2012).

2.5.3.2 The Weddell Gyre

The barotropic (wind-driven) cyclonic circulation of the Weddell Gyre comprises
a large body of water between the AAZ and ACS regions. Two regions have been
defined within the Weddell Gyre as a result of the characteristics of circulation.
These are the Northern Limb of the Weddell Gyre (NLWG) and the Central
Weddell Gyre (CWG).
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Northern Limb of the Weddell Gyre

The eastward flowing current of the NLWG region extended from the SBdy to
63.5°S (following Garabato et al., 2002) and was characterized by cold, fresh,
low-density surface water, a strong salinity gradient and thus strong surface
stratification (Figure 2.4.2) with shallow MLDs (32+11 m, Table 2.5.1, Figure
2.5.7). The broader layer of WW in the NLWG (~150 m), relative to the CWG
(~80 m, see Figure 2.4.1a), was indicative of deep winter mixing in this region.
This was observed as the extension of sub-zero temperatures down to 200 m and
little apparent influence of Warm Deep Water (WDW) (Orsi et al., 1995) on the
upper layers. Chl-a characteristics of the NLWG were unusual in that they did not
follow obvious physical boundaries of the region, but were rather separated at
62.5 °S, where salinities reached a minimum. Low chl-a concentrations were
found to the north (0.69+0.27 mg m-3) and higher chl-a concentrations to the
south (3.5£0.62 mg m3).

The cause of this separation is uncertain, as no significant change in macro-
nutrients was observed, but could possibly be explained by the apparent salinity
front set up by the fresh surface pool, which created a strong highly stratified
density gradient south of 62.5 °S (Figure 2.4.1b, Figure 2.4.2). Alternatively, the
separation visible in the chl-a may have been driven by other factors such as
differences in iron concentration. The observed surface freshening was likely due
to melting sea-ice, which has been shown to provide an important source of iron
to surface waters (Sedwick and DiTullio, 1997; Grotti et al., 2005; Lannuzel et al.,
2008; Klunder et al., 2011). For example, iron measurements taken at similar
latitudes just east of this survey (along the 0° meridian) by Klunder et al. (2011),
found that while surface dissolved iron maxima coincided with salinity minima
(<34ppt), iron values within these salinity minima varied between 0.26 and 0.15
nM. This variability in iron concentration, which may explain the observed
differences in chl-a, may also represent different rates of productivity (gain) and
grazing (loss), related to changes in community structure with regards to cell

size and species dominance.

The low chl-a (higher SiO4) region to the north was associated with larger cells
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(cpa70:650) = 0.8-1.1 *10-3, Figure 2.5.5) and lowest recorded surface Chl:c, ratios
(~1.5, Figure 2.5.6), possibly due to the lower pigment packaging of large cells to
reduce self-shading. Alternatively, the low Chl:c, ratios were driven by iron
limitation, resulting in low concentrations of small cells, which have a higher iron
uptake efficiency at low iron concentrations than larger cells (Boyd et al., 2011).
However, at low chl-a concentrations the phytoplankton-optical relationships
become less robust it is increasingly difficult to draw conclusions about
community cell size and physiology. Microscopy observations however, revealed
two distinct communities which changed with depth: at the surface small cells
(<5 pum) of P. antarctica dominated (65-80%) and large cells (>10 um)
contributed 10-20%; while at 50-60 m larger cells, made up of dinoflagellates,
heterotrophs and ciliates, dominated the community (~75%) and small cells
were barely present (<2%, Figure 2.4.8). This is consistent with previous studies
that have observed larger heterotrophic cells gathering at the base of the mixed

layer, scavenging on particles as they sink (Smetacek et al., 2004).

The high chl-a, lower SiO4 (80-90 umol I'1) bloom to the south on the other hand,
was associated with smaller cells (cpi70:650) = 1.4-1.5 *10-3) and higher Chl:cp
ratios (~3, Figure 2.5.6), possibly due to increased pigment packaging, but more
likely driven by the higher proportion of chl-a relative to total particulate (which
includes phytoplankton, zooplankton, bacteria and detritus). Microscopy data
revealed surface communities that ranged in species dominance from small
solitary cells of P. antarctica (~90%) at 62.5 °S to a mixed community (~63 °S) of
P. antarctica (30-57%) and diatoms (20-40%, Table 2.4.2) associated with a
higher proportion (40-60%) of larger cells (>5 um). The dominance of solitary P.
antarctica was indicative of iron limitation (Strzepek et al., 2012), which was
possibly relieved at ~63 °S where diatom abundance increased. Here, small (<5
um) cells were able to out-compete larger cells due to their large surface area
relative to their small volume, and hence are able to reach reasonable
concentrations in spite of iron limitation (see Sunda and Huntsman, 1997;

Twining, 2004; Lucas et al., 2007; Strzepek et al., 2011; Boyd et al., 2012).

Given the distinct differences in chl-a distribution and community structure, the
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single primary production station in the low chl-a region was not representative
of the whole NLWG region and thus an estimate of potential carbon export for
the NLWG region is not possible, but it has been included in this discussion for
completeness. As expected, in this low chl-a region, nitrogen (N) uptake rates at
station BR143 were low (~0.11 mmol N m-3 d-1, Table in Appendix 2) and
dominated by NHa uptake (Table 2.4.3), but chl-a specific uptake was
surprisingly high (~0.25 mmol N mg Chl! d-1). The low f-ratio (0.11, Figure
2.4.9a, Table 2.4.3) suggested the dominance of regenerated production by small
cells, which in turn implied low carbon export (Lucas et al., 2007). This further
supports the suggestion of iron limitation in this region. The total euphotic zone
integrated N uptake rate (7.2 mmol N m2 d-1, Figure 2.4.10a, Table in Appendix
2) was comparable to those reported by Waldron et al.,, (1995) for similarly low
chl-a concentrations in the Bellingshausen Sea (10.28 mmol N m2 d-1, 0.22 mg
Chl m3, f-ratio = 0.27) and those during CROZEX (6.0£1.5 mmol N m2 d-, f-ratio
= 0.2840.07; Lucas et al., 2007). The higher f-ratios in the Bellingshausen Sea
(Waldron et al., 1995) and the HNLC waters south of the Crozet Islands (Lucas et
al, 2007) may be indicative of higher iron concentrations that facilitated NO3
assimilation and thus increased production rates (Lucas et al., 2007; Boyd et al.,
2012). While the low f-ratio may imply low potential export it is interesting to
note that total integrated chl-a specific uptake rate for the NLWG was among the
highest for all regions (15.3 mmol N mg Chl-1 d-1), suggesting that phytoplankton
cells were photosynthesizing efficiently but were perhaps maintained at low
concentrations by grazing (Smetacek et al, 2004). It must be noted here,
however, that in this study the NHs4 uptake rates measured at station BR143
were likely over estimated due to errors incurred in the measurement of NHs
regeneration (see Section 2.2 for uptake calculations), thus under-estimating the

f-ratio.

Central Weddell Gyre
The largest and most variable region defined here was the CWG (64.2-69.5 °S),
where the doming of WDW (Figure 2.5.7) in the center has been shown to enrich

the surface with macronutrients (Bakker et al., 2008). Shallow and less variable
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MLDs (36+6 m), coupled with strong stratification (Figure 2.4.2), were
associated with this region. Nutrient concentrations across the CWG were highly
variable, and while surface SiO3 (~90 umol 1-1) was generally depleted relative to
deep waters (140 umol I'T at 200 m, Figure 2.4.6b), concentrations were never
limiting (Boyd et al,, 1999; Brzezinski et al., 2003). This is evident from the
elevated chl-a concentrations (~2.5 mg m-3) associated with surface SiO3 minima

(<90 pmol I-'1) at ~64.2 °S and 67.3 °S.

The two regions of elevated chl-a in this region both coincided with a slight
deepening of the MLD but varied in their nutrient concentrations, community
structure and Chl:c, ratios. The chl-a bloom at ~64.2 °S (~2.6 mg m-3) was
associated with relatively low NO3 (~17 umol 11, Figure 2.4.6a) but the highest
SiO3 (>100 umol I-1) concentrations, which suggests relative absence of diatoms.
Here the community was characterized by small cells (cp(470:650) ratio ~ 1.4 *10-3),
likely dominated by P. antarctica, but without microscopy data this could not be

confirmed.

Conversely, the bloom at 67.3 °S (~2.5 mg m-3) was associated with higher NO3
(>23 pmol I'1) and slightly lower SiO3 (~90 umol I'1) concentrations found in the
middle of the CWG, which may suggest that an injection of nutrients (possibly
including iron) from the WW layer was responsible for driving this bloom. Here
the community was characterized by larger cells (cp@70:650) ratio ~ 1 *10-3),
which may have been made up of a mixed community of diatoms and
dinoflagellates, as seen at 65.6 °S and 69 °S, where community structure data
was available (Figure 2.4.8, Table 2.4.2). Alternatively, a possible increase in iron
could have lead to the formation of large P. antarctica colonies (50-100 pm), as
seen at the ice shelf (see discussion below). Without microscopy data for this
bloom, however, this discussion regarding community structure is largely
speculative, but nevertheless highlights the value of spectral slope as a tool for

observing variations in community structure between blooms.

Higher POC concentrations were observed at the northern bloom (~17 mg m3),

relative to the southern bloom (~12 mg m-3), which resulted in different Chl:c,
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ratios (~3.2 and ~4.2, respectively). These differences support the suggestion of
two distinctly different phytoplankton communities, but could also indicate a
physiological response to iron limitation (Sosik and Olson, 2002; Behrenfeld et
al,, 2009). For example, the higher Chl:cp ratios in the southern bloom were likely
driven by the physiological response to iron relief, as a result of an injection of

nutrient-rich WW.

Evidence of photo-adaptation to low light (Mitchell and Holm-Hansen, 1991;
Fennel and Boss, 2003) was visible below 50 m depth in the CWG, as seen at ~67
°S for example, where patches of high Chl:c, ratios (~6) suggest that cells

increased their chl-a concentration in response to light limitation.

The shallow MLDs associated with this area, coupled with the timing of this
study at the end of Summer, when surface iron concentrations were likely
depleted but not replenished, as described in the CROZEX study (Pollard et al,,
2009), supports late season iron limitation driving the decline in phytoplankton
growth rates (Timmermans et al., 2001; Smith et al., 2000; see also Sosik and
Olson, 2002). NO3z concentrations were variable but not limiting in the CWG,
however, the uptake of NO3 may have been limited by insufficient bioavailable
iron required for NO3 uptake. This is supported by the relatively low f-ratios
observed at 65.6 °S (0.37) and 68.9 °S (0.27). When compared to the NLWG,
however, total N uptake rates were almost 3-fold higher at both these stations
(19.2 mmol N m? d-* and 20.3 mmol N m? d-1, respectively, Table in Appendix 2),
but low f-ratios again indicated the dominance of regenerated production. This
could be linked to a dominance of microbial uptake and recycling of iron by small
cells, which due to their size have more efficient uptake rates and a higher
affinity for recycled nutrients, thus outcompeting diatoms (Boyd et al., 2012),
while their biomass is controlled by grazing (Smetacek et al, 2005). The N
uptake rates reported here were substantially higher than previously reported
by Savoye et al. (2004) at similar latitudes (61-65 °S) in the Australian sector of
the Southern Ocean (9.6£2.2 mmol N m? d-1), while f-ratios were ~50% lower
(0.61+0.08, compared to 0.31+0.07 for this study). Perhaps more interesting to
note here is that highest total chl-specific uptake (Figure 2.4.9b, Table in
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Appendix 2) was measured at 68.9 °S (31-86% higher than other production
stations), which suggests that while chl-a concentrations were low (~1 mg m-3),
cells displayed high photosynthetic efficiency. Furthermore, the phytoplankton
community at 68.9 °S was dominated by large cells (~95% of cells >10 um,
Figure 2.4.8), which package less chl-a per cell than small cells to avoid self-
shading. Smaller cells were likely maintained at low concentrations by grazing,
as a result of the similar growth rates between small phytoplankton (<5 pm) and
those of micro-zooplankton (Smetacek et al., 2004). This community of efficiently
photosynthesizing large cells has important implications for energy transfer
through the food web (Jennings and Warr, 2003) and export of carbon to the
deep ocean (Smetacek, 1985). While the low f-ratio for this community implied
very little potential for carbon export (Savoye et al., 2004; Lucas et al., 2007;
Cochlan 2008), the dominance of large cells, which escape grazing pressure and
have faster sinking rates than small cells (Asper and Smith, 2003; Fischer and
Karakas, 2009), suggests a higher proportion of organic carbon would potentially

sink below the mixed layer and effectively be removed from the surface.

2.5.3.3 Antarctic Continental Shelf

The ACS was defined as the region closest to Antarctica, which extended from the
ice shelf to the edge of the continental slope (~69.6 °S). The relatively shallow
(~500-1000 m) bathymetry of the continental shelf (see Figure 2.2.1) and the
sinking of sub-zero WW from 100 m to 500 m (Figure 2.5.7), coincided with the
southern most extent of WDW. The combination of these features lead to the

placement of the northern boundary of the ACS at 69.6 °S.

The ACS region was characterized by warm, relatively fresh surface waters,
which overlaid the cold, high salinity WW that extended below 200 m (Figure
2.4.1). The warm fresh surface waters produced shallow MLDs (25-29 m near the
ice shelf) and moderate stratification (Figure 2.4.2), while the cold salty water of
the deep WW layer invoked sinking (Figure 2.5.7). Nutrient concentrations (NO3

and Si03) decreased towards the ice shelf where concentrations were ~19 pumol I-
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LTand ~90 pmol I, respectively (Figure 2.4.6a,b), but again neither were limiting.

Chl-a concentrations reached a maximum in the ACS (~4 mg m-3), where larger
cells (cpu7o:650) ratio ~1 *10-3, Figure 2.5.5) generally characterized the
community. Given that the spatial distribution of surface chl-a blooms in the
Southern Ocean in summer is consistent with iron limitation (De Baar et al,
1995; Boyd et al,, 2000; Blain et al., 2007; Pollard et al., 2009), the high biomass,
large cell characteristics of this ice shelf community could possibly be explained
by increased iron supply through melting sea-ice (Sedwick and DiTullio, 1997;
Grotti et al,, 2005) and the re-suspension of shelf waters (Klunder et al.,, 2012).
While the lack of iron measurements make it difficult to draw any conclusions
about the drivers of this high biomass bloom, however, previous studies show
that surface water iron concentrations generally increase towards the
continental shelf (Klunder et al. 2011; Tagliabue et al., 2012), with shelf water
measurements increasing more than 2-fold higher (0.61-0.7 nM) relative to open
ocean waters (~0.31 nM). These elevated concentrations would thus provide
sufficient iron enrichment to induce rapid diatom growth, which may be
moderated by the efficient uptake rates of bacteria and pico-phytoplankotn
(Boyd et al,, 2012).

This particular bloom in the ACS, however, was divided into two distinct
populations (one at 69-69.7 °S and the other at~70 °S) associated with shallow
MLDs (~45 m and ~50 m, respectively) but different euphotic zone depths (~45
m and ~20 m, respectively, Table 2.4.2), and varied in their community structure
and optical properties. The mixed diatom/dinoflagellate community at 69-69.7
°S, at the edge of the bloom, was associated with small cells (cp70:650) ratio ~1.2%*
10-3) and lower chl-a concentrations (1.8-2.5 mg m-3), which implied the onset of
iron limitation (Pollard et al., 2009). In contrast, the chl-a maximum (~4 mg m-3)
at ~70 °S, associated with the dominance of P. antarctica colonies (68-84%) and
the presence of large (10-20 pm) chain-forming diatoms (11-16%), produced a
community characterized by large cells (cp70:650) ratio ~0.7 *10-3), likely driven
by sufficient iron supply (Karsh et al., 2003). This high biomass bloom of large
cells, associated with high cell specific values for POC and chl-a (Figure 2.4.7a,b)
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as well as high species diversity (Figure 2.4.7d), implies high carbon export
potential (Lucas et al.,, 2007; Pollard et al., 2009) and efficient energy transfer
through the food web (Jennings and Warr, 2003). Although relatively low in
abundance, the presence of large chain-forming diatoms such as Rhizosolenia and
Chaetoceros sp. appeared to have a disproportionate impact on the optical signal.
This is consistent with previous work on cultured species (Ciotti et al.,, 2002),
where increases in chl-a were generally associated with the addition of relatively
few large cells to a background of small cells, resulting in a disproportionally

large impact on the absorption spectrum (Ciotti et al., 2002).

Large cells (with low surface to volume ratio) have a competitive advantage over
small cells under nutrient (iron) replete conditions, because they allow space for
storage vacuoles (which may substantially impact on the optical signal) while
also reducing grazing pressure (Smetacek et al., 2004), resulting in a higher
proportion of cellular carbon exported to the deep ocean (Lucas et al., 2007).
Community shifts between diatoms and P. antarctica observed in the Ross Sea,
have been shown to strongly impact nutrient cycling and potential carbon export
estimates due to species differences in stoichiometry and cellular carbon
content, which have significant impacts on the food web through trophic
cascades and the transfer of energy across trophic levels (Arrigo et al. 1999). P.
antarctica is well adapted to variable light conditions (see Boyd et al., 2002; Boyd
et al., 2010), and thus can out-compete diatoms when MLDs are deep (Arrigo et
al.,, 1999). This has important implications for carbon fixation and subsequent
export because, comparisons between cultured species (Strzepek et al.,, 2012)
have revealed that carbon content for the largest diatom was substantially lower
(3-8-fold) than P. antarctica under iron replete conditions. While in the Ross Sea
these shifts in community structure appeared to be driven by substantial
differences (~50 m) in the depth of the MLD (Arrigo et al. 1999), the MLDs for
this study differed by less than 10 m (~45 m versus ~50 m) between the two
blooms in the ACS, however the euphotic zones were significantly different (45
m versus 20 m). Thus observed differences between these two communities may
have been driven by variable iron concentrations (Strzepek et al., 2002; Moore et

al., 2007), associated with the patchiness of iron concentrations due to melting
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sea-ice and icebergs (Klunder et al., 2011) at ~69 °S, while surface shading by P.
antarctica colonies at ~70 °S, caused shallow euphotic zone depths (~20 m), and
limited diatom abundance due to their lower photo-adaptation ability (Arrigo et

al, 1999).

Despite differences in community structure, high POC concentrations (14-16 mg
m-3) were associated with both blooms, and high surface Chl:c, ratios (~6) were
observed across the whole ACS region (Figure 2.4.6). This uniformity in the high
Chl:cp ratios implies that cells displayed increased pigment packaging relative to
cellular carbon, likely driven by a combination of community structure and
physiological responses. While cell specific concentrations of chl-a and POC were
both shown to increase with increasing community cell size (Figure 2.4.7a,b), the
high Chl:cp ratios were likely due to a combination of iron relief (Gall et al., 2001)
and community species composition. The presence of large chain-forming
diatoms, which have substantially lower carbon content (Strzepek et al., 2012)
and lower tolerance for reduced light conditions (Arrigo et al., 1999; Boyd et al,,
2002) relative to P. antarctica, resulted in a substantial increase in chl-a

concentration with relatively little increase in total carbon.

Elevated Chl:c, ratios (4-5) associated with the sinking of WW at the ice shelf,
provide evidence of photo-acclimation to the low light conditions (Behrenfeld et
al., 2009) extending well below 100 m. This suggests that viable phytoplankton
cells were sinking below the MLD and effectively being exported to the deeper
layers, increasing their chl-a content as light levels decreased. The patches of
elevated cp70:650) ratios below 100 m (~0.7 *10-3) relative to surrounding water
(~0.4 *10-3), suggest that these cells were large, or possibly were in the form of
aggregates of mineral and organic matter heavy enough to sink towards the shelf

floor (Armstrong et al., 2002).

The dominance of large, efficiently photosynthesizing cells in the ACS was
strongly supported by N uptake measurements, which were the highest at the ice
shelf (30.0 mmol N m2 d-1, Figure 2.4.9a, Table in Appendix 2) out of all
production stations for this study. The high f-ratio (0.68), indicated the
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dominance of new production based on NOz and further supports the assumption
that phytoplankton were not limited by iron at the ice shelf (Sedwick and
DiTullio, 1997; Grotti et al., 2005, Klunder et al., 2011). These rates compare well
to those reported by Lucas et al., (2007) during the Crozet Iron Experiment
(30.127.5 mmol N m=2 d; f-ratio = 0.67+£0.08). Highest uptake rates were
observed at 17 m despite significantly reduced light levels (3.2% LD; Figure
2.4.10; Table 2.4.3), further supporting the dominance of P. antarctica, which is
well adapted to variable light conditions (Strzepek et al., 2002) and thus able to

out-compete diatoms at low light.

In summary, high chl-a concentrations, large cells and the dominance of new
production in the ACS, indicated that phytoplankton growth was not limited by
either light or iron in this region. Variations in community structure, however,
were observed with depth, possibly in response to species-specific adaptations
to lower light levels below the surface bloom. The dominance of large P.
antarctica colonies, coupled with high N uptake rates based on NOz and the
strong prevalence of sinking particles at the ice shelf, provide compelling

evidence for significant carbon export in this region.
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2.6 Conclusions

This study wused relationships between bio-optical properties and
biogeochemistry to explore the variability of phytoplankton particulate organic
carbon, phytoplankton community structure, physiology and primary production
in the Weddell Gyre. The application of these relationships produced high-
resolution section plots of POC, beam attenuation spectral slope (cp70:650)) and
chlorophyll (chl-a) to beam attenuation (Chl:cp) ratios, (i.e.light and iron) across
the region. By interpreting this information within the context of distinct
hydrographic regions and their associated nutrient environments, some of the
causative environmental drivers of the observed phytoplankton variability were
explored. A significant caveat in this study is that no iron data was available for
this cruise and discussions of iron as a driving factor are based only on previous
findings in this region. The interpretation of these patterns of variability, in
combination with estimates of carbon export from >N primary production
experiments, enabled regions of high and low carbon export potential in the
Weddell Gyre, to be identified. As such, we observed that the high biomass
blooms in the Northern Limb of the Weddell Gyre (NLWG) and Antarctic
Continental Shelf (ACS) regions, were generally associated with the dominance of
Phaeocystis antarctica but had different Chl:c, ratios, cell sizes and potential for
carbon export. These differences suggest that iron relief drove the dominance of
colonial P. antarctica at the ice shelf, which together with strong sinking of
surface waters and high f-ratios, result in the identification of the ACS as an
important region for carbon export. Conversely, the dominance of P. antarctica
as solitary cells in the NLWG, coupled with strong surface stratification and low
f-ratios, suggests that this region has a lower potential for carbon export. The
lower biomass blooms in the Central Weddell Gyre (CWG) region were
associated with mixed communities of diatoms and dinoflagellates, variable
stratification and moderate f-ratios. High chl-a specific primary production rates
and the dominance of large cells with high Chl:c, ratios in the southern region of
the CWG, suggest high photosynthetic efficiency due to iron relief and a higher
potential for carbon export, compared to that inferred from f-ratios. While the

more northerly bloom, associated with small cells and lower Chl:c, ratios
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suggests iron limitation and subsequent control by grazing, driving the
dominance of regenerated production and resultant low export potential. These
results highlight the importance of comprehensive investigations such as this,
which combine bio-optical, biogeochemical and community structure data, to

explore fine-scale phytoplankton variability over regional scales.

The results presented in this study provide strong evidence for the potential of
bio-optics as an investigative approach for exploring the variability of
phytoplankton biomass, community structure and physiology across different
hydrographic regions in the Southern Ocean. Despite the large uncertainties
related to the community structure data, which limited the development of an
[OP-size relationship, this preliminary assessment, application and
interpretation of empirical relationships between IOPs and phytoplankton
variability, has much potential. It is believed that with improved data collection
techniques, the support of more ancillary data and a growing dataset of in situ
collocated biogeochemical and bio-optical data, more robust empirical

relationships may be established for this region.

The Southern Ocean Carbon and Climate Observatory (SOCCO) and the Southern
Ocean Bio-optics Research Facility have recently purchased a fleet of gliders and
bio-optics floats, which are currently collecting a range of bio-optical and
hydrographic measurements across the Atlantic sector of the Southern Ocean, as
part of the Southern Ocean Seasonal Cycle Experiment (SOSCEx). The application
of robust empirical relationships to these growing bio-optical float and glider
datasets will enable the research community to observe temporal changes in
phytoplankton size dominance and functional types, which will improve our
understanding of species succession over the seasonal cycle. These in situ
empirical relationships will also be used to improve regional remote sensing
algorithms, thus enhancing our observational capacity and improving our
understanding of the factors driving the observed patterns of variability in this
globally important and under-sampled region. Developing region-specific 10P-
biogeochemical relationships for the Southern Ocean may improve our ability to

isolate and understand the intricacies of phytoplankton dynamics and their
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response to environmental changes. However, as this study suggests, these
developments are still in their infancy and much work is still required,
highlighting the extensive opportunities available for future studies in the bio-

optical field, particularly in this under-studied region of the Southern Ocean.
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Appendices

Appendix 1

Lugols Reagents List

Reagent quantities required to make alkaline Lugols to preserve microscopy
samples (after Kemp et al., 1993):

200g potassium iodide
100 g iodine
100 g sodium acetate
1400 ml distilled or deionized water
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Appendix 2

I5N Primary Production

Table. Uptake rates for 15N primary production stations along the CTD Transect across the
Weddell Gyre. Values for total nitrogen (N) uptake (NOs3+NHs+urea) and Chl-specific uptake
are reported for each light depth and for the entire euphotic zone (integrated over the
depths shown) for each station.

Station Latitude % Light Depth Total N Total Chl-specific EuphoticN  Euphotic Chl-specific
No. Uptake Uptake Uptake Uptake
(°S) (m) (mmolm3d?) (mmolNmgChltd?!) (mmolm2d?!) (mmolNmgChl!d?)
BR143 62.28 54 10 0.127 0.323 7.02 15.25
32 15 0.138 0.375
18 20 0.157 0.407
13 30 0.110 0.180
3.2 40 0.105 0.182
1.1 50 0.033 0.059
BR155 65.58 54 10 0.449 0.356 19.20 13.65
32 15 0.420 0.336
18 20 0.476 0.338
13 25 0.394 0.286
3.2 35 0.306 0.179
1.1 44 0.229 0.164
BR167 68.91 54 6 0.380 0.382 20.27 19.65
32 12 0.348 0.286
18 18 0.440 0.406
13 21 0.437 0.453
3.2 36 0.188 0.176
1.1 47 0.277 0.298
IS11 70.54 54 3 0.797 0.433 29.97 10.72
32 6 0.654 0.321
18 9 0.734 0.342
13 10 1.011 0.472
3.2 17 1.324 0.321
1.1 23 0.879 0.174
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Appendix 3

POC - Backscattering Regression
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Figure. Regression of POC and by at 650 nm (m- *103) (r2 = 0.559, n = 170). Error bars

represent a standard error of 45.7%.
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Appendix 4

POC - Beam Attenuation Global Comparison
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Figure. Global POC-c, regression for all data collected in the Indian (green triangles),
Atlantic (red diamonds) and Pacific (blue cross) oceans. Figure reproduced from
Gardner et al. (2006).

Table. ¢, - POC regression fit for this study (Weddell Sea) and two regions from a global
dataset (Gardner et al., 2006): North Atlantic Bloom Experiment (NABE) and Antarctic
Polar Frontal Zone (APFZ). Units are in pmol C 11,

NABE APFZ Weddell Sea
Slope 25.3 33.5 21.1
Intercept 0.276 3.064 1.503
SD slope 0.610 0.609 ?
SD intercept 0.178 0.125 ?
n 165 659 167
R2 0.904 0.781 0.650
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Appendix 5

Size versus Backscattering spectral slope

40

35 1

30 1

25 1 *

ESD,, (um)

A

1E-08 0,0000001 0,000001 0,00001
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Figure. Estimated Spherical Diameter (ESDy) versus by, (470/650) spectral slope. Error
bars show accumulated estimated error of 35% for size calculations and 10% for by
slope calculations.
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Appendix 6

Chlorophyll - Backscattering Regression

By 550 (M * *10°7)

0 T T T T T T T T

0 0,5 1 1,5 2 2,5 3 3,5 4 4,5

Chlorophyll (mg m?3)

Figure. Chl:C ratios: regression plot of chl-a concentration (mg m-3) against by (650 nm)
(m-1*10-3) fitted to a linear trend line (y = 0.333x + 0.496, r2 = 0.868, n = 270).
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Appendix 7

Southern Boundary Retroflection

%% 59588354

Figure. Bathymetry of the southwestern sector of the Weddell Sea (1000 m
delineations). Dashed line indicates position of Southern Boundary of the ACC,
highlighting the retroflection around the South Sandwich Islands. (reproduced from

Garabato et al., 2002).
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Appendix 8

Sea Ice Concentration

b)

AMSR-E/ICD 20100715
, “NARC-JAXA
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Figure. Sea ice concentration for Antarctica in a) July 2010 and b) annual July
concentrations from 2003 to 2010, showing the persistent effect of the retroflection of
the SBdy around 60 °S and 25 °W (circled in red)(source: Japan Aerospace Exploration
Agency http://www.eorc.jaxa.jp/en/imgdata/topics/2012/tp120613.html).
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